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A Simple Model of Ocean-Atmosphere 
Interactions in the Tropical Climate System 

The tropical sea surface temperature (SST) distribution strongly modulates the global 
atmospheric circulation. Although the mechanisms which generate SST anomalies have 
been the subject of intense scrutiny in recent years [see Neelin et al. (1998) for a review], 
the steady tropical climate has received much less attention. As a consequence, the domi-
nant physical processes which maintain the steady tropical climate remain poorly under-
stood. The goal ;)f this report is to construct and use a simple, mechanistic box model of the 
tropical ocean-c.tmosphere climate system to develop ideas about the interactions among 
various physica~ processes which can be tested against observations and results from more 
sophisticated mJdels. 

Efforts to study the steady tropical climate have been aided by the recent emergence of 
box models. Pierrehumbert (1995) developed a two-box model of the tropical climate i 
which one box :-epresents the ascending branch of the Hadley/Walker circulation, and the 
second box represents the subsiding branch. Pierrehumbert used the model to demonstrate 
the importance of a low-water-vapor region in exporting to space excess heat that is gener-
ated by the ascending branch. Later studies using box models have demonstrated the im-
portance of ocean dynamics (Sun and Liu 1996) and low-level stratus clouds (Miller 1997) 
for regulating ~ST and the SST gradient. Despite their success in simulating the tropical 
climate, simplifying assumptions in these box models make conclusions derived from them 
less than robust. None of the these box models include a momentum budget for the ocean 
or atmosphere. Each of the box models emphasizes either the ocean or the atmosphere and 
settles for a highly simplified representation of the other. 

We have developed a simple coupled ocean-atmosphere model of the Walker circula-
tion which has separate boxes for the ascending and descending branches of the atmospher-
ic circulation and separate boxes for the Cold Pool, Warm Pool, and undercurrent. This is 
the first box m.Jdel to include explicit momentum budgets for the atmosphere and ocean 
components and to calculate the fractional width of the Warm Pool. The atmospheric model 
contains an explicit hydrologic cycle, a simplified but physically based radiative transfer 
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parameterization, and interactive clouds. 
We first explored the conditions under which the Warm Pool can establish a radia-

tive-convective equilibrium. Under clear skies, quasi-tropical equilibria occur for realistic 
prescribed SSTs and wind speeds, but realistic clear-sky equilibria of the tropical ocean-at-
mosphere system do not occur. If the surface temperature is allowed to vary, the model runs 
away. When cloud radiative effects are incorporated, the model reaches an unrealistically 
warm, dry radiative-convective equilibrium. For simulations in which cloud radiative ef-
fects are incorporated and realistic, lateral transports of energy and moisture are specified, 
equilibrium of the ocean-atmosphere system occurs for an SST of 300 K and precipitable 

water of 40 kg m-2, which is quite realistic. We also demonstrated the sensitivity of the 
tropopause height and temperature to cloud radiative effects. The tropopause height and 
temperature are calculated based on the requirement of temperature continuity at the bot-
tom of a two-layer stratosphere in radiative equilibrium. As the cloud optical depth or cloud 
fraction increase, the upward longwave flux across the tropopause decreases, and so the 
tropopause temperature decreases and tropopause height increases. 

Our results from the fully coupled model indicate that the intensity of the tropical cir-
culation is crucially dependent on the specified cloud fraction in the Warm-Pool region and 
on the amount and distribution of water vapor above the Cold-Pool boundary layer (CPBL). 
In response to increasing the cloud fraction above the Warm Pool, a feedback involving the 
tropopause height slows the Walker circulation. As the cloud fraction over the Warm Pool 
increases, the altitude of the tropopause increases, and so air is advected to the Cold-Pool 
region from higher, drier altitudes. The effects of the drier air are to reduce the radiative 
cooling rate above the CPBL and, therefore, to reduce the subsidence rate. Since the width 
of the Cold Pool remains approximately constant, a decreased subsidence rate implies a 
weaker Walker circulation. In order to maintain energy balance in spite of a weaker circu-
lation, the precipitable water over the Warm Pool must increase. The radiative effect of the 
precipitable water contributes to an increase of SST in the Warm Pool. Our "wet tropo-
sphere" experiment shows that the Walker circulation intensifies if air which is advected to 
the subsiding region originates from a lower altitude in the Warm-Pool region. Because the 
circulation is more intense, the SST and precipitable water of the Warm Pool must decrease 
in order to balance the energy and moisture budgets. 

Experiments using our ocean model reveal that cold-water upwelling is the dominant 
mechanism for regulating SST in the Cold Pool. Although the radiative effect of stratus 
clouds further depress SST, ocean dynamics prevent the mixed-layer temperature from 
warming by more than 4 K beyond the temperature of the undercurrent. 
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CHAPTER 1 

Introduction 

1.1 Motivation 
The tropica1 sea surface temperature (SST) distribution strongly affects the global 

atmospheric circulation. Many studies have explored the processes that cause SST anoma-
lies to develop in the tropical Pacific ocean (Cane and Zebiak 1985; Zebiak and Cane 1987; 
Battisti 1988; Battisti and Hirst 1989; Neelin and Jin 1993; Anderson and McCreary 1985; 
Schopf and Suarez 1988: Yamagata and Masumoto 1989; Graham and White 1990; and 
many others) . Nevertheless, the physical processes that maintain the time-mean tropical 
climate are poorly understood. The goal of this report is to develop and apply a simple, 
semi-analytica1 model of the tropical circulation which then can be tested against observa-
tions and more ' ophisticated models. Below we introduce the basic characteristics of the 
tropical climate 3ystem and describe relevant previous studies, focusing on the issues which 
we hope to inve3tigate in the course of this report. 

ION 

ON 

10 S 

120E 150 E 180 150W 120W 

FIGURE 1.1: Tropical skin temperature for January 1989 from the ECMWF reanalysis 
dataset obtained from NCAA. Resolution for this dataset is 2.5° and contour 
interval is 2 K. 

Figure 1.1 shows that an SST maximum occurs over the tropical region centered on 
120° E, and for this reason the region is known as the tropical Warm Pool (WP) . The cold 
tongue refers to a band of relatively cold waters over the equator that stretches from South 
America westward to near 160° E. Although a noticeable SST gradient exists along and 
across the cold tongue, the temperature variation is still much smaller than that which is 
generally observed in extratropical or polar regions of the globe. The tropical climate is 
characterized by sea surf ace and horizontal air temperature gradients which are weak com-
pared to the corresponding mid-latitude gradients. As explained by Charney (1963), for 
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Section 1.1: Motivation 

cloud-free regions of the tropics, pressure and temperature gradients must be small com-
pared to those of midlatitudes. 

The distribution of tropical convection is strongly related to both the local SST and the 
SST gradient. The tropical-Pacific WP is a region of intense deep convection. In Fig. 1.2, 

regions in which the outgoing longwave radiation (OLR) is less than 225 W m-2 can be 
identified as areas of frequent convection (Webster 1994). The OLR threshold corresponds 
to a monthly mean emission temperature of 250 K. Due to longwave trapping by optically 
thick anvil clouds, which are produced by deep convection, the OLR is reduced and thresh-
old values of OLR can therefore be used as surrogates to infer the presence of convection. 
From the figure, we see that convection occurs throughout the WP, and in the South Pacific 

convergence zone (SPCZ). On the other hand, the OLR is generally larger than 275 W m-2 

across the equatorial cold tongue, indicating that convection is infrequent there. 

. . 
lON ~~~-.27~ .. ; .... .... ..... ....... : .. ... ............ . . 

ON ·•·'••·············· .. . ......... ......... .. ... ....... . . . . . . . . , \,. . : 
lOS t::::::=::::::::...........::::::::..._·,1:..···::::2···......1··tk.··~·::..:5_.---.:.._-:.:--=~::::·--_:::::~::::..__:_::::::,,·..:..·~··_···_···_···_···_···_J .... 

120E 150 E 180 150W 120W 

FIGURE 1.2: Tropical OLR for January averaged over 1985 to 1988. Daily means 
from the Earth Radiation Budget Experiment (ERBE) were averaged and 
interpolated onto a 5° x 4° (longitude-latitude) grid. The units are W m-2. 

The tropical atmosphere is not a slave to the SST distribution, because atmospheric pro-
cesses can influence the SST distribution. In the eastern tropical Pacific, for instance, stra-
tus clouds in the boundary layer intercept sunlight and strongly reduce the heat flux into the 
ocean below ( e.g. Hartmann et al. 1992). In this way, the atmosphere helps to maintain the 
cooler SSTs of the eastern Pacific. Stratus clouds form preferentially over cold water (Klein 
and Hartmann 1993), so a positive feedback is at work here (Ma et al. 1996). Latent heat 
exchange between the ocean and atmosphere is influenced by the surface relative humidity 
and the surface winds. For fixed relative humidity and SST, the evaporative cooling of the 
ocean increases as the surf ace wind stress increases. The winds also influence the SST dis-
tribution by generating cold-water upwelling in the eastern Pacific, and along the equator 
in the eastern and central Pacific. The equatorial cold tongue is an example of an effect of 
cold-water upwelling on the SST distribution. 
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CHAPTER 1: Introduction 

Despite our knowledge of these and other processes, a satisfactory understanding of the 
tropical climate has not yet been attained. How is the time-averaged SST distribution main-
tained? \Vhat are the dominant mechanisms which maintain the tropical SST distribution? 
How do clouds affect the SST distribution? What characteristics of the tropical climate pro-
duce the east-west Walker circulation (formally defined in the next section)? What effects 
does the Walker circulation have on tropical climate? What factors determine the intensity 
and width of the Walker circulation? 

Previous investigators have dealt with some of these questions. We now review these 
earlier studies in quasi-chronological order, so as to show the evolution of the various the-
ories and hypotheses. We present findings from several observational studies in order to 
describe the tropical climate and to provide an objective basis for assessing our model's 
performance. In general, we consider the reanalysis dataset from the European Centre for 
Medium Range Weather Forecasting (ECMWF), obtained from the National Center for 
Atmospheric Research ( CAR), as truth, although there are well-known biases (Sohn 
1994; Heckley 1985) in fields such as specific humidity. When ECMWF data are pre.-
sented, we describe any known biases which cause the analyses to be unrealistic. Finally, 
and most importantly, we critically review the various hypotheses and theories put forth in 
the literature to explain and describe the average tropical climate, with an emphasis on their 
weaknesses and on the remaining unanswered questions. Because we are presenting the 
formulation and results from a coupled ocean-atmosphere box model in Chapters 3 and 4, 
we concentrate on the results from recent studies which used similar box models. 

1.2 Previous studies 

An early description of the Walker circulation is given by Troup (1965), who described 
a toroidal circu~ation spanning the equatorial Pacific ocean. Troup presented data in which 
the mean 500-300 mb geopotential thickness for 120-140° E was 20 m greater than that for 
80-100° W. By the thermal wind equation (e.g. Holton 1992), this east-west thickness dif-
ference implies that the meridional geostrophic wind must decrease with height. Because 
the vertical gradient of meridional geostrophic wind is related to the zonal temperature 
gradient by the thermal wind relation, it can be shown that the zonal temperature gradient 
drives an ascending ageostrophic flow from the warm region to cold region. As Troup 
noted, the resulting distribution of ageostrophic motions is complicated, because it depends 
on the varying temperature differences and vertical motions across the different regions of 
the circulation. Troup found that westerly flow between 500 and 200 mb originates over 
the Indonesian region and terminates over the central and eastern equatorial Pacific; this 
upper-level flow is balanced by an easterly return flow , which he described as frictional 
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Section 1.2: Previous studies 

ageostrophic flow down the pressure gradient. He noted that descent occurs over the central 
and eastern Pacific, while ascent occurs over the western Pacific and Indonesia. 

Bjerknes (1969) proposed the term "Walker cell" in honor of Sir Gilbert Walker, to 
describe an overturning in the equatorial plane with rising motion in the western Pacific and 
sinking motion in the eastern Pacific. He theorized that when the equatorial cold tongue is 
well developed, the cool, dry air just above the surface cannot ascend to join the Hadley 
circulation. Instead, it is heated and moistened as it moves westward until it finally under-
goes large-scale moist-adiabatic ascent over the WP. If there were no mass exchange with 
adjacent latitudes, a simple circulation would develop in which the flow is easterly at low 
levels and westerly at upper levels. Furthermore, the ascending motion in the west would 
adjust so as to cover a smaller surface area than the descending motion, which develops as 
a result of the balance between subsidence warming and radiative cooling. Mass continuity 
demands that the region of intense rising motion must occupy a smaller area than the region 
of weak sinking motion. When meridional mass exchange is considered, this simple picture 
has to be altered, because absolute angular momentum is exported to adjacent latitudes. 
Under steady-state conditions, the flux divergence of angular momentum at the equator 
must be balanced by an easterly surface wind stress. Thus surface easterlies on the equator 
are stronger than those imposed by the Walker circulation. The net result is that a thermally 
driven Walker cell is imposed on a background of easterly flow , the intensity of which 
depends on the strength of the angular momentum flux divergence. Apparently, Bjerknes 
was unaware of the paper by Troup (1965), as no reference was made to the earlier study. 

Newell et al. (1974) (hereafter NKVB) defined the Walker circulation to be the asym-
metric part of the east-west tropical circulation, and the Hadley circulation to be the zonally 
symmetric part of the tropical circulation. NKVB discussed the zonal asymmetry of vertical 
velocity , precipitation, cloudiness, and SST. In particular, they observed that upward 
motion occurs preferentially over tropical continental regions and downward motion 
occurs preferentially over the tropical oceans. Noting a circulation similar to that depicted 
in Fig. 1.3, NKVB identified the region bordered by ascending air over the equatorial west 
Pacific and descending air over the equatorial east Pacific as the Walker circulation. 

Figure 1.3 presents scaled u-ro wind vectors in the equatorial x-z plane for January 1989 
from the ECMWF reanalysis dataset. We define u and (J) as the zonal and vertical compo-

nents of velocity in pressure coordinates. The vertical velocity was scaled by -300 m Pa-1 

in order to account for the much smaller speed of the vertical motions as compared with the 
horizontal motions. 
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FIGURE 1.3: Monthly mean 1.rm wind vectors in units of m s·1 on the Equator for 
January 1989 from the ECMWF reanalysis dataset stored at NCAA. The m values, 
which were originally in units of Pa s·1, were scaled by -300 m Pa·1. 

In the figure, we see that the rising branch of the Walker circulation is centered on 125° 
E, while the sinking branch is spread across a wide region between the dateline and 80° W. 
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Within this region, westerlies are present between 100 and 400 mb, and easterlies are con-
fined below 700 mb. Upper-level easterly flow exists between 120°E and 160°E, and 
appears to be associated with the Australian winter monsoon. The flow is quite weak 
between 400 and 700 mb. NKVB also described additional cells in the equatorial plane 
which Bjerknes did not mention. Their data (not shown) indicated the presence of 
Walker-like circulations over the tropical Atlantic ocean, near the African sector, and the 
western branch of the Pacific Walker cell. 

Monthly Mean 1000-mb ECMWF Winds 
a) 

Jan 1989 
20N 

10N 

EO 

10S 

20S 
100E 120E 140E 160E 180 160W 140W 120W 100W BOW -10 

Jul 1989 b) 
20N 

10N 

EO 

10S 

20S 
100E 120E 140E 160E 180 160W 140W 120W 100W BOW -10 

FIGURE 1.4: Mean streamlines and horizontal wind vectors for the tropical Pacific at 
1000 mb for a) Jan 1989 and for b) July 1989. The wind vectors are in units of m s·1• 

ECMWF reanalysis data were obtained from NCAR. 

Figure 1.4 shows that the 1000-mb winds above the tropical Pacific (between 10° N and 
10° S) have an easterly component in both solstitial seasons. For both seasons, easterly flow 
near the equator occurs west of about 90° W. In January, the easterly component is partic-
ularly strong above the central equatorial Pacific, and convergence is evident along the 
ITCZ near 8° N. In July , a notable characteristic is the strong cross-equatorial flow in the 
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CHAPTER 1: Introduction 

eastern Pacific. The zone of convergence at 1000 mb during the northern hemisphere (NH) 
summer has mo11ed north of 10° N over the eastern Pacific. At the latitude of the ITCZ, the 
easterly fetch originates to the east of Central America during both seasons. If we conside 
the Walker circulation to occur at near-equatorial latitudes, then easterly flow at 1000 mb 
cannot originate over the continents because the mountains of Peru act as a vertical barrier 
on the eastern boundary of the ocean. However, we note that a strong southerly component 
is evident during both seasons. 

A recent study by Newell et al. (1996; hereafter N96) takes issue with some aspects of 
the traditional Bjerknes-type model of the Walker circulation. N96 compared water-vapor 
data from the Upper Atmosphere Research Satellite (UARS) with upper-air wind data from 
the ECMWF reinalysis dataset to deduce horizontal and vertical motions in the tropical 
atmosphere. N96 used ECM\VF data between September 17 and October 22, 1991 and Feb-
ruary 7 to March 14, 1994, respectively, to correspond with the NASA Global Tropo-
spheric Experiment, Pacific Exploratory Mission. 

Both the UARS-derived water vapor and ECMWF-diagnosed vertical velocities pre-
sented in N96 indicate regions of strong ascending motion over the western Pacific WP and 
SPCZ. The main regions of sinking motion, which are located off South America and 
extend westward to the dateline just south of the equator, exhibit little seasonal movement 
between experiment periods . For comparison, we present in Fig. 1.5 the vertical velocity 
fields at 300 mb from the ECMWF reanalysis dataset for the solstitial months. Although 
our plots capture more of the variation associated with the seasonal cycle, the zones of ver-
tical motion de~cribed by N96 are consistent with those depicted in Fig. 1.5. During Janu-
ary 1989, centers of ascending motion were located near 145° Eat latitudes 5° N and 5° S. 
The SPCZ was clearly evident during January 1989 with a large region of ascending motion 
that extends southeastward from 145° E to 160° W. A region of strong sinking motion strad-
dles the equator and extends eastward from 160° E. During July 1989, the ascending region 
remains fixed at 145° E, but the NH and southern hemisphere (SH) centers of ascending 
motion have merged on the equator. During the NH summer, the ITCZ is well developed 
at 5° N, and so the zone of sinking motion has slipped southward from its January position, 
particularly the zone over the central Pacific. Despite differences associated with the sea-
sonal cycle, the general pattern is one in which ascending motion dominates over the trop-
ical western Pacific, while sinking motion occurs over the tropical central and eastern 
Pacific. As noted by N96, this pattern generally fits the Bjerknes model of the Walker cir-
culation, although the pattern varies with the seasonal cycle. 
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Monthly Mean 300-mb ECMWF Vertical Velocities 

Jan 1989 

120E 140E 160E 180 160W 140W 120W BOW 

Jul 1989 

a) 

b) 

FIGURE 1.5: Contour plot of mean vertical velocity at 300 mb (units, 10·2 Pa s·1) 
from the ECMWF reanalysis dataset for a) January 1989 and b) July 1989. Contour 
interval is 2 x 10·2 Pa s·1; negative contours are dashed. Data were obtained from 
NCAR. 

Dividing the ECMWF horizontal wind data into rotational and divergent parts, N96 
showed the divergent part of the wind field to be generally consistent with the regions of 
vertical motion described above, but the rotational part to be at odds with the traditional 
conceptual model of the Walker circulation. With their analysis of the rotational wind field, 
N96 showed that easterlies extend across the equatorial Pacific from South America to 170° 
Wand 160° E during the first and second experiment periods. West of 160° E, the low-level 
equatorial winds are very weak. However, easterlies span the equatorial Pacific at 5° S and 
5° N during the first and second experimental periods, respectively . These observations 
indicate that the Walker circulation is not always located at the equator, but rather shifts 
between hemispheres over relatively short periods. Figure 1.4 shows that monthly mean 
easterlies for January and July 1989 are present for a 5°-latitude belt centered on the equator 
across the entire Pacific ocean. 
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FIGURE 1.6: Same as for Fig. 1.4, except that the pressure level is 200 mb. 

N96 also discussed the upper branch of the Walker circulation. West of the dateline, 
data presented in the form of a streamline-vector plot indicate that zonal winds over the 
equator were easterly during the second experiment period. This is consistent with data pre-
sented in Fig. 1.6a and agrees with our interpretation discussed in the preceding paragraph. 
Because a reg:on of strong rising motion occurs offshore to the east of Indonesia, 
upper-level westerly flow of the Walker cell should occur to the east of the rising motion. 
This is precisely what we see in the figure, although comparing Fig. 1.4 and Fig. 1.6, we 
note that the low-level region of easterlies extends farther westward than the upper-level 
region of westedies. 

Figure 1.6b (and plots in N96) present a more complicated picture. During July 1989 
and the first experiment period, the upper-level flow above the equatorial Pacific ocean is 
entirely from the east. In the NH, weak westerly flow appears between 170° Wand 140° W 
poleward of 15 ' N. In the SH, a westerly component of the wind exists south of 5° S to the 
east of the dateline. An interpretation would be that no Walker circulation exists in July 
because upper-tropospheric flow on the equator is easterly. Another interpretation, how-
ever, might be that the Walker circulation has migrated southward into the SH. A 
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reexamination of Fig. 1.5b indicates that the zone of downward vertical velocity is confined 
mainly to the SH, and occurs as far west as 165° W. We note that flow around an anticy-
clone centered over 5° S, 170° W complicates the zonal circulation, making a simple 
Walker circulation difficult to isolate in this instance. 

Finally, N96 conducted a mass budget analysis of two regions in ascending zones and 
two regions in descending zones. Based on their analysis, N96 concluded that air enters the 
descending zones in comparable ratios from the north, south, east, and west borders of the 
box. This implies that water vapor from convecting regions over South America finds its 
way into the descending zone. These data show that the Walker circulation as envisioned 

by Bjerknes is somewhat of an oversimplification. 
A study by Cornejo-Garrido and Stone (1977; hereafter CGS) examined the heat bal-

ance in the region of the Walker circulation. Having analyzed the various terms of the ther-
modynamic equation, they concluded that the primary energy balances are 

w'a[S] / az "" QL' I c P, 

L'E' = S's - !l(s, 

(1.1) 

(1.2) 

for the free troposphere and surface, respectively. The primed quantities denote deviations 
from a zonal average, the brackets denote a zonally averaged quantity, 8 denotes potential 
temperature, QL denotes latent heating per unit mass, 'Eis the evaporation rate, Ss is the net 
downward shortwave radiative flux at the surface, and 'R_s is the net upward longwave 

radiative flux at the surface. 
Equation ( 1. 1) states that adiabatic ascent balances positive latent heating anomalies . 

Based on an analysis in which the radiative fluxes are assumed to vary linearly with tem-
perature, the heating due to radiation is neglected, which we now know to be completely 
unjustified. Precipitation data from Schutz and Gates ( 1972) were used to estimate latent 
heating anomalies as a function of height and longitude at 6° S. The maximum strength of 

the tropical precipitation anomalies at this latitude is about of 2.5 mm day-I, with a maxi-
mum and a minimum near 140° E and 110° W, respectively. CGS approximated the height 
and longitude variations of the latent heating rate using cosine and sine functions. Conse-
quently, the perturbation vertical velocity that they derived have the same dependencies. At 

500 mb, the maximum upward vertical velocity of -18.1 mb day-I occurs near 170° E, while 

the maximum downward vertical velocity of 17.3 mb day-I occurs near 130° W. The pat-
tern of vertical motion fits well with Bjerknes ' conceptual model for the Walker circula-
tion . 
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Equation (1.2) indicates that evaporative cooling at the surface is balanced by the net 
radiative flux into the ocean. CGS showed that precipitation anomalies are anti-correlated 
with evaporation anomalies over the tropical Pacific ocean. This linkage was explained as 
follows . The net flux of longwave radiation into the ocean tends to be small, and so the sur-
face energy b dget is actually a local balance between the shortwave and evaporative 
fluxes. The cloud fraction usually increases (decreases) as the precipitation rate increases 
(decreases). Over the western Pacific ocean where precipitation anomalies are positive, the 
increased cloud cover reduces the shortwave surface heating, and from (1.2), implies a 
decreased evaporation rate. On the other hand, negative precipitation anomalies lead to an 
increased evaporation rate over central and eastern regions of the Pacific ocean. Presum-
ably, the evaporation rate changes due to changes of the surface wind stress. 

CGS also showed that the large-scale tropical precipitation anomalies are locally an 
order of magnitude larger than the evaporation anomalies. For a vertically integrated mois-
ture budget, the flux divergence of water vapor must be balanced in a time average by the 
difference between the evaporation and precipitation rates. Because anomalies of the pre-
cipitation rate dominate over those for the evaporation rate, a net moisture export from the 
eastern Pacific to the western Pacific is indicated. CGS contrasted this result with Bjerknes ' 
hypothesis ( 1969) who implied that the low-level air of the Walker circulation is heated a d 
moistened after it crosses over the WP. Clearly, the modem interpretation of Bjerknes' 
hypothesis ha evolved to allow that the air is continuously moistened as it flows across the 
Pacific. 

Nevertheless, the authors concluded that the driving force behind the Walker circula-
tion is the zonal structure of the precipitation rate, and that these variations are balanced by 
adiabatic heating/cooling due to sinking/rising motions. In the western Pacific, latent heat 
release due to intense convection is balanced by adiabatic cooling and ascending motion 
(Webster 1987). It is the inability of radiative processes to balance the latent heating which 
requires a tropical circulation. The precipitation rate need not be considered at all in order 
to determine the vertical velocities over the Cold Pool (CP). In fact, as described later, box 
models of the tropical climate (Pierrehumbert 1995; Miller 1997; Larson et al. 1999) deter-
mine the mass flux over the eastern tropical Pacific from the observed balance between adi-
abatic sinking and radiative cooling, and neglect precipitation over the CP altogether. It 
seems strange to conclude that the driving force for the Walker circulation is the zonal vari-
ation of the precipitation rate, when the precipitation rate does not have to be considered in 
calculating the mass flux for the subsiding branch of the circulation. Instead, it has been 
shown that the circulation is strongly related to SST and to the SST gradient. Over the east-
ern tropical Pacific where the SST is relatively low, convection is infrequent, and so a 
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balance between radiation and subsidence exists. Over the western tropical Pacific where 
the SST is high, convection is frequent over regions of large-scale ascending motion. As 
discussed by Lau et al. (1997), large-scale ascending motion tends to be correlated with 

regions of high SST. Thus, the SST pattern largely determines the locations and intensities 
of the Walker circulation. The argument of CGS rests with their assumption that the hori-

zontal distribution of precipitation is given. The connection between the SST pattern and 

convection was not firmly established, and so CGS did not consider the link between trop-
ical precipitation and the distribution of SST. 

Based on the National Centers for Environmental Prediction (NCEP)-NCAR reanalysis 
dataset and radiosonde reports, Hastenrath (1998) analyzed the large-scale characteristics 

which contribute to near-equatorial jet streams of IO m s-1. Two main jet cores were 
observed. Centered on I O N, a mid-tropospheric jet is observed over the eastern Pacific near 

90° W, although wind speeds in excess of 6 m s-1 extend to the dateline. At the 925-mb 
pressure level, a jet is apparent near 10° N in the central Pacific, between 150° W and the 

dateline. Analyzing the 600/1000-mb geopotential thickness pattern, Hastenrath found that 
a low-level trough of geopotential heights exists along the equator. The meridional geopo-
tential gradient is strongest at 625 mb over the eastern Pacific, while it is strongest at 
925 mb and below for the central Pacific. Hence, a meridional gradient of geopotential 

heights, together with a small Coriolis parameter, contributes to these geostrophic jets, 
which are most intense during late NH winter. 

We would be remiss if some discussion of the El Nino-Southern Oscillation (ENSO) 
phenomenon (e.g. Philander 1990; for a review of theory, see Neelin et al. 1998) were not 

included in this review. During an ENSO warm event, warm water from the WP shifts east-

ward, so that the WP occupies a larger surf ace area of the equatorial Pacific than at other 
times. The intensity of the near-surface trade winds over the central equatorial Pacific 

diminishes due to the decreasing SST gradient. Typically, the zones of intense convection 
shift with the warm water so that the regions of upper-tropospheric divergence shift also. 
This movement of the convective zone means that the rising branch of the Walker circula-
tion also shifts eastward. If our model produced multiple solutions, we could identify an 
ENSO solution as one in which the relative area of the WP is larger than in the other solu-
tion(s ). As discussed later, we have found only one solution. 

We now turn our attention to theories and hypotheses of the tropical climate which were 
developed based on models. Gill ( 1980) developed a simple analytic model of the response 
of a resting tropical atmosphere to small heat-induced perturbations. Since much of the 
convective heating in the tropics is confined over three relatively small land regions 
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(Africa, South America, and the Indonesian region), Gill examined the atmospheric 
response to a relatively small-scale heating source which is centered on the equator. If the 
atmosphere is abruptly heated at some initial time, Kelvin waves propogate rapidly east-
ward and generate. easterly trade winds to the east of the heating. Thus the easterly trade 
winds in the Pacific could result from Kelvin waves produced by convective heating over 
Indonesia. Similarly, Rossby waves propagate westward and generate westerlies to the 
west of the heating. Because the fastest Ross by wave travels at only one-third the speed of 
the Kelvin wave, the effects of the Rossby waves would be expected to reach only one-third 
as far as those of the Kelvin wave. Gill interpreted the westerlies across the Indian ocean 
as a response to Rossby waves generated by convective heating over Indonesia. 

Gill adopted the shallow-water equations (Matsuno 1966) on an equatorial P-plane for 
his model. For the equatorial P-plane, the Coriolis force is approximated as py, where 

= df I dy is assumed constant and y is the northward distance from the equator. Gill 
included dissipation in the form of Rayleigh friction and Newtonian cooling, and for sim-
plicity assumed that the time scales for both types were equal. Rayleigh friction is a simple 
parameterization of friction in which the velocity is divided by a dissipation time scale. 
Because the obj-ect of Gill's study was to examine the horizontal structure of the atmo-
sphere's responEe, he obtained a solution for a single representative vertical mode. In order 
to study the horizontal structure, Gill expanded the variables in terms of parabolic cylinde 
functions becau ' e free solutions of the shallow water equations have this form. 

Gill focused primarily on cases for which the heating is symmetric or anti-symmetric 
about the equator. The solution for symmetric heating resembles a Walker circulation, wit 
lower-tropospheric inflow into the heating region and upper-tropospheric outflow. The sur-
face easterlies cover a larger area than the surface westerlies because the phase speed of the 
eastward-propogating Kelvin wave is three times faster than that of the westward-moving 
Rossby wave. By forming a vorticity equation for the case of no momentum damping, and 
then substituting from the continuity equation, Gill found that 

V = yQ, (1.3) 

where v is the north-south velocity, y is the distance from the equator, and Q is the heati g 
rate. The sigm have been chosen so that Q > 0 for heating and the sign of v corresponds to 
that near the 3urface. For a incompressible atmosphere with a rigid lid at z = D and a 
constant lapse rate, the gravest mode (the mode with the largest vertical scale) has 
horizontal ve ocity components which vary as cos(1tz/D) . For Q > 0, (1.3) implies 
poleward motion in the lower layer and equatorward motion in the upper layer. This 
suggests that the Walker circulation produces a north-south circulation which opposes the 
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Hadley circulation. As discussed later, Geisler (1981) found the same result. 
The solution for anti-symmetric heating consists of a mixed Rossby-gravity wave and 

a Rossby wave. For the heating function chosen by Gill, the only non-zero mode for the 
anti-symmetric case is the Q1 mode, which does not produce the Kelvin wave (only the Q0 

mode produces a Kelvin wave for this model). Here, the subscript refers to the order of the 
particular parabolic cylinder function. Long mixed Rossby-gravity waves for his model do 
not propagate, and so the response to this wave type is largely confined to the heating 
region. Due to the westward propagation of Rossby waves, no response is generated to the 
east of the forcing region. To the west, the region of westerly flow into the heating region 
is limited because the dissipation rate of this particular Rossby mode (n = 2) is 5£, where £ 
is the dissipation timescale due to Rayleigh friction , and so the wave dissipates before it 
can propogate far to the west. For smaller scale Rossby waves (n > 2), the dissipation rate 
is even stronger, and as a result their zone of influence is even smaller. 

Gill could have considered additional modes of forcing, but he showed that the predom-
inant response is due to the idealized symmetric and antisymmetric modes described above. 
The combined response to the two forcings was shown to resemble the observations. He 
interpreted the symmetric case as a simulation of the Walker circulation, and the asymmet-
ric case as a simulation of the Hadley cell. 

Although Gill plausibly demonstrated that heating of limited extent generates tropical 
waves which produce broad wind and pressure fields resembling the observations, his 
results must be viewed with caution due to several limitations. First, results were generated 
for a specified rather than predicted heating of the tropical troposphere, and so ocean-
atmosphere interactions and feedbacks involving moist convection were excluded. Second, 
the model includes neither a moisture budget nor cloud radiative effects. Last and most 
important, the model was linearized about a resting atmosphere. Although linearization is 
appropriate, Gill ' s results must be interpreted as the response of the tropical atmosphere to 
a perturbation of a basic state, not as a prediction of the basic-state climate. Gill demon-
strated the sensitivity of the tropical troposphere to the spatial distribution of heating, but 
his study does not really address the basic-state climate. 

Geisler (1981 ) used a simple dynamical model in order to study the structure of the 
Walker circulation. He noted that previous investigators used general circulation models 
(GCMs) to study fluctuations of the Walker circulation rather than the maintenance of the 
Walker circulation itself, because of the difficulty in isolating the circulation from GCM 
results. Interestingly, Geisler devoted some effort to precisely defining the Walker circula-
tion. Geisler found Bjerknes ' definition of the Walker circulation to be unsatisfactory 
because it does not address the behavior or size of the cell. Geisler found a more 
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satisfactory definition of the Walker circulation from NKVB who define it as the deviation 
of the circulation in the equatorial plane from its zonal average. 

Following previous studies (Schneider 1977; Gill 1980), Geisler specified the deviation 
of heating from the zonal mean due to precipitation in equatorial latitudes. He specified that 
the horizontal deviation would have a Gaussian dependence on longitude and latitude, and 
that the vertical deviation would have a cubic dependence on pressure. The approach 
adopted for Geisler's study was similar to that of Gill (1980) in that a wave-like solution 
was obtained for model equations linearized about a motionless basic state. Geisler chose 
to use the steady primitive equations with constant static stability, and included dissipation 
in the form of Rayleigh friction, Newtonian cooling, vertical eddy diffusion, and cumulus 
friction . Following Schneider and Lindzen (1977), Geisler parameterized the effects of 
cumulus friction and specified a mass flux profile. 

Geisler sho\.\.ed that the vertical structure of the zonal wavenumber-one response 
depends on the vertical structure of the perturbation cumulus heating and on the assumed 
form of dissipation. The standard case includes cumulus friction, Newtonian cooling, and 
a cumulus heating profile with maximum heating at 400 mb. The zero-wind level occurs at 
4.5 km, which Geisler interprets as being too low. Taking the zero-wind level as that where 
the wind vectors are exactly vertical, Fig. 1.3 suggests that the zero-wind level occurs near 
600 mb and 450 mb over the western Pacific and eastern Pacific, respectively. When Ray-
leigh friction replaces cumulus friction , the zero-wind level occurs over a broad layer 
between 350 mb and 500 mb. For this case, the responses of the free-tropospheric an 

boundary-layer zonal winds have amplitudes of 45 m s- 1and 10 m s-1, respectively, and a 
phase difference between the two levels of nearly 180°. 

The summed response of the zonal wind for the remaining wavenumbers resembles a 
Walker circulation. The heating produces inflow at low levels and outflow at upper levels. 
The zonal overturning to the east of the heat source is weaker and occurs over a greater x 

distance than that to the west. This result agrees with Gill (1980). Geisler noted Gill's inter-
pretation of the differing longitudinal scales of the response, which is that larger group 
velocities allow the Kelvin waves to propagate farther east before being dissipated than the 
Rossby waves can propogate toward the west. For the meridional wind, the model produces 
a pair of cells straddling the equator to the east and west of the heating. The flow pattern of 
these cells opposes and enhances the Hadley circulation to the east and west of the heating, 
respectively. This suggests zones of enhanced and weakened convergence on either side of 
the heating. As Geisler noted, if the perturbation heating occurs over Indonesia, then 
Walker circulation appears to generate meridional flow which strengthens the Hadley cell 
over the Indian ocean, and weakens it over the Pacific ocean. No explanation for the 
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meridional cells was given. 
Lau and Lim (1982) presented results from a two-layer shallow water model on the 

equatorial p plane. Following Gill (1980), the "long wave" approximation was made, in 
which the waves are assumed to have a horizontal scale larger than 4, 000 km and a period 
larger than one day. With their model, Lau and Lim showed that specified heatings which 
are symmetric and anti-symmetric about the equator give Walker- and Hadley-like circula-
tions, respectively. That is, the symmetric heating generates a zonal circulation, while the 
anti-symmetric heating generates a meridional circulation. These results are identical to 
those of Gill (1980). 

Lau and Lim (1982) also suggested an interaction between the Walker and Hadley cir-
culations and monsoon surges. According to their hypothesis, during the NH winter, cold 
air surges from Siberia over the Chinese southeast coast, where an intense high pressure 
system generates strong northeasterly flow downstream over the South China Sea. Strong 
subsidence over the cold Asian continent, coupled with strong equatorial flow over the 
South China Sea induces a strong local Hadley circulation. The northeasterly flow intensi-
fies convergence over the maritime areas of Borneo and Indonesia which increases 
large-scale ascending motion, and thereby acts as a feedback on both the Hadley and 
Walker circulations. 

Lau and Lim (1982) modeled this sequence of events by specifying a strong surface 
cooling at mid or subtropical latitudes (35° N or 27° N), and then a time-delayed warming 
at 6° S. Results from their model were consistent with their hypothesis, and details such as 
the tilt of the high-pressure systems were reproduced in accord with the observations. Thus, 
interactions between the Walker circulation and transient mid-latitude disturbances may be 
important for simulating the mean conditions of the tropical climate. However, as 
explained in more detail below, our model represents an isolated Walker circulation. 

Using a model which is nearly identical to that of Geisler (1981 ), Rosenlof et al. (1986) 
examined the response of the Walker circulation to a single tropical heat source in the pres-
ence of a mean zonal wind and mean Hadley cell, which were prescribed to resemble the 
observations. Recall that Geisler linearized his model about a motionless basic state. The 
study of Rosenlof et al. ( 1986) was designed to examine the response of the Walker circu-
lation to perturbations of non-resting basic states. Because Rosenlof et al. ( 1986) prescribed 
heating functions which are similar to those used by Geisler, their model produces a Walker 
circulation which is quantitatively very similar to those obtained by Geisler and Gill. How-
ever, Rosenlof et al. (1986) showed that interactions between the Hadley and Walker cir-
culations might be important for correctly simulating the Walker circulation. For instance, 
the zero-wind level of the zonal wind rose from 670 mb for the base state to 500 mb for the 
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case in which a Hadley circulation was specified. Rosenlof et al. ( 1986) showed that the 
advective processes associated with the zonally averaged zonal wind and vertical velocity 
are responsible for the change in zero-wind level. Although the zero-wind level is a detail 
which we only briefly consider for our model, these results illustrated interactions between 
the Hadley and Wa ker circulations. 

Lindzen and Nigam ( 1987) used a simple model to show that SST gradients are capable 
of forcing low-level winds and convergence in the tropics. They simplified the horizontal 
momentum equah n by assuming an Ekman balance such that the Coriolis force is bal-
anced by the sum of the pressure gradient force and wind stress. The density was assumed 
to be a function of temperature only, i.e. essentially incompressible, SST and specific 
humidity were specified, and a rigid boundary-layer top was imposed. Linearizing the sim-
plified momentum equations about a state of rest and using a drag coefficient to compute 
the surface wind Etress, Lindzen and Nigam found a pressure field that qualitatively resem-
bles the observations. However, the simulation produces enormous wind speeds and con-
vergences, with maximum values for each being quantitatively very unrealistic. Lindzen 
and Nigam explained the discrepancies as resulting from their assumptions of a rigid 
boundary-layer lid and of instantaneous take-up of horizontal mass flux by cumulonimbus 
mass flux. If theEe assumptions are relaxed, the model produced better simulations of the 
tropical wind and divergence fields. 

Neelin et al. ( 1998) provided a simple, interesting interpretation of the Lindzen-Nigam 
model which we describe briefly here. The reader should note that the description above 
contains no explicit relation to convective heating. Assuming that the temperature of the 
boundary layer follows from SST, integration of the hydrostatic equation gives 

p-pr = -BTs, (1.4) 

where p is the vertically averaged pressure perturbation in the boundary layer, PT is the 
pressure perturbation at the top of the boundary layer, Ts is the SST, and B is a constant 
which hydrostatically relates SST to pressure perturbations. In order to close the model, an 
assumption regarding PT is required. Neglect of PT is equivalent to the rigid lid assumption 
discussed above., and results in extremely large wind speeds and convergences. 

Consider the ~ollowing steady thermodynamic equation, 

· ( 1 dT ) Q = -affi r ddz + 1 ' (1.5) 

in which Q is the cumulus heating rate per unit mass (units : W kg- 1), ro is the vertical 
velocity in preEsure coordinates, rd is the dry adiabatic lapse rate, and a is the specific 
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volume. Equation ( 1.5) was derived under the assumption that vertical advection dominates 
over horizontal advection, and shows that the heating on the left-hand side (LHS) is related 
to the vertical motion and to the lapse rate. Suppose that the lapse rate in ( 1.5) is assumed 
to be zero. Then the vertical velocity would be larger than if the lapse rate were moist 
adiabatic. This is essentially what Lindzen and Nigam assumed for their model. 
Consequently, extremely large boundary-layer vertical velocities result and are associated 
with large horizontal convergences and strong wind speeds. 

In order to relax the assumption of a rigid lid, Lindzen and Nigam hypothesized that 

-J TT PT = Ee gH v •v , (1.6) 

where Ee is an inverse time scale for horizontal convergence, H is the mean depth of the 
boundary layer, and v is the horizontal velocity vector. When (1.6) is inserted in ( I .4) for 
PT, Neelin et al. (1998) show that the result is very similar to the continuity equation for the 
forced shallow water equations. Thus, the model used by Lindzen and Nigam ( 1987) is very 
similar to the Gill model, which was described earlier. 

A limitation of Lindzen and Nigam ( 1987), however, is that the SST gradients were 
specified in their model, rather than calculated. Consequently, air-sea interactions cannot 
be represented in this model. We can imagine, for instance, that regions of convergence 
might be associated with increased cumulonimbus activity, resulting in evaporation-wind 
feedbacks and/or cloud radiative effects which would affect the SST distribution. While 
Lindzen and Nigam demonstrated the sensitivity of the tropical wind field to SST, their 
study was insufficient to define the mechanisms which control the steady coupled 
ocean-atmosphere system. 

Ramanathan and Collins ( 1991) postulated that cirrus clouds act as a thermostat to reg-
ulate tropical SST. Using a steady-state surface heat budget, Ramanathan and Collins 
examined Earth Radiation Budget Experiment (ERBE) data to deduce the inter-relation-
ships among shortwave and longwave cloud radiative forcings and radiative forcing of the 
clear atmosphere. From their analysis, Ramanathan and Collins concluded that the short-
wave cloud effect dominates over the longwave cloud effect in regulating SST. According 
to their hypothesis, as SST increases, the optical depth and altitude of cumulonimbus 
clouds increase which leads to stronger longwave and shortwave cloud effects. This occurs 
because the atmosphere warms as a result of longwave cloud radiative effects, stronger 
latent-heat release by convection, and a stronger SST gradient over the tropical Pacific, and 
leads to an amplification of the large-scale flux convergence of moisture. This amplifica-
tion continues until the reflectivity of the cirrus clouds, which increases with optical depth, 
increases sufficiently to begin cooling the surface. Using ERBE data to estimate the slope 
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of each term of the energy budget with respect to SST, Ramanathan and Collins calculated 
an upper limit for e SST of 305 K. 

The main criticism of this study is that convection dynamics and large-scale air-sea 
interactions were ::10t specifically considered. For instance, changes in the strength of the 
ocean and atmosphere circulations were not included. We can imagine that for these high 
SSTs, the surface winds might increase, leading to stronger cold-water upwelling and 
enhanced cooling of the surface. The increased surface wind stress would lead to stronger 
wind-driven currents which could increase the flux divergence of energy in the mixed 
layer. Moreover, :here is nothing really special about Ts = 305 K. With the observed SST 

distribution, Ts= 305 K appears to be the SST at which the combined effects of cumulus 

convection lead to a surface cooling. However, if the SST were increased uniformly across 
the tropics and subtropics, then the surface wind field might not change and a strengthening 
of the tropical ci culation would be unrealized. Thus, the feedback hypothesized by 
Ramanathan and Collins would not exist, because an enhanced moisture source on which 
the clouds could feed would not be available. 

Low OLR (Furnace) High OLR (Fin) 

Hadley/W lker Circulation 't 
(Furnac~ t Ascent 

Radiator Fin 
(Clear,Dry) i Descent 

Cold Pool Ts2 

FIGURE 1.7: Reproduction of Pierrehumbert's schematic representation of the 
'furnace/radiator-fin' model of the tropical circulation. The symbols E and Ts 
represent the evaporation rate and SST, respectively. The subscripts 1 and 2 
denote the WP or furnace and the CP or radiator fin. 

Pierrehumbert (1995) (hereafter P95) presented a two-box model of a Hadley/Walker 
circulation wh1ch has strongly influenced recent studies of the tropical climate. Figure 1.7 
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presents a schematic of the furnace/radiator-fin model in P95. The model has separate 
energy budgets for its CP and WP regions. SSTs for the CP and WP were constrained to be 
those which give energy balance for each box of the model atmosphere and for the CP 
ocean. Surface energy balance for the WP was not explicitly included in the model , even 
though it was discussed in detail. A vertically and horizontally uniform lapse rate was 
assumed, and the free-tropospheric temperature profile was assumed to be uniform across 
the tropics. The radiating temperature of the CP free atmosphere was assumed to be the air 
temperature at z = z/2, where zr is the assumed height of the tropopause. The solution was 

obtained by first computing the net energy flux at the top of the WP atmosphere for a given 
SST and relative humidity profile. The net radiative flux at the top of the atmosphere 
(TOA) in the WP region was assumed to be balanced by a horizontal energy transport to 
the CP region. The CP SST and radiating temperature were then computed under the con-
straint that the net diabatic cooling must balance the energy imported laterally from the WP. 

The mass flux was assumed to be that required to give a balance between adiabatic 
warming by dry subsidence and the net radiative cooling of the CP region. The mass flux 
is proportional to the sum of the net diabatic cooling of and specified mid-latitude atmo-
spheric energy transport from the CP. The potential temperature difference between the 
inflow and outflow regions of the CP atmosphere was specified. Therefore, the mass flux 
responds only to changes to the net diabatic cooling of the CP. Because precipitation over 
the CP is neglected, the diabatic cooling of the CP atmosphere is purely radiative and 
depends on the WP and CP SSTs, and on the emissivity of the CP atmosphere, which is a 
prescribed parameter. P95 assumed a uniform vertical temperature profile for the atmo-
sphere which is controlled by WP SST, and so the radiating temperature of the CP atmo-
sphere depends on WP SST. It can be shown that the horizontal heat transport by the WP 
atmosphere, Fahl• is proportional to the diabatic cooling of the CP atmosphere and to the 

ratio of CP area, A 2, and WP area, A 1. This ratio is also a prescribed parameter of the model. 

The column energy budget for this model is given by 

(1.7) 

where Qv is the energy added to the CP atmospheric column due to vertical flux 
convergence and Faexp is the specified, horizontal-mean, net horizontal, atmospheric heat 
transport into the column. The radiative effects of clouds were ignored. In equilibrium, 
H= 0, and so 

(1.8) 
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For the case in which Faexp = F ohl = F 0 h2 = 0, where F 0 h is the horizontal energy transport 
by the ocean, the net horizontal, atmospheric heat transport for the WP is given by 

F ahl = -Qvl . Obviously, Fahl increases as the ratio AifA1 increases for a fixed CP 
radiating temperature, and the climate cools for a fixed radiating temperature. P95 argued 
that Q v1 is bounded due to limits on the OLR in moist atmospheres, i.e. the increase of OLR 
with SST levels off due to the longwave-trapping effect of water vapor, which also 
increases with SST. As A2 becomes much larger than A1, the horizontal energy transport 
between boxes mr1st vanish, and radiative equilibrium results. For small AifA1, Q v2 is not 
bounded because the radiative temperature of the CP can be increased as much as needed 
in order to yield a finite energy transport between boxes, no matter how small A2 becomes. 
Since the WP SST controls the CP radiating temperature, the WP becomes extremely hot 
in this limit. 

P95 also showed that for very small values of the emissivity, the WP SST runs away, 
because the CP cannot radiate enough energy to balance the WP. Thus, a runaway green-
house (Ingersoll 1969) is simulated for small values of the emissivity. As the CP' s emissiv-
ity is increased, be SSTs of the WP and CP decrease and increase, respectively. Hence the 
temperature difference between the two boxes decreases with increasing CP emissivity. 

In fact , the model breaks down for some value of the CP emissivity less than one and 
A if A 1 greater than two but less than four. For this case, the SST of the "Cold" Pool can 

exceed that of tI-_e "Warm" Pool. For fixed, lateral atmospheric energy transport, a larger 
AifA1 implies a .;maller Q v2, which can be seen from (1.8). It can be shown that a smaller 

Q v2 leads to a reduced CP mass flux. Because the CP mass flux was assumed to be propor-

tional to the CP surface evaporation rate, increasingAifA1 warms the CP SST. On the other 

hand, as the CP emissivity increases, the radiating temperature of the CP atmosphere must 
decrease in order to radiate the same amount of energy. Because the WP controls the ver-
tical temperatur V profile, the equilibrium SST of the WP must decrease as the CP radiating 
temperature de,::reases. As the CP emissivity increases, the WP SST must therefore 
decrease. Under the conditions of large CP emissivity and Ai/A 1 > 2, the model produces a 

warmer SST in the "Cold" Pool than in the "Warm" Pool. 
Although tI-_e model contains simplified parameterizations and extreme assumptions, it 

captures important aspects of the tropical climate. For instance, simulated CP and WP SSTs 
resemble the present-day climate for a range of conditions, even if lateral energy transport 
by the ocean is ignored. The diagnosed CP mass flux is realistic although the potential tem-
perature difference between inflow and outflow regions of the CP atmosphere was speci-
fied. In spite .:>f these successes, the model suffers from shortcomings, as the results 
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described above for large CP emissivity and A2/A 1 demonstrate. A thermally indirect 

Walker/Hadley circulation is impossible. However, the results would no doubt change if 
moisture and momentum budgets were included. We would, for instance, expect boundary 
layer winds to reverse their direction if the temperature gradient reversed. 

A further serious criticism of this model is that it fai ls to account for cloud-radiative 
effects in the WP region. P95 assumed that the shortwave and longwave cloud radiative 
effects cancel at the top of the atmosphere. Because he obtained realistic results without 
including cloud radiative effects, he concluded that cloud radiative effects do not signifi-
cantly affect the tropical climate. We reject this approach for three reasons: 1) While such 
a near-cancellation is observed in the present-day tropics, the shortwave radiative forcing 
affects the surface primarily, and the longwave cloud forcing mainly influences the atmo-
sphere; 2) Cancellation should be predicted, not assumed; 3) Cancellation may not occur in 
other climate states. 

The observation that cloud shortwave forcing primarily affects the surface makes Pier-
rehumbert' s results suspect. P95 argues that enhanced shortwave forcing at the surface is 
generally negated by a decreased evaporative cooling so that SST changes little in response 
to increasing high-cloud cover. But this idea rests on the premise that the evaporation rate 
decreases in response to decreased solar heating at the surface. Pierrehumbert quotes sev-
eral studies to show that the dominant energy balance at the surf ace is between solar heating 
and evaporation. In nature, as the TOGA COARE observations (Webster 1994) show, 
gusty winds tend to accompany convectively active periods, and we might expect the stron-
ger winds to increase the evaporation rate during the onset of the convectively active 
period. The combined effects of decreased solar heating and increased evaporative cooling 
would therefore tend to decrease the SST. As the system moves toward equilibrium, the 
dominant balance between solar heating and evaporative cooling could reestablish itself, 
but perhaps not before SST has decreased significantly. This might be an example in which 
a steady-state model cannot represent the processes which control SST. 

We now consider the findings of Battisti and Ovens ( 1995), who used the Community 
Climate Model-Version 1 (CCMl), a GCM developed at NCAR, to examine the depen-
dence of the low-level equatorial easterly jet on the Hadley and Walker circulations. Bat-
tisti and Ovens described the jet, based on ship reports and observations from Hastenrath 
( 1971) and Bunker ( 1971 ), as a near-equatorial region of maximum wind speeds of nearly 

10 m s- 1, which is located between 120° and 150° Wand centered vertically about 850 mb. 
This easterly jet is essentially the low-level branch of the Walker circulation, and is note-
worthy because it is confined to a shallow layer. As described above, the mechanisms 
which induce the formation of this jet have since been analyzed by Hastenrath ( 1998), 

22 



CHAPTER 1: Introduction 

based on the NCEP-NCAR reanalysis dataset. 
Several ideali:red GCM experiments were performed with different SST distributions 

to examine the response of this jet. For each case, the lower boundary was specified by the 
authors to be uniform ocean . CCMl experiments with a zonally symmetric SST distribu-
tion produce a wind field which resembles the Hadley circulation . For the cases with a Had-
ley cell , equatoria· easterlies and low-level easterly jets on the poleward side of the ITCZ 
were produced, but no low-level easterly jet resulted. The CCMl simulated geostrophic jets 
between 10° and 15°, which are the latitudes of the strongest meridional pressure gradient. 

Even though easterly winds form near the equator, the maximum wind speed is 7 m s- 1 and 
the easterlies extend between 850 mb and 500 mb. Battisti and Ovens interpret this behav-
ior based on Ekman theory , which is an extremely crude representation of the boundary 

layer. According to Ekman theory , the depth of the friction layer is proportional to 1-1, 

which is the inverse of the Coriolis parameter. Close to the equator, the depth of the friction 
layer increases strongly, and so the strong winds are not confined to a shallow layer. 

Superimposing a zonal wavenumber-one SST anomaly on the zonally symmetric SST 
distribution result~ in a simulated wind field which includes both Hadley and Walker cir-
culations. For this case, a strong equatorial easterly jet appears which resembles the hori-
zontal and vertical scale of the observed easterly equatorial jet. According to the authors, 
the Walker circu ation induce a Kelvin-wave meridional pressure distribution which pro-
duces the dominant geostrophic component of the zonal flow. An ageostrophic zonal com-
ponent associated with the zonal pressure gradient also contributes to the easterlies. Battisti 
and Ovens also found that a deep layer of strong westerlies in the free troposphere is pro-
duced by the Walker circulation, which dominates over the weak easterlies produced by the 
Hadley circulation. The subsidence of this deep westerly layer provides the mechanism for 
confining the low-level easterlies below 800 mb. Hence, the CCMl experiments provide 
strong evidence that the equatorial low-level easterly jet is associated with the Walker 
circulation. 

The assumptions used to derive our box model are basically consistent with the findings 
of Battisti and Ovens (1995). Our assumption that the low-level easterlies and upper-level 
westerlies over the equator result mainly from the Walker circulation are supported by this 
study. Their results also provide justification for our assumption that the strong easterly 
mass flux simu.ated by our model is mainly confined beneath the trade-wind layer. How-
ever, Battisti and Ovens also showed that the easterlies and westerlies have significant geo-
strophic components, and therefore depend on the meridional pressure gradient. This is one 
aspect of their findings which we cannot simulate at present, as meridional variations are 
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not included in our model. Our results should still be realistic because we consider only 
motions in the equatorial plane; hence the Coriolis parameter f vanishes in this case, and 
motions directly over the equator are necessarily ageostrophic. 

Next, we discuss an appealingly simple box model developed by Sun and Liu (1996; 
hereafter SL) to demonstrate the role of dynamic ocean-atmosphere coupling in SST regu-
lation for the tropical Pacific ocean. Because P95 neglected the influence of ocean currents 
and still realistically simulated the tropical climate, the role of ocean dynamics in regulat-
ing the tropical climate became murky. Although it is well known that ocean currents 
between the tropical eastern and western Pacific ocean are driven by surface winds, which 
are in turn driven by the SST difference between the two regions, the significance of this 
mechanism for the tropical climate was clarified by SL. 

.. 
FIGURE 1.8: Schematic of the Sun-Liu coupled model. The boxes represent the 
atmosphere (light hatching), the WP (heavy hatching), the CP (stippling), and the 
undercurrent (clear box). Heavy arrows denote ocean currents, light arrows denote 
local heating and the dashed arrow represents the surface winds. 

SL constructed a three-box model (Fig. 1.8) of the tropical Pacific ocean, which is cou-
pled to a very simple model of the atmosphere. Two adjacent equal-volume boxes represent 
the surface layer of the eastern and western Pacific ocean regions, respectively, and a 
sub-surface box represents the equatorial undercurrent. Water is assumed to be advected 
into the western box from the eastern box, which is fed by upwelling of the equatorial 
undercurrent. Water returns to the equatorial undercurrent by subduction from the western 
box. The temperature of the equatorial undercurrent, Tc, was specified based on observa-

tions. The temperature tendencies for the two surface-layer boxes were assumed to be con-
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trolled by dynamical ocean-atmosphere processes and by thermal advection in the ocean. 
SL crudely parameterized the dynamical processes as a relaxation toward an equatorial 
equilibrium temperature Te, with inverse time scale c. In order to determine Te, the feed-

backs due to surface emission, the clear-sky greenhouse effect, the greenhouse effect of 
clouds, and the clcud shortwave forcing with respect to an SST perturbation at To = 300 K 

(i.e. the partial de::-ivatives) were estimated. Except for the value of the surface emission 
feedback which is easily calculated, values for the other feedbacks were taken from pub-
lished estimates. The difference between Te and To was then computed by taking the quo-

tient of the net heating of the ocean-atmosphere column which was evaluated at To and the 

summed feedbacks for an SST perturbation. 
The advective temperature tendency can be shown to be proportional to the temperature 

difference between water entering and departing each box. The advection proportionality 
parameter, q, was in turn assumed to be proportional to the temperature difference between 
the two surface boxes with a specified constant of proportionality, a. Thus, the advective 

temperature tendencies for the WP and CP are given by a(T1-T2)2 and a(T1-T2)(Tc-T2), 

respectively. The rationale for this form of q is that the strength of the ocean currents is pro-
portional to the surface wind speed, which is assumed to be proportional to the east-west 
SST gradient. 

SL found that the solution of their model is completely determined by a non-dimen-

sional parameter P = ( a / c) (Te - Tc) , which gives the strength of the dynamic coupling 

relative to the thermodynamic forcing. As seen in Fig. 1.9, the east-west SST gradient and 
the ocean currents are zero for p < 1, and hence the tropical Pacific ocean-atmosphere col-
umn is in radiat ve-convective equilibrium, with equilibrium temperatures T1 = T2 = Te. 

This solution contrasts with those of P95 and Chapter 2 of this report which show that, due 
to the strong greenhouse effect, the WP ocean-atmosphere column cannot establish radia-
tive-convective equilibrium unless the SST is very warm and the atmosphere is very dry . 

For p < 1, the SL model can reach a radiative-convective equilibrium for any Te:;, Tc, and 

thus does not really account for the greenhouse effect. In fact, because the actual value of 
the temperature3 depends on Te, the radiative-convective solution is essentially specified in 

advance. 
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FIGURE 1.9: The equilibrium solution from the Sun-Liu coupled model for (a) 
current strength as measured by qlc, and for (b) non-dimensionalized SST as given 
by T*1 = (T 1-Te)l (Tc -Te) and T*2 = (T 1-Te)/ (Tc-Te),asfunctionsof 
~-

For > 1, two solutions were found. The radiative-convective solution still holds, but 
is unstable to perturbations. As a numerical integration of the model shows, a perturbation 
of the radiative-convective equilibrium causes the system to evolve to the second solution. 
The second solution produces a finite east-west temperature difference, and the SSTs of the 
two surface boxes are colder than the radiative-convective equilibrium. As shown in 
Fig. 1.9, finite ocean currents develop for~> 1, and advection from the undercurrent to the 
CP and from the CP to the WP leads to colder SSTs in the CP and WP, respectively. The 
"Warm" Pool becomes warmer than the "Cold" Pool because water advected from the CP 
to the WP is warmer than water upwelled to the CP from the undercurrent. As described in 
Liu and Huang (1997), this destabilization of the radiative-convective equilibrium can be 
interpreted as a wind-cold water upwelling positive feedback. SL argued that Te increases 
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and c decreases du.e to positive radiative feedbacks in the atmosphere, such as those from 
water vapor and clouds. Since~ increases with increasing Te and decreasing c, SL asserted 

that strong positive feedbacks of the atmosphere play a role in the evolution of the system 
from radiative-convective equilibrium. The ocean circulation transports heat from the sub-
surface to surface ocean, and leads to cooler SSTs. SL also showed that as Te increases, the 

difference between WP SST and Te increases. This represents a regulation of the WP SST, 

and does not explicitly depend on an atmospheric circulation. Results from a simplified 
coupled ocean-atmosphere GCM support these conclusions. 

In an extension of SL, Liu and Huang ( 1997) demonstrated with a model that the 
east-west SST difference is limited to 25% of the SST difference between the tropics and 
subtropics. Their results were generated with essentially the same model as that used by SL, 
except that a box representing the subtropics is included. Water is assumed to flow from 
the two tropical surface boxes to the subtropical surface box, where it is subducted to the 
equatorial undercurrent. Water from the equatorial undercurrent is then fed to the eastern 
surface box by upwelling, just as in SL. 

Liu and Hua g (1997) found that when Aw= A(Te - T m) / (cm 1) , which is analogous 

to a in SL, is increased slightly from zero, the system is in a local radiative-convective 
equilibrium with no east-west temperature gradient, no ocean circulation, and no Walker 

circulation. In tr_e definition of Aw, A is the Walker coupling parameter, Tm is the pre-

scribed equilibri-Jm temperature of the mid-latitudes, and m1 is the volume of the two sur-

face boxes. Liu and Huang interpret Aw as a measure of the strength of ocean-atmosphere 

feedbacks such that increasing Aw corresponds to intensifying feedbacks. For Aw> 1, the 

SST gradient becomes finite and increases with increasing Aw- Liu and Huang attribute this 

transition to a ct-stabilization of the local equilibrium due to a wind-cold water upwelling 
positive feedback. As described above, even though both surface boxes relax toward the 
same temperature (Te), a temperature gradient forms because cold water is upwelled into 

the eastern (CP) box while warm water is advected from the eastern box to the western 
(WP) box. As Aw increases, the rate of cold-water upwelling continues to increase, and so 

the SST gradient increases until Aw= 3, in which case the gradient has maximized. Further 

increases of Aw result in a decrease of the SST gradient. Because the ocean circulation is 

so intense for Aw> 3, local relaxation has a negligible effect on the temperature of the water 

being advectec. from the CP to the WP. Thus, the temperatures of the water being trans-
ported to the two surface boxes are not too different, and the resulting gradient becomes 
small. Results from a simplified atmosphere model coupled to an ocean GCM generally 
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support the conclusions of Liu and Huang (1997). The transition to the oversaturation 
regime for the simple model may be accomplished by decreasing c, but the response of the 
GCM to increasing c is different. Although the zonal SST gradient decreases, the ocean cir-
culation weakens, which differs from the response of the box model. Liu and Huang spec-
ulate that the response may be modulated by the thermohaline circulation, which is not 
simulated by the box model. 

Miller (1997; hereafter M97) extended Pierrehumbert's model by studying the radiative 
effect of low clouds in the CP region. Following the basic concepts of P95, Miller con-
structed a three-box model, which includes energy- and moisture-balance equations for the 
boundary layer and free troposphere and a surface energy budget for each of three boxes: 
the updraft region, the WP, and the CP. Taking advantage of the small surface area covered 
by the updrafts, M97 simplified the model for the limit of vanishing updraft surface area. 
M97 demonstrated that in this limit, the boundary layer and tropopause of the WP region 
must be connected by a moist adiabat. For simplicity, Miller assumed that the lapse rate of 
the WP region is moist adiabatic. Following P95, atmospheric dynamics were implicitly 
included by assuming a uniform free-tropospheric temperature profile across the WP and 
CP regions. 

In order to diagnose the temperature and moisture profiles for the boundary layer in the 
CP region (CPBL), M97 adopted the mixing line model (Betts and Ridgeway 1989). Before 
we continue our review of M97, a description of the mixing line model is required because 
it plays an important role in the behavior of M97 and other models discussed later. In order 
to discuss the mixing line model, we define the following parameters: dry static energy, 

s = c PT+ gz, moist static energy, h = s + Lq, and liquid water static energy, 

s1 = s - LL, where cP is the heat capacity of air at constant pressure, g is the acceleration 

of gravity, Lis the latent heat of condensation, q is the water vapor mixing ratio, and l is 
the liquid water mixing ratio. When evaluated at the saturation pressure, these properties, 
denoted here as s = s*, s1 = s*i, and h = h* are approximately conserved for air parcels 

undergoing adiabatic motion or isobaric mixing (Betts 1973). The saturation pressure (SP) 
is defined as the pressure of a parcel in which l = 0 and q = qsat• where qsat is the saturation 

mixing ratio. Because the SP describes the parcel's conserved properties, only the SP has 
to be considered for mixing two parcels (Betts 1982). If equal masses of two parcels with 
different SPs are mixed, then the ssL, s1 SL, and hsL of the mixed parcel is the simple arith-

metic average of the two unmixed parcels. This is part of the basis for the mixing line 
model . 
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Following Betts (1985), we define a parameter p (different from the one in SL) as 

a PCP) = dpp* ' (1.9) 

where p * denotes the saturation pressure level. The parameter p describes the amount of 
mixing between convecting parcels and the environment. If P = 0, the layer is well mixed. 
As P increases, the mixing decreases until p = 2, in which case essentially no mixing 
occurs. Betts (1985) asserts that p is virtually constant for shallow vertical layers, and so 
the various thermodynamic gradients can be computed from 

= P(~s*) ; ah = P(~h*). 
dp ap* dp dp* 

(1.10) 

For the mixing line model , thermodynamic quantities are computed for assumed values of 
p. The use of an assumed value for p obviously provides a simplified representation of 
mixing processes in nature, which are complicated functions of stability, the divergence 
profile, SST gradient, and wind speed. This method has become popular due to its realistic 
representation for the current tropical climate, but there is no guarantee that the value of p 
would not change with the climate, e.g. in a doubled-CO2 environment. 

Several key difference distinguish the results of M97 from those of P95 . First, M97 
included a simplified moisture budget, although like P95, the relative humidity profiles for 
the CP and WP were assumed. For P95, moisture exchange between the CP and WP was 
parameterized in terms of CP surface temperature and relative humidity , which was speci-
fied. M97 explicitly calculated the moisture transport between the WP and CP. Second, the 
dry static energy difference between the top and bottom of the troposphere was calculate 
in M97, but fixed for P95. This difference allows for a lapse rate feedback to operate in 
Miller' s model, but not in Pierrehumbert' s model. Last and most importantly, M97 empir-
ically parameterized cloud radiative effects over the WP and CP, while P95 neglected them. 

The main finding of M97 is that low clouds act as a thermostat for tropical SST. With-
out a realistic distribution of stratus clouds, the SST was too warm beneath the subsiding 
branch of the tropical circulation. Although low clouds reduce the surface-absorbed solar 
radiation locally, M97 also found that the temperature drop in the WP region was nearly as 

large as that in the CP region. In order to obtain a realistic WP SST, an additional -5 W m-2 

forcing for the CP, and -12 \V m-2 forcing for the WP were needed. This suggests that addi-
tional cloud types contribute to the surface forcing . In contrast, cloud radiative forcing was 
not required for the model of P95 to simulate realistic SST. This discrepancy suggests that 
the crude radiative transfer parameterization adopted in P95 likely canceled the impact of 
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not including cloud radiative effects. 
Larson et al. ( 1999; hereafter referred to as L99) investigated the interactions between 

the depth of the CPBL and the tropical circulation. L99 used a two-box model which is very 
similar to that used by M97, except for two primary differences: First, L99 allowed the 
depth of the CP boundary layer to adjust to changes of the tropical circulation, while M97 
specified the depth. Second, L99 accounted for moisture flux divergence at all levels of the 
WP free troposphere, while M97 assumed that the transport occurs in a pipeline just below 
the tropopause. M97 ignored the detrainment of water vapor by convective updrafts except 
at the top. A further difference is that L99 did not include a separate energy budget for the 
updraft region as M97 did. An important similarity between the two studies is that both 
adopted the mixing line model for the CPBL. 

To the extent that the mixing line model is valid, L99 showed that the height of the 
trade-wind inversion (TWI) adjusts to changes of qinvp• the specific humidity just above the 

CPBL. As qinvp increases, the radiative cooling of the CPBL decreases, which causes the 

mean temperature of the CPBL to increase. Because potential temperature in the free tro-
posphere increases with height, the depth of the CPBL must decrease as qinvp increases in 

order to reduce einvp• the potential temperature at the inversion top, sufficiently to achieve 

a balance among subsidence warming, sensible heating and radiative cooling of the CPBL. 
In order to maintain moisture balance for the CPBL, the vertical-mean specific humidity 
for the CPBL must increase as qinvp increases. Because the specific humidity in the bound-

ary layer decreases with height, the depth of the CPBL must decrease in order for the ver-
tical-mean specific humidity to increase. In summary, moisture and temperature balances 
require the CPBL depth to decrease as qinvp increases. For doubled-CO2 experiments, the 

negative feedback of the CPBL depth due to an increase of qinvp was largely suppressed. 

Although qinvp increased, the subsidence rate decreased. The response of the CPBL depth 

to these effects are opposing, and the net effect was small. 
Another important finding of L99 is that if the high-cloud fraction over the WP is 

increased by 50%, the WP SST decreases by only 1.7 K. This finding provides evidence 
which contradicts the thermostat hypothesis proposed by Ramanathan and Collins (1991). 
However, the SST-surface air temperature (SAT) difference is allowed to vary for L99's 
model; as the cloud fraction increases this difference decreases from 4.2 K to O K. As a 
result, the evaporation rate strongly weakens, and so the surface energy budget reaches bal-
ance. If the SST-SAT difference were relatively constant, then the SST decrease might 
have to be significantly larger in order to achieve the dominant surface balance, which is 
between the evaporation rate and the shortwave flux. 
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TABLE: 1.1: Inter-Comparison of Recent Box Models 

Parameter P95 SL96 M97 L99 

number of 2 3 2 112 2 
boxes 

moisture profile specified RH, NIA specified RH, specified RH, 
constant vertically vertically 
profile varymg varying 

cloud radiative neglected Considered in empirical empirical 
forc ing calculation of 

Te 

lapse rate fixed NIA moist adiabat moist adiabat 

boundary layer effective NIA mixing line mixing line 
T, q profiles temperature 

radi tion Simple Considered in GISS GCM STREAMER 
fl ux-emissivi t calculation of radiation radiation 

y model Te model model 

oceanic specified explicit specified specified 
dynamics horizontal horizontal horizontal 

energy energy energy 
transport transport transport 

atmospheric uniform air T uniform air Te uniform air T uniform air T 
temperature above CPBL, for CP and above CPBL, above CPBL, 
advection explicit WP explicit explicit 

transport transport transport 
between between between 

boxes boxes boxes 

Momentum No No No No 
equation for 

CPBL 

convective neglected NIA neglected explicit 
detrainment 
(below cloud 

top) 

depth of implicit NIA specified computed 
trade-wind 

boundary layer 
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Table 1.1 summarizes the characteristics of the box models which we have discussed 
thus far. The number of boxes assumed for each model varies between two and three. SL 
96 differs from the others in that an undercurrent box is included. Although M97 includes 
individual boxes for both convective updrafts and for the WP, his calculations are for the 
limit in which the surface area covered by the updrafts is negligible. In this limit, the 
area-weighted mass flux and precipitation rate are non-negligible even though the surface 
area is negligible compared to the CP and WP surface areas. 

For the calculation of radiative fluxes, the relative humidity (RH) · profile for each 
model is specified, with the only difference being that P95 assumed that the RH is indepen-
dent of height. However, as mentioned previously, P95 neglected cloud radiative effects 
altogether, while M97 and L99 parameterized the cloud optical thickness for bound-
ary-layer clouds over the CP in terms of the lower-tropospheric stability. Lower tropo-
spheric stability is calculated based on the potential temperature difference at 700 mb and 
1000 mb. With the uniform free-tropospheric temperature assumption, the 700-mb poten-
tial temperature is determined by the WP, while air temperature in the boundary-layer is 
determined from the mixing-line model. Hence, the mixing-line model influences the 
intensity of cloud radiative effects in the boundary layer. Neither M97 nor P95 included 
cloud radiative effects over the WP. L99 specified the cloud optical thickness of cirrus anvil 
clouds over the WP so as to enforce the observed near-cancellation of shortwave and long-
wave cloud radiative effects for their base case. As discussed in Chapter 3, we examine the 
validity of neglecting cloud radiative effects over the WP. 

For radiative transfer, M96 and L99 used relatively sophisticated parameterizations for 
their models which treat the effects of absorbing gases, water vapor, and various types of 
cloud water, while P95 resorted to using a much simpler parameterization for his model. 
Although P95 derived OLR over the WP with the CCM2 radiative transfer parameteriza-
tion, he assumed effective emission temperatures for the free troposphere and boundary 
layer in order to calculate the radiation budget for the atmosphere over the CP. There is no 
doubt that the radiative-transfer calculations from M96 and L99 are more accurate than 
those of P95. But given the simple nature and relatively extreme assumptions of box mod-
els, the additional accuracy given by the sophisticated radiative transfer parameterization 
seems out of balance. In fact, a simple parameterization is to be preferred despite the sac-
rifice of accuracy, because it allows for insight into the interactions among the components 
of the system. 

From our literature review, it is clear that several important unanswered questions 
remain about the tropical climate. For instance, it is assumed in the box models of the atmo-
sphere (P95, M97, L99) that the WP region must export heat to the CP region. However, 
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P95 showed that in the limit as the area of the WP becomes negligible, the lateral transports 
between the two regions is negligible, and the WP must be in radiative-convective equilib-
rium. Chapter 2 examines the conditions under which the WP can establish radiative-con-
vective equilibrium. 

M97 and L99 both found that high clouds do not significantly influence the SST of the 
WP. As we described in detail, the limitations of their two models make their conclusions 
suspect. Although the cloud fraction over the WP is specified for our model, the cloud opti-
cal depth is calculated. For our coupled model , the surface wind stress is calculated from a 
momentum budget, while the evaporation rate is calculated from a bulk parameterization. 
Using our model, we will vary the specified high-cloud fraction to settle the question of a 
high-cloud thermostat effect for the WP. We will explore the mechanisms which influence 
the equilibrium value of SST for the WP. 

Sun and Liu ( 1996) showed that the SSTs of the CP and WP decrease as the intensity 
of the ocean circulation increases. M97 and L99 showed that the SST of the CP decreases 
as the stratus cloud fraction increases. However, SL emphasized processes in the ocean, 
and so their representation of the atmosphere is highly simplified. Likewise, M97 and L99 
concentrated on atmospheric processes, and simply specified the flux divergence of energy 
in the ocean. Because the representations for the non-emphasized interactions in the previ-
ous studies are so idealized, no judgement can be made at present as to whether one domi-
nates over the other. Consequently, it is still an open question as to whether ocean 
dynamical processes or radiative effects of stratus clouds significantly influence CP SST in 
nature. We will try to answer this question with our fully coupled model. 

As mentioned previously, in Chapter 3 we present the formulation and results of a 
two-box model of the Walker circulation. We include a momentum budget for the CPBL 
which determines the mean boundary-layer wind speed. We also improve the treatment of 
the hydrologic cycle by avoiding the dependence on assumed RH profiles, relying instead 
on a water-vapor closure based on the observations. The radiative effects of clouds over the 
WP are considered much more carefully than in previous box models so as to determine 
their effects on the Walker circulation. Over the CP, the cloud fraction for boundary-layer 
clouds is computed diagnostically from a stability relationship (Klein and Hartmann 1993) . 
The effects of ocean dynamics are included with the incorporation of a simple ocean model 
which contains a momentum budget. Although previous box models have explicitly treated 
dynamics in either the ocean or the atmosphere, ours is the first to include both. 

The organization of this report is as follows. Chapter 2 presents the formulation and 
results for the ocean-atmosphere model over the WP. Results are discussed for the case i 
which the model is in either radiative-convective equilibrium, or the horizontal moisture 
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and energy transports are specified. Chapter 3 presents the development of and stand-alone 
results from the ocean and atmosphere models for the CP. We describe how the height of 
the trade-wind inversion is computed, and present our derivation of a simplified vertically 
integrated momentum budget. Chapter 4 discusses results from the fully coupled model, 
and describes the effects of various perturbations of the system. Chapter 5 gives our sum-
mary and conclusions with an emphasis on future work that needs to be done. 
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CHAPTER2 

The Wann-pool Convective Column 

2.1 Introduction 

A variety of different model types have been used to study climate, including general 
circulation models (GCMs; e.g. Randall et al. 1989), radiative-convective models (Manabe 
and Wetherald, 1967; Ramanathan and Coakley, 1978), and energy-balance models (e.g. , 
North 1975). Atmospheric and coupled ocean-atmosphere GCMs provide the most com-
prehensive and detailed climate simulations, but GCMs are expensive to run and their re-
sults are often difficult to interpret. Untangling the connections among the various physical 
processes in GCMs can be almost as difficult as untangling those in nature. 

Energy-balance models and radiative-convective models offer simplicity and low com-
putational cost but with much less quantitative accuracy. These simple models provide 
some qualitative insights which can be compared to observations and to GCM simulations. 
On the other hand, their simplicity severely limits their realism. In particular, energy-bal-
ance models do not represent the atmosphere' s vertical structure, which means that quan-
tities such as meridional energy transport must be parameterized in terms of the surface 
temperature only; and most energy-balance models lack a hydrological cycle. 

Radiative-convective models use multiple layers ( often several tens of them) to explic-
itly represent the vertical structure of the atmosphere. Although early versions contained 
no hydrological cycle, modern radiative-convective models have corrected this deficiency 
(e.g., Renno et al. 1994; Emanuel 1991). Many radiative-convective models, however, still 
exclude cloud radiative effects, which strongly influence climate. Current radiative-con-
vective models also tend to be too complicated to study analytically. 

The fundamental role of the hydrological cycle in determining the tropical climate is 
now widely recognized (e.g. Webster 1994). The connection between clouds and the trop-
ical energy budget is particularly important - a connection that involves a number of com-
plex processes. It is of paramount importance to understand the processes that establish 
how the large-scale environment controls convection and the extent to which the convection 
modulates radiative transfer (e.g. Lau et al. 1994, Wong et al. 1993). 

Our goal in this chapter is to develop the simplest possible model that can represent the 
tropical WP of Earth. We are using the model to develop ideas about the interactions of var-
ious physical processes, which can then be tested against observations and by simulations 
with more realistic models. In this spirit, we have made some rather extreme assumptions 
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in order to keep the model as simple as possible. For instance, our model represents the ver-
tical structure of the tropical WP atmosphere by a single thermodynamic sounding, which 
may be considered as a representative sounding for the Intertropical Convergence Zone. 

In keeping with this goal, we introduce a simplified cloud radiative transfer scheme. We 
ignore the radiative effects of liquid water clouds and parameterize the formation of ice 
clouds in terms of the precipitation rate. While this approach seems reasonable, since ob-
servations show that clouds with more intense precipitation tend to be optically thicker and 
brighter, we realize that both non-precipitating ice clouds and liquid water clouds have sub-
stantial radiative effects in the tropics. Our objective here is to describe the radiative effects 
of cold, precipitating cirrus clouds on the climate of the tropical WP. The effects of other 
cloud types will be addressed in a future study. 

Through the application of this model, we have been able to identify and investigate a 
number of issues concerning the links between convection and radiation in the tropical at-
mosphere. We show that the ocean-atmosphere system cannot reach equilibrium in the ab-
sence of cloud radiative effects. The column water vapor reaches extremely large values, 
and a "runaway greenhouse" results (Ingersoll 1969). We also show that the addition of 
cloud radiative effects allows the model to reach equilibrium for low wind speeds and with 
relatively efficient removal of ice water path by stratiform precipitation. We show that the 
model's equilibrium solutions are quite sensitive to the shortwave and longwave cloud op-
tical depths, which are parameterized as functions of the ice water path. A current practice 
is to assume that the ratio of these optical depths is near two, but as discussed later, mea-
surements of this ratio vary considerably. 

The effects of radiatively active clouds on the depth and thermal structure of the tropical 
troposphere are still not well understood. Recently, Thubum and Craig (1997) compared 
results from a general circulation model and a radiative-convective model to show that the 
tropopause height is sensitive to the specified surface temperature and to the specified water 
vapor distribution. Only clear-sky results were reported, however, so the influence of cloud 
radiative effects on tropopause height remain unknown. This chapter seeks to explore as-
pects of these issues in a rudimentary way using a simple model of convection and cloud 
radiative processes. We show how the cloud radiative effects influence the tropopause 
height and tropopause temperature in the model. We also demonstrate a sensitivity to the 
specified ratio of longwave and shortwave optical depths. 

This chapter presents the formulation and results from the WP model run in stand-alone 
mode. We discuss the hydrological cycle, the radiatively active clouds, and the simple but 
explicit cumulus parameterization that allows for a variable lapse rate and variable absolute 
and relative humidities. We also describe our model for the tropopause height and 

36 



CHAPTER 2: The Warm-pool Convective Column 

temperature, which is based on the requirement for temperature continuity at the tropo-
pause for a two-layer stratosphere in radiative equilibrium. 

2.2 Basic Structure 

Consider a layer of air that is convectively coupled to the tropical ocean, extending from 
the surface, z = 0, to a height, z = Zn below which the convection is confined. We describe 

this physical system using two prognostic variables, representing the ocean surface temper-
ature, Ts, the precipitable water, W. As discussed later, the radiatively active clouds are as-

sociated with detrainment of ice by deep convection. 
We enforce energy conservation for the convectively active layer of the atmosphere. 

The moist static energy is defined by 

h = s + Lq, (2.1) 

where the dry static energy 1s represented by s = c PT+ gz, L is the latent heat of 
condensation, cP is the heat capacity of air at constant pressure, g is the acceleration of 
gravity, and q is the water vapor mixing ratio. Recall that h is approximately conserved 
under both moist and dry adiabatic processes, and that s is approximately conserved under 
dry adiabatic processes. The vertically integrated moist static energy, H, is defined by 

Zr Zr 

H = f hpdz = f spdz + L W (2.2) 

0 0 

and satisfies 

(2.3) 

where '1{00 = S00 - :R.,00 is the net downward energy flux at the top of the atmosphere 
(TOA), '1{5 = S s - :R...s - L 'E - Q JI is the net downward energy flux at the surface, :J His 

the mean horizontal energy transport into the atmosheric column, S 00 is the net solar 
radiation absorbed at and below the TOA, and :R.,00 is the outgoing longwave radiation 
(assuming that the incoming longwave radiation at the TOA is zero) . S s is the solar 
radiation absorbed by the ocean; :R...s is the net upward infrared radiation at the sea surface; 
QH is the surface sensible heat flux ; and 'Eis the rate of evaporation of sea water. There 
are no latent heating terms on the right-hand-side (RHS) of (2.3), since moist static energy 
is conserved under moist adiabatic processes. The second term on the left-hand side (LHS) 
represents the effects of ZT moving with respect to the air. Since the vertical integral is 
between zc and zero, the first term on the right-hand side (RHS) should actually be 'J{ C· 
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However, we assume that the stratosphere is in radiative equilibrium, and so 9{_,c = 9{_
00

• A 
derivation of (2.3) in pressure coordinates is given in Appendix 1. As discussed later, (2.3) 
is used diagnostically rather than prognostically. 

We assume that the tropopause occurs at level zc and that the stratosphere is in radiative 

equilibrium. As described in Section 2.5, the constraints of stratospheric radiative equilib-
rium and temperature continuity are used to determine the tropopause temperature and 
height. 

The prognostic equation for the surface temperature is 

(2.4) 

where Pw is the density of water, C is the heat capacity of ocean water per unit depth, 8zD 
is the depth of the ocean mixed layer (specified and assumed constant), and :f O is the mean 
energy transport by the WP mixed layer. 

The moisture budget of the atmosphere is expressed by 

(2.5) 

where IWP is the ice water path, Pis the precipitation rate, :Jq is the mean horizontal 
transport of moisture into the atmospheric column, and Pr, qN,r, and Zr are the air density, 
total water mixing ratio, and height at the top of the convectively active layer, respectively. 
The second term on the left-hand-side of (2.5) represents the effect of the movement of Zr 

with respect to the air. Here we do not include a liquid water path, because we limit the 
cloud types under consideration to precipitating upper-tropospheric convective anvils 
which are composed of ice crystals only. We assume for simplicity that the convective layer 
is sufficiently deep so that qN,r is very small; then (2.5) reduces to 

d -(W + /WP) = 'E- P + :J q . 
dt 

(2.6) 

We assume that the stratiform ice cloud is produced by convective detrainment, so that the 
rate of ice production is proportional to the convective precipitation rate, Pc. Cloud ice 
removal is due to stratiform precipitation, at rate Ps, which in turn depends upon the 
amount of cloud ice. Neglecting the conversion of IWP to W by sublimation, we can write 
a prognostic equation of the form 

(2.7) 
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where x is a non-dimensional parameter. We assume that the stratiform precipitation rate 
satisfies 

(2.8) 

and 

(2.9) 

where tprec is the "autoconversion" time-scale for the removal of /WP by stratiform 
precipitation and f is the fractional cloudiness. The fractional cloudiness is a specified 
parameter in this model, chosen small enough so that the upward longwave flux into the 
stratosphere will be strong en ugh to produce realistic values of !R..,7 and TT· The cloud 
fraction appears in the denominator of (2.8) because /WP represents the area-averaged 
ice-water path, while it is the local ice water path that is relevant for conversion of cloud 
ice to snow. Figure 2.1 schematically summarizes these ideas. 

Convective 
Vapor Condensation 

IWP 

l 
'E 

FIGURE 2.1 : This graphically illustrates the process by which cirrus ice clouds form 
due to convective detrainment. 
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Using (2.8) and (2.9) in (2.7), we obtain 

d 
d/WP = X(P- Ps)-IWPl(ftprec ) 

= x(P-IWP It prec ) -/WP l(ftpreJ 

= xP-(1 +x)IWPl((ftpreJ) . 

When the source and sink terms are in quasi-balance, (2.10) reduces to 

(2.10) 

(2.11) 

We could have written down (2.11), i.e. a simple proportionality between the total 
precipitation rate and the ice water path, by direct assumption, but the brief derivation given 
above allows some interpretation in terms of specific physical processes. Because the 
autoconversion time is expected to be short, on the order of 103-104 s (e.g. Fowler et al. 
1996), solutions of the prognostic equation should remain close to the quasi-equilibrium 
solution given by (2.11 ). Note that for f = 0, (2.11) gives /WP= 0. Under the assumption 
that (2.11) is valid, (2.6) reduces to 

dW 
dt = 'E - p + :f q. (2.12) 

2.3 Hydrological cycle 

The atmospheric branch of the hydrological cycle is a fundamental component of the 
climate system (e.g. Webster 1994), because it transports energy, controls latent heat re-
lease and precipitation, and produces radiatively active clouds. A key goal of our study has 
been to construct an extremely simple model of the hydrological cycle. 

We assume that the surface evaporation rate, 'E, satisfies 

(2.13) 

where o/ is a "ventilation mass flux," 

(2.14) 

is the saturation mixing ratio at temperature T and pressure p, and q5 is the surface air 
mixing ratio. Methods to determine q5 are discussed later. 

For the stand-alone WP model, we assume that o/ is simply proportional to a prescribed 
wind speed, i.e. 
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(2.15) 

Previous studies of this type ( e.g. Pierrehumbert 1995) have also relied on this assumption, 
but it is not very satisfactory for two reasons. First, we expect a priori that 'V should be 
related to the vigor of the hydrological cycle, i.e. that there should be some relationship 
between 'V and, for example, P. Second, surface and atmospheric energy balance depend 
sensitively on the values of 'Vprescribed. For both of these reasons, 'Vshould be an internal 
variable of the model, rather than an externally imposed parameter. This generalization is 
implemented in future chapters. 

We now adopt a very simple model for the cumulus clouds. We assume that the top of 
the convective layer, at z = Zr; occurs at the neutral buoyancy level for non-entraining par-

cels consisting of surface air. Moist static energy is conserved within these ascending, 
non-entraining parcels. Assuming that the environment at zr has a saturation water vapor 

mixing ratio which is negligible compared to q5, we can express the neutral buoyancy con-

dition by hs = sr , which implies that 

(2.1 6) 

z 

Zs 

T(z) 

FIGURE 2.2: Schematic of the idealized tropical temperature profile in a convecting 
region of the tropical WP. 

We assume that the tropical temperature profile has the form 

(2.17) 
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where r0 is the average lapse rate of the lower troposphere, and Y is a parameter which 
allows the lapse rate to vary with height. Figure 2.2 presents the idealized temperature 
structure for our model. Figure 2.3 shows a typical sounding (solid line) over the WP from 
TOGA COARE (Parsons et al. 1994). As is well known, the observed tropical lapse rate 
closely follows a moist adiabat (dashed line). Note that the lapse rate steepens near 
z = 9 km and remains steep up to the tropopause. Our method to determine r O and Y is 
discussed later. 

15 

] 
.J' 10 ..c: 
bl) -~ 
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5 
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175 225 Ts, K 275 325 

FIGURE 2.3: Observed area-mean temperature profile (solid line) for the TOGA 
COARE intensive flux array region. The dashed line is the moist adiabat; the dotted 
line is the temperature profile for the model. 

Convection plays three roles in the climate system and in our model. It releases latent 
heat, it leads to precipitation which dries the atmosphere, and it transports energy and water 
upward from the surface. Following Arakawa and Chen (1987; see also Arakawa 1993) we 
assume that the convective state of the tropical atmosphere can be characterized by a point 
in the (rn, qlqsai) plane, which is considered as a phase space. Here 

{2.18) 

where rd = g I c P is the dry adiabatic lapse rate, and r mS is the moist adiabatic lapse rate 
at the surface, given by 
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I+ Lqsat(Ts, Ps) 
RT5 

evaluated at the surface temperature and pressure. In (2.19), R is the gas constant. 

(2.19) 

In their analysis of various observations, Arakawa and Chen ( 1987) took the lapse rate 
r O which appears in (2.18) to be the average lapse rate between the surface and 500 mb. In 

the case with Y = 0, T' 0 is the average lapse rate between the surface and the top of the con-

vective layer. Arakawa and Chen also discussed an idealized model, however, in which the 
lapse rate was assumed to be independent of height (see their Fig. 8). In the second case, 
r O is the lapse rate near the su ace. 

The four panels in the lower part of the figure, which are taken from Arakawa ( 1993), 
show observations plotted int e (f'n, qsfqsar) plane, which is a kind of phase space. As dis-

cussed by Arakawa, during periods of active convection the observations tend to fall along 
a line which runs from the lower right to upper left; a theoretical interpretation, discussed 
in detail by Arakawa (1993) and Arakawa and Chen (1987), is that points along this diag-
onal line represent convectively neutral states toward which convection drives the system. 

A state of the model is represented by a point in the phase space depicted in the upper 
panel of Fig. 2.4. In this panel, points below the diagonal line, e.g. drier soundings, repre-
sent convectively stable states. Points above the line represent convectively unstable states, 
and are forbidden in the sense that convection immediately acts to remove the instability so 
that it is not observed. Radiation tries to increase the lapse rate (for optically thick atmo-
spheres), and surface evaporation tries to increase the precipitable water. Convection fights 
back by warming aloft and drying. Points on the stable side of the line are allowed, and are 
not accompanied by convection. Such points will be driven toward the unstable portion of 
the domain, however, by the combined effects of radiation and surface evaporation. As 
soon as the system tries to cross the diagonal line, convection responds to prevent it from 
doing so; this is a kind of convective adjustment. We therefore expect that convectively ac-
tive equilibria will lie along the line, and time-dependent solutions may even stay entirely 
on the line. The model's position along the line can change with time as a result of a 
tug-of-war among convection, radiation, and surface evaporation. Hu and Randall ( 1995) 
used a very similar parameterization. 
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FIGURE 2.4: The top panel is a diagram illustrating the cumulus parameterization of 
the model. The vertical axis is a measure of the relative humidity. The horizontal 
axis is a measure of the lapse rate. When convection is active, the model state lies 
along the diagonal line; this constraint is expressed by (2.20) and (2.21 ). The lower 
four panels are taken from Arakawa (1993; see also Arakawa and Chen 1987). They 
show that data obtained in GATE Phase Ill, Asia, SESAME IV, and SESAME V all 
lend support to the closure assumption illustrated in the top panel. 
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To describe this closure mathematically, we define a parameter G, which passes 
through zero along the diagonal line in Fig. 2.4: 

(2.20) 

The region G > 0, which is "above the line," corresponds to convective instability; and the 
region G < 0, which is "below the line," corresponds to convective stability, i.e. conditions 
under which convection is suppressed. Essentially, the model allows G $ 0 , but forbids 
G > 0. When convection is active, the model "toes the line," with 

dG 
dt = 0 and G = 0 . (2.21) 

This simply means that during periods of active convection, the convective available 
potetial energy (CAPE) remains close to zero. In other words, (2.21) is an expression of 
quasi-equilibrium in the spirit of Arakawa and Schubert (1974). 

For G = 0, (2.20) reduces to 

= (2.22) 

This result means that, given the relative humidity at the surface, we can determine the 
mean lapse rate over the lower troposphere. The lapse rate r O obtained from (2.22) 
represents an approximation to the moist adiabatic lapse rate in the lower troposphere, and 
in fact (2.22) can be derived directly from a moist adiabatic assumption. Figure 2.3 shows 
that the temperature profile obtained using r O matches the observed profile and the moist 
adiabat rather well. The advantage of using (2.22) is computational simplicity: we avoid 
explicitly computing the temperature for multiple layers as is usually done in 
radiative-convective models. 

To determine the total precipitation rate, we start from (2.3) , which is the budget equa-
tion for the vertically integrated moist static energy. We approximate the moist static ener-
gy at ZT, which appears in the second term on the left-hand side of (2.3), by the dry static 

energy at ZT, i.e. sr. This is justified if the upper-level water vapor mixing ratio is sufficient-

ly small. Recall that the dry static energy at level Tis approximately equal to the moist static 
energy of the surface air, i.e. sT = hs, because the convective clouds detrain at their level of 

neutral buoyancy, ZT- This allows us to rewrite (2.3) as 
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TABLE: 2.1: Definitions, numerical values, and units of various parameters used in 
the model. 

Para Definition Value and Units 
meter 

Ps Surface pressure 1000 mb 

Ae Used to compute saturation mixing ratio 21.656 

Be Used to compute saturation mixing ratio 5418 K 

£ Ratio of molecular weights of water vapor and dry air 0.622 

eo Used to compute saturation mixing ratio 1 mb 

CT Transfer coefficient used to compute the evaporation rate 0.001 

Pw Density of liquid water 1000 kg m-3 

C Heat capacity of liquid water 4200 J kg-I 

D Depth of the ocean mixed layer 60 m (nominal) 

(j Stefan-Holtzman constant 5.67 X 10-S 
W m-2 K-4 

ao Parameter used to relate the clear-sky downward surface 0.38532 
longwave radiation to the outgoing longwave radiation 

a1 Parameter used to relate the upward surface longwave 1.38532 
radiation to the outgoing longwave radiation 

CJ Parameter used to relate the upward surface longwave 
radiation to the outgoing longwave radiation 

0.005238 m2 kg-I 

a2 Parameter used to relate the clear-sky downward surface 0.9369 
longwave radiation to the outgoing longwave radiation 

C2 Parameter used to relate the clear-sky downward surface 
longwave radiation to the outgoing longwave radiation 

0.0102 m2 kg-I 

d Used to obtain (~dn)S,clr 0.25 m2 kg-I 

µo "Average" cosine of the solar zenith angle 0.5 

Dpu Pressure depth of upper sublayer in stratosphere 2mb 

kz Constant used to determine IR optical thickness of the 0.001 mb-1 

lower stratospheric sublayer 

ku Constant used to determine IR optical thickness of the 0.004 mb-1 

upper stratospheric sublayer 
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(2.23) 

Now we derive analytical expressions for the vertically integrated dry static energy, S, 
and the vertically integrated moist static energy, H. Given the assumed distribution of T 

with height, we can integrate the RHS of (2.2), as follows. First, by combining the assume 

temperature distribution with hydrostatics and the ideal gas law, p = pRT, we can show 

that the pressure approximately varies with height according to 

(2.24) 

The exponent in (2.21) is independent of height, but through r0 it depends on Ts and W (as 
discussed later). We assume that Ps is a constant over the WP (Table 2.1 lists all the 
parameters and constants used for this study). The temperature and pressure profiles given 
by (2.17) and (2.24 ), respectively, can be used in (2.2) to obtain 

(2.25) 

Because the surface pressure Ps is assumed to be constant, His a function of Ts and W 

only, i.e. 

H = H(Ts, W). (2.26) 

Part of the W-dependence of H comes from r O [see (2.37), discussed later]. Because Ts and 
W are governed by their own prognostic equations, (2.26) seems to imply that there is no 
room to enforce (2.23) as an additional constraint on H. In fact, however, we can enforce 
(2.23), because the precipitation rate has not yet been determined. The precipitation rate 
must be consistent with (2.23), given dTsldt and dW/dt from (2.4) and (2.12) respectively. 
From (2.26), we can write 

dH aH dTs aH dW 
- =-- +--
dt aTsdt aWdt 

(2.27) 

Substituting for each term of (2.27), we obtain 
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(2.28) 

We can also show that ZT in our model is a function of Ts and W only. Hence, we can write 
a differential equation for ZT which is similar to (2.27), except that ZT replaces H. The details 
are omitted here for brevity. Using the resulting expression for dzyldt in (2:28), we find that 

(2.29) 

where, for convenience, we define 

(2.30) 

(2.31) 

Solving (2.29) for P, we obtain 

(2.32) 

In equilibrium, P= 'E+ :fw, :N,:; + :fo = 0, and '1{__ - 'l{s +:FE= 0. According to 

(2.32), precipitation is driven by surface evaporation, by moisture flux convergence in the 
atmosphere, by surface warming, by energy flux convergence in the ocean, by radiative en-
ergy losses at the top of the convective layer, and by energy flux divergence in the atmo-
sphere. 

We assume that when convection is active the surface air mixing ratio satisfies 

(2.33) 

where W max is the precipitable water that would exist if the relative humidity were 100% 
throughout the depth of the tropical atmosphere. The relationship (2.33) resembles the 
climatological relationship between qs and W employed by Liu (1986) in his attempt to 
retrieve ocean surface energy fluxes from satellite measurements. We have performed a 
similar analysis using different data. The results are shown in Fig. 2.5. For purposes of 
comparison with observations, we represent qs by the 1000-mb mixing ratio, which is 
conveniently available in radiosonde reports. The points in Fig. 2.5 were derived by 
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matching the 1000-mb mixing ratio with the precipitable water obtained by vertically 
integrating the surface observations and balloon soundings taken at Kavieng and Nauru 
during TOGA COARE (Parsons et al. 1994), and at Porto Santo during ASTEX (Albrecht 
et al. 1995). Satellite observations of precipitable water as a function of sea surface. 
temperature (Jackson and Stephens 1995) were used to evaluate the assumption (2.33) as 
follows. We calculated q sat from (2.33) and Wmax from (2.19) and (2.36) (presented later), 
both as functions of observed sea surface temperature. The satellite-observed W and the 
derived qsat and W max, all corresponding to the same sea surface temperature, were then 
inserted into (2.33) to obtain the curve plotted in Fig. 2.5. 

Surface Moisture Assumption 

. . . . 
20 . . 

10 

-- Jackson and Stephens 1995 
• Porto Santo 
• Kavieng 
• Nauru 

o--~~~~-~-~-~-~- ~-~-----1, 
0 20 40 60 80 100 

w 

FIGURE 2.5: The relationship between q5 and W, as determined from radiosonde 
data by Liu (1986). The solid line in the figure represents the relationship derived 
using (2.33) and a relationship between sea surface temperature and W, as 
discussed by Jackson and Stephens (1995). 

The fact that the line passes through the data reasonably well supports the use of (2.33) 
in our model , even though both Liu's data and our results suggest that qs "flattens out" at 

large values of W. A plausible interpretation is that over warm oceans with large W, vigor-
ous deep convection distributes moisture through a deeper layer, effectively drying the low-
er layers and moistening the air aloft. A consequence of this assumption is that the 

dependence of 'Eon q sat and q s in (2.13) can be replaced by a dependence on Wand W max· 

Since qs flattens out for large values of Win nature, the evaporation rate becomes indepen-

dent of Wat these large values. For our model, the evaporation rate continues to decrea e 
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for a given Y as W increases, even for large values of W. In nature, as W increases, the ra-
diative effect of water vapor destabilizes the lapse rate by cooling the upper troposphere 
and warming the lower troposphere (Webster 1994). This destabilization can intensify con-
vection. 

Given ZT, the lapse rate r0 and the surface temperature, we are now able to evaluate 

Wma.x, using 

Zr 

f Ee0exp[Ae - B /T(z)] 
Wmax = p(z) p(z)dz 

0 

Zc 
Ee0 f exp[Ae - B /T(z)] 

= R T(z) dz 

(2.34) 

0 

where 

(2.35) 

The exponential function in (2 .34) arises from the Clausius-Clapeyron equation; the values 
of the constants Ae and Be are given in Table 2.1 . We have used (2.17) with Y = 0 to do 
the integral in (2.34). The reference temperature T0 used in (2.35) is set to 300 K. In the last 
line of (2.34), we have neglected the W-dependence of T(z) . This approximation introduces 
an error of 10% or less for Ts in the range 290 K to 310 K. 

By combining (2.34) with our convection closure, (2.22), and our surface humidity as-
sumption, (2.33), we can solve for r0 and W max as functions of Wand Ts only: 

F (Ts) + W (rd - r mS) 
w max= r 

d 
(2.36) 

rdF(Ts) 
ro= F(Ts) + W(rd-rmsf (2.37) 
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2.4 Radiation parameterization 

We now describe parameterizations for the infrared and solar radiative fluxes that 
appear in our prognostic equations. 

2.4.a Longwave 

Infrared fluxes are calculated using the approach of Stephens and Greenwald (1991), in 
which the clear-sky infrared emission at the surface and the clear-sky infrared emission at 
the top of the atmosphere (TOA) are related by a simple function of W, i.e. 

(2.38) 

1.8 ,--~..--........ "'T"'""....-~-r--r-........ "-T""-r---r---. 

1.6 
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1.4 u 
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'-' 

1.2 

1.0 

0 20 40 60 
SSM/1 Integrated Water Vapor, kg m·2 

FIGURE 2.6: Results obtained with (2.39) in terms of the ratio (1?..dn>s c1,J1?..00,c1r, as 
compared with the simulations described in Stephens et al. (1994). ' 
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Here a1 and c1 are approximately constant and their values are given in Table 2.1 . In 
addition, following Stephens et al. (1994), we assume that the clear-sky downward infrared 
radiation at the surface is related to (~p)oo,clr by a simple function of W, i.e. 

(2.39) 

where a0, a2, and c2 are approximately constant and are given in Table 2.1. Figure 2.6 
presents results obtained with (2.39), expressed in terms of the ratio ( !R.....dn) s, cl/ !R.....00, cir , 
as compared with the radiative-transfer simulations described by Stephens et al. (1994). 
The assumed simple relationship between ( !R.....dn) s, cl/ !R....,00, clr and W fits the simulations 
adequately for the purposes of this study. 

300 

(f) w 2 200 ..l\_.s, m- 100 

60 

W, kg m-2 

FIGURE 2.7: The net clear-sky longwave radiation at the surface, as a function of Ts 
and W. 

By combining (2.38) and (2.39), we find that the net clear-sky longwave radiation at 
the surf ace satisfies 

(2.40) 

Simply by rearranging (2.38) , we obtain an expression for the net clear-sky longwave 
radiation at the TOA. Using these simple equations, we can determine the clear-sky net 
longwave radiation at the surface and the TOA in terms of Ts and W. Figure 2.7 shows the 
results for the net radiation at the surface. When W is small, !R.....s decreases sharply as W 
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increases. Beyond W = 40 kg m·2, T5 and W variations affect '1(5 only moderately. 
With 100% cloudiness or "overcast" skies, the upward longwave radiation at the top of 

the convective layer is assumed to satisfy 

(2.41) 

where Ecld is the longwave emittance of the cloud. The value for ('l(up)T,clr can be obtaine 
from (2.63) (presented later) with '1(00 = '1(00 ,clr-

Having determined a value for ('l(up)T,clr, cloudy-sky values of ZT and TT can be calcu-

lated by following the procedure described in Section 2.5. The cloudy-sky values of ZT and 

TT differ from their clear-sky values because clouds reduce the upward longwave flux a 

level ZT thereby causing the stratosphere to cool. The overcast OLR follows as 

where E1 and Eu are the emissivities of the upper and lower stratospheric layers. We adopt 
a simplified form of the emissivity given by 

-k op f, - } /,u /,u 
l, u - - e ' (2.43) 

where k1,u is a constant of each layer, and 8p1 u is a pressure scale. For the upper 
stratospheric layer, we set 8pu = 2 mb. For the lower stratospheric layer, 8 p 1 = pc - 2 mb, 
where Pc is the hydrostatic pressure that corresponds to zc, This idealized form represents 
an effective emissivity in each sub-layer of the stratosphere. We estimated values of k1 u 

from more detailed radiative transfer calculations. 
The overcast net surface longwave radiation is assumed to satisfy 

(2.44) 

where Eclr is the emissivity of the atmosphere below the cloud. For simplicity, we assume 

-kW 
Ec1r = 1 - e , (2.45) 

where k i" a constant whose value is discussed below. Use of (2.45) in (2.44) gives 

m m -kW 4 
(-'\..S)ovcst = -'\..S,clr-e EcidcrTT. (2.46) 

Although the emission temperature TT in (2.44) generally differs from that in (2.41), Wis 
typically large enough so that the second term on the right-hand side of (2.46) is small. 
Observations ( e.g. Stephens et al. 1994) show that for large W the cloud has little effect on 
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the surface longwave fluxes. Nevertheless, we do not neglect the second term. The value 
k = 1/8 m 2 kg- 1, used above, is consistent with the observations. 

We use the adjective "all-sky" to denote the actual radiation that occurs for whatever 
cloud fraction is specified in the model. The all-sky longwave radiation fields are assumed 
to satisfy 

(2.47) 

where C LW is the cloud longwave forcing, which is discussed in Subsection 2.4.c. Equation 
(2.47) holds for the flux of longwave radiation at the top and bottom of the atmosphere. 

2.4.b Shortwave 

The reflected overcast shortwave radiation at the TOA is assumed to satisfy 

(2.48) 

where ac is the cloud albedo, as is the surface reflectivity, g is the transmissivity of the 
troposphere, and (Sdn)c = (l-A)S00 • The first term in (2.48) is the contribution to the 
upwelling flux due to direct reflection by the cloud, and the second term allows for 
reflection by the surface. Making g a function of water vapor only, we adopt a standard 
parameterization for water vapor absorption (Lacis and Hansen 1974). The surface 
reflectivity is specified to be 0.07, and cloud albedo is parameterized in terms of the !WP. 
For ac = 0, (2.48) gives the reflected clear-sky shortwave radiation at the TOA. 

The downward solar radiation at the surface under overcast skies is assumed to satisfy 

(2.49) 

The overcast upward solar radiation at the surface is assumed to be 

Hence, the overcast net solar radiation at the surface is 

(2.51) 

This reduces to the clear-sky net solar radiation at the surface for ac = 0. 

As W increases from Oto 100 kg m-2 in Fig. 2.8, the absorbed shortwave radiation at 

the TOA increases by less than 10 W m-2; and the surface shortwave absorption increases 

by about 60 W m-2. Hence, the model's atmosphere absorbs an increasingly greater 
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proportion of S =,cir as the column water vapor increases. 
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FIGURE 2.8: The net shortwave radiation at the top of the atmosphere (solid curve) 
and at the surface (dashed curve), as a function of W. 

The all-sky shortwave radiation fields are assumed to satisfy 

S=Sc1r+Csw, (2.52) 

where C sw is the shortwave cloud forcing, which is discussed in the next section. Equation 
(2.52) holds for shortwave fluxes at the TOA and surface. 

2.4.c Cloud properties 

The shortwave and longwave cloud radiative forcing at the surface and the TOA are as-
sumed to satisfy: 

(2.53) 

(2.54) 

(2.55) 

(2.56) 

In order to determine the longwave and shortwave cloud radiative forcings defined 
above, the cloud albedo and emittance must be determined. We assume that the clouds are 
non-absorbing in the shortwave. Since the clouds in question are produced by detrainment 
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from deep cumuli, we suppose that they are composed of ice crystals. Following Stephens 
(1984), we assume that 

(2.57) 

The quantity kcld/WP is the infrared optical depth of the cloud. The "standard value" of 
kc1d used here is 75 m2 kg- 1, which is taken to be characteristic of cirrus clouds according 
to a gross fit of the observed albedo - emittance relationship of FIRE data as reported by 
Stackhouse and Stephens (1991). For /WP= 0.06 kg m-2, Ec1d = 0.99. Further increases of 
the /WP have little effect on the cloud emissivity, so for /WP > 0.06 kg m-2 we have 
emissivity saturation. 

To determine the cloud albedo, we modify the relation obtained in a two-stream rela-
tionship (e.g. Twomey 1991), i.e. 

(2.58) 

where ( ac) is a predetermined maximum possible cloud albedo, -c is the shortwave max 
optical thickness of the cloud, µ0 is the effective cosine of the solar zenith angle, and -c0 is 
a parameter that can be related to particle scattering asymmetry. When -c becomes large, ac 
approaches its maximum value, which we set to 0.8 in this study. We assume µ0 = 0.5 
throughout this study, although the form of (2.58) accounts for the variation of ac with µ0 
in a realistic way. The shortwave cloud optical depth 'C is parameterized according to 

(2.59) 

where ccld is a parameter which can be specified or calculated. Equation (2.59) can be 
derived using the same set of assumptions that define a linear relation between optical 
depth and cloud liquid water path, as "introduced by Stephens (1978). 

According to (2.57) and (2.59), the infrared and shortwave optical depths of the ice 

clouds are proportional to /WP, with respective proportionality constants kc1d and ccld. Val-

ues of these parameters can be discussed in terms of the ratio 

(2.60) 

It is often assumed that y =2 (e.g. Platt 1979), although in reality the broadband value of 
this quantity is not well known. We show later how the solutions of the model depend on 
both the value of y, and the individual values of kc1d and ccld. The albedo-emittance 
relationship, with the parameter values mentioned above, are compared with the FIRE data 
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in Fig. 2.9. The albedo-emittance relationship of the FIRE data is subject to considerable 
variability , particularly in the high emittance region of the domain. For values of the 
emittance greater than 0.7, our parameterization and the radiative-transfer models 
significantly underestimate the cloud albedo, relative to some of the aircraft observations. 

6 
0 * X} A" f + • , rrcra t measurements 
- Model + 

4 - Parameterization + 
C) + 

+ - 2 

X •x 

0 
0 2 4 6 8 10 

Downward Emittance 

FIGURE 2.9: The albedo and emittance of cirrus clouds deduced from aircraft 
radiometric measurements summarized in Stackhouse and Stephens (1991; points) 
and model calculations (lines). The heavy solid curve represents the 
parameterization embodied in (2.57) through (2.60) with kcld = 75 m2 kg·1. 

2.5 Solution for the tropopause height and temperature 

We now consider the calculation of tropopause height and temperature. We define the 
tropopause to be the maximumaltitude reached by convecting parcels. It is also the altitude 
above which the atmosphere is in radiative equilibrium, rather than in radiative-convective 
equilibrium (RCE). Since we have assumed that the amount of CAPE in the tropical atmo-
sphere is negligible, the buoyancy constraint would seem to provide no limitation on the 
depth of the convective layer. That is, convecting parcels could rise indefinitely. In nature, 
however, the convecting parcels become negatively buoyant as they reach the lower strato-
sphere. How can we model this in a simple way? 

Goody and Yung (1989) described a radiative constraint imposed by the stratosphere 
which suffices to determine the depth of the troposphere. For a gray-absorbing atmosphere 
in RCE, the tropopause height is adjusted until the troposphere can deliver the radiative flux 
required to keep the stratosphere in radiative equilibrium. In contrast, Manabe and Strickler 
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( 1964) and Manabe and Wetherald ( 1967) calculated the time rate of change of temperature 
due to radiative heating at each level for a non-gray atmosphere, and then adjusted convec-

tively unstable levels to an assumed lapse rate of 6.5 K km-1. As the upwelling radiative 
fluxes across an interface (tentatively labeled as the tropopause) increase, the temperature 
of the layer above increases, and so the static stability increases. As the upwelling fluxes 
across the interface decrease, the temperature of the layer above decreases, and therefore 
the static stability decreases so that convective adjustment may become necessary. 

These results suggest that the interactions between the stratosphere · and troposphere 
must be modeled in order to realistically determine the tropopause height and temperature. 
Our model incorporates aspects of the approaches of Goody and Yung (1989) and Manabe 
and colleagues, plus the constraint of moist static energy conservation for convecting par-
cels. Given the OLR and the distribution of shortwave heating due to ozone absorption, we 
find values for ZT and TT which give temperature continuity across the tropopause, are con-

sistent with radiative equilibrium of the stratosphere, and satisfy (2.16). We will discuss 
how this is done shortly. 

t t 
layer "u" 

layer "l" 

FIGURE 2.1 O: A schematic that describes the stratospheric radiative balance 
assumed in this study. 

We model the stratosphere as two layers which are both in radiative equilibrium 
(Fig. 2.10). We assume that the heating due to ozone shortwave absorption occurs only in 
the upper stratospheric layer, and is balanced by thermal emission. The temperature of the 
lower stratosphere is assumed to be such that there is a balance between longwave 
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absorption and emission. Scattering in the stratosphere is neglected. For a two-layer strato-
sphere in radiative equilibrium, we can show that 

(2.61) 

and 

4 SooµoA/2 + (2(up)T[ 1 + ;o -E1)] 
crT1 = -------------

2- £1£u/2 
(2.62) 

where £ is the emissivity, A is the shortwave absorptivity of the upper stratospheric 
sublayer,~ is the solar zenith angle, S°" is the mean downward flux of solar radiation at 
the top of the atmosphere (TOA), and ( 2(up)T is the upward longwave flux at level Zr- The 
subscripts u and l refer to the upper and lower sub-layers of the stratosphere, respectively. 
Since we have an expression for 2(00 [(2.38)] , but not for ( 2(up)T, we write ( 2(up)T as 

2(00(2 - EiEu/2)- SooµoA[ 1 + ~(1- EJ] 
(2( ) = ---------

up T 2 - Eu - £1 + E1Eu/2 , 

i.e, in terms of 2(°". 

(2.63) 

We adopt the parameterization of Lacis and Hansen (1974) for shortwave absorption 
due to ozone. We assume that ozone absorption occurs in the layer between 40 and 55 km. 

Given values of 2(°" and Pr, we can determine the temperature as a function of height in 

the stratosphere from (2.61) and (2.62), and also (2.63) from which we diagnose (2(up)T. 

The method of solution for Tr and zr is as follows. We have three equations, (2.16), 

(2.17), and (2.62), and three unknowns, Zr, Tr, and Y. To enforce temperature continuity 

across the tropopause, we set Tr= T1 in (2.62). Given an initial guess for Y, we compute Zr 

and TT from (2.16) and (2.17), and T1 from (2.62). The pressure at the tropopause, Pr, which 

is needed to calculate the emissivity of the lower stratospheric sublayer, is calculated from 

(2.24). If TT# T1, the guess for Y is updated as a weighted average of the old value and a 

new value obtained from (2.17) for T = T1. The iteration is repeated until the values of TT 

and T1 differ by less than 0.01 K; approximately 5 to 10 iterations suffice. 
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FIGURE 2.11: A contour plot of zT as a function of Ts and W with a) f = 0, b) f = 0.4 
with tprec = 1000 s. Values are not plotted for T8-W combinations that W exceeds 
Wmax or the lapse rate becomes superadiabatic at the tropopause. 

The stratospheric temperature profile depends on the upwelling longwave flux from the 
troposphere in our model, just as it does for the model of Manabe and colleagues. Since TT 

explicitly appears in (2.16), we see that the temperature of the lower stratosphere limits the 
height of the tropopause; as TT increases in (2.16), ZT decreases, if Ts and qs remain fixed. 

Instead of using a prescribed lapse rate as Manabe and his colleagues did, we use our con-

vective closure to obtain f' 0. From (2.17) with T = TT• z = ZT and Y = 0, we find that 

zT = (T 8 - T T)/f' 0 . Using Ts= 303 K, TT= 215 K, and f'0 = 6.5 K km-1, taken from Fig. 5 

in Manabe and Wetherald (for their case of fixed relative humidity) , we obtain 
ZT = 13.5 km. In this context, with the lapse rate fixed and constant, our results agree with 

those of Manabe and his colleagues. Given ZT, Ts and TT, we can diagnose qs from (2.16). 

Equation (2.33) is not needed here because the lapse rate has been prescribed. The value of 
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qs that we obtain implies that RH= 0.66 in our model , compared to RH= 0.77 assumed by 

Manabe and Wetherald. The RH values differ because we require convecting parcels to con-
serve moist static energy, but Manabe and Wetherald do not. Water vapor influences their 
model only through radiative effects, while our model also couples the water vapor to Zr 

through our convection parameterization. If TT from their Fig. 5 were smaller, e.g. 

TT= 195 K, then both the tropopause height and relative humidity for our model would in-

crease, e.g. ZT = 16.6 km and RH= 0.81. Thus our method probably gives better results for 

the tropics. 
Figure 2.11 b shows that if cloud-radiative effects are neglected, then ZT depends strong-

ly on W For fixed Ts, the upwelling flux at the tropopause increases as W decreases. As de-

picted in Fig. 2.12b (below), for a given Ts, stronger longwave upwelling causes TT to 

increase, which in turn causes ZT to decrease. With W fixed, ZT increases slightly with T5. 

We expect ZT to rise as Ts increases if TT remains constant. TT increases, however, due to 

the increase of the upwelling longwave flux with Ts. 

2.6 Radiative-convective equilibria 

For this section, we assume that :J H = 0, :J q = 0, and :JO = 0, i.e. that there are no hor-

izontal energy or moisture transports out of the convective column. This implies that, in 
equilibrium, the net energy flux at the TOA, across the atmosphere, and at the surface must 
be zero. In equilibrium, the evaporation rate has to be balanced by the precipitation rate. 

Given values of Ts and W imply an evaporation rate via (2.13). Once Pis known, the 

IWP follows from (2.11). From Ts, W, and IWP, all of the radiative fluxes can be computed. 

All the cloudy-sky results were generated with tprec = 5000 s, a wind speed of 5 m s-1, and 

f = 0.4 unless otherwise indicated. The upper left-hand quadrants are blacked out because 
W exceeds W max there, which by (2.33) and (2.13) implies unphysical negative evaporation 

and precipitation rates. 
Figures 2.11 and 2.1 2 compare the clear-sky values of ZT and TT with their all-sky coun-

terparts. Comparing Fig. 2.11 a with Fig. 2.11 b, we see that clouds cause ZT to increase by 

about 2 km for fixed Ts-W pairs, relative to the clear-sky solutions. Of course, when cloud 

radiative effects are added we would expect the model to evolve to a Ts-W state different 

from that obtained with clear skies. As discussed later, increasing the fractional cloudiness 
also causes ZT to increase. Figure 2.12 shows that clouds cause TT to decrease by between 

5 and 20 K, relative to the clear-sky results. The response of TT to increasing Ts depends on 

the value of the !WP in a particular region of the Ts-W domain. In the high-W part of the 
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domain, £c1d has not yet saturated. As Ts increases, the IWP and, therefore, the cloud emis-

sivity increase, which implies [from (2.41)] that the longwave upwelling into the strato-
sphere decreases. Thus, in the high-W part of the domain, TT must decrease as Ts increases, 

which is what we see in the figure. Near the blacked-out region of the domain, the IWP is 
small, so cloud radiative effects cause TT to decrease by only 5 to 10 K. In the low-W por-

tion of the domain, the emissivity is saturated; and as a result, the tropopause temperature 
follows the surface temperature. 
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FIGURE 2.12: A contour plot of Tr as a function of Ts and Wwith a) f= 0.4, b) f= 0. 
Values are not plotted for Ts-W combinations that W exceeds Wmax or the lapse 
rate becomes superadiabatic at the tropopause. 

In Fig. 2.13, the shortwave cloud forcing is negative for all values of Ts and W, and gen-

erally increases as the surface temperature increases and as the precipitable water decreas-
es. As expected, the difference in the shortwave cloud forcing at the TOA and at the surface 

is small, approximately 15 W m·2. As the surface temperature increases, more evaporation 
is needed to maintain surface energy balance. This requires more precipitation, which 
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results in more IWP and brighter clouds. As the precipitable water increases for fixed sur-
face temperature, the evaporation rate decreases, and, in equilibrium, so must the precipi-
tation rate. As a result, increased precipitable water implies weaker convection an 
optically thinner clouds, which produce less shortwave forcing. The largest plotted values 

of the shortwave forcing are greater than -100 W m·2, which agrees well with ERBE mea-
surements (Harrison et al. 1990). 
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FIGURE 2.13: The shortwave cloud radiative forcing at a) top of the atmosphere, 
and b) the surface, for the case of uniform cloudiness, as functions of Wand T8. 

As shown in Fig. 2.14, the longwave cloud forcing increases as the surface warms and 
as the precipitable water decreases. We expect the longwave cloud forcing to increase as 
Ec1d increases and TT decreases. Except for the high-W part of the domain, TT basically in-

creases as Ts increases and W decreases, which implies that the variations of the cloud forc-

ing induced by Ec1d and TT are opposing. Near the blacked-out region, the rapid increase of 

cloud emissivity as Ts increases and W decreases gives rise to a relatively strong gradient 

of longwave cloud radiative forcing. Beyond this region, the cloud emissivity has saturated, 
and TT increases as Ts increases and W increases, which seems to imply that the cloud ra-

diative forcing should decrease. The clear-sky OLR increases at a slightly greater rate than 
the overcast-sky OLR, however, and for this reason the cloud radiative forcing continues to 
gradually increase. By design, the longwave forcing at the surface is small when the pre-

cipitable water exceeds 40 kg m·2. For W < 10 kg m·2, as the surface warms, the surface 
· 1ongwave forcing increases. 
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FIGURE 2.14: The longwave cloud radiative forcing at a) top of the atmosphere, and 
b) the surface, for the case of uniform cloudiness, as functions of Wand T8. 

The variations of the net cloud radiative forcing (Fig. 2.15) as a function of Ts and W 
are complex. The net cloud forcing at the surface is negative, as expected, if Wis greater 

than about 5 kg m·2. The TOA net cloud forcing changes from negative to positive values 
as the surface temperature increases and the precipitable water decreases . It varies mono-
tonically, but interestingly it remains relatively small across the entire domain. Analyses of 
ERBE data show that the TOA net cloud radiative forcing in the tropics is small (Harrison 
et al., 1990). Kiehl (1994) argued that the near-cancellation of the longwave and shortwave 
forcing results from the cold cloud-top emission temperatures of cumulonimbus towers in 
the tropics. The clouds trap energy radiated by the surface, and emit at much colder tem-
peratures thereby reducing the OLR, relative to clear skies. In the tropics, the cloud-top 
emission temperatures are so cold that the longwave cloud radiative effects nearly balance 
the shortwave cloud albedo effects. 

The clear-sky energy imbalances at the surface, at the TOA, and across the atmosphere 
are shown in Fig. 2.16. As W increases for fixed Ts, the planet and the surface tend to gain 

energy, but the atmosphere tends to lose energy. Two different processes contribute to these 
tendencies. First, as W increases for fixed Ts the surface evaporation rate decreases, and this 

reduced evaporation represents a relative gain of energy for the surface and a relative loss 
of energy for the atmosphere. Second, the atmosphere emits more longwave radiation to the 
surf ace as W increases, thus cooling the atmosphere and warming the surface; at the same 

time, !1(00 decreases, although the reduction in !1(00 is smaller than the increase in the emis-

sion to the surface (Stephens et al. 1994). These two effects together warm the surface and 

64 



CHAPTER 2: The Warm-pool Convective Column 

100 

~/ 80 

b) 

1/ . //::!:/: ~ ·· / ./ 

20 ::·:::</ _::» ,./ 20 

290 295 300 305 
Ts, K 

--10 

310 
-25.0- -

290 295 300 305 
Ts, K 

310 

FIGURE 2.15: The net cloud radiative forcing at a) top of the atmosphere, and b) the 
surface, for the case of uniform cloudiness, as functions of W and T5. Note the 
different contour intervals used in the panels. 

the planet, and cool the atmosphere, which is what we see in Fig. 2.16. 
The results shown in Fig. 2.17a are the same as those shown in Fig. 2.16, except that 

only the zero contours of the imbalances are plotted. We consider as = 0.07 and 

IVsl = 5 m s·1. The black region in the upper left portion of each panel indicates where the 

"Max { } " function has been triggered in the computation of the evaporation rate, i.e. W > 
W max- Solutions in the black region are, therefore, physically meaningless, and so are not 

plotted. Figure 2.17 depicts three curves. Along the solid curve, the atmosphere is in energy 
balance. Along the dashed curve, the surface is in energy balance. Along the dotted curve, 
the net radiation at the TOA is zero. An equilibrium would exist if the three curves inter-
sected, which they do not in this case. 

To the right of their respective zero contours in Fig. 2.17 a, the planet and surface lose 
energy, while the atmosphere gains energy. For the surface and the atmosphere, the values 
of W required for energy balance of each system increase as Ts increases, but at somewhat 

different rates. For example, as the surface temperature increases, more water vapor is 
needed to limit the rate at which the surface cools radiatively and by evaporation. Within 
the range plotted here, TOA radiation balance occurs only at very high Ts and low W The 

TOA radiation balance depe ds , in the absence of clouds, on Ts, W, and as only. The dotted 

line in Fig. 2.17 is not affected by changing the wind speed. 
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b) 

150 
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FIGURE 2.16: Energy imbalances for a) the surface, b) the planet, and c) the 
atmosphere, for a fixed wind speed of 5 m s·1, as functions of Wand r8. 

If we regard the surface temperature as given, then the solid curve in Fig. 2.17a, which 
indicates atmospheric energy balance, represents equilibria of the model. These equilibria 
would correspond to atmospheric general circulation model-simulated climates obtained 
with fixed sea surface temperatures; the literature is full of such studies. For a sea surface 

temperature of 300 Kand a wind speed of 5 m s·1, the model atmosphere is in equilibrium 

with a precipitable water close to 40 kg m·2, which is quite realistic for the tropics. 
Figures 2.17b and c show the zero-energy-balance contours obtained with tprec = 5000 s 

(moderate cloud) and 10,000 s (thick cloud). No equilibria occur for either value of tprec 

As the clouds thicken, more column water vapor is required to balance the energy budget 
at all three levels, particularly at the TOA. Note the similarity between the clear-sky energy 
balances at the surf ace and across the atmosphere and those obtained with moderate and 
thick cloud. From Fig. 2.13 , we see that the cloud shortwave forcing at the surface is nearly 
constant along the zero-balance contours for the surface in Fig. 2.17b and Fig. 2.17c. Since 
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FIGURE 2.17: For a.s = 0.07, I VI = 5 m s·1, and f = 0.4, a progression, from t,,rec = 0 s 
(clear sky) in a), to t,,rec = 5,000 s (moderate cloud) in b), to ~rec = 10,006 s (thick 
cloud) in c) are shown. The contours depict the T s-W pairs for which the 
atmosphere (solid line), the surface (dashed line), and the TOA (dotted line) are in 
energy balance. 

longwave cloud radiative forcing contributes little to the surface energy balance, the 
clear-sky surface energy balance dictates the shape of the all-sky zero-balance contour at 
the surface. If we subtract the net cloud radiative forcing field at the TOA from that at the 
surface, we can show that the same conclusion approximately holds for the energy balance 
across the atmosphere. 

We computed the energy budgets for various combinations of cloud fractions and wind 
speeds. The model is in equilibrium for tprec = 15 000 s, a very weak prescribed wind speed 

of 1 m s·1, Ts= 313 Kand W = 12 kg m·2. Since energy balance must be achieved locally, 

this warm, dry equilibrium does not seem altogether unreasonable. The low column water 
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Stable equilibrium 

Unstable equilibrium 

e Denotes system equilibrium. 

X Denotes new atmospheric equilibrium 
following temperature perturbation. 

FIGURE 2.18: This schematic graphically illustrates unstable and stable equilibria 
of the earth-atmosphere system. 

vapor makes the atmosphere's greenhouse effect small, so that radiation is very efficient at 
transporting heat to space. 

The equilibrium solution discussed above is unstable in a coupled model, as can easily 
be demonstrated by time integration of the equations. Figure 2.18 graphically illustrates the 
mechanism of the instability. If we perturb the equilibrium by increasing the sea surface 
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temperature, the atmosphere will quickly equilibrate, long before the ocean can cool off 
again, so that the model will find itself along the solid line (which denotes atmospheric 
equilibrium). As we move up the solid line, the surface energy imbalance becomes positive, 
i.e. the surface tends to warm. The initial positive perturbation of the sea surface tempera-
ture is thus amplified, and the system moves away from equilibrium; in other words, insta-
bility occurs. This happens whenever the solid line is to the left of the dashed line on the 
"warm" side of equilibrium, as it is in the upper left-hand panel of Fig. 2.18. 

When the wind speed is increased to 5 m s·1, the water vapor amount increases and the 
greenhouse effect becomes too strong for the system to reach equilibrium. Results from 
time integrations of the model provide a basis for an interpretation of the model's inability 
to reach equilibrium of the ocean-atmosphere system. As the surface warms, the precipita-
ble water increases and leads to more surface warming. The evaporative cooling cannot bal-
ance the radiative heating and the surface temperature increases without bound. We identify 
this condition as a runaway greenhouse (Ingersoll 1969). Although our model produces a 
warm and dry equilibrium, it is unstable, so our results tend to confirm those of Pierrehu-
mbert ( 1995); in order to find an equilibrium that resembles the observed climate, a second 
mostly non-convecting, low-water-vapor region is needed to receive and radiate to space 
the excess energy of the convecting region. 

2. 7 Equilibria with prescribed lateral energy and moisture transports 

We have argued above that lateral energy and moisture transports are required to ac-
count for the observed mean climate of the deep tropics. As shown schematically in 
Fig. 2.19, the RCE state is quite different from the observed state, in terms of lateral mois-
ture and energy transports. 

-V•(hv) 

------t1a---_..-V•( qv) 
(0,0) RCE 

e (100,-60) 
Real Tropics 

FIGURE 2.19: Schematic phase diagram showing the lateral flux convergences of 
moisture (x axis) and moist static energy (y axis) in the tropics. 
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To show how the model responds to realistic transports, we alter its hydrological and 
energy budgets to include prescribed transports.For the following runs, we have prescribed 

the moisture and energy transports as :F q = I 00 W m-2 (Trenberth and Guillemot 1995) and 

:JH = -60 W m-2 (Ramanathan and Collins 1987), respectively. We set :Fa= 0 for simplic-

ity. 
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FIGURE 2.20: Equilibrium solutions with prescribed lateral energy and moisture 
transports are presented. The plots show Ts and W as functions of ~rec and f for 
y = 2 (upper plots) and y = 3 (lower plots). Values are not plotted for Ts-W 
combinations for which no solution was found. 
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The equilibrium results are presented in Fig. 2.20 for y = 2 (upper panels) , for y = 3 

(lower panels), and for a wind speed of 5 m s·1 in both cases. If the model did not reach 
equilibrium for a givenf-tprec combination, results were not plotted. In contrast to the radi-

ative-convective simulations, the model now can find equilibria for a range off and tprec- In 

general , Ts and W decrease as tprec increases, for fixed f For fixed tprw minima of both 

fields are evident near f = 0.45. For y = 2, Ts lies between 295 and 302 K, while W ranges 

between 35 and 50 kg m·2. Withy= 3, values for both fields are somewhat lower. Given the 
simplicity of the model, these values seem sufficiently realistic. 

The model reaches equilibrium for a greater range of f-tprec combinations with y = 3 

than with y = 2. As suggested by Fig. 2.15 and Fig. 2.21 , the net TOA cloud forcing be-
comes more negative as y increases from two to three. Consequently, with larger y, the net 
radiative flux at the TOA balances the prescribed lateral energy transport over a wider range 
of f -tprec combinations. In overlapping regions in which the model reaches equilibrium for 

both values of y, the equilibrium values of Ts and Ware smaller for y =3 than for y = 2. With 

relatively brighter clouds for y = 3, the lower !I(_. that results from a lower surface temper-

ature is sufficient for the net radiation at the TOA to balance the prescribed lateral energy 
transport. Although brighter clouds reduce the shortwave radiation absorbed by the ocean, 
the lower surface temperature tends to reduce the upward longwave radiation and evapora-
tion. In order to cool the surface sufficiently, the model decreases W which leads to a larger 
evaporation rate and a smaller downward longwave flux at the surface. 
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FIGURE 2.21: Contour plot of net cloud radiative forcing at the TOA for y =3. 
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To understand this behavior of the model for a given value of y, consider Fig. 2.22 
which shows the net atmospheric radiative cooling (ARC) as a function of tprec andf, where 

(2.64) 

Holding/fixed, the ARC decreases as tprec increases. From (2.11), the IWP is proportional 
to both P and tprw whose changes oppose each other. With lateral flux convergences 
included in these simulations, LP no longer equals the ARC, although P still decreases as 
the ARC decreases. The net effect is that the IWP increases slightly across the range of tprec 

for which equilibria occur. Since the IWP ranges between 0.25 and 0.35 kg m-2, the cloud 
emissivity has saturated and the IWP increase causes the clouds to brighten without 
affecting the OLR. As a result, the surface temperature must fall in order to reduce the OLR 
and maintain energy balance at the TOA. Since P = 'E + :f win equilibrium, and :fw is 
fixed, changes of the evaporation rate follow those of the ARC. Hence, the evaporation rate 
decreases as tprec increases, which implies from (2.13) that W IW max increases as tprec 

increases. The surface temperature decrease implies that W max must decrease, and thus W 
must fall rather strongly in order for the evaporation rate to decrease. Despite the lower 
surface temperature, the net upward longwave radiation actually increases, because the 
decrease in W makes the atmosphere more transparent to longwave radiation. Hence, the 
increase in 2?....s is actually the main contributor to the decrease in the ARC. 

a) 0.65 b) 0.8 

..._, 
0.55 0.6 

0.45 0.4 

0.2 
9000 10000 5000 7000 9000 

tprec• S 

FIGURE 2.22: Contour plots of atmospheric radiative cooling for y = 2 (a) and y =3 
(b). Values are not plotted for T5-W combinations for which no solution was found. 
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For fixed tpreci the minima of Ts and W for f = 0.45 are also quite interesting. Withf rel-

atively large, the ARC is weak which implies that the latent heating of the atmosphere is 
relatively weak. In order to balance the hydrological cycle, the evaporation rate must de-

crease. The model accomplishes this by increasing W to approximately 40 kg m·2, which 
makes the atmosphere more opaque to longwave radiation, and therefore causes Ts to in-

crease. With a higher W, the surface must radiate at a higher temperature in order for the 
TOA net radiation to achieve the proper balance. In the middle range of the cloud fractions, 

the ARC is stronger and P is higher. The model adjusts by decreasing W With smaller W, 

the surface evaporative and radiative cooling increase and cause the surface temperature to 

decrease. At the lowest cloud fractions, the ARC is strong and P is large. Nevertheless, the 
shortwave cloud radiative forcing is relatively weak because the cloud fraction is small. 
Correspondingly, Ts increases. 

2.8 Summary 

We have presented an idealized but physically based radiative-convective model with 
a hydrological cycle. The prognostic variables of the model are the precipitable water and 
the sea surface temperature. Cumulus convection is parameterized using a very simple clo-
sure assumption based on the work of Arakawa and Chen (1987) and Arakawa (1993). Sur-
face evaporation is parameterized using a bulk aerodynamic formula, in which the surface 
wind speed is prescribed. Surface sensible heat flux is neglected. Radiative transfer is pa-
rameterized using simple methods suggested by the work of Stephens et al. (1994) and oth-
ers cited in the text. The atmospheric lapse rate is also determined by the model. 

Our clear-sky results show that realistic quasi-tropical equilibria occur for realistic 
(warm) prescribed sea surface temperatures and surface wind speeds, but realistic clear-sky 
equilibria of the tropical atmosphere-ocean system do not occur. When the surface temper-
ature is allowed to vary, the model runs away. This imbalance indicates the need for lateral 
energy transports and/or radiatively active clouds. 

We have shown that simulating realistic cloud radiative effects allows the model to 
reach very warm, dry equilibrium. Because the radiative-convective equilibrium solutions 
do not resemble the observed tropical climate, we tested prescribed realistic lateral energy 
and moisture transports. With tropical moisture and energy convergence specified as 

100 W m·2 and -60 W m·2, respectively, and for tprec = 9500 s,f = 0.5, y = 2, and a wind 

speed of 5 m s·1, the equilibrium solution occurs for Ts = 300 Kand W = 40 kg m·2, which 

are quite reasonable. 
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We also found that the tropopause height and temperature are sensitive to cloud 
radiative effects. The decreased upward longwave flux that results when cloud radiative ef-
fects are included causes the tropopause temperature to fall as cloud optical thickness or 
cloud fraction increase. Reinforcing this trend is the concurrent increase of column water 
vapor, which reduces the clear-sky contribution to the OLR. 

As either the cloud optical thickness or cloud fraction increase, the shortwave radiation 
absorbed by the surface decreases. To reach energy balance, the column water vapor must 
increase in order to reduce surface evaporative and radiative cooling. The buoyancy condi-
tion for non-entraining parcels, (2.16), dictates that for fixed Ts, the tropopause height must 

increase as the tropopause temperature decreases and the surface relative humidity increas-
es, both of which occur as the cloud optical depth and cloud fraction increase. The cloud 
fraction strongly affects the height and temperature of the tropopause because it affects the 
longwave radiation upwelling into the stratosphere. The effects of cloud optical thickness 
are self limiting, however, because the emissivity is greater than 0.999 for IWP larger than 

0.1 kg m-2. 

The key sensitivities in this model are to the prescribed wind speed, toy, and to the val-
ues of ccld and kcltl• and tprec Equilibrium solutions with prescribed lateral energy and mois-

ture transports showed a marked sensitivity toy, the ratio of shortwave to longwave optical 
depths, and to f In the next chapter, we shall add a "radiator fin" and model-predicted sur-
face wind speeds. 

74 



CHAPTER3 

Walker Circulation 

3.1 Introduction 

The literature review in Chapter 1 shows that the steady tropical ocean-atmosphere gen-
eral circulation remains inadequately understood. Many of the previous studies illustrate 
sensitivities of the tropical climate (Lindzen and Nigam 1987; Ramanathan and Collins 
1991 ), or describe the linear response of the tropical climate to small perturbations (Gill 
1980; Geisler 1981; Rosenlof et al. 1986). Their value was primarily to show the processes 
and interactions which must be considered in a theory of the steady tropical climate. Recent 
studies with box models (P95, SL96; M97; L99) have improved our understanding because 
they actually simulate the tropical ocean-atmosphere circulation in a simplified way. How-
ever, their applicability is somewhat limited due to their extreme simplifications. For ex-
ample, P95 neglected cloud radiative effects and specified the potential temperature 
difference between the upper and lower branches of the tropical circulation. A momentum 
budget was not incorporated in P95, M97, and L99, and for SL96, the speed of the ocea 
currents was assumed to be a quadratic function of the east-west temperature difference. 

In Chapter 2, we presented and discussed results from our model of the tropical WP. 
We showed that clear-sky radiative convective equilibria do not occur. As the surface tem-
perature increases, the precipitable water tends to increase, and so the longwave trapping 
effect of water vapor reduces the OLR and prevents equilibrium. When cloud radiative ef-
fects are included, the model produces a very warm, very dry equilibrium. This high-T~, 

low-W combination resulis in a relatively large value of the OLR which can balance the in-
coming solar radiation. We aJso showed that realistic prescribed horizontal transports of e -
ergy and moisture make it possible to find a realistic equilibrium. Because the horizontal 
transports and wind speed were specified, however, the results presented in Chapter 2 are 
far short of a simulation of the tropical climate. In order to simulate the climate, we must 
compute the exchanges of moisture, energy, and momentum between the WP and CP re-
gions of the model. The primary goal of this chapter is to add additional physics to make it 
possible to compute the energy and moisture transports and the wind speed. 

In this chapter, we formulate a model which includes a simplified momentum budget 
for the CPBL, which parameterizes the radiative effects of stratocumulus and trade cumu-
lus clouds, and which explicitly calculates the potential temperature or dry static energy 
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difference between the upper and lower branches of the simulated Walker circulation. 
Throughout this chapter, we contrast and compare the formulation of our model with those 
of P95, SL96, M97, and L99. In Sections 3.2, 3.3, and 3.4, we describe the equations and 
assumptions used to simulate the atmosphere in the WP and CP regions, and the ocean, re-
spectively. Section 3.5 describes the radiation and cloud parameterizations used for the at-
mospheric model in the CP region. In each section, we present stand-alone results for the 
different components in order to illustrate their various sensitivities. Because our model of 
the atmosphere for the WP region was fully discussed in Chapter 2, it is only briefly de-
scribed here. 

3.1.a Overview of our model 

As discussed in Chapter 1, the Walker circulation consists of a convectively driven up-
per-tropospheric outflow from the WP to the CP, and a near-surface inflow from the CP 
trade-wind boundary layer to the WP (Fig. 3.1). The boundary-layer mass flux over the CP 
is forced by a horizontal pressure gradient which is induced by an SST gradient. The air 
exiting the CPBL is replaced by free-tropospheric air entrained into the boundary layer. 
Over the WP, the westward horizontal mass flux decreases to zero at the western boundary, 
as the mass flow turns upward and departs the boundary layer in the convectively active 
region. As the convective outflow travels eastward over the CP, it undergoes radiative cool-
ing and subsidence warming. A positive zonal pressure gradient decelerates the wind as it 
crosses the CP. We require that the eastward mass flux decrease to zero at the eastern 
boundary of the upper troposphere. 

Tropopause, level T 

(UA, qT, hT) 
WF,HF 

Warm Pool 
(aw) 

Troposphere (Free) 

1----------'-------1 TWJ top, level B 

Cold Pool 
(crc) 

U=O 
Surface, level S 

FIGURE 3.1: Schematic of the two-box atmosphere model. Heavy arrows denote 
. winds; thin arrows depict the vertical boundaries of the free troposphere. 
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As discussed by Philander et al. ( 1996), idealized GCM simulations suggest that the In-
tertropical Convergence Zone (ITCZ) occurs in the NH primarily due to the slope of NH 
land masses with respect to lines of constant longitude. In the present study, we consider 
an idealized flow in which the \VP lies on the equator. This idealization allows us to assume 
that the Coriolis effect plays no role, i.e. f = 0. Our assumption is similar to that of Sun and 
Liu (1996), in which the Coriolis effect is not taken into account. 

As shown in Fig. 1.1, sea surface temperature (SST) gradients across the tropical Pacif-
ic ocean are very small, especially in the WP. We assume that the SST is uniform across 
the WP, and varies linearly across the CP. To the extent that the local SST controls the zon-
al pressure gradient in the tropics, the pressure is horizontally uniform across the WP. Hor-
izontal temperature gradients in the free tropical troposphere are small due to the weak 
rotation (Charney 1963). Consistent with these findings, we assume that temperature is uni-
form across the WP atmosphere. Although a small temperature gradient is required to pro-
duce a realistic horizontal pressure gradient above the CPBL, we neglect the temperature 
gradient for simplicity. Figure 3.2 shows the assumed temperature profile in the two re-
gions. We represent the TWI of the CP region as a discontinuous jump in temperature. 

z 

Warm Pool 

T(z) 

FlGURE 3.2: Schematic illustrating the idealized vertical temperature profiles in the 
CP and WP. 

3.2 Warm-pool model 

3.2.a Equations 

The governing equations for the atmosphere in the WP region are 
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(3.2) 

(3.3) 

which are the steady moist static energy budget for the atmosphere, the moisture budget, 
and continuity equation. The subscripts I and B denote quantities at the interface between 
the WP and CP and in the boundary layer, respectively. UA is the mass flux from the WP 
region to the CP region in the free troposphere, uBI is the mean wind speed across the depth 
of the boundary layer, and IIBI = Ps - PB· The pressure PB represents the level of the 
trade-wind inversion. For a true mass flux, the units should be kg s·1, but the units of UA 
are kg m·1 s·1. This difference occurs because our equations are for motions in the x-z 
equatorial plane, and so motions and variations in the meridional direction have not been 
considered. In order to get the right units, we could simply multiply the equations by 1 m. 
There is no momentum budget for the WP region because uBI is determined by the SST 
gradient in the CP. 

---
----

FIGURE 3.3: Schematic illustrating the mass fluxes for the model. 

The steady moist static energy and moisture budget equations can be obtained from 
(2.23) and (2.12), respectively , by neglecting the time derivatives. To avoid confusion, we 
introduce the subscripts C and W to denote quantities above the CP and WP, respectively. 
A derivation of (3.1) is given in Appendix 1. As shown in Appendix 1, if the horizontal 
averaging of the vertically integrated moist static energy equation is taken over the entire 
width of the WP, then 

(3.4) 

where the symbols hn and hBI denote the values of h which correlate with UA to give the 
vertical-mean horizontal energy transport in the free troposphere and boundary layer, 
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respectively, and crw is the width of the WP. We use the subscript F to represent quantities 
in the free troposphere, which is defined as the layer between the TWI and tropopause. 
Table 3.1 describes the symbols used in the coupled model. In deriving (3.4), we have 
assumed that u vanishes at the western boundary of the WP, and so the net flux is 
determined by the flow at the eastern boundary of the WP. Similarly, the vertically and 
horizontally integrated water vapor flux convergence for the WP is defined as 

(3.5) 

where q81 and qFI are defined analogously to hFI and hBf, The two quantities :f Hand :Jq are 
calculated, as discussed later. The widths of the WP and CP satisfy 

(3.6) 

where cr is the width of the tropical Pacific basin. 
Equation (3.2) turns out to be extremely important in determining the climate of the WP 

and the intensity of the Walker circulation. The evaporation rate is determined locally (al-
though the wind stress is determined by the SST gradient), and the net inflow of moisture 
to the WP region is influenced remotely by the CP. Hence the precipitation rate follows as 
that which balances the moisture added by evaporation and advection. From Chapter 2, re-
call that the optical thickness of cirrus clouds in the WP region is determined by the precip-
itation rate. Because we fix the cloud fraction and thereby eliminate any feedbacks 
associated with cloud fraction, the precipitation rate, and hence the radiative properties of 
clouds, can vary due to local and remote influences. 

Our parameterization for cloud radiative properties over the WP is far different from 
the approaches taken for previous box models. Pierrehumbert ( 1995) neglects the radiative 
effects of cirrus clouds over the WP altogether, arguing that the net radiative effect at the 
TOA is small compared to the net TOA energy imbalance. Miller (1997) simply specifies 
cloud radiative effects over the WP, while Larson et al. (1999) specify the cloud optical 
properties for cirrus anvils over the WP so that the net cloud radiative forcing at the TOA 
is nearly zero. Because the net radiation at the TOA governs the horizontal energy transport 
from the sides of the ocean-atmosphere column, the results from these studies rest on the 
observed near-cancellation of shortwave and longwave radiative effects of cirrus clouds. 
However, the primary shortwave cloud radiative effect is to cool the surface, while the 
main longwave effect is to warm the atmosphere. With the exception of L99, the other box 
models do not realistica1Iy account for the differing regions of influence of the shortwave 
and longwave cloud radiative effects. 
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TABLE: 3.1: Symbols used in the Coupled Model. 

Symbol Definition Value 

cr width of the Pacific basin 1.5 X 107 m 

'J.ls, surface/fOA energy calculated 
balance 

:fH, :fq, :fo net exchanges of energy by calculated 
the atmosphere, of 

moisture, and of energy by 
the ocean between boxes, 
normalized by WP width 

VA Vo atmospheric/oceanic mass calculated 
fluxes 

UBI vertical-mean calculated 
boundary-layer wind speed 

at interface between the 
WPandCP 

ITBJ,PBW pressure thickness/pressure calculated 
level of trade wind 

layer/inversion 

uo, uo_ mixed-layer calculated 
current/undercurrent 

ZT depth of the thermocline calculated 

OZT layer over which surface 160m 
wind stress is mixed 

Mo divergence of the oceanic calculated 
mass flux 

Tu undercurrent temperature 293 K 

Pierrehumbert ( 1995) argued that the shortwave effect at the surface is largely compen-
sated by changes of the evaporation rate, but in his analysis, cloud radiative effects are not 
linked to convection or a moisture budget. Miller (1997) computed the evaporation rate as 
that which gives surface energy balance, and thus implicitly assumed that the evaporation 
rate compensates for cloud radiative effects at the surface. Larson et al. (1999) concluded 
that changing the WP cloud fraction has little effect on the surf ace energy budget, because 
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the evaporation rate in their model decreases to compensate for the decreased surface inso-
lation. But L99 assumed a constant surface wind stress, and so possible cloud radiative 
forcing-evaporation feedbacks are suppressed. These earlier studies concluded that 
high-cloud radiative forcing over the WP plays no role in the regulation of SST and the 
tropical circulation, based on rather strong assumptions. With our model, we can explicitly 
explore these interactions to reach more defensible conclusions. 

3.2.b Method of solution 

Starting with a guess for the mean surface wind speed and the horizontal flux conver-
gences of energy and moisture in the WP, we find the Tsw-W combination which gives 

surface and atmospheric energy balance using methods explained in Chapter 2. Assuming 

that :f H = -95 W m-2 and :lq = 125 W m-2 and the surface wind speed is 5 m s-1, the WP 

is in equilibrium for Tsw = 297 Kand W = 35 kg m-2. Figure 3.4 illustrates this equilibrium 

graphically. 
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FIGURE 3.4: Atmospheric(solid) and mixed-layer (dashed) energy balance for the 
ocean-atmosphere column in the WP region for f = 0.5, :[9 = 125 W m·2 and 
:JH = -95 W m·2. An equilibrium for the WP occurs at the point where the two 
contours cross, which is approximately Tsw = 297 K and W = 35 kg m·2 for this 
case. 

As discussed later, the WP would be in equilibrium for these values, but the CP would 

not. The guesses for :J H, :Jq and the surface wind speed would therefore have to be altered, 

and the WP equilibrium would have to be re-computed. As discussed previously, the 
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equilibrium Tsw-W combination for the WP region gives the lapse rate as a function of 

height for the tropical free troposphere and establishes the tropopause height and tempera-
ture for the model. The free-tropospheric relative humidity profile at the CP-WP boundary 
is assumed to be independent of height. Thus, the temperature profile above the WP deter-
mines the rate at which moisture and energy are transported to the free troposphere in the 
CP region. As described later, we assume that no cirrus clouds are present over the CP, and 
therefore the export of ice is neglected. These WP inputs determine the mass and moisture 
fluxes at the top of the CP TWI, and so the wind speed, east-side SST, boundary-layer mass 
fluxes and CP width can be calculated using equations which are discussed later in this 
chapter. Then the fluxes of moisture and energy can be computed. If the net fluxes (free 
tropospheric + boundary layer) do not match those assumed initially for the WP, then a new 
WP equilibrium is computed using the calculated fluxes, and the process is repeated until 
convergence occurs. Figure 3.5 graphically illustrates this process. 

Guess values for U, :Tq, :1}i 

Calculate Ts and W for 
WP 

Calculate wind speed, 
SST, and mass flux for 

CP 

Calculate momentum, 
moisture, and mass 
exchanges between 

WPandCP 

Do calculated values for U, :Tq, :1}i 
match guessed values? 

Yes 
Solution 

No 

FIGURE 3.5: Flow chart illustrating the process by which an equilibrium solution is 
found. 
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We assume that horizontal variations of surface pressure, density and SST can be ne-
glected for the WP region, and that the surface wind speed decreases from its maximum at 
the eastern boundary to zero at the western boundary of the WP. For the calculation of the 
mean surf ace evaporation rate, the wind speed is therefore assumed to be one-half of the 
vertical-mean CPBL wind speed at the boundary between the CP and WP. We specify a 
transfer coefficient in our bulk parameterization for evaporation which relates the CPBL 
vertical-mean wind speed rather than the usual 10-m wind speed to the surface fluxes of 
momentum and heat. As discussed later in the chapter, the SST and precipitable water for 

the WP, Tsw and Ww, are assumed to be those which give '.Jlsw = 0 and '1{_ 00 w + :JH = 0. 

The cloud fraction is specified. 

3.3 Cold-Pool model 

The subsiding branches of the tropical circulation are called radiator fins by Pierrehu-
mbert ( 1995) because they efficiently radiate to space excess energy that has been advected 
from the WP. Stratocumulus and trade cumulus clouds are assumed to be the only cloud 
types present in the CP region. 

The governing equations for the atmosphere in the CP region are 

(3.8) 

(3.9) 

(3.10) 

(3.11) 

where sF represents the vertical mean of s over the free troposphere in the CP region. The 
symbol~ denotes the evaporation efficiency which is defined as ('E- P)l'L Each of these 
equations will be discussed below. 

3.3.a Momentum equation 

Equation (3.11) is derived by substituting 1 for a in the vertically integrated generic 

conservation equation (A4). Af 8 is defined as 
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(3.12) 

where u8+ and @8 are the pressure, zonal wind, and vertical velocity at the TWI. As p8 

decreases, the boundary layer depth increases, and so !Jv[ 8 is positive. As discussed later, 
this equation can and will be simplified. 

This is another point at which our model diverges from those of Pierrehumbert ( 1995), 
Miller (1997), and Larson et al. (1999). In these three previous studies and in our study, the 
mass flux through the TWI is estimated based on the relationship between subsidence and 
radiative cooling [(3.22), discussed later in this chapter]. For P95 and M96, the pressure 
level of the TWI is assumed, and so the mean wind speed follows directly from (3.3). L99 
calculate the pressure depth of the CPBL based on energy and moisture balance constraints. 
The vertical-mean wind speed in her model then follows also from (3 .3) and (3.11). Using 
values for the subsidence rate and the relative area of the CP for the base case of L99, the 

implied vertical-mean wind speed at the CP-WP boundary is 39 m s·1, which is very unre-
alistic. In our model, we compute the vertical-mean wind speed directly from a simplified 
momentum equation, which is explained below. Therefore, the pressure depth of the CPBL 
of our model follows from (3.3). As a result, we can use the energy and moisture balance 
constraints to compute the ratio of the CP and WP widths, which are free parameters in the 
previous studies mentioned above. 

Based on arguments in Appendix 2, we assume that advection in the momentum equa-
tion may be neglected. Hence, we have 

(3.13) 

which is a quadratic equation for uBI. The last term on the LHS is the surface wind stress. 
For the CP model, the drag coefficient, C0 , was chosen to parameterize the surface stress 
in terms of the vertical-wind speed in the trade-wind boundary layer. Following Deardorff 
(1972), we specify C0 = 8 x 10·4. Since we expect uBI < 0, we have set lu811 = -u81 in 
order to get (3.13). This means that the model breaks down if uBI ever becomes positive. 
The solution of (3.13) is (3.7), in which the negative square root has been taken to ensure 
that uBI is negative. Given the vertical-mean boundary-layer pressure gradient and the mass 
flux through the boundary-layer top, we can use (3.7) to calculate the zonal wind at the 
western boundary of the CP. While we could, in principle, use (3.7) to calculate u8 as a 
function of x, this would require us to determine Af 8 as a function of x. We wish to avoid 
making a crude assumption for Af 8. We return to this point later. 
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FIGURE 3.6: The zonal wind (solid line) and horizontal pressure gradient force 
(x 105; dashed line) are plotted for uB+ = 0 as functions of a) the subsidence rate 
(x 102) for a specified SST gradient of -6 x 10·7 K m·1, and b) the SST gradient 
(x 107) for (1) B = 3.5 x 10-2 kg m-2 s-1. The dot represents the mean wind speed from 
the observations; the square is the mean observed pressure gradient. 
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The sensitivities of the boundary-layer wind speed are examined in Fig. 3.6 above. The 
solid lines in Fig. 3.6a and Fig. 3.6b show that the speed of the zonal wind increases as the 
mass flux and the magnitude of the east-west temperature gradient increase, respectively. 
The squares in each plot denote the estimated real-world value for the right-hand y-axis, 
while the circles denote the real-world value for the left-hand y-axis. Compared to obser-
vations discussed by Hastenrath (1998), the mean wind speed is overestimated by 30-50%. 
This error may seem large; but when it is compared to the implied value from Larson et al. 
(1999), our estimate does not seem too bad. Of course, the reason for the overestimate is 
that no mass diverges meridionally from the boundary layer of our model, in contrast to 
what occurs in nature. 

With uBI from (3 .7) and the definition of UA, the horizontal mass flux, we can integrate 

(3.7) and solve for IIBf, the pressure depth of the trade-wind boundary layer. The result is 

(3.1 4) 

If we know the surface pressure, then (3.14) gives the pressure at the base of the TWI. 
Because IIBI and uBI are present in (3.7) and (3.14), we presently solve for these quantities 
by iterating. We discuss our iteration method shortly. 

We show in Appendix 4 that the mean boundary-layer pressure gradient is 

-(a<P) = dx M 
(3.15) 

For a temperature gradient which is constant with x, (3.15) indicates that the 
pressure-gradient force varies horizontally due to the variation of the boundary-layer 
pressure depth and surface pressure. The dashed lines in Fig. 3.6a and Fig. 3.6b show that 
the magnitude of the pressure gradient force increases with the mass flux and SST gradient, 
respectively. From (3.14), as the mass flux increases, IIBI increases, and so the pressure 
gradient, which is proportional to IIBf, must also increase. We see that the pressure gradient 
is estimated fairly well. 

There is an additional simplification that we can make. As can be seen from (3.15), the 
mean CPBL pressure gradient is inversely proportional to the surface pressure, Ps· Figure 

3.7 shows that the variation of surface pressure across the equatorial Pacific is less than 1 %. 
Taking advantage of this small variation, we may write 
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= (3.16) 
Ps 

where in this case the overbar represents the zonal average for the CP and the prime denotes 
deviations from the average. We used a one-term binomial expansion for the approximation 
on the RHS of (3.16). Referring to Fig. 3.7, for a zonal average of about 1010 mb, the 
deviations about this mean are no larger than 3 mb, which means that p's/ Ps « 1 and 
neglect of this term is justified. Even if the deviation were as large as 25 mb, the error 
introduced by this approximation would still be less than 2.5%. Because we assumed in 
Chapter 2 that the surface pressure over the WP is 1000 mb, and Fig. 3.7 suggests that the 
typical difference in surface pressure between South America and Indonesia is about 6 mb, 
we assume that p s = 1003 mb. To determine the pressure level of the TWI at the CP-WP 
boundary, we assume that Psi= Psw, which in Chapter 2 was specified as 1000 mb, and PB! 

follows as Psi - TIBI· 
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FIGURE 3.7: Surface pressure for January 1989 from the ECMWF reanalysis dataset 
obtained from NCAR. Contour interval is 1 mb. 

Our solution method for uBI and TIBI is as follows. Given an initial guess for TIBJ, the 

pressure gradient and uBI are computed from (3.15) and (3.7), respectively. From our cal-

culation of Af B, discussed later, TIBI can then be computed from (3.14) with our new value 

of uBI. If the error between the calculated and guessed values of TIBI is less than 1 %, then 

the solution is accepted. If not, then the new value of TIBI is taken as a weighted sum of the 

calculated and guessed values, and the process is repeated. Convergence usually results 
within IO iteration cycles. There appears to be only one solution for a given radiative cool-

ing rate and SST gradient. Convergence fails only if the subsidence rate and hence Af B are 

so small that the square root factor in (3.7) is negative. 
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FIGURE 3.8: For the same parameters as in Fig. 3.6, the boundary-layer depth is 
plotted in millibars (mb) as a function of a) mass flux x 103 at the top of the CPBL 
and b) CP SST gradient x 107. The dots represents mean values from the 
observations. 

The height of the TWI is calculated based on mass continuity considerations, rather 
than on the effects of turbulence. In equilibrium, the subsidence rate at the TWI must equal 
the CPBL mass flux at the boundary between the CP and WP. For a given SST gradient, 
the vertical-mean wind speed follows, and thus the product of the CPBL depth and the 
mean wind speed must balance the product of the subsidence rate and the width of the CP. 
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For a given subsidence rate and CP area, the depth of the CPBL must decrease as the wind 
speed increases in order to preserve mass continuity. Although such an assumption would 
not be valid for a diurnal time scale, it should be approximately valid for an equilibrium 
solution since we are not attempting to predict the time evolution of TWI height. In effect, 
we have combined the trade-wind boundary layer with the layer of easterlies above. This 
produces a 100-mb error in the pressure level of the TWI. 

Results for uBI were already presented in Fig. 3.6. Figure 3.8 shows the sensitivity of 

I1BI to changes of the mass flux and of the SST gradient. As discussed later, the mass flux 

is controlled by the radiative cooling rate over the CP. The depth of the boundary layer in-
creases as the mass flux through the TWI increases (holding the SST gradient constant) and 
as the SST gradient increases (holding the vertical mass flux constant). Note that as the SST 
gradient becomes very small, the boundary-layer depth increases quite strongly. This hap-
pens because, when the wind speed (Fig. 3.6b) is very weak, a deep boundary layer is de-
manded by mass continuity for a given subsidence rate. The subsidence rate is driven by 
the radiative cooling in the upper troposphere. The dots show the approximate mean ob-
served values. Our model overestimates the depth of the boundary layer for two reasons. 
First, we have assumed for simplicity that easterly flow in the tropics is confined below the 
TWI. Figure 1.3 shows that weak easterly flow extends up to approximately 600 mb, which 
is the zero-wind level discussed by Geisler (1981) and Rosenlof (1986). Second, we have 
assumed that the Walker circulation is closed, and so the meridional Hadley cell cannot re-
move air from the boundary layer. 

Our solution method gives TIBJ, but not individual values of Ps and PB, which are needed 

to compute the height in meters of the TWI from (2.24). As discussed in Section 3.5.b, the 
height of the TWI is needed in order to determine the liquid water path for boundary-layer 

clouds. Recall that we assumed a value for f5s in (3.15) . Because Ps varies so little, 

compared to the variation of PB, we set PB= I1B - Ps . 

3.3.b Subsidence warming in the free troposphere of the CP region 

Following previous box studies (e.g. P95), we assume that the radiative cooling of the 
free troposphere is balanced by adiabatic compression and sinking, i.e. 

dS d'J.[_R 
Or.::- = -g-dp dp ' 

(3.17) 

where :J{R is the net downward radiative flux. As described in Section 3.5 , our radiative 
transfer parameterization requires the vertically integrated water vapor as input, and returns 
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the net radiative flux for the slice of the atmosphere over which the column water vapor 
was computed. Given the simplified nature of this radiation parameterization, it does not 
seem prudent to use (3 .17) to compute the vertical velocity level-by-level for the free 
troposphere in the CP region. Instead, we compute the radiative flux divergence for the 
entire free troposphere, and use (3 .17) to compute ro8 for a simplified free-tropospheric 
divergence profile. Although we could assume that the vertical velocity is independent of 
height as in M97, it seems somewhat more realistic to assume that aro/ap is constant with 
height. Integrating (3.17) over the depth of the free troposphere, under the assumption that 
ro = 0 at the tropopause and aro/ap is constant, the result is (3 .10). 
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FIGURE 3.9: Vertical velocity over the eastern, equatorial Pacific as a function of 
pressure. The solid curve shows monthly mean values for January 1989 from the 
ECMWF reanalysis dataset. The dashed curve shows values computed from (3.10). 

For a typical moisture and temperature profile from the ECMWF reanalysis dataset, we 
have computed the profile of rousing (3.1 7) and (3 .10). We calculated the radiative fluxes 
in (3 .10) from NCAR's CCM3 radiation code using ECMWF temperature and moisture 
profiles as input. Figure 3.9 shows that the monthly mean vertical velocity profile from the 
ECMWF reanalysis dataset (solid curve) and the vertical velocity profile obtained using 
(3 .10) agree fairly well in the middle and upper troposphere. Our parameterization overes-
timates the vertical velocity by 25% compared to the ECMWF reanalysis dataset at lower 
levels, but slightly underestimates the subsidence rates compared to Betts and Ridgeway 
( 1989) and L99. Estimates of vertical velocity are highly uncertain. 
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3.3.c Budget Equations for the CPBL 

Substituting s for a in the vertically integrated conservation equation, the budget equa-
tion for dry static energy in the CPBL follows as 

(3.18) 

where 'J,,{_8 is the net flux of energy at the TWI. The energy stored in the boundary layer is 
a balance between the horizontal flux convergence of moist static energy, subsidence 
warming through the TWI, radiative cooling, and surface evaporation. We have set the 
air-sea temperature difference to zero, which means that we are neglecting sensible heating. 

Because we want steady-state solutions, we drop the LHS of (3.18). Equation (3.11) 

gives U8 as a function of x, assuming that the horizontal distribution of M8 is known. In-

tegrating (3.18) from cr to crw, we find that 

(3.19) 

The goal is to evaluate (3.19) analytically. In equilibrium, it can be shown from the moist 

static energy budget for the free troposphere that h8 +:Jv{ 8 crc = U Ahn- ( 'J,,{_r- 'J,,{_a)<ic , 
where 'J,,{_ r is the net energy flux at the tropopause. Substituting the RHS of this expression 
in (3.19), the moist static energy budget reduces to (3.8). As described later, we compute 
the horizontal-mean vertical flux convergence of energy for the CP atmosphere [i.e. the 
RHS of (3.8)] at the horizontal center of the CP region. We use an approach which 
determines the longwave radiative cooling based on an effective emissivity and effective 
emission temperature. 

We determine the LHS of (3.8) independently of the RHS. UA is known, and hBI and 

hFI can be calculated. As discussed in Chapter 2, we assume that the moist static energy for 

convecting parcels is conserved. Thus, h Fl = c PT sw + Lq sw. The parcel originates from 

near the surface, and so the potential energy part of the moist static energy is negligible. In 
order to calculate h81 = s81 + Lq81 , we assume that the air has been heated sufficiently 

from below so that the lapse rate and surface temperature at the CP-WP boundary are iden-

tical to those in the WP, i.e. there is no temperature discontinuity. Hence h81 IT81 / g can be 

computed from (2.25), with z81 and PB! replacing Zr and Pr, respectively. The moisture con-

tribution of the moist static energy [LW in (2.25)] is computed as LqBIITBII g , where qBI 

is the vertical-mean specific humidity in the CPBL at the CP-WP boundary. 
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Given the net energy balance on the LHS of (3.8), we can then solve for crc, In the pre-

vious box models (P95, SL96, M97, L99), crc was specified rather than calculated. As dis-

cussed later, we calculate the zonal wind speed from a simplified momentum equation. 
Because the product of the subsidence rate and the width of the CP must balance 
UA = uBIITBI/g, we must solve for the CP width which satisfies the constraints imposed by 

mass continuity and energy balance. The previous box models do not have to satisfy this 
constraint, because uBI is not calculated. 

To calculate q81, we substitute q for a in the vertically integrated conservation equation 

to derive 

{3.20) 

which is the vertically integrated budget equation for water vapor in the CPBL. Here qB+ 

is the water vapor mixing ratio just above the trade inversion. We compute the evaporation 
rate, ~. from (2.13) just as in Chapter 2, except that q8 , Psc, and Tse vary with x in the CP 
region. At the east side of the CP, we compute the evaporation rate under the assumptions 
that the surface relative humidity is 90% and that the minimum wind speed is 5 m s·1. The 
minimum wind-speed assumption is made in order to account for the underestimated 
evaporation rate, which results from the bulk evaporation formula for low observed wind 
speeds. We specify an evaporation efficiency, and so ll'E is just the amount of the 
evaporated water vapor which is available for export to the WP. 

Following the same procedure as for the dry static energy budget, we find 

{3.21) 

In equilibrium, q8+M 8ac = U A qFI, and so (3.21) reduces to (3.9). From (3.5) and (3.9), 
J'q is proportional to the net evaporation rate in the CP. If we specify the vertical variation 
of relative humidity and zonal wind at the CP-WP boundary, then we compute qp1 from 
qFI = U A-lfn uqdp/ g and estimate the pressure level to which qp1 corresponds. Figure 

Fl 

3.10 shows an example for which the zonal wind decreases linearly to zero at the TWI from 
its maximum at the tropopause and the relative humidity is constant with pressure. Under 
these conditions, qp1 = 2.26 g kg·1, which for the given relative humidity profile, implies 
that the effective level from which UA transports water vapor is approximately 400 mb. 
This effective transport level is not very sensitive to lapse rate variations, which in turn 
depend on the WP SST, precipitable water, and cloud cover. For SST = 302 K and an 
ar swldx = -6.4 x 10-7 K m·1, the effective water vapor transport level increases by 25 mb 
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as the precipitable water decreases by 20 kg m-2; for W = 55 kg m-2 and 
ar swldx = -6.4 x 10-7 K m-1, the effective water vapor transport level increases by 5 mb 
as the SST decreases by 4 K. For SST= 302 Kand W = 55 kg m-2, the effective transport 
level increases by 23 mb and decreases by 10 mb as the SST gradient is doubled and halved, 
respectively. Given its relatively small variation, we fix the effective water vapor transport 
level at 400 mb. For the fully coupled model, we obtain the relative humidity at the WP 
surface from (2.33), and then assume that the relative humidity is independent of height in 
the troposphere above. This assumption broadly agrees with the observations from TOGA 
COARE (Brown and Zhang 1997) that were taken during convectively active periods. This 
is also roughly consistent with the equatorial RH profile at 120°E from the ECMWF 
reanalysis dataset (Fig. 3.11) for Jan. 1989. Recall from Fig. 1.3 that 120° Eis in the rising 
branch of the Walker circulation. 
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FIGURE 3.10: The specific humidity profile which results for Tsw = 302 K, 
W = 65 kg m·2 and RH = 80%.The black dot represents the effective pressure level 
from which the free-tropospheric mass flux transports water vapor. 

The next step in evaluating (3.9) analytically is to determine the mean evaporation rate 
for the CP. We somewhat simplistically assume that the mean evaporation rate is given by 
the arithmetic average of the evaporation rates at the eastern and western borders of the CP. 
As described above, the bulk parameterization has been implemented, and so the wind 
speed, surface temperature, surface pressure, and vertical-mean specific humidity for the 
CPBL are generally required in order to calculate the evaporation rate. 
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As stated previously, our model simulates a closed Walker circulation, and so water 
vapor advected from nearby convection over South America is not allowed. This assump-
tion contrasts with the findings of Newell et al. (1996) who showed that mixing from the 
east contributes to the properties of air parcels above the tropical eastern Pacific. We as-
sume that qSE = 0.9 qsarCTsE, Ps), i.e. we assume that the surface RH= 0.9 on the east side 

of the CP. Because the horizontal mass flux is identically zero at the eastern boundary of 
the CP, we must assume a minimum wind speed for the calculation of the evaporation rate. 
It is well known that the bulk parameterization underestimates the evaporation rate at low 
wind speeds, and so an assumed minimum wind speed is commonly used. For our model, 

we assume that the minimum wind speed is 5 m s·1• Thus the mean evaporation rate above 
the CP follows as 

(3.22) 

and is simply the arithmetic average of the evaporation rates at the eastern and western 
borders of the CP. The first term on the RHS is approximately four times larger than the 
second. 

The task remains to relate the surface evaporation rate to the mean boundary-layer 
quantities u8 and q8 , which are diagnosed by the model. L99 and M97 adopted the mixing 

line model ( described in Chapter 1 ), which predicts the vertical variation of q and T based 
on prescribed mixing rates. Rather than relying on such an elaborate method, which in the 
end still prescribes the vertical variatfon of moisture and temperature, we substitute qBI for 

qs1 in (3.22) and modify (reduce) the transfer coefficient cT so as to compute the evapora-

tion rate from the mean boundary-layer wind speed and specific humidity rather than from 
their 10-m values (Deardorff 1972). We specify the heat transfer coefficient to be 

CT= 2.0 X 10·4. 

Although we must specify the transfer coefficient, we specify neither the surface mass 
flux as L99 did, nor the surface relative humidity as P95 did. Although M97 avoided mak-
ing assumptions regarding the surface wind speed or relative humidity, he calculated the 
evaporation rate as that which balances the moisture budget and the surface energy budget. 
Rather than explicitly calculating the surface energy balance, SL96 included ocean-atmo-
sphere heat exchange as Newtonian relaxation to a specified equilibrium temperature. 
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Despite the use of a specified transfer coefficient, our approach is more physically based 
than any of the previous box models. 

In order to calculate qB+ (and all the other quantities that follow from mass exchange 

between the WP and CP regions), we considered following the approach of Held and Hou 
(1980), who assumed that the mass flux is confined to narrow pipelines at the top and bot-
tom of the troposphere. This would mean that q8 + = q7. Subsidence over the CP region 

would then be assumed to be horizontally invariant and would imply that the water vapor 
distribution is uniform throughout the free troposphere in the CP region. In the eastern part 
of the CP region , this approach does not seem unreasonable. Water-vapor mixing ratios de-
crease drastically above the TWI for regions far from deep convective activity (Hastenrath 
1998). Over the western part of the CP region, qB+ is much larger than q7 due to stronger 

moistening from adjacent WP convective zones. 
Figure 3.11 demonstrates this point reasonably well. Note how the relative humidities 

between 700 mb and 800 mb over the central Pacific are reduced, compared to adjacent val-
ues. Moreover, note the strong minimum in relative humidity ( < 20%) in the middle tropo-

sphere near 110° W. Figure 3.12 shows that the 0.5 g kg- 1contour of specific humidity 
slopes downward by 200 mb between 120° E and 100° W. This indicates that, to very good 
approximation, the specific humidity of the air in the middle troposphere is conserved as it 
traverses the equatorial Pacific ocean (Salathe and Hartmann 1997). In the lower part of the 
troposphere (above the level of the TWI ~ 800 mb ), the specific humidity of the air increas-
es at a given pressure level as we move westward. This indicates that the air is being 
moistened as it moves westward, and thus meridional exchanges are implicated. Without 
meridional exchanges, we would expect the specific humidity of the air to remain relatively 
constant following the motion. We would therefore expect extremely low relative and 
specific humidities at low levels if meridional exchanges could somehow be suppressed. 

As mentioned previously, we assume that the free-tropospheric relative humidity (RH) 
vertical profile above the CP-WP boundary is uniform. Given values for the precipitable 
water and SST from the WP, we calculate the surface relative humidity. Essentially, we as-
sume that the specific humidity vertical profile rotates to become the specific humidity 
horizontal profile just above the TWI in the CP region. Thus, q8+(cr) = q-1..crw) and q8+(crv;) 

is obtained from the uniform relative humidity profile. The specific humidity at the middle 
altitude of the specified vertical profile would then be the specific humidity at the middle 
point of the CP for level B+. This approach assumes that advection controls the specific 
humidity of the free troposphere in the CP region, and therefore follows Salathe and 
Hartmann ( 1997). Figure 3.13 schematically summarizes this discussion. 
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FIGURE 3.11: Relative humidity in % in the x-p plane along the equator. Contour 
interval is 10%. Data are from the ECMWF reanalysis dataset for January 1989. 
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FIGURE 3.12: Specific humidity in g kg·1 in the x-p plane along the equator. Contour 
interval varies from 0.005 g kg·1 near the tropopause to 2 g kg·1 near the surface. 
Data are from the ECMWF reanalysis dataset for January 1989. 

97 



Section 3.3: Cold-Pool model 

Above the upper-most trajectory (see Fig. 3.13) that begins just below the tropopause 
at the CP-WP boundary, there is essentially a "dead zone" in the model in which the wa-
ter-vapor assumption does not apply. We would not expect the specific humidity for this 
zone to be higher than that in lower-altitude regions of the CP. For convenience, we assume 
that the lower limit for specific humidity for the CP is qrc(.crc). Therefore, on the east side 

of the CP region, our assumption is that the specific humidity in the free troposphere is con-
stant with height and very dry, so that q = q8 +(crc) = qrc(crw)- Based on this assumption 

and the advective model described above, the precipitable water can be computed as a func-
tion of x above the CPBL. 

q = rh(zyl2)qsarCT(zy/2), zy/2) 

trade-wind layer (BL) 

Dead 
Zone 

Tropopause, level T 

X 

(J Surface, level S 

FIGURE 3.13: Schematic illustrating an idealized cross section of specific humidity 
above the TWI in the CP region 

Under the assumption that the height of the trade-wind inversion (TWI) is steady ( con-

sistent with previous derivations), from (3.12), the mass flux Af 8 can be simplified to 

(3.23) 

This means that in a time average, the turbulent entrainment is balanced by subsidence and 
advection. As described previously, we calculate the pressure of the TWI based on mass 

98 



CHAPTER 3: Walker Circulation 

continuity and the assumption that the depth of the trade-wind layer approaches zero at the 
east boundary of the CP. For consistency, we must set us+= 0. Recall that we have assumed 
that easter y and westerly winds occur below and above the TWI, respectively. The 
ECMWF reanalysis dataset (not shown) shows that the winds between the top of the TWI 
and 500 m are predominately from the east, and seem to originate as convective outflow 
from South America. However, since we are interested in simulating a closed circulation, 
we choose not to represent this flow. With this choice, the mass flux at the TWI for our 
model is given by the large-scale vertical velocity obtained from (3. 10), i.e. 

(3.24) 

3.3.d Cloud parameterization 

Following Suarez et al. ( 1983), we assume that the condensation level of the stratocu-
mulus and towering cumulus clouds is given by 

(3.25) 

where Ts is the temperature at the base of the TWI. Our method varies from that of Suarez 
et al. (1983), however, because we allow the lapse rate to vary from dry adiabatic. On the 
east side of the CP, we assume that the lapse rate is dry adiabatic. But in the center of the 
CP, we assume that the lapse rate satisfies 

(3.26) 

Below cloud base, the lapse rate should be dry adiabatic, but above cloud base the lapse 
rate should be more stable than moist adiabatic. Equation (3.26), which can be derived from 
(2.22), should provide a reasonable estimate of the mean lapse rate for the layer, and so the 
cloud top temperature Ts= Ts - r Zs- Then the LWP satisfies 

{3.27) 

Substituting the version of the Clausius-Clapeyron equation used in Chapter 2 for q sat in 
(3 .27), and evaluating the integral, we find that 

where E = 0.622, e0 = 1 mb, R is the gas constant for dry air, T0 is a reference temperature, 
and Ae and Be are constants in our approximate Clausius-Clapeyron equation. 
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3.4 Ocean model 

The ocean is represented by three boxes: the WP, the CP, and the undercurrent. As 
Fig. 3.14 shows, zs is the top of the ocean, i.e. the bottom of the atmosphere, and ZD is the 

depth of the thermocline. We assume that these interfaces slope due to the effects of wind 
stress, and for simplicity, that the slopes are approximately linear and equal in the \VP and 
CP. We also assume that the equatorial circulation is closed. For a westward surface cur-
rent, upwelling must occur in the CP and downwelling must occur in the WP in order to 
maintain a closed loop. As a result, the ocean current may be characterized by a single 
ocean mass flux , U0 , between ocean regions, as described below. 

Warm Pool 
Edge 

Cold Pool 

layer 1 Zs 

Tsv,;, Pw 
Tsdx), Pw zv 

layer 2 

Tsw, Pw- Tu(x), Pw-

FIGURE 3.14: Schematic illustrating the distribution of temperature and thermocline 
depth in the tropical Pacific ocean. 

The governing equations for the ocean model are 

(3.29) 

(3.30) 

(3.31) 

(3.32) 

(3.33) 
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where Af O is the vertical mass flux through the thermocline, Tu is the undercurrent 

temperature, T 00 is the specified minimum temperature of the undercurrent, u0 _ is the 

undercurrent, Pw- is the density of the water in the undercurrent. Equations (3.29) and 
(3.30) are the mixed-layer energy balance equations for the WP and CP, respectively. 

Equation (3.31) is the temperature equation for the undercurrent, in which tr is a time scale 

for relaxation of Tu to T 00, l = -cJu0 _/ cJx, 8T0 = Tsw - T 00 • and u0 .,max is the speed of the 
undercurrent at the CP-WP boundary. Equations (3.32) and (3 .33) are the mass continuity 

and zonal momentum equations for the undercurrent, respectively . Each of these equations 

will be discussed below. 

3.4.a Prognostic equations 

Although we used time-marching methods to obtain a solution in Chapter 2, we were 

interested in the steady, equilibrium solution for the WP. Since we are now including a 
model for the atmosphere and ocean in the CP region, the procedure for finding a solution 
is more involved. Moreover, there are additional time scales involved for the various 

ocean-atmosphere interactions, and so time-marching is no longer a practical solution tech-
nique. For these reasons , we now construct steady-state equations by explicitly neglecting 

all time derivatives. The steady equation for WP surface temperature is obtained by ne-
glecting the LHS of (2.4) to get (3.29). In Chapter 2, for simplicity, we considered solutions 

for which :f O = 0. Such solutions continue to be valid, since the WP is a region of 

maximum SST with a negligible SST gradient. Furthermore, estimates of the net surface 

energy flux indicate a mean energy input of less than 20 W m·2 into the ocean (Weller and 

Anderson 1996, Philander 1990). Because of the relatively small observed surface energy 
flux for the tropical WP, we continue to neglect it. 

In analogy to the atmospheric mass flux , the ocean mass flux is defined as 

(3.34) 

Here, 8zu and 8zD are the thicknesses of the undercurrent and mixed layer, respectively, and 

u0 is the zonal current in the mixed layer. As discussed later, we specify the thickness of 
the undercurrent layer, but solve for the depth of the mixed layer. Because we assume that 
the zonal ocean circulation in the tropics is closed, the mass flux in the mixed-layer must 
balance that in the undercurrent. Furthermore, the divergence of the mass flux must balance 
the upwelling through the thermocline [(3 .32)]. 

If we let a= T5 in the steady-state mixed-layer budget equation for the ocean (Appen-

dix 3), then the CP SST satisfies 
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(3.35) 

Since we assume that the CP temperature gradient is linear, we need the SST at the east and 
west boundaries of the CP. Since Ts= Tsw at the west boundary of the CP, we need only 
solve (3.35) at the east boundary of the CP. At this boundary, U0 = 0. Using (3.32), (3 .35) 
reduces to (3.30), from which we can simply solve for TsE· Equation (3.30) says that the 
equilibrium SST results from a balance between the net surface energy flux and cold-water 
upwelling. 

300 

290 

285 -+-----.----,.----,--..---...---.---r----

0.00 0.25 0.50 0.75 1.00 

Normalized x-distance 

FIGURE 3.15: Temperature of the undercurrent as a function of x-distance from the 
WP-CP boundary. This distance has been normalized by an assumed length for the 
CP of 1.75 x 104 km. We have also assumed that u0_ max= 50 cm s·1, T00 = 288 K, and 
tr = 30 days. ' 

We assume that the temperature of the undercurrent satisfies 

= 0 . (3.36) 

The equilibrium temperature for the undercurrent results from a balance between advection 
and relaxation. For simplicity, we assume that the Tu= Tsw beneath the WP. With this 
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choice, the solution of (3.36) is (3.3 1). As shown in the next subsection, the variation of uo_ 
is assumed to be linear across the eastern half of the tropical Pacific ocean, and so l can be 
calculated easily if we assume that the undercurrent vanishes at the eastern boundary of the 
CP. Assuming that u0 _ max= 50 cm s-1 and T 00 = 288 K, and that the WP and CP have equal 
widths, the temperature variation as a function of xis shown in Fig. 3.15. The undercurrent 
basically occurs in the thermocline, so the undercurrent slopes upward from west to east. 
This suggests that the temperature of the undercurrent should be almost uniform across the 
basin. Fig. 3.15 indicates that our model gives this result. 

3.4.b Horizontal momentum equations 

Our derivation in Appendix 3 shows that the steady-state momentum budget for the 
ocean mixed layer satisfies 

(3.37) 

where (:fu)s is the surface wind stress. According to Neelin et al. (1998), the primary 
balance for the momentum budget of the surface mixed layer is between the surf ace wind 
stress and the horizontal pressure gradient force so that 

(3.38) 

We are interested in finding the thickness of the thermocline at the CP-WP boundary, 
which we can do by integrating (3.38). This will be done later after the discussion of the 
mixed layer pressure gradient. 

For the undercurrent, we assume that the momentum equation is characterized by a bal-
ance between the gradient of zonal kinetic energy and the horizontal pressure gradient 
force: 

(3.39) 

Integrating (3.39) across the CP under the condition that u0 _ = 0 on the eastern boundary, 
we obtain (3.33), where the positive root was taken since the undercurrent is westerly. As 
noted by McCreary ( 1981 ), reflection at the eastern boundary of the tropical Pacific 
generates waves which have westward group velocities. McCreary found linear solutions 
for the undercurrent as sums of Hermite functions . For the bounded response (i.e. 
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boundaries on both sides of the ocean basin) . McCreary chose the amplitude of the given 
Hermite mode so that the zonal components which are proportional to Hermite function 
cancel at the boundary. McCreary found that the maximum speed of the undercurrent 
occurs to the east of the wind stress maximum. For simplicity, we assume that the 
maximum speed of the undercurrent occurs at the CP-WP boundary, i.e. at x = aw. Hence 
the undercurrent should slow to the east of the CP-WP boundary due to an interaction with 
westward-propogating waves and to the decrease of the wind stress. We assume that the 
speed of u0 _ decreases linearly, and hence U0 decreases linearly due to our assumption of 
contant undercurrent thickness. From (3.32), this implies that the rate of upwelling is 
constant across the CP. Based on estimates provided by McCreary (1981), we assume that 
the mean pressure gradient in the thermocline [in (3.33)] is about 50% of that in the mixed 
layer, which is described below. 

A derivation in Appendix 5 shows that the vertical-mean mixed-layer pressure gradient 
satisfies 

(3.40) 

where Pw = p0( 1 - ~T) , is an assumed equation of state for the ocean. Because we have 
assumed that there are no horizontal temperature gradients beneath the WP, the first term 
on the RHS vanishes. If the pressure gradient is approximately constant with height in the 
mixed layer, then it can be shown that 

(3.41) 

where Llp is the jump in density across the thermocline, which we compute explicitly. For 
this model , we assume that T 00 = 293 K based on the observed vertical temperature variation 
through the equatorial thermocline (Philander 1990). Substituting (3.41) in (3.40) , and 
neglecting the first RHS term in (3.40), the horizontal pressure gradient force in the 
thermocline beneath the WP satisfies 

( 
1 dp) 

Pwdx M 
(3.42) 

In order to determine the depth of the thermocline, we substitute the RHS of (3.42) for 
the second term on the RHS of (3.38). This gives 
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(3.43) 

We argue that 8zD is the thickness of the layer over which momentum can be mixed, while 
ZD can be thought of as the depth of the 293 K isotherm. We assume a value for 
8zv = 160 m. Neglecting the small variation of the surface elevation (- 0.5 m across the 
equatorial Pacific), we assume zv = 0 at the eastern boundary of the CP. Under the 
assumption that the slope of the thermocline is linear across the tropical Pacific, we find 
that 

(3.44) 

i.e. the thermocline depth on the west side of the CP is proportional to the mean wind stress. 
The overbar denotes the horizontal average, which for (:f u)s, is taken as the wind stress in 
the middle of the CP. We have assumed a value for 8zD, which is too large compared to 
the observations (- 60 m; Philander 1990). However, as described in the next chapter, we 
find that ZD on the west side of the WP is between 95 m and 170 m, which is not too bad 
(- 150 m; Philander 1990). 

3.5 Radiative transfer 

In order to calculate the moisture and energy budgets in the radiator fin , we must set up 
the radiative transfer equations. Consider a boundary layer topped by stratocumulus clouds 
and/or trade wind cumuli with cloud fractionj8 and liquid water path LWP which are diag-

nosed from the sea surface temperature and the relative humidity of the boundary layer. 

3.5.a Longwave radiation 

Just as in Chapter 2, we parameterize the net longwave radiation at the TOA and surface 
in terms of the surface temperature and precipitable water. We assume that the longwave 
flux at the TOA and surface are given by (2.38) and (2.40), respectively. 

Under cloudy skies, we assume that 

- 4 
2(S, cld = 2(S, cir - ( 1 - £ B)EscCJT CL · (3.45) 

Here £-8 is the downward emissivity of the boundary-layer atmosphere. The cloud 
emissivity is assumed to satisfy Esc = 1 - e - t sc , where 'tsc is the longwave cloud optical 
depth . FollowingStephens (1 978), 'tsc = kscLWP andksc= 150m2 kg-1. The cloud-base 
temperature T CL is assumed to be the temperature of the environment at the lifting 
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consensation level. 
For cloudy skies, the OLR is assumed to satisfy 

(3.46) 

where, as mentioned previously, . W FC is the column water vapor above the CPBL. This 
equation is identical to (2.38), except that T8 and W FC replace the SST and total precipitable 
water. Basically, we are assuming that the cloud emits as a blackbody and that the 
important variable absorber is water vapor. This assumption requires boundary-layer 
clouds in our model to be optically thick. 

We define the net longwave flux for level i as 

+ -
j{i = 1( i - 1( i ' (3.47) 

where the+ and - denote upward and downward fluxes, respectively. 
For partially cloudy skies, the longwave radiation at level i is given by 

(3.48) 

In order to compute the radiative cooling rate of the free troposphere, we write the 
clear-sky longwave fluxes at the TOA and surface as 

(3.49) 

(3.50) 

respectively. In general, the upward and downward emissivities of the free troposphere and 
boundary layer differ (Rodgers 1967). We assume for simplicity that T £, the emission 
temperature of the boundary layer, is the arithmetic mean of temperatures at the top and 
bottom of the boundary layer. The emissivities can be evaluated, as described below. Then 
we can solve for I' F and T F• which are the upward and downward emission temperatures 
of the free troposphere. 

Neglecting shortwave absorption, the radiative cooling rate of the free troposphere fol -
lows as 

For this model , we assume that 1::.2{.F = 9x.R00 - 9{RB , i.e. that shortwave absorption has 
a negligible effect on the radiative cooling rate of the free troposphere. We neglect the 
effect of CPBL clouds on the radiative cooling of the free troposphere, as they have only a 
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marginal effect (Stephens and Webster 1979). The clear-sky emissivity for the CPBL is 
parameterized as 

4 

£+- = IcatlogW/ , (3.52) 
i = I 

where the coefficients ai are described in Rodgers (1967) and Stephens and Webster 
(1979). This form of the emissivity was proposed by Rodgers (1967) and then extended by 
Stephens and Webster (1979) to include water vapor continuum absorption. Plots of the 
emissivity as a function of water vapor are shown in Rodgers ( 1967) and in Stephens and 
Webster (1979). 

3.5.b Shortwave radiation 

Following Chapter 2, the transmissivity :3 of shortwave radiation through the atmo-
sphere is given by 

(3.53) 

where~. the solar zenith angle, is assumed to be 0.5. With reference to Fig. 3.16, 3F and 
3 B are the transmissivities of the free atmosphere and boundary layer, respectively. These 
transmissivities are calculated by replacing We in (3.53) by WF or Ws. As depicted in 
Fig. 3.16, asc and as are the albedos of the cloud and surface, respectively. 

Troposphere, layer F 

asc 

Boundary iAyer, layer B 'ts\ vi as 
------------,-~---------- Zs 

FIGURE 3.16: Schematic illustrating cloudy shortwave radiative transfer over the 
CP. 
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We assume that the upward shortwave radiation at the TOA satisfies 

(3.54) 

where A represents the absorptivity of shortwave radiation by the stratosphere, and we have 
assumed that reflected shortwave radiation is not absorbed in the stratosphere. Given the 
downward shortwave radiation at the TOA, S-oo, we have 

(3.55) 

Again, following Chapter 2, the cloud albedo, ase is given by 

(3.56) 

and (a5c)max is a predetermined maximum possible cloud albedo, 'tsw is the shortwave 
optical depth of the stratocumulus cloud, and -r0 is a parameter that can be related to 
particle scattering asymmetry. The shortwave cloud optical depth is parameterized 
according to 

(3.57) 

where cse = 150 m2 kg-1. 

For overcast skies, the shortwave radiation absorbed by the surface is given by 

(3.58) 

where S -oo( 1 -A)g Fis the shortwave radiation which has been transmitted down to cloud 
top, 1 - Use represents the fraction of the radiation which emerges from the bottom of the 
cloud, and 1 - as represents the fraction of radiation which is absorbed by the surface. 

The net shortwave flux for level i is defined as 

- + S; = S;-S ;. (3.59) 

For partly cloudy skies, the net downward shortwave at level i is 

(3.60) 

where Si,clr is described in Chapter 2. 
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3.6 Summary of the solution method for the coupled system 

Up to this point, we have been discussing the energy and moisture balance equations 
for the CP and WP separately. However, for equilibrium to exist, the coupled system must 
have energy and moisture balance. 

The energy and moisture balance equations for the Walker circulation are given by 

(3.61) 

(3.62) 

In deriving these equations, we have neglected meridional exchanges of moisture and 
energy. 

Substituting from (3.1) and (3 .2) in order to eliminate the quantities for the WP region, 
(3.61) and (3.62) become 

(3.63) 

(3.64) 

Equations (3.63) and (3.64) are actually equivalent to (3.8) and (3.9), respectively. We have 
just re-derived them to show that they follow from moisture and energy balance for the 
entire system. We need not consider (3.64) further, because we have shown previously that 
:Jq is derived directly from the mean evaporation rate for the CP. Thus (3 .64) is identically 
satisfied. As discussed previously, :JH is derived independently of the atmospheric energy 
balance for the CP, and so (3.63) may not be satisfied. This provides a constraint on the 
system which we can use to compute O'w. 

Table 3.2 lists all the equations and unknowns in the atmosphere and ocean models, ex-
cept for those from the radiation and cloud parameterizations. The equation denoted by adv 
refers to the water vapor advection model described earlier in this chapter. As shown be-
low, the atmosphere model contains 21 equations and 21 unknowns, and the ocean model 
has 7 equations and 7 unknowns. 

Due to non-linearities in the model, we have not yet found an analytical solution and so 
iteration was used to find a solution. Although iteration is a perfectly acceptable solution 
method, uniqueness of the solution is not guaranteed. In fact, multiple equilibria are a di -
tinct possibility for a simple box model (i.e SL96). As described later in Chapter 4, the equi-
librium solution is insensitive to differing initial conditions for the limited number of cases 
that we have tried. 
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TABLE: 3.2 a: Equations and Unknowns in the Atmosphere Model 

Atmosphere 

Equation Unknown Definition 

2.11 !WP ice water path 

2.13, 3.23 Tw, '4:s mean evaporation rate in the WP 
and at the center of the CP 

2.16, 2.17, Zr, Tr, Y tropopause height, tropopause 
2.62 temperature, lapse rate parameter 

2.33 qsw specific humidity in the WP region 

adv3 WFE precipitable water in the free 
troposphere above the CP 

3.1 Ww precipitable water in the WP 
region 

3.3 Pw precipitation rate in the WP region 

3.5, 3.6 :fH, lateral moist static energy and 
latent heat transports 

3.7, 3.9 aw, crc widths of the WP and CP 

3.8, 3.15 UBJ, TIBI vertical-mean wind speed and 
pressure thickness of the TWI 

3.10 qBI vertical-mean boundary-layer 
specific humidity at the CP-WP 

boundary 

3.11 WB subsidence rate at the top of the 
TWI 

3.12, 3.25 UA, :MB mass flux from the WP to CP/mass 
flux through the TWI 

3.16 atmosphere HPGF horizontal pressure gradient force 

a. Refers to water vapor advection model. 
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TABLE: 3.2 b: Equations and Unknowns in the Ocean Model 

Ocean 

Equation Unknown Definition 

3.30 Tsw SST in the WP 

3.31 TsE SST on the east side of the CP 

3.32 Tu undercurrent temperature 

3.34, 3.35 uo_, uo undercurrent/mixed-layer current 

3.43 ocean HPGF horizontal pressure gradient force 

3.45 ZD depth of the thermocline 

The method of solution is as follows . We first find a solution for the WP region. That 

is, we guess initial values for ~q, ~H, Ts£, and the surface wind speed. From these, Tsw is 

computed as that which gives surface energy balance for the WP. Based on the SST differ-
ence between the WP and CP, we compute the boundary-layer wind speed and the ocean 
currents. If the wind speed does not match the guessed value, an iteration is carried out until 
the SST difference and wind speed are mutually consistent. The CP SST is then calculated. 
If the calculated value does not match the previously guessed value, then the boundary-lay-
er wind speed must be re-calculated and the process repeated until the error between a pre-
vious value and the current calculation is less than 0.1 K. Similar iterations are carried out 
so that the differences between the current and previous calculations of horizontal moisture 
and energy fluxes are small. 

At this point, the calculation is consistent, but we do not yet have a solution for the WP. 
We must check to see if the horizontal transport of moist static energy from the WP region 
balances the net heating of the atmosphere in the WP region. If the horizontal energy trans-
port from the WP is smaller than the net heating of the atmosphere, we must increase q5. 

Recall from Chapter 2 that our surface humidity assumption relates q5 to the precipitable 

water, W. Through the radiative effects of increased W, an increase of q5 can also affect the 

TOA energy balance of the WP. If q5 must be changed, then the entire process must be re-

peated until the calculation is consistent and the horizontal energy transport balances the 
net heating of the atmosphere in the WP region. The result is a WP solution for a given crw. 

The boundary-layer wind speed, the ocean currents, Tsw and TsE are all known following 

this calculation. However, (3.63), which is the condition for energy balance of the CP, m y 
not be satisfied. Hence this iteration is 
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I Guess values for u8c, :Fq, 'fJz I 
--::::: 

-...,, 
-::::, 

'r ---

Calculate Tsw and W for 
Warm Pool 

,, 
I Guess IIBI I 

-,-
( Calculate ro8 and uBI. ) 

I Calculate TIBI· Small error? 

Yes 
No - Update TIBI. 

'r 

Calculate TsE and SST gradient. 
Small error for SST gradient? 

Yes,, No - Update ~SST. 

Compare guessed and calculated 
values of uBI. Small error? 

Yes No - Update uBI. ,, 
Calculate !F:f Compare calculated 
and guesse values. Small error? 

Yes,. 
No - Update !Fq· 

Calculate !f H- Compare calculated 
value with N.,00 Is difference small? 

Yes,. No - Update W 

I Compare cr vi,. '>lsc- 'J.l,,c) and 1' Haw I 
Is the difference small? 

Yes_l . No - Update aw 
Solution 

FIGURE 3.17: Flow chart illustrating the detailed process by which an equilibrium 
solution for the coupled model is found. 
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is repeated for a range of crw values; and both terms of (3.63) [or, equivalently (3.8)] are 
plotted as a function of crw- Figure 3.17 illustrates this iterative process graphically. 
Fig. 3.18 displays an equilibrium solution obtained using this method. A solution is given 
by an intersection of the two curves, which, for this example, is aw= 0.33 . Characteristics 
of the solution are discussed in Chapter 4. 

150 ,--------------------, 
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0 ~-_.___......, _ __._ _ ____. __ ..___......_ _ _._ _ _.. 
0.2 0.3 0.4 0.5 0.6 

Fractional width of Warm Pool (aw) 

FIGURE 3.18: Energy balance for the CP as a function of WP relative area. The 
dashed line shows the horizontal energy flux per unit area into the CP. The solid 
line depicts the vertical energy flux divergence for the CP. An equilibrium is 
denoted by the intersection of the two curves. 
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CHAPTER4 

Results 

4.1 Introduction 
In this section, we describe and compare and contrast our results with the recently pub-

lished box models discussed in Chapter 1. Our objective is to show the roles of the compo-
nents of the ocean-atmosphere coupled system. For instance, we compare results in which 
cloud radiative effects are alternatively included and excluded from the simulations. The 
influence of cloud radiative effects over the CP has already been investigated in a very sim-
ple way by Miller (1997) and by Larson et al. (1999). The cloud fraction in their models, 
as well as in ours, is determined from an observed linear relation (Klein and Hartmann 
1993) between low-level stability, as measured by the 700 mb-surface potential tempera-
ture difference, and cloud fraction. 

Miller and Larson et al. assumed a value for the horizontal energy flux divergence in 
the CP, and so the interactions between atmosphere and ocean circulations were sup-
pressed. With our model, we are able to simulate such interactions explicitly, and therefore 
it is interesting to see how our results differ from theirs. It seems evident that cloud radia-
tive effects in the CPBL can be modulated by the ocean circulation. As the cloud 
cover/optical depth increase , the flux of shortwave radiation at the surface decreases, and 
so the SST decreases. Assuming that SST for the WP remains constant, the decrease of SST 
for the CP would increase the surface wind stress and the intensity of the ocean circulation. 
If the SST of the CP were to decrease, we would expect the trade-wind inversion to inten-
sify, assuming that the temperature in the free troposphere remained constant. Such a per-
turbation might lead to an increase of CPBL cloud cover, which in tum, could intensify the 
initial perturbation. These interactions are explored in depth in Section 4.4b. 

We also describe the radiative effects of high clouds over the WP, which were largely 
neglected by Pierrehumbert (1995) under the observationally based assumption that long-
wave and shortwave cloud radiative forcings cancel at the TOA. Because of the observed 
near-cancellation for the current climate, high clouds over the WP do not affect the total 
amount of energy which must be exported to the CP region and mid-latitudes. However, 
the clouds do impact the vertical distribution of radiation fluxes compared to clear skies. 
The radiative effects of clouds reduce the shortwave flux absorbed by the ocean and reduce 
the longwave radiative cooling of the atmosphere. Based on the dominant surface balance 
between the surface evaporation rate and the net surface shortwave flux 
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(Cornejo-Garrido and Stone 1977), it has been proposed that the evaporation rate decreases 
to compensate for the reduction of absorbed shortwave radiation produced by optically 
thick high clouds (Pierrehumbert 1995; Larson et al. 1999). Results from their two-box 
models support this conclusion. 

In our model, the friction velocity is based on the calculated wind speed and an assumed 
transfer coefficient. Although we do assume that the sea surface-surface air temperature 
difference is small for the equilibrium climate, our model includes a much larger range of 
ocean-atmosphere interactions than do previous box models. Our model should therefore 
provide more definitive evidence on the role of high-cloud radiative feedbacks over the WP 
in modulating the tropical climate. We present results for the simulated Walker circulation 
in which high-cloud radiative effects for the WP are alternatively included and excluded. 

This chapter is organized as follows . Section 4.2 describes results from our base case 
in which there are clear skies over the CP, while Section 4.3 discusses the sensitivities of 
our solution. In Section 4.4, we examine how cloud radiative effects influence the solution. 
Section 4.5 describes the feedbacks on SST when the solar constant is perturbed. 

4.2 Base case 

Table 4.1 shows the specified parameters which were assumed for all cases unless oth-
erwise noted. The assumptions of a zero-temperature difference between SST and SAT and 
an autoconversion rate for IWP were described in detail in Chapter 2. A cloud fraction of 
0.5 for the WP region was chosen to be in rough agreement with the observations, although 
our specification is slightly low. Basically we chose f = 0.5 because it gives better results 
than for a larger cloud fraction. The bulk evaporation and momentum coefficients were 
specified based on Deardorff (1972). We prescribe a much lower transfer coefficient than 
that suggested by Deardorff because we parameterize the evaporation rate as a function of 
the mean specific humidity in the trade-wind layer, rather than in the well-mixed planetary 

boundary layer. The evaporation efficiency, defined as /!:i = ( 'E - P) I 'E , determines the 

fraction of evaporated water vapor, which is transported into the WP region. The sensitivity 
of the solution to /!:i will be discussed later. 

Figure 4.1 depicts the horizontal energy flux convergence (dashed line) and vertical 
energy flux divergence (solid line) for the CP. As discussed in the previous chapter, an 
intersection of these curves denotes an equilibrium solution for the Walker circulation. As 
aw increases from 0.2 to 0.6, horizontal energy export from the WP increases from 

25 W m-2 to 160 W m-2. The vertical energy flux divergence decreases from 50 W m-2 to 

-50 W m-2 for the same range of aw values. As can be seen from the figure, our solution 
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occurs for aw= 0.27 and '1{_ 00 c - 'J{_ sc = 35 W m-2. The reasons for this behavior will 

become clear shortly. For a given set of parameters, our iterative technique has resulted in 
only a single solution. Although we certainly have not proved that no additional solutions 
exist, we have yet to find any additional solutions. For at least some cases, an identical solu-
tion results for different initial conditions. 

TABLE: 4.1: Specified parameters 

Variable Value 

SST-SAT temperature OK 
difference 

autoconversion rate for ice 2,000 s 
water path 

WP cloud fraction 0.5 

bulk evaporation 0.2 X 10-3 
coefficient 

bulk momentum coefficient 0.8 X 10-3 

length of the ocean basin 1.5 X 107 m 

minimum undercurrent 293 K 
temperature (Tu) 

Evaporation efficiency 0.4 

The solution is summarized in Table 4.2. As can be seen from the Table, the SST dif-
ference across the equatorial ocean basin is approximately 10.3 K, which is somewhat 
larger than observed. As Philander ( 1990) shows, the maximum SST difference on the 
equator is about 6 K, but the difference increases to 8 Kat 5° S. McCreary (1981) estimates 

the maximum intensity of the undercurrent to be greater than 1.2 m s-1. As shown in 

Fig. 4.2, the undercurrent in the central Pacific varies between 1.9 m s-1 and approximately 

-0.5 m s- 1. Nevertheless, the mean seems to hover near 1.1 m s-1. As shown in Table 4.2, 

our model diagnoses the mass flux to be 1.34 x 105 kg m- 1 s-1, which for a 100-m thick 

undercurrent and Pw = 1000 kg m-3, implies that the maximum undercurrent is 1.34 m s- 1. 

Although the simulated current is somewhat stronger than those depicted in Fig. 4.2, this 
value represents the maximum current for our model, and thus may not be an overestimate. 
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FIGURE 4.1: Energy balance for the CP as a function of WP fractional width.The 
dashed line shows the horizontal energy flux per unit area into the CP. The solid 
line depicts the vertical energy flux divergence for the CP. An equilibrium is 
denoted by the intersection of the two curves. 

This result demonstrates that ocean dynamics are sufficient to produce a realistic equi-
librium solution which does not depend on cloud radiative effects over the CP. The result 
depends on the specified value of T 00 , which for the base case is 293 Kand which represents 

the minimum vertical-mean temperature for the undercurrent. We derived an expression for 
the undercurrent temperature (3 .31), but Fig. 3.15 shows that Tu = T 00 for most of the x 

domain east of the CP-WP boundary. Because the simulated current for the coupled model 
is nearly three times more intense than that assumed to derive Fig. 3.15, Tu= T00 for an even 

larger fraction of the x domain. Because Tu = T 00 for most of the x domain, hereafter we 

refer to Tu and T 00 interchangeably. In deriving our results, the temperature Tu was tuned; 

simulations with Tu= 293 K were found to give better results than those with Tu= 288 K. 

However, the sensitivity of our results to the assumed value for Tu shows the importance 

of ocean dynamical effects on the equilibrium solution. 
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TABLE: 4.2: Base Case Results 

Variable Value 

Fractional width of the WP 0.270 
(aw) 

Tsw 306.5 K 

\Vann-Pool W 64.9 kg m-2 

TsE 296.2 K 

Cold-Pool W 23.6 kg m-2 

Maximum depth of the 219 mb 
CPBL 

Maximum vertical-mean -9.6 m s-1 

zonal wind in the CPBL 

Surface Latent heat flux in 106.9 W m-2 

CPBL 

Ocean mass flux 1.34 x 105 kg m- 1 s- 1 

Mixed-layer thickness 94m 

Net cloud radiative forcing -1 .5 W m-2 

at WP TOA 

Lateral moist static energy 90.3 W m-2 

transport ( .rH) 

Lateral latent heat transport -121.5 W m-2 

(.rq) 

The precipitable water for the WP simulated by the model is about 30% larger than that 
observed by satellite (Fig. 4.3). The dataset shown below is an average of Januaries 
between 1988 and 1991 . For the WP region, the mean precipitable water appears to be near 

50 kg m-2. As compared with the subsiding regions of the tropics, the simulated precipita-
ble water for the CP region is quite realistic. As we discuss later, the model's overestimate 
of precipitable water fo r the WP leads to an overestimate of Tsw- As shown in Fig. 1.1, a 

reasonable large-scale average for Tsw is approximately 302 K, and so the SST simulated 

by our model is 4.5 K too warm. 
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FIGURE 4.2: Plot taken from the TOGA TAO web site. Hourly data for the zonal 
current on the equator at longitude 140° W and a depth of 80 m. 

The inversion height for our solution is 781 mb, which makes the CPBL only about 19 
mb deeper than is generally observed (Haraguchi 1968). There are cases, however, in 
which Haraguchi found the lowest inversion height to be higher than 750 mb. As discussed 
in Chapter 3, we have combined the trade-wind boundary layer with a layer of easterlies 
above. In nature, the layer of easterlies extends 200 mb above the CPBL, while the CPBL 
itself is about 200 mb thick. For our model, the pressure thickness for this idealized layer 
should be about 300 mb. When TIB/ decreases to significantly less than 300 mb, the bound-

ary-layer pressure gradient tends to be somewhat weak. As a result, the surface wind stress 

is relatively weak ( < 10 m s-1 ), even though the SST gradient is too strong. Thus, a shallow 
thermocline (94 m) is a consequence of a weak pressure gradient. 
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Precipitable Water, kg m·2 

120 E 150E 180 150W 120W 

FIGURE 4.3: Contour plot of precipitable water in kg m·2 from SSM/1 satellite 
observations for an average of Januaries between 1988 and 1991. The contour 
interval is 5 kg m·2. 

The simulated evaporation rate for the CP is not too different from the observed value, 

i.e. 107 W m·2 compared to 98 W m·2 obtained from the TOGA TAO buoys (Zhang and 
McPhaden 1995). We have assumed that 40% of the water vapor evaporated from the CP 
is transported to the WP. Although this assumption provides a realistic simulation, Webster 

(1994) estimated that the net freshwater flux (P- 'E) in the ocean is slightly positive in the 
central and eastern equatorial Pacific. Thus, we may be underestimating the precipitation 
rate over the CP. Although trong precipitation events are somewhat rare over the CP, driz-
zle is a frequent occurrence off the coast of South America. As shown in Fig. 4.4, the pre-

cipitation rate on the equator and to the east of 150° Wis approximately 1 mm day·1, which 

equates to a latent heating of 29.2 W m·2. Even though this value is small, the surface latent 

heat flux in this region is of order 30 to 50 W m·2. Hence, a significant proportion of the 
water vapor supplied by evaporation is not available for export to the WP. 

Our results differ from those of M97 and L99 in that we specifically include the effects 
of precipitation on the CPBL moisture budget. Miller solved for the evaporation rate as that 
which balances the moisture budget, based on a prescribed relative humidity profile. 
Because the relative humidity in the CP region would have to be much larger without pre-
cipitation, an assumed relative humidity profile based on the observations implicitly 
includes the effects of precipitation. Larson et al. did not specifically account for precipi a-
tion, but parameters in the moisture and energy budgets were tuned to provide tropics-like 
solutions. For instance, the relative humidity for the WP region is computed based on an 
assumed fraction by which eddy fluxes augment the large-scale flux of water vapor. There 
is no justification for such a parameter other than that it gives good results. 
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FIGURE 4.4: Tropical precipitation rate in mm day·1 from the Global Precipitation 
Climatology Product for an average of Januaries between 1988 and 1992. The data 
were derived from the SSM/1 algorithm. The contour interval is 3 mm/day. 

One point of note here is that the simulated net cloud radiative forcing at the TOA for 

the WP is approximately -1 .5 W m·2, which agrees extremely well with observations from 
the Earth Radiation Budget Experiment (Kiehl 1994). As described in our literature review, 
meridional energy export by the Hadley circulation reduces the total amount of energy 
which must be transported either zonally by the Walker circulation or vertically by radia-
tive cooling. Previous box models (e.g. Larson et al. 1999) have assumed a horizontal 

energy flux divergence of 20 to 25 W m·2 from the simulated tropical circulation. Noting 

that ~q = -121 W m·2 and ~H = 90 W m·2, which are about 20% and 50%, respectively, 

larger than the values assumed in Chapter 2, the model must adjust so as to cool the WP 
region sufficiently to reach energy balance. 

Even though we compute the relative width of the WP, we show a series of plots as a 
function of aw, In order to do this, we must violate the constraint imposed by (3.63); that 

is, the vertical flux divergence of energy in the CP region no longer balances the energy 
imported laterally from the WP. Despite the violation of this constraint, the plots are of 
interest in order to illustrate the basic mechanisms which control the equilibrium solution 
of the WP. 

From Fig. 4.5, we see that Tsw and TsE increase and decrease, respectively, as aw 
increases. The precipitable water for the WP region (not shown) more than doubles, 

increasing from 55 kg m·2 to 130 kg m·2 as aw increases from 0.2 to 0.6. Figure 4.1 shows 

that the rate of lateral heat transport from the WP atmosphere increases with aw. Because 

we assume that the surface energy budget in the WP is in equilibrium, the heat transported 
laterally from the WP must balance the net flux of energy at the TOA of the WP region. As 
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the rate of lateral heat transport increases, the energy absorbed at the TOA of the WP region 
increases, because the greenhouse effect intensifies as aw increases. The surface tempera-

ture at the east side of the CP decreases due to the effects of cold-water upwelling. 

Although the column water vapor increases by 20 kg m-2 above the CP and causes the long-
wave radiative cooling rate at the surface to decrease, its effect on the surface energy budget 
is negated by a doubling of the ocean mass flux . The large heat capacity of the cold water 
overwhelms the radiative effect of more water vapor; and so TsE decreases. 
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FIGURE 4.5: SST for the WP (solid line) and eastern boundary of the CP (dashed 
line) as a function of WP relative area. The equilibrium value is given by the 
intersection in Fig. 4.1. 

We must now interpret the changes of precipitable water with aw. Figure 4.1 shows that 

the horizontal energy import per unit area for the CP increases by more than a factor of five 
as aw increases. This occurs due to an increase in heating of the WP region and due to a 

decrease in the width of the CP. An analysis of the moist static energy flux, U A (hFI - h8 ,) , 

and the latent heat flux , U AL(qn-q81 ) , indicates that the magnitudes of the fluxes 

increase as aw increase, even if the precipitable water is initially held constant. Although 

the subsidence rate remains approximately constant initially (for constant precipitable 
water), crc decreases and so UA = w8crclg decreases. In addition, crw= aw cr, which is in the 
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denominators of !lq and !JH, increases as aw increases. As result, the magnitudes of !lq and 

!f H increase. The increase of !lq, which amounts to a decrease in the amount of moisture 

imported from the CP to WP, causes the precipitation rate in the WP to decrease and there-
fore the cloud albedo to decrease. As a result, the net radiation flux at the TOA in the WP 
region increases slightly. In order to balance the WP region energetically, the precipitable 
water above the WP region must increase, and so the net flux of radiation above the WP 

column decreases and !f H increases. As mentioned above, a stronger greenhouse effect is 

induced by an increase of precipitable water, which causes the SST for the WP to increase 
as aw increases. 
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FIGURE 4.6: Radiative heating (solid line; left axis) in units of W m-2 above the 
CPBL and horizontal mass flux (right axis; dashed line) in units of kg m-1 s-1 as 
functions of WP fractional width. 

Although TsE decreases with aw, the precipitable water above the CPBL increases with 

aw, Additional water vapor is advected to the CP region because the precipitable water over 

the WP increases as aw increases. As can be seen from Fig. 4.6, the radiative cooling rate 

increases by 100 W m-2 due to the increase of free-tropospheric water vapor. As described 
in Chapter 3, the atmospheric mass flux, UA , is proportional to the radiative cooling, and so 

it increases by 12.5% as aw increases from 0.2 to 0.6. The increase of UA is limited, despite 
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an increasing radiative-cooling rate, because the width of the CP and the pressure thickness 
of the trade-wind boundary layer decrease as aw increases. As the width of the CP 

decreases, UA decreases for a fixed radiative cooling rate, since the area through which the 

air is cooled decreases. The subsidence rate decreases as the denominator in (3.10) 
increases. The difference between s8 , the dry static energy at the top of the TWI, and savg, 

the vertical-mean dry static energy of the free troposphere, which is in the denominator of 
(3 .10), increases as the pressure thickness of the TWI layer decreases. These two effects 
combine to give a decrease of UA-

4.3 Sensitivities of the solution to parameters 

The next step is to examine how the solution varies with the parameters specified in 
Table 4.1 . In particular, we wish to determine the response of the tropical climate to varying 
the specified minimum undercurrent temperature and the specified evaporation efficiency. 
Discussion of the sensitivity of the solution to tp,w the autoconversion rate for WP cirru , 

clouds, andf, the cloud fraction over the WP, will be deferred to Section 4.4, where cloud 
radiative effects are discussed in detail. 

As shown in Fig. 4.7a, Tsw is sensitive to~. but not to Tu· Holding Tu constant, Tsw 
increases by 10 K as increases from 0.2 to 1. As Fig. 4.7d shows, Tsw and W are 

well-correlated. Comparing Fig. 4.7a and Fig. 4.7c, it can be inferred that TsE is relatively 

insensitive to ~- The mass flux of the ocean prevents TsE from departing from Tu by more 

than 4 K. For fixed Tu, as~ increases, the east-west temperature difference increases. This 

occurs mainly due to the increase of Tsw with ~ . which was mentioned above. As the 

east-west temperature difference increases, we might expect the surface wind stress to 
increase. However, the thickn~ss of the TWI layer shrinks as aw increases, and so the sur-

face wind stress increases only slightly. Hence, the ocean mass flux increases only slightly, 

and for fixed Tu, TsE decreases by only 0.5 K as increases from 0.2 to one. 

From Fig. 4.7b, we note that for aw, the fractional width of the WP, the dependence n 

Tu is stronger than that for~ -However, for fixed Tu, aw has a maximum near~= 0.6. Wh t 

is going on here? The solution for aw must simultaneously satisfy several constraints. Even 

though Tsw and TsE are predicted based on their own surface energy budgets, aw determines 

the intensity of the SST gradient. It also determines the CP width through which air su -
sides into the CPBL, and thus ensures that the constraint of mass continuity holds. Finally, 
aw must adjust so that the energy transported laterally from the WP balances the vertical 

flux divergence of energy from the CP region. In general, the radiative cooling rate (not 
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shown) increases as d increases, and so aw is relatively constant. The increase in radiative 

cooling rate explains the increase of UA with d. Holding d constant, the radiative cooling 

rate decreases slightly as Tu increases. Because UA is relatively constant with Tu, the 

decrease in radiative cooling rate implies that aw must increase as Tu increases, which is 

what we see in Fig. 4.8a. Note that the changes of aw are relatively small across the entire 

phase space. 
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FIGURE 4.7: Contour plots of a) Tsw in units of K, b) aw, which is unitless, c) 
east-west SST difference in units of K, and d) WP precipitable water in units of kg 
m·2, as functions of the evaporation efficiency (~; unitless) and undercurrent 
temperature (Tu; K). The contour intervals for a, b, c, and d are 1 K, 0.01 , 1 K, and 
10 kg m·2, respectively. 
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As mentioned previously, our results differ from previous studies with box models i 
that we solve for aw. The interactions among the subsidence rate, the mass flux, and the 

relative width of the WP are not seen in Pierrehumbert (1995), Sun and Liu (1996), Miller 
( 1997), and Larson et al. ( 1999). Because none of these previous studies included a momen-
tum budget for either the ocean or the atmosphere, aw was a free parameter which could 

simply be specified. 
In order to understand the dependencies of the solution on these parameters, consider 

Fig. 4.7d. We see that the precipitable water over the WP is quite sensitive to L\. As .1 

increases, the CP exports a greater proportion of its evaporated water vapor to the WP. In 
order to balance the moisture and energy budgets, which depend on the latent heat trans-

ported laterally from the CP region , the precipitable water over the WP must increase as il 
increases. Due to the increasing greenhouse effect as the precipitable water increases, Tsw 
must increase as L\ increases. 

To see why W varies with .1 for fixed Tu, consider Fig. 4.8. For fixed Tu, the intensity 

of the Walker circulation, as represented by VA, increases as L\ increases. For fixed L\, its 

dependence on Tu is negligible. Figure 4.8b shows that the net energy flux at the TOA of 

the WP region decreases slightly as L\ increases. One would think that the circulation could 

weaken as L\ increases, since the precipitable water over the WP also increases with L\. The 
reason this does not happen is that the water vapor supplied from the CPBL increases 

strongly as L\ increases. The mean evaporation rate for the CPBL varies by only 20 W m-2 

across the entire phase space depicted in Fig. 4.8. But the net latent heat flux (that is, the 

evaporated water which is available for transport to the WP) increases from 20 W m-2 for 

L\ = 0.2 to 120 W m-2 for L1 = 1. The net result is that W, and to a lesser extent, VA must 

increase as L\ increases. 

VA increases with L\ because the radiative cooling rate increases with L\. As L\ increases, 

the radiative cooling rate triples and therefore contributes to a much larger subsidence rate. 

It can be shown that VA = ro8 crc l g. Because CJc = (l-aw)CJ does not vary strongly with 

L1, UA is essentially proportional to ro8 as L1 increases. As can be seen from Fig. 4.8b, '1{_ 00 

is essentially independent of L\ (and of Tu for that matter), and so J'H must remain constant 

as L\ increases. Recall that the water vapor budget controls the lateral transport of moist 
static energy, since we have assumed that no temperature gradient exists at the CP-WP 
boundary. Because VA increases as L1 increases, hFI- h81 must decrease. As mentioned pre-

viously, q81 increases strongly as L\ increases, which implies that q5 must still increase as L1 
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FIGURE 4.8: Contour plot of a) UA in kg m·1s·1 and b) '1{ 00 in W m·2 as functions of 
the evaporation efficiency(~; unitless) and undercurrent temperature (Tu; K). The 
contour intervals are 0.5 kg m·1s·1 and 2.5 W m·2• 

increases. Our surface humidity assumption [(2.33)] relates the precipitable water to qs. As 
a result, W increases as increases. 

Our advection model can be modified to give much better results. As described in 
Chapter 3, we assume that the precipitable water over the CPBL advects from the WP 
region. Due to sinking motion in the CP free troposphere, precipitable water advected from 
the lower troposphere of the WP region cannot reach the central or eastern part of the CP 
region before it is entrained into the CPBL. For our simple advection model, we have 
assumed that the column water vapor over the central part of the CP free troposphere orig-
inates from the upper half of the troposphere at the CP-WP boundary. For the results pre-
sented above, this level is Pmid = 457 mb. Suppose we assume that the distribution of winds 
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change such that the precipitable water comes from the upper 70% of the WP free tropo-
sphere, rather than from the upper 50%. As can be seen from Table 4.3, the solution is much 
improved. The values for Tsw and TsE are quite realistic, as are the values for the precipi-

table water. Although we tried to moisten the CP region , the model responded by drying. 
Even the maximum depth of the thermocline is much closer to the observed value of 150 
m (Philander 1990). The water vapor originated from pressure level Pmid = 550 mb, which 

differs from the original solution by less than 100 mb. 
The reason for this difference derives from the increased radiative cooling rate for a 

given value of the WP precipitable water. For the "wet troposphere" elution, a stronger 

TABLE: 4.3: Wet troposphere solution 

Variable Value 

Fractional width of the WP 0.279 
(aw) 

Tsw 301.7 K 

Warm-Pool W 43.5 kg m-2 

TsE 295.8 K 

Cold-Pool W 22.0 kg m-2 

Maximum depth of the 236mb 
CPBL 

Maximum vertical-mean -10.2 m s-1 

zonal wind in the CPBL 

Surface latent heat flux in 96.7 W m-2 

CPBL 

Ocean mass flux 1.42 x 105 kg m- 1 s- 1 

Mixed-layer thickness 163 m s-1 

Net cloud radiative forcing -3.5 W m-2 

at WP TOA 

Lateral moist static energy 93.4 W m-2 

transport ( .'.TH) 

Lateral latent heat transport -104 W m-2 

( .'.T q) 
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radiative cooling rate produces a stronger subsidence rate and hence contributes to an 
intensified Walker circulation. As a result, the model reaches equilibrium for a much lower 
value of precipitable water in the WP region. Our result suggests that water vapor over the 
CP originates from a lower level than that assumed in our advection model. It also 
demonstrates the extreme sensitivity of the solution to the amount and vertical distribution 
of water vapor over the CPBL. 

4.4 Cloud radiative effects 

We next wish to consider the effects of cloud radiative forcing on the solution. Recall 
that Miller ( 1997) specified the cloud radiative forcing, while Larson et al. ( 1999) specified 
the cloud optical depths over both the WP and CP and the cloud fraction over the WP. 
Although we specify the cloud fraction for the WP region, we calculate the optical depths 
for clouds in the WP and CP regions. 

4.4.a Cloud radiative forcing over the Warm Pool 

We examine the response of our solution as a function of specified cloud fraction and 
autoconversion rate. Figures 4.9a, b, c, and d show the equilibrium values for Tsw, aw, 

liTs = Tsw- Ts£, and precipitable water in the WP region (W) , respectively, as functions of 

f and tprec- For low tprec andf, Tsw and liTs increase as tprec andfincrease. For 0.6 ~f 0.4, 

liTs and Tsw are insensitive to changes of tprec- The largest values for these two quantities 

occur for tprec = 1000 s andf = 0.85. Forf> 0.6, Tsw and liTs decrease as tprec increases, but 

only slightly. For fixed!, aw increases monotonically as tprec increases. For fixed tprw a 

maximum value of aw occurs near f = 0.55. Precipitable water over the WP increases as f 
and tprec increase, although its response to increasingf is larger than that for increasing tprec-

The maximum value of Wis approximately 101 kg m-2, which is extremely large. 
It is somewhat surprising that Tsw increases as the cloud fraction increases. As dis-

cussed previously, the cloud optical depth for anvil cirrus over the WP is proportional to 
tprec· For thin clouds and low cloud fraction , the surface shortwave heating is at a maxi-

mum. Nevertheless, the ocean reaches its coldest temperatures there due to the relatively 
weak greenhouse effect of the water vapor and the cloud. This is the point in the f-tprec phase 

space at which the evaporative and longwave radiative cooling are at their maxima. As we 
move from the lower left-hand quadrant to upper right-hand quadrant in Fig. 4.9a, the 

shortwave flux into the ocean decreases by 150 W m-2 and the surface latent heat flux 

decreases by 60 W m-2. From Fig. 4.9d, the precipitable water increases by 50 kg m-2 

across this range. Even though the longwave radiative cooling must decrease by 90 W m-2 
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FIGURE 4.9: Contour plots of a) Tsw in units of K, b) aw, which is unitless, c) 
east-west SST difference in units of K, and d) precipitable water in units of kg m·2, 
as functions of autoconversion rate (~rec; x 103 s) and WP cloud fraction (f) . The 
contour intervals for a, b, c, and dare 1 K, 0.025, 1 K, and 10 kg m·2, respectively. 

(and, in fact , becomes negative) in order to maintain surface energy balance, the large 
increase of precipitable water, asf and tprec increase, requires that Tsw must increase. 

This behavior can be explained with reference to the IWP as a function of tprec and f 

(Fig. 4.1 0c ). Recall from our discussion in Chapter 2 that the IWP is proportional to cloud 
optical depth. By design, the IWP increases as tprec andf increase. As discussed in Chapter 

2, for IWP > 0.075 kg m-2, £c1d = 0.99, and so the emissivity of the cloud is saturated ·or 
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values of the IWP larger than this threshold. For f = 0.25, the cloud emissivity increases 
from 0.75 to 0.99 and the cloud albedo increases from 0.3 to 0.56, as tprec increases from 

1,000 s to 5,000 s. The precipitable water increases by 7.5 kg m-2 over this tprec range. As 

a result, the intensity of the greenhouse effect increases more than that of the cloud albedo 
effect, and so Tsw increases slightly. For large!, the emissivity has saturated. Despite a sim-

ilar increase of the precipitable water, the cloud albedo effect dominates so that Tsw 
decreases slightly as tprec increases. 
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On the other hand, the precipitable water has an even larger impact for increases of the 
cloud fraction. For constant tprw the albedo cloud effect would dominate as the IWP gets 

larger than 0.075 kg m-2 if the precipitable water were to remain fixed. However, from 

Fig. 4.9d, the precipitable water increases by more than 50 kg m-2 and the resulting increase 
of the greenhouse effect prevents the albedo effect from reducing Tsw- Thus, the tendency 

for the temperature to decrease as the cloud fraction increases is counteracted by the 
increase of precipitable water. 

The area fraction, aw, and the east-west SST difference vary in order for the lateral heat 

transport between boxes to balance the vertical energy flux convergence of the WP region. 
Because we have assumed that the surface energy budget for the WP is balanced, the ver-

tical energy flux convergence in the WP region is given by 'l{ 00 • Figure 4.10a shows that 

it varies as a complicated function of tprec andf, which actually depend on Tsw, W, and the 

cloud optical depth. Comparing Fig. 4.9b with Fig. 4.1 0a, we note that the shapes of the 
contours are similar, although aw has a maximum for f = 0.55. For specified tprec andf, the 

model finds values of Tsw and W which give surface energy balance. The mass flux 

(Fig. 4.10b), the WP area fraction (Fig. 4.9b), and the SST difference (Fig. 4.9c) all adjust 
so that the horizontal energy export balances the net energy flux at the TOA, which must 
also balance the net cooling of the CP region. 

The increase of precipitable water withf is required due to the increase of 'l{,00 and the 

decrease of UA asfincreases. As the cloud fraction increases, the flux of longwave radiation 

into the stratosphere decreases. As described in Chapter 2, the reduced longwave upwelling 
causes the troposphere height to increase and the tropopause temperature to decrease. As 
the tropopause rises, the air transported laterally to the CP region originates from higher 
levels in the upper troposphere of the WP, and is therefore much dryer than air that origi-
nated from lower levels. As a result of dry air being advected over the CP region, the radi-
ative cooling rate decreases. Comparing the small change of aw in Fig. 4.9b and the large 

change of UA in Fig. 4.10b as functions off, we deduce that changes in UA occur mainly 

due to changes in the subsidence rate. In addition, q81 increases in response to increasing 

the cloud fraction, because UA is in the denominator of the expression for q81 [(3.9)]. As a 

result of these changes, qs must increase strongly. Considering Fig. 4.9d and our surface 

moisture assumption, we infer that qs does adjust strongly. 

The response of our model to increasing cloud fraction can be compared to the feedback 
mechanism proposed by Lindzen ( 1990) for a doubled CO2 climate. In response to a dou-

bling of CO2, Lindzen hypothesized that cloud tops associated with convective activity 
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would rise, and so dryer air would be detrained and subsequently advected into the subsid-
ing regions of the tropics. As a result, a weakened greenhouse effect and diminished surface 
warming would result. Thus, convective activity would act as a remote negative feedback 
on surface temperature. In nature, however, the mid-level drying would also lead to a 
decreased radiative cooling rate, and hence, to a decreased subsidence rate. As suggested 
in Fig. 4.9, the precipitable water and SST of the WP must increase in order to compensate 
for the reduced intensity of the circulation. Thus, our findings suggest that this mechanism 
would act as a positive feedback on surface temperature, rather than as a negative feedback. 

The sensitivity of our model to increasing cloud fraction is also different than those of 
Larson et al. (1999), Miller ( 1997), and Pierrehumbert (1995). Recall that Miller (1997) 
specified the cloud radiative forcings over the WP, while Pierrehumbert (1995) neglected 
them altogether. In Larson's model, the SST of the WP decreased by 3 K as the high-cloud 
fraction increased from 0.2 to one. However, the relative humidity in their model was deter-
mined by an assumed closure relationship for the water vapor budget. A parameter is 
included in their closure which relates the large-scale upward flux of moisture to the eddy 
flux of moisture. Although their model gives good results, there appears to be no theoretical 
justification for their closure relationship. We employ a closure relationship in which the 
surface relative humidity is related to the total precipitable water in the convective column 
[(2.33)]; but ours is based on the observations. Despite this observational basis, it appears 
that the column water vapor in our model increases too strongly as the cloud liquid water 
changes. 

4.4.b Boundary-layer cloud radiative effects 

Following Miller (1997) and Larson et al. ( 1999), we now examine the influence of 
boundary-layer cloud radiative effects on the Walker circulation. The unique aspect of our 
study is that we explicitly include momentum budgets for the ocean and atmosphere. We 
expect that cold-water upwelling may feedback to influence our results. 

In order to first examine the sensitivities of the solution, we show results as functions 
of J8 , the specified boundary-layer cloud fraction , and 1:8 , the specified cloud optical depth 

for boundary-layer clouds. Although in nature we expect the cloud optical depth to 
decrease and the cloud fraction to increase with x in the CPBL, results in this section are 
first shown for the case in which the cloud fraction and optical depths are horizontally 
invariant in the CPBL. Our purpose is to show the sensitivity of our solution to bound-
ary-layer clouds, without the complication of horizontally varying cloud properties. 

Figure 4.11 shows contour plots of TsE in a, of aw in b, of the east-west SST difference 

in c, and precipitable water in the WP region in d, all as functions of CPBL cloud fraction 
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and cloud optical depth. For constant optical depth, TsE decreases as f8 increases. As a func-

tion of optical depth, TsE is relatively invariant for J8 < 2. The small response occurs 

because the cloud liquid water path remains small, no matter how large -r:8 becomes. For 

larger cloud fractions, TsE decreases with optical depth for 30 <-r:8 < 10, but then decreases 

only slightly for larger cloud optical depths. As the cloud optical depth increases from 10 
to 30, the cloud albedo increases from 0.42 to 0.57 . As the cloud optical depth increases 
from 40 to 100, the cloud albedo increases from 0.52 to 0.65. The smaller rate of increase 
for the cloud albedo for larger -r:8 explains the diminished response of TsE to increasing -r:8 . 

For the entiref8 --r:8 domain depicted in Fig. 4.11 , £8 > 0.999. Because the precipitable water 
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remains constant in response to changing 't8 , the decrease of TsE as 'tn increases is thus 
attributable to an intensifying the cloud albedo effect. The relatively small change in SST 
is due to the relatively small change in cloud albedo. Note that 'tn must be larger than 10 
for our model , because our radiative transfer parameterization assumes that the cloud emits 
as a blackbody. Since the cloud is assumed to be optically thick, we do not expect a large 
response to increasing 't8 further. 

For fixed 't8 , TsE decreases by at most 3 K, as f 8 increases from zero to one. The long-

wave radiative effect of the boundary-layer cloud plays a role in the small response. Even 
though the cloud emissivity does not change, the mean liquid water path for the region 
increases because J8 increases. As Fig. 4.1 ld suggests, the greenhouse effect of the 

clear-sky atmosphere increases too. The net effect is depicted in Fig. 4.12. Because the sur-
face latent heat flux remains approximately constant, the surface energy balance is deter-
mined by the difference between the surf ace shortwave flux and surface longwave flux. 

The shortwave flux into the ocean decreases by 190 W m-2, while the longwave radiative 

cooling decreases by 90 W m-2. As seen from Fig. 4.12b, the net energy balance at the sur-

face decreases by as much as 100 W m-2 asf8 increases. The clouds have a large impact on 

the net energy flux at the surface, due to the small amount of water vapor above the eastern 

part of the CP (WE - 12 kg m-2). The reason for the small response of TsE to changing the 

surface energy balance will be explained shortly. 
Figure 4.11 also shows that aw and Ware insensitive to changes of 't8 and sensitive to 

changes of J8 , This can be explained as follows. The vertical flux divergence of energy for 

the CP region is largely unaffected by changing the optical depth (since the clouds emit as 
blackbodies). As the cloud fraction for the CPBL increases, the vertical energy flux diver-
gence of the atmosphere increases, due to the longwave cloud radiative effect at the surface. 
For the sake of energy balance, this requires the CP width to decrease (aw increases). How-

ever, the change in aw causes the SST gradient to change. In order to maintain energy and 

moisture balance for the WP, the precipitable water must increase, just as before. This 
increase of precipitable water causes Tsw to increase, as deduced by comparing Fig. 4.1 la 

and c. The increase of precipitable water leads to an increase of the radiative cooling rate 
(not shown), and thus, to an increase of the subsidence rate. The depth of the boundary layer 
does not change very much. Despite the decrease in CP width, the increase in subsidence 
rate causes UA to increase slightly asf8 increases (Fig. 4.12c). 

As can be seen from Fig. 4.12b and c, the east-west temperature contrast increases with 
J8 at a faster rate than the CP width decreases, which implies the CPBL pressure gradient 
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increases with J8 . As a result, the surface wind stress increases with fs, which causes the 

upwelling flux in the ocean to increase with/8 (Fig. 4.12d) . 

The question remains as to why TsE decreases only slightly as fs increases. As men-

tioned previously, the net energy flux at the ocean surface increases by more than 

100 W m-2 as/8 increases from zero to one. To see why the changing surface energy bal-

ance has only a small effect on SST, consider 
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FIGURE 4.12: Contour plots of a) net shortwave radiative flux at the surface in 
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which derives from (3.30). The term CAf 0T u is approximately 1.85 x 104 W m-2, 9{_SE is 
at most 150 W m-2, and the denominator is approximately 63 W m-2 K- 1. In order to derive 
these values, we have assumed that Af O = 0.015 kg m-2 s- 1. Because 9{_SE « CAfOT u, the 
effect of changing the surface energy balance is relatively small. Near the eastern boundary 
of the CP, where the undercurrent should be relatively small, M O "" PwwT , and w T is the 
rate of upwelling across the thermocline. Assuming that Pw = 1000 kg m-3, the upwelling 
rate for our model is approximately 130 cm day-I. Philander (1990) presented results from 
an ocean general circulation model in which the coastal upwelling rate appears to be 
between 50 - 100 cm day-I . McCreary (198 l) suggests that the upwelling rate for the 
Pacific ocean is between 40 and 400 cm day-I. Clearly, our simulated upwelling rate is in 
the ball park, although the GCM results suggest that our estimate is a factor of two to three 
too large. Holding 'JI[ 0 = 0.015 kg m-2 s-1, TsE decreases by 1.6 Kif ~E decreases by 
100 W m-2. If Af0 is reduced by a factor of three, TsEdecreases by 4.8 K, a factor of three 
larger, for the same surface energy flux decrease. For the range of 'JI[ 0 values obtained in 
Fig. 4.12d, the ocean acts as a buffer to limit the decrease of TsE as the cloud optical depth 
mcreases. 

These results also provide the basis for interpreting the variation of TsE with fa for fixed 

'ta. From Fig. 4.12, the absorbed shortwave radiation at the surface decreases more rapidly 

with fa than the surface longwave cooling. Consequently, the net flux of energy into the 

ocean decreases as fa increases, and so TsE decreases. Because the precipitable water over 

the WP increases withfa, Tsw also increases. This causes the east-west temperature differ-

ence to increase, which leads to stronger wind stress and a faster ocean circulation. A more 
intense ocean circulation limits the decrease of TsE with increasingfa-

Our result differs from those of Miller (1997) and Larson et al. (1999), who found that 
the CP SST decreases by 4 to 5 K as the cloud fraction increased from Oto 0.5. Although 
neither of these previous studies includes ocean currents, the energy flux divergence for the 
ocean is prescribed from observations. Because of the strong buffering effect of the simu-
lated ocean currents, TsE may be too insensitive to changes of the surface energy balance, 

compared to results from coupled ocean-atmosphere GCM simulations (Ma et al. 1996). In 
the next section, we describe results in which the ocean has been arbitrarily slowed down. 

4.4.b(i) Results with predicted cloud fraction and cloud water 

The next step is to find the solution in which the cloud fraction and cloud water are cal-
culated rather than specified. As described in Chapter 3, our solution is obtained using the 
method of Suarez et al. (1983) to predict cloud water and the method of Klein and Hart-
mann (1993 ; hereafter KH) to predict the boundary-layer cloud fraction. 
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The column denoted "standard" in Table 4.4 presents our solution with diagnosed cloud 
water and cloud fraction. Recall that the vertical energy flux divergence for the CP region 
is computed using the mean SST in the CP and the mean CPBL column water vapor. The 
mean precipitable water above the CPBL is calculated based on the simple advection model 
described in Chapter 3. The effect of clouds on the vertical flux divergence of energy for 
the CP region is taken into account using the cloud fraction and the cloud liquid water cal-
culated at the center of the CP region. 

TABLE: 4.4: Solution with diagnosed CPBL clouds 

Variable Standard Slow ocean Wet troposphere 

Fractional width of 0.350 0.334 0.268 
the WP (aw) 

Tsw 308.0 K 307.9 K 301.7 

Warm-Pool W 78.8 kg m-2 74.5 kg m-2 43.3 

TsE 295.3 K 297.7 K 295.7 

Cold-Pool W 27.4 kg m-2 27.6 kg m-2 21.9 

Maximum depth of 204mb 215 mb 289 
the CPBL 

Maximum -10.7ms-1 -10.0 m s- 1 -10.2 
vertical-mean zonal 
wind in the CPBL 

Surface latent heat 125 W m-2 121 W m-2 96.6 
flux in CPBL 

Ocean mass flux, U0 1.41 x 105 kg 1.34 x 105 kg 1.43 x 105 kg 
m-1 s-1 m-1 s-1 -1 -1 m s 

Mixed-layer thickness 107m 92.0m 166 m 

Net cloud radiative -2.9 W m-2 -1.9 W m-2 3.7 W m-2 

forcing at WP TOA 

Lateral moist static 88.0 W m-2 93.3 W m-2 93.4 W m-2 

energy transport ( ~H) 

Lateral latent heat -97.9 W m-2 -101.3 W m-2 -104 W m-2 

transport ( ~q) 
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The cloud fraction and cloud optical depth for the center of the CP region,J8 c and 't8c, 
are 0.6 and 10.4, respectively. The cloud fraction and cloud optical depth for the east side 
of the CP, f 8e and 't8e, are 0.29 and 107, respectively. From our cloud parameterization, 

these values imply that the cloud albedos are 0.66 for the central CP region and 0.43 for the 
eastern boundary of the CP region. Comparing Table 4.1 and Table 4.4, the addition of 
CPBL clouds results in a 0.9-K decrease of TsE· The solutions are quite different, as the 

water vapor transport decreases significantly and the width of the WP increases signifi-
cantly for the cloudy CPBL case. As explained earlier, the change in aw occurs due to the 

change in the vertical energy flux convergence, which of course, is induced by the cloud 
radiative effects. The latent heat flux between boxes decreases due to the increase of aw 
(which is in the denominator) , even though the precipitable water increases. As discussed 
earlier, the precipitable water must increase in order to maintain temperature balance. The 
other quantities in the table are similar for the clear- and cloudy-sky cases. As explained in 
the previous section, the main reason for this similarity is the buffering effect of the ocean. 

As we noted earlier, the upwelling rate may be overestimated by our model. To explore 
the effect of varying the upwelling rate, we conduct an experiment in which 

:MO = 0.5 :Mo . Although we previously assumed that U O varies linearly, and so Afo is 

constant, we argue that a reduced value of Af O near the coast would occur over a relatively 

small strip of ocean. Thus, Af a would not be significantly affected. Examining results 

from an ocean GCM (Philander 1990), our idealization for this experiment is not really too 
different from what the ocean GCM simulates. The upwelling rate is quite small near the 
coast, and then abruptly increases and remains large across most of the tropical Pacific. The 
column denoted "Slow ocean" in Table 4.4 present the results for this case. TsE increases 

by 2.4 K compared to the standard run. As compared with the standard case, the cloud frac-
tions decrease by 0.09 and 0.15 for the central and eastern parts of the CP region, respec-
tively. However, the cloud optical depths increase by 75 and 4.5 in the central and eastern 
parts of the CP region. The upwelling rate for this slow-ocean case is approximately 

58 cm day-1, which is quite reasonable. In order to compare results between clear- and 

cloudy-sky cases, we also ran the model with Af O = 0.5 :Mo and with no CPBL cloud 

radiative effects (not shown). For the case without cloud radiative effects, Tse = 299.4 K, 
which is still only 1.7 K warmer than the case with cloud radiative effects. The upwelling 

rate and the surface energy flux decreased by 7 cm day-I and by 26 W m-2, respectively, 
compared to the slow-ocean all-sky case. Although the decrease in Tse under cloudy skies 
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was damped by the buffering effect of the ocean, the SST difference seems realistic, given 
the relatively small decrease of the surface energy flux. 

Recognizing that the amount of precipitable water over the CP may affect the intensity 
of the circulation, we designed an experiment to examine the effect of increasing the 
free-tropospheric column water vapor. As discussed for the clear-sky case (Table 4.3), 
allowing the CP to receive water vapor from lower levels in the WP region causes the free 
troposphere over the CPBL to moisten and the Walker circulation to intensify. As before, 
the advection model was altered so that water vapor from the lower 30%, rather than from 
the lower 50%, of the WP free troposphere is excluded from reaching the central part of the 
CP free troposphere. Results for the clear- and all-sky cases are compared in Section 4.5. 

As shown in the column denoted "Wet troposphere," the effect of the added water vapor 
was to decrease Tsw by 6.3 K, compared to the standard case. Despite the decrease of the 

SST gradient, the surface wind speed decreased by only 0.5 m s-1. Because the depth of the 
CPBL expanded, the mean boundary-layer pressure gradient did not change very much, 
despite the smaller SST gradient. The precipitable water decreased, compared to the stan-
dard case, for the same reason as for the clear-sky wet-troposphere case. The radiative cool-
ing rate intensifies as the precipitable water over the CP increases (which occurs because 
the water vapor originates from a lower level over the WP), and so UA becomes relatively 

larger. As a result, the precipitable water over the WP does not have to increase as much in 
order to balance the energy budget. Comparing clear-sky and the all-sky wet-troposphere 
solutions, we immediately note that the solutions are virtually identical. The diagnosed 
cloud fractions for the all-sky case are 0.13 and zero for the eastern and central parts of the 
CPBL, respectively. Recall that we tuned the KH cloud fraction diagnostic based on our 
standard results. Because Tsw decreases so much compared to the standard solution, the 

cloud fraction becomes too small for a more realistic solution. 

4.5 Perturbation of the coupled solution 

Our goal is to examine the effect of cloud radiative forcing on the climate sensitivity. 
In order to do this, we have conducted experiments in which the solar constant was 
increased by 1 % with and without cloud radiative forcing . In our first attempt to find a 

clear-sky solution, the precipitable water over the WP decreased to less than 10 kg m-2 and 
Tsw < TsE· In our model, convective and boundary-layer processes have been parameter-

ized only in the WP and CP regions, respectively. If Tsw < Ts£, then the solution is no 

longer valid. In principle, we could generalize the model to include parameterizations for 
both regions, but little understanding of the tropical circulation is gained by doing so. 
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The model broke down for our first attempt because we continued with our base-case 
assumption that~= 0.4. For such a clear-sky case, the WP atmosphere is in equilibrium for 
a relatively low value of the precipitable water. However, the vertical energy flux diver-
gence for the CP region is smaller than the lateral energy transport from the WP. In order 
to balance the two fluxes , aw and W have to get smaller. As W decreases, so does Tsw- As 

aw and Wbecome smaller, the vertical energy flux divergence for the CP region approaches 

the lateral energy transport for the WP. However, for = 0.4, balance cannot be reached 
for Tsw > TsE• As increases, precipitable water over the WP increases and the lateral 

energy transport from the WP region decreases. We were able to find solutions for cases in 
which = 0.8. 

Table 4.5 shows the clear-sky solutions, while Table 4.6 presents the all-sky solutions. 
The standard case refers to the solution in which the standard solar constant was used. 
Comparing the standard runs in Table 4.5 and Table 4.6, the precipitable water is 

56.2 kg m-2 larger for the all-sky case than for the clear-sky case. The stronger greenhouse 
effect due to the additional water vapor causes Tsw to increase by 5.6 K compared with the 

clear-sky simulation. 
When the solar constant is increased by 1 %, Tsw increases by 0.25 Kand Warm-Pool 

W increases by 1.1 kg m-2 for fixed aw. However, the vertical energy flux divergence of the 

CP region no longer balances the lateral heat transport from the WP region. Therefore, aw 

and Wmust adjust. After aw decreases to 0.177 and W decreases to 53.2 kg m-2, the solution 

in the "Clear-sky perturbed" column of Table 4.5 results. Allowing aw to adjust results in 

a solution in which Tsw and W decrease slightly in response to a 1 % increase of the solar 

constant. 
As can be seen in Table 4.6, the all-sky response to a 1 % perturbation of the solar con-

stant is even smaller than the clear-sky response. When the solar constant is increased by 
1 % but aw is held constant, the SST increases by 0.15 K and the precipitable water 

increases by 1 kg m-2. The intense greenhouse effect, due to the large amount of water 
vapor and optically thick clouds over the WP, prevents a large response to a perturbed solar 
constant, even if aw is held fixed. When aw is allowed to adjust, the response to the pertur-

bation becomes even smaller. This behavior implies that the effect of the clouds is to damp 
out an already small response. However, note that the column water vapor is so large that 
its adjustment dominates any effect that the clouds could have. In Chapter 2, we defined a 
parameter y, which is the ratio of the shortwave and longwave cloud optical depths. For per-
turbation experiments of the solar constant in which y was varied between 1.5 and 2.5 , the 
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TABLE: 4.5: Clear-sky comparison 

Variable Clear-sky Standard Clear-sky perturbed 

Relative length of the 0.1895 0.1770 
WP (aw) 

Tsw 304.8 304.6 K 

Warm-Pool W 54.8 kg m·2 53.2 kg m·2 

TsE 295.4 K 295 .5 K 

Cold-Pool W 25.2 kg m·2 25.7 kg m·2 

Maximum depth of the 322mb 331 mb 
CPBL 

Maximum -13.5ms·1 -13.6 m s·1 

vertical-mean zonal 
wind in the CPBL 

Surface Evaporative 117 W m·2 117 W m·2 

Cooling in CPBL 

Ocean mass flux , U0 1.99 x 105 kg m·1 s·I 2.02 x 105 kg m"1 s·I 

Mixed-layer thickness 211 m 218 m 

Horizontal moist static 85.5 W m·2 92.1 W m·2 

energy transport (:TH) 

Horizontal latent heat -431 W m·2 -468.0 W m·2 

transport ( :Fq) 

solution was virtually unchanged. The precipitable water is so large for these experiments 
that clouds do not influence the solution. 

There seems to be little doubt that the water vapor budget in our model is too sensitive 
to changes of the different parameters and to cloud radiative effects. A key difference 
between our model and the previous box models is that cold air advection does not play a 
major role for ours. We assume that the profile of dry static energy for air at the boundary 
between the CP and WP regions is identical to that for air in the interior of the WP region. 
Our viewpoint has been that the ocean sufficiently heats the air so that the temperature gra-
dient is negligible at the CP-WP boundary. In contrast, P95, SL96, M97, and L99 assumed 
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TABLE: 4.6: All-sky comparison 

Variable All-sky Standard All-sky Perturbed 

Fractional width of the 0.3760 0.3665 
WP (aw) 

Tsw 310.4 K 310.4 K 

Warm-Pool W 111 kg m·2 111 kg m·2 

TsE 294.6 K 294.6 K 

Cold-Pool W 39.8 kg m-2 31.3 kg m-2 

Maximum depth of the 222mb 223 mb 
CPBL 

Maximum -13.5 m s-1 -13.6ms-1 

vertical-mean zonal 
wind in the CPBL 

Net cloud radiative -21 W m-2 -22 W m-2 

forcing at WP TOA 

Surface latent heat flux 137 W m-2 137 wm-2 

in CPBL 

Ocean mass flux , U0 1.74 x105 kg m-1 s-1 1.75 x 105 kg m- 1 s-1 

Mixed-layer thickness 142m 142 m 

Horizontal moist static 95.2 W m-2 97.1 W m-2 

energy transport (J'H) 

Horizontal latent heat -198 W m-2 -206 W m-2 

transport ( 1'q) 

that advection between boxes is proportional to the product of the mass flux and the 
east-west SST difference. If our viewpoint is correct (and the observations show that the 
air-sea temperature difference is usually small), then advection into the WP is clearly 
overestimated in their models. 

But the advantage of their assumption, however incorrect it may be, is that it reduces 
the burden on the water vapor budget for achieving energy and moisture balance. Pierrehu-
mbert (1995) assumed both a relative humidity profile and the potential temperature 
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difference between the upper and lower branches of the circulation, and so only the mass 
flux could adjust. Miller (1997) assumed a relative humidity profile, and so only the tem-
perature difference and the mass flux could adjust. Except at the top of the CPBL, Larson 
et al. (1999) assumed a relative humidity profile for the free troposphere in the CP region. 
At the level of the TWI in the CP region, the specific humidity was calculated as the vertical 
mean of that in the free troposphere of the WP region. Their method does not realistically 
account for the effects of subsidence, however, because water vapor from all levels of the 
free troposphere were included in the mean. Our "wet-troposphere" solution demonstrated 
the strong sensitivity of the tropical climate to the vertical distribution of water vapor. In 
addition, Larson et al. calculated the relative humidity for the WP region at the level of the 
TWI from an assumed closure relationship, which has no theoretical or observational ju~-
tification. 

Although these previous models give better results in some instances, our model 
includes more realistic physics. Our poor results give some indication of the difficulty of 
simulating the ocean-atmosphere system with a simple model. Extreme assumptions are 
often required in order to constrain the behavior of a simple model. We chose not to follow 
this route. Our model contains simplified, but realistic physical processes which may ha\'e 
a limited range of applicability. Although the experiments conducted with their models 
have been constrained to better resemble the current climate, there is no evidence to suggest 
that their solutions are valid if the current climate state is perturbed. 

145 



CHAPTER S 

Summary and Conclusions 

5.1 Summary 
In Chapter 1, we reviewed several papers which present observations of the tropical 

climate (Newell et al., 1974; Cornejo-Garrido and Stone, 1977; Newell et al., 1996; 
Hastenrath 1998). These papers are important because their descriptions of the tropical 
climate can be used to test the various theories and models of the tropical climate which 
have emerged during the past 20 years. In particular, several theoretical studies have 
proposed various feedbacks and sensitivities as mechanisms which strongly modulate the 
tropical climate (Lindzen and Nigam 1987; Ramanathan and Collins 1991 ), while others 
have examined the linear response of the tropical climate to small perturbations (Gill 1980; 
Geisler 1981; Rosenlof et al. 1986). These early studies identified the physical processes 
and ocean-atmosphere interactions which must be successfully simulated by a simple 
model of the steady tropical climate. Recent studies with box models (P95, SL96; M97; 
L99) have improved our understanding because they actually simulate the tropical 
atmospheric or oceanic circulation. 

As discussed previously, the applicability of previous box models is limited for two 
reasons. First, several interactions and feedbacks among key elements of the tropical 
circulation have been specified. For instance, P95 neglected cloud radiative effects at the 
TOA and specified the potential temperature difference between the upper and lower 
branches of the tropical circulation. Although his assumptions are valid for the current 
climate, they may not be valid if the system were perturbed. The models of P95, M97, and 
L99 do not include a momentum budget, and so interactions between the SST gradient and 
the surface wind stress were not simulated. This contrasts with the findings of Lindzen and 
Nigam (1987) who showed that the SST gradient modulates the boundary-layer wind 
speed. SL96 assumed somewhat arbitrarily that the intensity of the ocean circulation is 
proportional to a quadratic function of the CP-WP SST difference. Second, none of these 
previous box models include fully interactive components for both the ocean and the 
atmosphere. SL96 simulated the interaction of the atmosphere with the ocean by specifying 
an equilibrium temperature toward which the surface temperature relaxes. P95, M97, and 
L99 incorporated a surface energy budget for each of their models, but the oceanic energy 
transports were specified. 
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In Chapter 2, we presented an idealized but physically based model, which represents 
the tropical WP region. The model includes an interactive hydrologic cycle. Cumulus con-
vection is parameterized using a very simple closure assumption which follows from 
Arakawa and Chen (1987) and Arakawa (1993). Surface evaporation is parameterized 
using a bulk aerodynamic formula, in which the surface wind speed is prescribed. Consis-
tent with our assumption of a negligible air-sea temperature difference, the surface sensible 
heat flux is neglected. Radiative transfer is parameterized based on the work of Stephens et 
al. (1994) and others cited in the text. 

Our results from the WP model show that quasi-tropical equilibria occur for prescribed 
(warm) SSTs and surface wind speeds, but realistic clear-sky equilibria do not occur for the 
tropical ocean-atmosphere column. When the surface temperature is allowed to vary, a run-
away greenhouse develops. We also showed that incorporating realistic cloud radiative 
effects allows the model to reach an unrealistically warm, dry radiative-convective equilib-
rium. These results indicate that lateral energy transports and/or radiatively active clouds 
are required in order to find a realistic, tropical solution. With lateral moisture and energy 

convergence for the WP region specified as 100 W m-2 and-60 W m-2, respectively, and for 

tprec = 9500 s,f = 0.5, y= 2, and a surface wind speed of 5 m s-1, the model equilibrates with 

Tsw = 300 Kand W = 40 kg m-2, which are quite reasonable. 

We also found that the longwave radiative effect of cirrus anvil clouds causes the tropo-
pause height and temperature to increase and decrease, respectively, compared to their 
clear-sky values. The tropopause cools because the upward longwave flux at level ZT 

decreases as the cloud optical thickness and/or cloud fraction increase. This cooling is rein-
forced by the concomitant increase of precipitable water, which reduces the clear-sky part 
of the OLR. 

Based on results from our model, the mechanism for the response of the tropopause to 
increasing cloud cover can be described as follows. As the cloud optical thickness and/or 
cloud fraction increase, the shortwave flux at the surface decreases. To balance the surface 
energy budget, the precipitable water must increase in order to reduce the surface evapora-
tive and radiative cooling. For fixed Tsw, the neutral buoyancy condition for non-entraining 

parcels states that the tropopause height must increase as the tropopause temperature 
decreases and the surface relative humidity increases, both of which occur as the cloud opti-
cal depth and cloud fraction increase. As the cloud fraction and cloud optical thickness 
increase, the longwave radiative flux into the stratosphere decreases, and so the tropopause 
cools. The effects of cloud optical thickness on tropopause height and temperature are self 

limiting, however, because the emissivity saturates as the IWP increases beyond 0.1 kg m-2. 
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In Chapter 3, we described the coupling of models of the WP and CP regions. The 
surface wind speed for the WP region is calculated based on the mass flux from the CPBL. 
Simplified but physically based momentum budgets were derived for the ocean and CPBL. 
The parameterization for the free-tropospheric radiative cooling rate above the CPBL 
derives from the work of Stephens et al. ( 1994); the emissivity calculation follows Rodgers 
(1967) and Stephens and Webster (1979). The subsidence rate over the CPBL is computed 
based on the balance between adiabatic subsidence and radiative cooling. The hydrologic 
cycle of the coupled model is fully interactive; the evaporation rate does not depend on a 
prescribed wind stress as in Larson et al. (1999) , nor is it calculated as that which balances 
the surface energy budget as in Miller (1997). The effects of precipitation in the CPBL are 
prescribed. As described in Chapter 2, the radiative effects of cirrus clouds over the WP are 
explicitly calculated, without assuming the cloud optical depth. In addition, the cloud 
fraction and cloud optical depths of boundary-layer clouds over the CPBL are computed in 
a physically consistent way so that cloud radiative effects on the solution could be explored. 

Chapter 4 presents our results for the Walker Circulation. For the case with clear skies 
in the CPBL, Tsw = 306.5 K, TsE = 296.2 K, and precipitable water in the WP region is 

64.9 kg m-2. The vertical-mean wind speed for the boundary layer is -9.6 m s-1, which com-
pares well with the equatorial jet noted by Battisti and Ovens (1995). The relative width of 
the WP was found to be 0.270. The simulated values of Wand SST in the WP region are 
rather high compared with those from ECMWF analyses and SSM/I observations. The 

observed values for SST and precipitable water in the WP region are 302 Kand 50 kg m-2, 

respectively. This difference may result from our assumption of zero SST-SAT tempera-
ture difference across the equatorial Pacific ocean. If the SST-SAT temperature difference 
for air transported from the CPBL were larger than that in the WP region, then cold-air 
advection might play a role in the energy budget of the WP region. Because the SST-SAT 
temperature difference is assumed to be zero, adjustment of the precipitable water in the 
WP region is the primary mechanism for the model to reach energy and moisture balance. 

For fixed tprw Tsw increases strongly as the cloud fraction in the WP region increases. 

As noted previously, the tropopause height increases and tropopause temperature decreases 
as the cloud fraction for the WP region increases. As the height of the tropopause increases, 
air which is advected to the CP region must come from higher levels in the WP region. As 
a result, the advected air is much drier, which contributes to a decreased radiative cooli g 
rate over the CPBL, and so the Walker circulation slows down. In order to maintain energy 
-balance in spite of a weaker circulation, the precipitable water over the WP must increase. 
Although the cloud albedo also increases as f increases, the greenhouse effect intensifies 
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due to increasing precipitable water and completely dominates the changes of Tsw· 
We also found that the solution is sensitive to the value of Li, which specifies the pro-

portion of evaporated water vapor which is precipitated in the CPBL. For Li= 1, the precip-
itation rate in the CP region is zero, and all evaporated water vapor is transported laterally 
to the WP region. For Li= 0, the precipitation rate is 100%, and so none of the evaporated 
water vapor is transported to the WP region. In previous box models, the effects of precip-
itation in the CP region were not explicitly discussed, although parameters in the moisture 
and energy budgets were tuned to give tropics-like results, and so the effects of precipita-
tion were implicitly included. As shown in Fig. 4.7, the precipitable water and SST in the 
WP region increase strongly as Li increases. As the precipitation rate in the CP region 
decreases , the precipitable water and SST of the WP region increase. Although the effect 
of precipitation rate in the CP region on precipitable water over the WP is somewhat obvi-
ous, our results give the first quantitative estimates of its influence. 

We also found that TsE is relatively insensitive to changes of the CPBL cloud fraction, 

but is very sensitive to changes of Tu- TsE does not vary from Tu by more than 4 K. The 

influence of boundary-layer clouds on SST for our model is small compared to that noted 
by Miller (1997) and Larson et al. (1999), although the energy flux divergence of the ocean 
mixed layer was specified in these earlier studies. For the fully coupled solution, 
Tsw = 308.0 K and TsE = 295.3 K, which represents a 1.5-K increase of WP SST and a 

0.9-K decrease of CP SST, compared to the clear-sky solution. The relatively small effect 
on SST can be attributed to cold-water upwelling in the CP. The large heat capacity of the 
water prevents the SST of the CP from drifting too far from the undercurrent temperature. 
Although our model overestimates the upwelling rate, an experiment with the upwelling 
rate reduced by one-half shows that TsE decreases by 1.7 K, compared to the analogous 

clear-sky case. Since the surface en~rgy flux decreased by only 26 W m-2, this decrease 
does not seem unreasonable. For our model, the effect of cold-water upwelling on SST is 
basically linear. If the upwelling rate were reduced to 0.2 of its base-case value, the TsE dif-

ference between the clear- and all-sky cases would increase by a factor of five compared to 
the base-case difference. The linear increase in TsE difference depends on the undercurrent 

temperature remaining constant. 
Our "wet troposphere" experiment demonstrates the crucial connection between water 

vapor amount and vertical distribution, and the tropical climate. As the water vapor 
increases over the CPBL, the radiative cooling rate and hence the mass flux of the Walker 
circulation increase. The "wet-troposphere" solution therefore shows that if water vapor is 
advected to the CP region from a lower altitude in the WP region, the circulation speeds up. 
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Because the circulation is faster, the SST and precipitable water of the WP region must 
decrease in order to balance the energy and moisture budgets. In fact, when we try to 
moisten the atmosphere for this experiment, the model adjusts so as to dry out. 

Finally, we examined the response of the tropical climate to a I% perturbation of the 
solar constant. As explained previously , a solution could not be found for our base-case 
value of~= 0.4, and so solutions were examined for~= 0.8. When the fractional width of 
the WP is held constant, Tsw and Tse increase for the clear-sky solution. When the frac-

tional width is allowed to adjust, Tsw decreases by 0.2 Kand Tse increases by 0.1 K. When 

cloud radiative effects are simulated, the SSTs in the WP and CP do not respond to a per-
turbation of the solar constant. Thus, we conclude that the effect of the clouds is to damp 
out an already small response. However, the amount of precipitable water for the 
cloudy-sky simulation is so large that the response of the climate to the perturbation may 
be suspect. 

To summarize, we have shown the following: 
• The WP region can establish a very warm, very dry radiative-convective equi-

librium in the presence of realistic cloud radiative effects ; 
• Horizontal energy flux divergence is required in order for the WP region to 

find a solution which resembles the current tropical climate; 
• The longwave radiative effect of clouds contributes to an increase of tropical 

• 

• 

• 

• 

tropopause height and a decrease of tropical tropopause temperature, com-
pared to their clear-sky values; 
In response to increased cloud cover over the WP, Tsw increases due to a feed-
back involving a higher and colder tropopause. 
Cold-water upwelling prevents Tse from straying too far from the undercur-
rent temperature; 
The amount and vertical distribution of column water vapor strongly influenc-
es the radiative cooling rate and thus determines the intensity of the Walker 
circulation; 
The precipitation rate over the CPBL influences the amount of precipitable 
water over the WP. 

5.2 Future Research 

The next step in researching the Walker circulation should be to compare our results 
with a coupled ocean-atmosphere general circulation model. Because our model is physi-
cally based, it can be used to identify mechanisms which control the tropical climate. How-
ever, due to its simplicity, the relative strengths of these mechanisms may not be correct. It 
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would be very useful to conduct idealized simulations with a coupled GCM in order to 
assess the accuracy of our model in identifying the relative intensities of the different mech-
anisms which control the tropical climate. 

We would also like to expand the model to include a meridional circulation, i.e. a Had-
ley circulation. This addition would allow us to explicitly study the interactions between 
the Hadley and Walker circulations and would involve changing the momentum budgets 
for the ocean and atmosphere models to include the Coriolis acceleration. As shown by Gill 
(1980) and Geisler (1981), a zonal, Walker-like circulation results from convective heating 
which has been specified to be symmetric about the equator. Results presented in Chapter 4 
have also demonstrated the sensitivity of the solution to the vertical distribution of water 
vapor. Our wet-troposphere experiment supports the notion that the subsiding branch of the 
Walker circulation is moistened by air which originated from the middle and upper tropo-
sphere of a convecting region. Because subsidence limits the length of trajectories travelled 
by air parcels in the subsiding branches of the tropics, it is unlikely that mid-tropospheric 
air parcels could travel from the WP region to the central and eastern parts of the CP region 
before being entrained into the CPBL. Thus, our wet-troposphere experiment seems to 
implicate a meridional circulation for moistening the free troposphere above the equatorial 
central and eastern Pacific. An expanded version of our model could be used to study the 
significance of such a north-south circulation for maintaining the observed vertical profile 
of water vapor in the subsiding branch of the Walker circulation. 

The interactions in our model are also limited due to our specification of the cloud frac-
tion over the WP and the evaporation efficiency over the CP. As we showed in Chapter 4, 
the response of the system to a 1 % perturbation of the solar constant is highly dependent 
on the specified cloud fraction and on the evaporation efficiency. In principle, the cloud 
fraction could be calculated based on the area-averaged IWP, while the evaporation effi-
ciency could be determined from lower tropospheric stability and the LWP. Thus, we might 
expect the cloud fraction and the evaporation efficiency to change in response to a solar 
perturbation, because the factors which control them might be expected to change. Diag-
nosing the cloud fraction in the WP region and the evaporation efficiency in the CP region 
would then allow us to more realistically calculate the equilibrium response of the tropical 
climate to a prescribed perturbation. 

Our modeling assumption that the top of the layer of easterlies coincides with the 
trade-wind inversion should also be relaxed. This assumption introduced a feedback among 
the depth of the CPBL, the SST gradient, and the mean CPBL wind speed. As the SST gra-
dient increased, the depth of the CPBL often decreased so that the pressure gradient and 
thus the mean wind speed did not increase as strongly as anticipated. We have found no 
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evidence of similar behavior in nature. As shown in Fig. 1.3, weak easterly flow extends 
up to the 600-mb pressure level across the entire tropical Pacific ocean. For the sake of con-
sistency, modifying this assumption would require other changes in the model. For 
instance, our neglect of u8+, the wind speed just above the TWI, in (3.13) and (3 .24) would 

no longer be justified. We would most likely have to assume a simple vertical dependence 
for the zonal wind in order to diagnose uB+· We would also have to develop a new param-

eterization for calculating the pressure level of the TWI. Nevertheless, relaxing this 
assumption should be investigated since the feedback described above might be removed. 

As discussed in Chapter 4, the water vapor budget in our model is very sensitive to 
changes of the different parameters and to cloud radiative effects. Our assumption that the 
vertical profile of dry static energy for air at the CP-WP boundary is identical to that for air 
in the interior of the WP region requires investigation. There is no doubt that the SST gra-
dient in the WP is quite small. Nevertheless, air below the trade inversion at the CP-WP 
boundary should perhaps be slightly cooler than air in the interior of the WP region. For 
such a case, cold-air advection could play a role for establishing energy balance in the WP 
region. Thus, it would be interesting to explore the effect of allowing the air-sea tempera-
ture difference at the CP-WP boundary to vary from that in the interior of the WP region. 

Finally, the time-dependent evolution of the model toward the equilibrium solution(s) 
must also be studied. As discussed above, the model exhibits several interesting feedbacks. 
Without any time dependencies, however, the model cannot be used to analyze the evolu-
tion of the atmosphere in response to a prescribed perturbation. The present model gives 
the equilibrium state only. Because we have found only one solution thus far, a time-depen-
dent version of the model should be developed in order to aid the search for additional sol -
tions and for oscillatory behavior. 
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Appendix 1 

Derivation of conservation equations for the atmosphere 

Consider a conservation equation for an arbitrary variable, a, written in pressure coor-
dinates as 

(A1) 

where Fa is the upward turbulent convective flux of a, and Sa is a source/sink of a per unit 
volume. The symbols u and co refer to the horizontal wind and vertical pressure velocity, 
respectively. As discussed below, this model includes only two space dimensions. 
Integrating (Al) between pressures Pt to p2, we find that 

Pi (A2) 

= (Fa)1 -(Fa)2 + f Sadp . 

Here, the subscripts 1 and 2 refer to pressure levels in the region under consideration, 
A= f n adp/ g = aMIII g , where aM is the mean over the pressure depth II= Pt - p2. The 
quantity (ua) represents the vertical-mean of the product of the zonal wind u and variable 
a, taken between pt and P2. 

We define 

ap i ap i 
-gAf . = - + U -- - (0 . 1 dt 1dx 1 (A3) 

as the downward mass flux across a pressure surface p = Pi· Of course, when the interface 
under consideration is the Earth's surface, the mass flux must be zero. At the top of the 

· convective layer, z = zT, we assume that (J.)T and dpTl dx are zero. At the base of the TWI, 
(A3) represents the net flux across the boundary-layer top. We define the boundary layer 
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as the layer which extends from the surface to the base of the TWI. 
Substituting (A3) into (A2), we find that 

Pi (A4) 

= (Fa)J -(Fa)z + I Sadp. 

If we set a= 1 in (A4), then A= TI, and we have 

a auwB auwF -Tiw+- +- = O at ax ax ' 
(AS) 

where Tiw = Psw - PT· The subscript W denotes quantities in the WP. In (A5), we have 
included two flux divergence terms in order to account for flow in the boundary layer, layer 
B, and flow in the free troposphere, layer F. 

If we let a= h, the moist static energy, then from (A4) we obtain 

(A6) 

Integrating (A6) across the horizontal boundaries of the WP, we find that 

d - dcrw nFE nBI - d - dcrw 
d-(Hw<Jw)-Hwq; + (uh)n- + (uh)Bl- +hT-d (j5T<Jw)-hTP'Tcf t t g g t t (A7) 

= ( 'J.lTw - 'J.lsw )aw, 

where <Jw is the length of the WP and the subscript I refers to values at the boundary 
between the WP and CP. Expanding the first and fourth LHS terms and rearranging, we 
have 

d- - ~w - dh 
<Jw dtHw + (Hw-Hw1) dt + u F/hFJ + u BlhBI + hT<Jw dt 

(AB) 
_ _ dcrw _ _ 

+hT(PT-PT~dt = ('J.lTw-'J.lsw)<Jw. 

where U = In udp/ g is the mass flux for given vertical layer. Then hFI or hBI are given by 
U F 8 hF 8 = In uhdp/ g. If we assume that temperature and moisture gradients are 

' ' F B 

negligible in the WP, then H w = H w and PT = PT. Dropping the overbars and dividing 
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through by crw, (A8) reduces to (2.3) [or (3.1) for the steady state] if we define 

(A9) 

Considering the CPBL, the limits for the vertical integration in (A4) become Ps and PB 

for p 1 and p2, respectively. If we let a = 1 in (A4 ), then the steady-state continuity equation 

for the CPBL becomes 

(A10) 

From the definition of mass flux, U A= u8 TI8 / g, and so (AIO) is equivalent to (3.1 1). 

Appendix 2 

Derivation of the CPBL steady-state momentum equation 

We begin with 

(A11) 

(A12) 

which are the vertically integrated momentum and continuity equations for a well-mixed 
boundary layer. The metric and rotational effects have been ignored in the momentum 
equation since both are generally small near the equator. Such a momentum equation could 
be used to represent an idealized Walker circulation. In (Al I) , :F uS is the surface wind 
stress, u8 + is the wind velocity just above the trade inversion, and TI8e = Pse - p8 . 

Multiplying (A12) by u8e and subtracting from (All), we obtain 

(A13) 

Since we want steady-state results, we neglect the time-rate-of-change term on the LHS of 
(Al3) to get 
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I II III IV 

(A14) 

To determine if any terms of (A14) may be neglected, we performed an order-of-mag-
nitude analysis. Figure Al displays the ECMWF reanalysis monthly mean zonal wind and 
geopotential heights at the 925-mb pressure level for Jan 1989. From these data, we choose 

a typical wind speed u8 = -6 ms-1, a typical kinetic energy variation of 8( u2 / 2) = 20 m2 s-2 

and horizontal geopotential variation 8<j> = 200 m2 s-2 over the length scale Lx = 5 000 km. 

We specify a typical boundary-layer depth for the CP as I18 = 100 kPa (Haraguchi 1968). 

With these choices, we find that the magnitude of term I is 

Zonal Wind (m s-1) 

10N 

EO 

10S 

120E 140E 160E 180 160W 140W 120W 100W BOW 

Geopotential Heights (m2 s-2) 

20Nm;:::i:z::~:::3fn;;:::~::::~==~==::..=-~T~TI]~~~===~=::=::~:=--=-rz::...uc-F--::::=--::-:::-'!~=~::::=:::::::,:::::::,77~~~~ 

10N ~~'-'- · · · ·10 

ru o · 
10S 

FIGURE A1: Monthly mean maps of 925-mb a) zonal wind and b) geopotential 
height for January 1989. Data are taken from the ECMWF reanalysis dataset. 
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(A15) 

We further assume that the density pis 1.1 kg m-3. Using (3.24) and Fig. A3.9 to estimate 

g'Jrf 8, we find that terms II, ID, and IV are of order 2.5 x 10-1, 4 .0 x 10-1 and 3.9 x 10-1, 

respectively. Thus, we see that the primary balance is among terms II, III, and IV and the 

advection term (term I) is small enough to neglect. Neglecting term I gives 

(A16) 

Appendix 3 

Derivation of a general ocean mixed-layer budget 

This derivation is analogous to that done in Appendix 1 for the atmosphere. Consider a 

conservation equation for an arbitrary variable a written in height coordinates as 

(A17) 

where the symbols have the same meaning as in Appendix 1, and w is the vertical velocity. 

Integrating (Al 7) from ZD to zs, we get 

where ozD = zs - ZD, A = (ozDf1fzs adz, u0 is the mean current of the mixed layer, Au is 
Zr 

the value of A in the undercurrent, (SA),i.1 is the vertical-mean source term in the mixed layer, 
and Af O is the mass flux thro~gh the thermocline, which is defined as 

(
azD azD ) 

-p at + u D a X - w D = 'Jr( 0 . (A19) 

If Afo is positive, then upwelling and downwelling occur in the CP and WP, respectively. 
In order to derive (A18), we neglected the source terms in the layer between ZD and 

ZD + e and assumed that the temperature and density do not vary across depth the mixed 

layer. We have also assumed that no mass crosses the ocean surface. 
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Letting a= 1, (A18) gives 

(A20) 

which is the mixed-layer continuity equation. Since we are looking for equilibrium 
solutions, we neglect the time-dependent part of (A20); and using the definition of mass 
flux (3 .32), (A20) reduces to (3.34). 

If we let a= u in (A18) , then a steady-state form of the zonal momentum equation is 

(A21) 

Multiplying the steady-state version of (A20) by u0 and subtracting from (A21) , our zonal 
momentum equation finally becomes 

(A22) 

Appendix4 

Derivation of the CPBL pressure gradient 

With the aid of the hydrostatic equation and the ideal gas law, we can show that 

(A23) 

where R is the gas constant for dry air. 
We note that p decreases by about 20% between the surface and the top of the 

trade-wind inversion, and the temperature gradient decreases by 20 - 30% (Lindzen and Ni-
gam 1987) over the same layer. The increase of lip compensates for the decrease of the 
temperature gradient over the depth of the trade-wind boundary layer. Thus, we assume that 
the RHS of (A23) is approximately constant with height. Integrating (A23) vertically from 
Ps to p8 , we find that 

-(d<l>) = -(d<l>) + TI ar 
dx s dx B 8 pdx · 

(A24) 
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+ (~!) P = constant 

PB 

Ps 

FIGURE A2: Schematic illustrating the assumptions used to derive the mean 
horizontal pressure gradient force in the tropical trade-wind boundary layer. 

Based on ECMWF reanalyses, we assume that the geopotential gradient at the base of 
the TWI top is negligible compared to that the surface. Assuming that 

(A25) 

which gives a reasonable estimate of the zonal pressure gradient at the surface, then the 
mean pressure gradient for the boundary layer follows as 

(A26) 

In order to relate the mean horizontal pressure gradient force of the cold-pool boundary 
layer to the slope of the TWI, consider Fig. A2. Defining a new pressure coordinate as 

p' = p- p8 (x, t) , then the horizontal pressure gradient force at level pis 

(A27) 

Applying (A27) at the top and bottom of the inversion, using the hydrostatic equation, and 
subtracting, we find that 

(A28) 

where !!..Tis the jump in temperature across the inversion. 

169 



Appendices 

Continuity of pressure requires that (~<p) , = (~<p) , . Thus, 
ax p = o ax p = O+ 

(A29) 

As explained in Chapter 3, the second term on the LHS can be neglected. By methods 
described in Chapter 3, the slope of the TWI can be estimated, and so (A29) can be used to 
estimate the temperature jump across the inversion. 

Appendix 5 

Derivation of the ocean mixed-layer pressure gradient 

We assume that the ocean is in hydrostatic balance. Integrating the hydrostatic equa-

tion, dpldz = -pwg, we find that the pressure in the mixed layer is given by 

(A30) 

where zs is the elevation of the ocean-atmosphere interface. We are interested in evaluating 
the mean pressure gradient in the mixed layer, 

(A31) 

where 8zD = zs - ZD- Pulling out the derivative and using Leibniz's rule, we find that 

dp I a fs dZs dZD 
(~) = ~~J. pdx-prr: + PD~ . ox uzDox z0 ox ox 

(A32) 

Substituting (A30) in (A32), evaluating the integral, and taking the derivative, we get 

(A33) 

The pressure gradient due to the atmosphere, dpsldx, is negligible compared to the other 
terms. Because we assume that the density depends only on temperature, and temperature 
in the mixed layer of the WP is horizontally uniform, the second term on the RHS is also 
negligible. Hence the pressure gradient is largely determined by the slope of the sea 
surface. The problem is that we do not really have a method to compute the sea-surface 
slope directly. However, we can compute the slope of the thermocline. 
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D_ 
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zv 

FIGURE A3: Schematic illustrating the assumptions used to derive the mean 
horizontal pressure gradient force in the tropical-ocean mixed layer. 

To derive the thermocline slope, we define a transformed coordinate as 

(A34) 

With reference to Fig. A3, the horizontal pressure gradient follows as 

(A35) 

and the hydrostatic assumption has been used in the second line. The pressure gradients at 
levels D and D_ are given by 

(A36) 

The subscripts zv and zv- refer to quantities in z coordinates which are at depths that are 

just above and just below the thermocline, respectively. The D and D- subscripts refer to 

quantities in z' coordinates which are also slightly above and slightly below the ther-
mocline, respectively. Subtracting the first equation from the second, and then dividing by 
p w, we obtain 

(A37) 
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where ~p = Pw- - Pw . In the second of (A36), the LHS vanishes by assumption. We 
assume pressure continuity across the interface, and so the first terms on the RHS of each 
equation cancel when subtracted. 

If we assume that the mixed-layer pressure gradient is independent of height, then from 
(A33), 

-1 (ap) -1 ap - - :::-(-) 
Pw ax Zv Pw ax , (A38) 

and the relationship between the thermocline slope and the sea-surface slope, (3.41 ), 
follows. To a good approximation, this relationship holds, even if there is an SST gradient. 

172 


	FACF_0678_Bluebook_0001
	FACF_0678_Bluebook_0002
	FACF_0678_Bluebook_0003
	FACF_0678_Bluebook_0004
	FACF_0678_Bluebook_0005
	FACF_0678_Bluebook_0006
	FACF_0678_Bluebook_0007
	FACF_0678_Bluebook_0008
	FACF_0678_Bluebook_0009
	FACF_0678_Bluebook_0010
	FACF_0678_Bluebook_0011
	FACF_0678_Bluebook_0012
	FACF_0678_Bluebook_0013
	FACF_0678_Bluebook_0014
	FACF_0678_Bluebook_0015
	FACF_0678_Bluebook_0016
	FACF_0678_Bluebook_0017
	FACF_0678_Bluebook_0018
	FACF_0678_Bluebook_0019
	FACF_0678_Bluebook_0020
	FACF_0678_Bluebook_0021
	FACF_0678_Bluebook_0022
	FACF_0678_Bluebook_0023
	FACF_0678_Bluebook_0024
	FACF_0678_Bluebook_0025
	FACF_0678_Bluebook_0026
	FACF_0678_Bluebook_0027
	FACF_0678_Bluebook_0028
	FACF_0678_Bluebook_0029
	FACF_0678_Bluebook_0030
	FACF_0678_Bluebook_0031
	FACF_0678_Bluebook_0032
	FACF_0678_Bluebook_0033
	FACF_0678_Bluebook_0034
	FACF_0678_Bluebook_0035
	FACF_0678_Bluebook_0036
	FACF_0678_Bluebook_0037
	FACF_0678_Bluebook_0038
	FACF_0678_Bluebook_0039
	FACF_0678_Bluebook_0040
	FACF_0678_Bluebook_0041
	FACF_0678_Bluebook_0042
	FACF_0678_Bluebook_0043
	FACF_0678_Bluebook_0044
	FACF_0678_Bluebook_0045
	FACF_0678_Bluebook_0046
	FACF_0678_Bluebook_0047
	FACF_0678_Bluebook_0048
	FACF_0678_Bluebook_0049
	FACF_0678_Bluebook_0050
	FACF_0678_Bluebook_0051
	FACF_0678_Bluebook_0052
	FACF_0678_Bluebook_0053
	FACF_0678_Bluebook_0054
	FACF_0678_Bluebook_0055
	FACF_0678_Bluebook_0056
	FACF_0678_Bluebook_0057
	FACF_0678_Bluebook_0058
	FACF_0678_Bluebook_0059
	FACF_0678_Bluebook_0060
	FACF_0678_Bluebook_0061
	FACF_0678_Bluebook_0062
	FACF_0678_Bluebook_0063
	FACF_0678_Bluebook_0064
	FACF_0678_Bluebook_0065
	FACF_0678_Bluebook_0066
	FACF_0678_Bluebook_0067
	FACF_0678_Bluebook_0068
	FACF_0678_Bluebook_0069
	FACF_0678_Bluebook_0070
	FACF_0678_Bluebook_0071
	FACF_0678_Bluebook_0072
	FACF_0678_Bluebook_0073
	FACF_0678_Bluebook_0074
	FACF_0678_Bluebook_0075
	FACF_0678_Bluebook_0076
	FACF_0678_Bluebook_0077
	FACF_0678_Bluebook_0078
	FACF_0678_Bluebook_0079
	FACF_0678_Bluebook_0080
	FACF_0678_Bluebook_0081
	FACF_0678_Bluebook_0082
	FACF_0678_Bluebook_0083
	FACF_0678_Bluebook_0084
	FACF_0678_Bluebook_0085
	FACF_0678_Bluebook_0086
	FACF_0678_Bluebook_0087
	FACF_0678_Bluebook_0088
	FACF_0678_Bluebook_0089
	FACF_0678_Bluebook_0090
	FACF_0678_Bluebook_0091
	FACF_0678_Bluebook_0092
	FACF_0678_Bluebook_0093
	FACF_0678_Bluebook_0094
	FACF_0678_Bluebook_0095
	FACF_0678_Bluebook_0096
	FACF_0678_Bluebook_0097
	FACF_0678_Bluebook_0098
	FACF_0678_Bluebook_0099
	FACF_0678_Bluebook_0100
	FACF_0678_Bluebook_0101
	FACF_0678_Bluebook_0102
	FACF_0678_Bluebook_0103
	FACF_0678_Bluebook_0104
	FACF_0678_Bluebook_0105
	FACF_0678_Bluebook_0106
	FACF_0678_Bluebook_0107
	FACF_0678_Bluebook_0108
	FACF_0678_Bluebook_0109
	FACF_0678_Bluebook_0110
	FACF_0678_Bluebook_0111
	FACF_0678_Bluebook_0112
	FACF_0678_Bluebook_0113
	FACF_0678_Bluebook_0114
	FACF_0678_Bluebook_0115
	FACF_0678_Bluebook_0116
	FACF_0678_Bluebook_0117
	FACF_0678_Bluebook_0118
	FACF_0678_Bluebook_0119
	FACF_0678_Bluebook_0120
	FACF_0678_Bluebook_0121
	FACF_0678_Bluebook_0122
	FACF_0678_Bluebook_0123
	FACF_0678_Bluebook_0124
	FACF_0678_Bluebook_0125
	FACF_0678_Bluebook_0126
	FACF_0678_Bluebook_0127
	FACF_0678_Bluebook_0128
	FACF_0678_Bluebook_0129
	FACF_0678_Bluebook_0130
	FACF_0678_Bluebook_0131
	FACF_0678_Bluebook_0132
	FACF_0678_Bluebook_0133
	FACF_0678_Bluebook_0134
	FACF_0678_Bluebook_0135
	FACF_0678_Bluebook_0136
	FACF_0678_Bluebook_0137
	FACF_0678_Bluebook_0138
	FACF_0678_Bluebook_0139
	FACF_0678_Bluebook_0140
	FACF_0678_Bluebook_0141
	FACF_0678_Bluebook_0142
	FACF_0678_Bluebook_0143
	FACF_0678_Bluebook_0144
	FACF_0678_Bluebook_0145
	FACF_0678_Bluebook_0146
	FACF_0678_Bluebook_0147
	FACF_0678_Bluebook_0148
	FACF_0678_Bluebook_0149
	FACF_0678_Bluebook_0150
	FACF_0678_Bluebook_0151
	FACF_0678_Bluebook_0152
	FACF_0678_Bluebook_0153
	FACF_0678_Bluebook_0154
	FACF_0678_Bluebook_0155
	FACF_0678_Bluebook_0156
	FACF_0678_Bluebook_0157
	FACF_0678_Bluebook_0158
	FACF_0678_Bluebook_0159
	FACF_0678_Bluebook_0160
	FACF_0678_Bluebook_0161
	FACF_0678_Bluebook_0162
	FACF_0678_Bluebook_0163
	FACF_0678_Bluebook_0164
	FACF_0678_Bluebook_0165
	FACF_0678_Bluebook_0166
	FACF_0678_Bluebook_0167
	FACF_0678_Bluebook_0168
	FACF_0678_Bluebook_0169
	FACF_0678_Bluebook_0170
	FACF_0678_Bluebook_0171
	FACF_0678_Bluebook_0172
	FACF_0678_Bluebook_0173
	FACF_0678_Bluebook_0174
	FACF_0678_Bluebook_0175
	FACF_0678_Bluebook_0176
	FACF_0678_Bluebook_0177

