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ABSTRACT

ON THE DYNAMICS OF THE FORMATION OF MULTIPLE TROPICAL
DISTURBANCES

A nonlinear shallow water model on the sphere is used to study the early stages of
tropical cyclone genesis, namely, the formation of tropical disturbances. Two particular
cases in which one or more tropical disturbances are produced are studied: the ITCZ
breakdown and the formation of disturbances that lead to twin tropical cyclones.

The ITCZ breakdown is seen to be a plausible mechanism for the formation of tropical
disturbances. This mechanism also offers an explanation for the observations of easterly
waves outside the Atlantic basin. In the Eastern Pacific, in particular, the time and
space clustering of tropical cyclone genesis lend support to the hypothesis that the ITCZ
breakdown plays a role in their formation.

Tropical cyclone twins are observed exclusively in the Indian Ocean and in the West
Pacific near the dateline. They are believed to form in association with super cloud
clusters that straddle the equator in those regions. Shallow water model results presented
herein corroborate this hypothesis. The existence of oreferred regions for their formation
is proposed to be associated with the life cycle and movement of their parent super cloud
clusters.

The shallow water model proved to be a useful simple tool for investigating barotropic

dynamical aspects of the formation of tropical cyclore disturbances.
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Chapter 1

INTRODUCTION

Tropical cyclones are intense cyclonic storms that form over the warmest waters of the
tropical oceans. Along with earthquakes, intense tropical cyclones are the most destructive
natural phenomena on Earth, claiming many lives and high costs in property damage every
year. Although addressed in numerous studies, tropical cyclogenesis still awaits a widely
accepted elucidation. This is in part due to the historical scarcity of observations over the

oceanic regions where tropical cyclogenesis takes place.

1.1 Tropical Cyclogenesis

Before addressing the topic of tropical cyclogenesis, it is useful to review some relevant
definitions. Tropical cyclones are classified in three different categories according to their
intensity. At the bottom of the tropical cyclone hierarchy are tropical depressions which
have a well defined low level cyclonic circulation with maximum rotating winds of less
than 17 m/s; next come tropical storms with maximum winds between 17 and 33 m/s; and
finally, hurricanes (or typhoons, as they are called in the West Pacific) are strong storms
with sustained maximum winds that exceed 33 m/s. Tropical disturbances such as easterly
waves or cloud clusters precede tropical cyclones in the aforementioned hierarchy and are
characterized by broad regions (~ 200 — 600 km in diameter) of organized convection that
do not contain a persistent and well defined mesoscale cyclonic circulation (Frank, 1987).
Tropical disturbances are composed of a number of mesoscale convective systems.

In the literature, some confusion often occurs when different definitions are given to
the term tropical cyclogenesis. Throughout this work, tropical cyclogenesis (or formation)
will be understood to begin with the formation of a tropical disturbance and end when the

tropical storm stage is reached, including the formation of the mesoscale cyclonic vortex.



The development of the storm beyond the tropical storm stage is called intensification
(Frank, 1987; Zehr, 1992).

Approximately 80 tropical storms form each year in the tropics and about 60% of these
become hurricanes. Climatologically, tropical cyclogenssis is favored in regions where cer-
tain empirical thermodynamic and dynamic parameters are propitious (Gray, 1975). The
thermodynamic parameter is composed of three factors, namely, 1) a conditionally un-
stable atmosphere below 500 mb, 2) a warm and deep oceanic mixed layer, and 3) above
average middle level moisture. The dynamic parameter combines a 1) significant value
of planetary vorticity (typically farther than 5° away from the equator), 2) weak vertical
wind shear of the horizontal wind and 3) high low level relative vorticity. Gray (1975) com-
bines the thermodynamic and dynamic parameters into a seasonal genesis parameter that
successfully diagnoses the observed geographical distribution of tropical cyclone genesis.
The thermodynamic and Coriolis parameters, however, are favorable over large portions
of the tropical oceans during much of the year while tropical cyclones are relatively rare
events compared to the large number of tropical disturbances that are potential candi-
dates to undergo genesis. Gray and collaborators suggested that the low level vorticity
and the vertical wind shear are the critical parameters to distinguish between developing
and non-developing disturbances, given that the other conditions are favorable. These
dynamic variables were combined to calculate a genesis parameter that may be used to
differentiate individual developing from non-developing disturbances (McBride and Zehr,
1981; Zehr, 1992).

Large scale processes such as the El Nifio-Southern Oscillation (Gray, 1989; Lander,
1994; ENSO), Quasi-Biennial Oscillation (Gray, 198¢; QBO) and the Madden Julian Os-
cillation (Liebmann et al., 1993; MJO; see Madden and Julian, 1994, for an overview
of observational work on the MJO) have been shown to influence tropical cyclogenesis
through the changes they provoke in the environmental parameters discussed above.

Over the past few decades, several theories for tropical cyclogenesis have been put
forth. While all propose pieces of the tropical cyclogenesis puzzle, a complete understand-

ing of the role of environmental and internal processes in the genesis problem still awaits



elucidation. In this work, the initial stages of tropical cyclone genesis, namely, the for-
mation of tropical disturbances, is studied. Before presenting the approach taken in this
study, a review of relevant work is given below. Some of these theories concentrate on

processes internal to the storm, others evoke external processes.
1.1.1 Internal Mechanisms

In the early years, studies of tropical cyclone genesis concentrated on searching for
linear instabilities of the mean tropical atmosphere that would amplify resulting in a
tropical cyclone. The main theory that emerged during this quest was that of Conditional
Instability of the Second Kind (CISK), proposed by Charney and Eliassen (1964) and
Ooyama (1964).

In CISK, the intensification of a tropical depression occurs through a cooperative
feedback between its embedded cumulus convection and mesoscale circulations, the former
supplying the energy (in the form of latent heating) to intensify the vortex and the latter
providing the boundary layer convergence that is visal for maintaining deep convection.
An important effect ignored in linear CISK theory is the role of time varying inertial
stability on the intensification of the storm. As the storm intensifies, its inertial stability
increases gradually improving the efficiency of latent heating in further strengthening the
storm (Schubert and Hack, 1982). CISK, however, was intended as a theory for tropical
cyclone intensification rather than genesis (Ooyama, 1982).

In CISK, the energy for the growth of the disturbance is supplied by CAPE (Convec-
tive Available Potential Energy) stored in the atmosphere. Emanuel (1986) and Rotunno
and Emanuel (1987) argue that there is little CAPE in the tropical atmosphere and the
source of energy for storm intensification is provided by sensible and latent heat fluxes from
the ocean. A finite amplitude instability is then proposed, the so called Wind Induced
Surface Heat Exchange (WISHE), which arises through a positive feedback between latent
and sensible heat fluxes from the ocean and the surface tangential wind in an environment
with no initial CAPE.

In both of the theories above, intensification is conditioned on the existence of a finite

amplitude initial vortex.



1.1.2 External Mechanisms

Several different types of external forcing of tropical cyclone genesis have been pro-
posed, among these are the theories of upper level forcing, low level forcing and topography
influences which are reviewed below.

Riehl (1945) was among the first to recognize the existence of westward moving waves
(the so called easterly waves) in the lower levels of the tropical atmosphere, and their
importance in tropical cyclone genesis. Riehl observed that tropical easterly waves formed
somewhere in Africa (with a frequency of about one every 2-4 days) and propagated
westward (at 5-7 m/s), losing some intensity as they crossed the stable air over the Eastern
Atlantic, but strengthening over the Western Atlantic and, in some cases, crossing Central
America moving into the Eastern Pacific Ocean.

Easterly waves have been observed in the eastern Atlantic and West Africa (Carlson,
1969; Burpee, 1972, 1975; Reed et al.,1977; Chen and Ogura, 1982), Western and Central
Pacific (Reed and Recker, 1971; Yanai, 1961), South China Sea and India (Saha et al.,
1981) and Eastern Pacific Ocean (Chang, 1970; Tai and Ogura, 1987). Among these,
the most extensively documented and studied are the Atlantic and West African easterly
waves.

In the Atlantic basin, it is well established that approximately half of the tropical
cyclones originate from African easterly waves (Frank, 1987). About 60 of these waves
form every year in eastern central Africa between May and November (Carlson, 1969a;
Avila and Clark, 1989). They propagate westward into the Atlantic ocean (Carlson,
1969b) often being tracked as far west as the Caribbean and Eastern Pacific (Riehl, 1945;
Simpson et al., 1969; Frank, 1969a; Frank, 1976; Frank,1987; Avila and Clark, 1989;
and many others). Once over the ocean, some of these easterly waves participate in
tropical cyclogenesis. Consistent with the early observations of Riehl (1945), the average
wavelength of these easterly waves is observed to be approximately 2500 km with westward
propagation speed of about 8 m/s and maximum disturbance amplitude near the 700 mb

level (Reed et al., 1977; Burpee, 1972).



Through both observational (Burpee, 1972; Norquist et al., 1977) and numerical
(Rennick, 1976; Simmons, 1977; Mass, 1979; Kuo, 1978, Kwon, 1989) studies, a consensus
seems to have been achieved that African easterly waves result from combined barotropic
and baroclinic instability of the African easterly jet. The relative importance of these two
instability mechanisms has not yet been satisfactorily established. Although the tropical
easterly jet is present over the southern part of the African bulge all year round, it is a well
organized feature of the circulation only from April to November. This jet has a maximum
of about 13 m/s at around 650 mb and 16°N (Norquist et al., 1977) and its existence is
usually explained in the literature through thermal wind balance over the southern part
of the African bulge. In that region, a strong meridional temperature gradient between
the warm Saharan air and the colder air over the Guinea Gulf, requires the existence
of the easterly jet. Since this mechanism depends cn surface boundary conditions that
are particular to the African region, it does not appear to explain the aforementioned
observations of easterly waves in the other oceanic basins, unless they can be shown to
have originated in Africa.

In the Eastern Pacific, for example, there is some controversy regarding the frequency
with which African easterly waves cross Central America and trigger tropical cyclones
(Simpson et al., 1969; Frank, 1969a; Frank, 1976; Frank, 1987; Avila and Clark, 1989; and
many others). An observational study by Tai and Ogura (1987) suggests that easterly
waves in the Pacific Ocean are not typically related to African Waves but rather have a
local origin. They also show that easterly wave activity is a maximum in July and August
in the Pacific basin. Easterly wave activity is stronger in the Western Pacific, followed by
the Eastern Pacific and finally the Central Pacific. No attempt has been made to connect
African waves to disturbances in the Central or Wes=ern Pacific. Nitta and Yanai (1969),
show that the mean zonal flow in the Western Pacific is barotropically unstable during
some of the summer months. Given the lack of strong underlying meridional temperature
gradients in the Pacific Ocean, a different mechanism for producing the unstable mean
flow must be present. This will be further discussed in section 1.2.2.

Based on observations in the West Atlantic, Riehl (1948) was among the first to

suggest that tropical cyclone genesis is favored in regions where there occurs superposition



of a westerly moving upper-level trough and an easterly moving tropical disturbance (such
as the previously mentioned easterly waves).

Further observational evidence attesting for the importance of upper tropospheric
disturbances in tropical cyclone genesis and intensification is presented by Sadler (1976,
1978). He observes that in the Western Pacific tropical cyclone genesis often occurs in the
monsoon trough in association with a tropical upper tropospheric trough (TUTT). Sadler
argues that the presence of a TUTT to the N-NW of a tropical disturbance provides a
westerly outlfow channel aloft that acts to efficiently remove both mass and heat from the
tropical disturbance, favoring its development into a tropical storm.

Modeling studies of the role of upper level disturbances in the formation of Atlantic
hurricanes were performed by Challa and Pfeffer (1990, and references therein). Using
initial conditions from developing and non-developing cloud cluster composites calculated
by McBride (1981 a and b) and McBride and Zehr (1981), Challa and Pfeffer conclude that
upper tropospheric eddy flux convergence of angular momentum associated with wavelike
disturbances in the upper troposphere may act as « trigger for tropical cyclone genesis
and intensification in the developing cases.

Montgomery and Farrel (1993) also pursued the hypothesis of cyclogenesis induced by
upper tropospheric forcing, but used a potential vorticity (PV) dynamics approach in an
attempt to unify the theories of tropical and extratropical cyclogenesis. They proposed a
model of tropical cyclone genesis initiated by translating upper level PV anomalies in areas
of deep moist neutrality which is similar, in concept, to models of extratropical cyclogen-
esis. They used both two-dimensional and three-dimensional Boussinesq semi-geostrophic
balanced models that incorporated moist processes to simulate tropical cyclone genesis
in near moist-neutral environments. The three-dimensional dynamics was illustrated for
model parameters that simulated the formation of Hurricane Diana. This hurricane formed
off the Florida coast (near 30°/N) in September of 1984 associated with a westerly moving
upper tropospheric positive PV anomaly upwind of a surface front (Bosart and Bartlo,
1991). A surface front off the Florida coast provided the initial low level vorticity required

for cyclogenesis. Assuming deep saturated ascent in a moist neutral environment, a small



scale cyclone of tropical storm intensity forms in their simulation after approximately 61
hours. They propose that similar mechanisms may also operate in the deep tropics.

Gray (1968, 1975) found that upper level forcing causes approximately 15% of the
global total of tropical cyclones, with an additional 3-5% of the total storms forming in
subtropical latitudes in association with stagnant frontal zones and upper level forcing.

Reilly (1992) offers observational support to the upper level forcing hypothesis. He
calculates a forcing parameter that measures an average differential PV advection near the
tropopause using NMC (National Meteorological Center) global analyses for 11 tropical
storms that occured in 1991 in the Northern West Pacific. He concludes that five of the
storms studied may have been connected to the presence of a TUTT. The inclusion of
non-developing storms in this kind of study may help in establishing the importance of
TUTTS in tropical cyclogenesis. The JTWC (Joint Typhoon Warning Center), however,
reported that none of the Western North Pacific tropical cyclones in 1991 were TUTT
induced, even though the TUTT was often present during the summer (JTWC, 1991).
Moreover, in a study of two years of tropical cyclone genesis in the Northern West Pacific,
Zehr (1992) finds that the TUTT is just as common near non-developing cloud clusters
as it is near developing ones.

From the above discussion, it becomes clear that although is has long been recognized
that upper level anomalies participate in tropical cyclone genesis, the modes of interac-
tions and the frequency with which they occur are still the subject of debate. A better
observational network is required to shed light on this problem.

In Zehnder and Gall (1991a, b), Zehnder (1991) and Zhong et al. (1993), another
mechanism for tropical cyclogenesis that is probably unique to the Eastern North Pacific
is discussed. This basin is a peculiar region because it is located downwind of the Sierra
Madre Mountains in Central America and has the highest frequency of tropical cyclone
genesis per unit area in the world (Renard and Bowman, 1976). Zehnder and his collabora-
tors investigate the possibility that this enhanced tropical cyclogenesis region exists due to
lee cyclogenesis caused by the interactions of certain southeasterly flows with the Central
American Sierra Madre mountains. Evidence supporting this hypothesis was gathered us-

ing both observations (Zehnder and Gall, 1991a; Mozer and Zehnder, 1994) and numerical



models. Numerical results (Zehnder and Gall, 1991b; Zehnder, 1991) show that for the
actual orientation, shape and dimensions of the Sierra Madre mountains, a southeasterly
flow impinging on the mountains will produce a train of waves to the west of the moun-
tains. This wave train has a cyclonic vorticity maximum just west of the mountains and a
secondary maximum located 1000 — 2000 km downstream. The dimensions of the first of
these cyclonic maxima are comparable to those of mesoscale vortices that are observed to
precede cyclone genesis, but its intensity is at least one order of magnitude smaller than
that of the observed initial mesoscale vortex (Zehnder, 1991). They also suggested that
the formation of a wave train to the west of the mountain may explain episodes of almost
simultaneous formation of more than one tropical cyclone in the Eastern Pacific (see figure
1.3 for an example). The persistent southeasterly wind required to produce lee cyclogene-
sis is hypothesized to be associated with planetary scale Rossby waves in the troposphere
(Zehnder, 1991). Zhong et al. (1993) use several years of NMC analyses to show that
there is good correlation between years with enhanced Rossby wave activity in the tropics
and years with above average tropical cyclone genesis in the East Pacific. Nevertheless, it
seems that perhaps rather than explaining the existence of the initial mesoscale vortex, lee
cyclogenesis explains the increased frequency of more mesoscale convective systems (MCS)
on the west side of the Sierra Madres as initially proposed in Velasco and Fritsch (1987).
This increased frequency of occurrence of MCSs would then improve the probability of

tropical cyclone genesis perhaps through the mechanism described below.
1.1.3 A Conceptual Model for Tropical Cyclogenesis

A common problem among the tropical cyclogenesis theories discussed above is the
need for a weak pre-existing cyclonic vortex for the proposed mechanisms to act. Since
tropical cyclogenesis is the evolution from a tropical disturbance (wherein no persistent
and well defined mesoscale cyclonic vortex exists) to a tropical storm (which contains a
mesoscale cyclonic vortex), these theories only describe the later stages of cyclogenesis.

Thus far, a single linear or nonlinear instability of the mean flow has not been able
to thoroughly explain the transition from a tropica. disturbance to a tropical storm. A

different approach to this problem is proposed in Ooyama (1982). He envisioned the



genesis process as a series of events, with the probability of further evolution increasing as
it proceeds. Zehr (1992) and Emanuel (1993) propose similar conceptual models of tropical
cyclone genesis that contain this probabilistic nature proposed by Ooyama (1982).

It is useful at this point to review a key concept in understanding the dynamics
of tropical cyclonegenesis, the Rossby radius of deformation (Rp). In an axisymmetric

system, Rp is defined as

Ry = NH
T+ 02 (f+2v/n)

(1.1)

where N is the Brunt-Viisila frequency, H is the equivalent depth, f is the planetary
vorticity, ( is the relative vorticity of the disturbance and V is the tangential velocity at
radius r. Inertial stability is included in the definition of Rp because it is directly propor-
tional to the efficiency of a given forcing in producing a balanced circulation (Schubert and
Hack, 1982; Hack and Schubert, 1986). The Rossby radius of deformation separates scales
of motion in which balanced dynamics prevails from those dominated by non-balanced
dynamics. For instance, given a certain forcing of radius r, if r € Rp, the disturbance is
dynamically small (Cotton et al.; 1989), and geostrophic adjustment dictates that most
of the energy will be dispersed away with transient gravity waves. In a dynamically large
disturbance (r > Rp), on the other hand, little energy propagates away with gravity
waves, most of it being used to produce a balanced rotating circulation (Schubert et al.,
1980). Thus, the above discussion implies that it is difficult to force a balanced vortex in
a dynamically small disturbance, because in such a system the forcing will mostly excite
transient gravity waves.

Due to their small ( and N and the low latitudass they form at, tropical disturbances
are an example of dynamically small systems. Consequently, tropical cyclone genesis, i.e.
the formation of a dynamically large tropical storm: within a dynamically small tropical
disturbance, requires a local decrease in the Rossby radius of deformation. From equation
(1.1) it is clear that at any fixed latitude, Rp can only be decreased by either increasing
the relative vorticity or decreasing the local static stability. Both of these processes are

believed to be involved in tropical cyclone genesis, as explained below.



10

Zehr (1992), proposes a conceptual model of tropical cyclone genesis that possesses the
probabilistic nature described in Ooyama (1982). Based on observations of 52 Northern
West Pacific tropical storms during 1983-1984, he proposes the two stage conceptual model
for tropical cyclogenesis illustrated in Fig. 1.1. The environmental thermodynamic and
dynamic parameters previously mentioned (Gray, 1975) must be favorable at all times
during the proposed tropical cyclone genesis process. In stage 1 of genesis, a low level
wind surge enhances convergence in a tropical disturbance initiating an MCS. embedded
within the favorable environment of a tropical disturbance. In the stratiform region of
this MCS, an inertially stable warm core mesoscale vortex is produced by mechanisms
to be discussed later. This mesoscale convectively generated vortex (MCV) is typically
150 — 300 km in diameter and may persist for a few days after the parent MCS has
dissipated, providing the tropical atmosphere with a region of decreased Rp. A second
low level wind surge may then fortuitously initiate a new episode of active convection in
the vicinity of the existing MCV, marking the beginning of stage 2 of genesis. If the spatial
scale of this new convective region is comparable to the local reduced Rp, the efficiency of
the latent heating in intensifying the existing balanced cyclonic circulation is high. At this
point, a minimal tropical storm exists that will intensify provided that the environmental
conditions continue being propitious.

Although initially proposed for the Western Pac:fic, the sequence of events that com-
pose this conceptual model of tropical cyclone genesis is also observed in the Atlantic and
E. Pacific basins (Zehr, 1993) and it is believed to be possible in all regions where genesis
takes place.

However, several steps of this observationally devised conceptual model for cyclogen-
esis need to be physically understood through further theoretical, modeling and observa-
tional studies before a complete picture of tropical cyclone genesis emerges.

For instance, mesoscale convective systems are observed to produce MCVs both in
midlatitudes (Brandes, 1990, Bartels and Maddox, 1991; Johnson and Bartels, 1992) and
in the tropics (Velasco and Fritsch, 1987; Zehr, 1992; Emanuel et al., 1993). However,

the processes that lead to the formation of these vorzices are still subject to investigation.
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Embedded in Favorable Environmzantal Conditions

_Tropical Hurricane
Disturbances e Tropical Tropical Typhoon
> Depression Storm
m— Cyclone
|_ Stage 1 I— Stage 2
|
GENESIS INTENSIFICATION

Figure 1.1: Schematical diagram of a conceptual model of tropical cyclone genesis proposed
by Zehr (1992). See text for explanation

The formation of an MCV within the trailing stratiform region of an MCS is believed to
occur mainly through vortex stretching (Hertenstein and Schubert, 1991; Weisman et al.,
1993; Chen and Frank, 1993). More specifically, midlevel convergence associated with the
mesoscale circulations of the stratiform region and latent heating (Houze, 1989) act to
locally amplify the vertical vorticity. This mechanism, however, is more efficient in the
midlatitudes, where f is larger, than in the tropics. Tilting of horizontal vorticity also
seems to play an important role in the initial production of the vortex (Brandes, 1990;
Verlinde and Cotton, 1990). Observational studies in the midlatitudes corroborate these
findings about the origin of the MCV (see Brandes, 1990: Verlinde and Cotton, 1990;
Bartels and Maddox, 1991; Johnson and Bartels, 1992).

A better understanding of the origin of low level wind surges, as well as of their
interaction with tropical disturbances is required. In the W. Pacific these low level wind
surges were observed from all directions, with most of the cases having a westerly and/or
southerly component (Zehr, 1992; Briegel, 1993). The origin of these wind surges is
still not clear, among possible suggested mechanisms are tropical easterly waves, cross

equatorial cold surges (Love, 1985) and equatorial waves.
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Also, the mechanisms for formation of tropical disturbances and their embedded MCS
need to be further understood. In this work a further step towards understanding some
cases of tropical disturbance formation is taken.

Finally, it is important to remark that the mechanisms for tropical cyclogenesis re-
viewed above need not be exclusive, in the sense that in some cases, more than one of

them may be acting cooperatively in the genesis of a tropical storm.

1.2 The Intertropical Convergence Zone

Given that approximately 80% of all the tropical cyclones on the globe form near
or within the Intertropical Convergence Zone (Gray, 1968; ITCZ), it seems reasonable to
search for mechanisms that favor tropical cyclogenesis within the dynamics of the ITCZ.

The ITCZ is a more or less continuous, narrow zonal belt of convection that circum-
scribes the earth within tropical latitudes. It is composed of hundreds of distinct tropical
disturbances with horizontal scales on the order of a few hundred kilometers, separated
by regions of relatively clear skies. In terms of circulation patterns, the ITCZ lies in the
equatorial trough, which is the region where the trade winds from both hemispheres meet,
and constitutes the ascending branch of the Hadley cell.

Two basic types of circulation patterns occur associated with the ITCZ, namely, the
monsoon trough and the trade wind trough. The monsoon trough pattern typically occurs
when the ITCZ is located farther than 10° away from the equator and is characterized by
northeasterly (southeasterly) winds to the north (south) of the trough and southwesterly
(northwesterly) winds between the trough and the equator in the Northern (Southern)
Hemisphere. The trade wind trough is defined when the ITCZ is located within 10° of
the equator and is characterized by northeasterly trades to the north and southeasterly

trades to the south in either hemisphere.
1.2.1 A Climatology of the ITCZ

A climatology of the ITCZ calculated using a 17 year long Highly Reflective Cloud
data set (Waliser and Gautier, 1993) is shown in Fig.1.2. Some of the evident character-

istics of the ITCZ are pointed out below.
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Figure 1.2: Mean monthly ‘ITCZ’ structure for a) January, b) April, ¢) July and d)
October. These mean monthly images are based on 17 years of monthly HRC (Highly
Reflective Cloud) data. Values represent the number of days per month that a given grid
point was covered by a large-scale convective system.(From Waliser and Gautier, 1993).
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In the Western Hemisphere, the ITCZ is remarkably zonally symmetric and remains
in the Northern Hemisphere all year round, with the exception of the portion that lies
over the American continent. In the Eastern Pacific, the ITCZ becomes wider in its
easternmost part during the Northern summer, reflecting the migration of the ITCZ from
the Amazon region to Central America.

The Eastern Hemisphere portion of the ITCZ shows less zonal symmetry than its
Western Hemisphere counterpart and migrates between the Northern and Southern Hemi-
spheres at all longitudes. In the Western Pacific warm pool. complicated ITCZ patterns
emerge with the prevalent circulation being of the monsoon type. Two basic types of
circulation are identified in the NW Pacific, namely, the linear monsoon trough and the
less common monsoon gyres (Lander, 1993).

Although possessing mixed characteristics of both midlatitude frontal zones and the
ITCZ, the subtropical frontal zones (Kodama, 1992), namely the South Pacific Conver-
gence Zone (SPCZ), the South Atlantic convergence zone and the Baiu front are also
evident in the ITCZ climatology presented in figure 1.2. In the South Western Pacific, it
is interesting to note that the SPCZ is present all year round, with peak activity during
the Southern summer.

The migration of the ITCZ across the equator in oceanic latitudes in the E. Hemi-
sphere, allows the somewhat rare occurrence of twin tropical cyclones which will be further

discussed in chapter 5.
1.2.2 Transience and Cyclogenesis within the ITCZ

Depending on the context in which it is studied. the ITCZ may be regarded as either
a stationary or a transient feature of the tropical atmosphere. The stationary approach
is usually adopted in general circulation or climatology studies. The transient approach
must be followed when daily and zonal variations of the ITCZ are considered.

The ITCZ breakdown is a transient phenomenon which is hypothesized to aid in
setting the stage for certain cases of tropical cyclogenesis. In satellite images, the ITCZ
is sometimes observed to undulate, forming cloud patterns that resemble inverted V's

(Frank, 1969b). At times, this undulating ITCZ breaks down (Agee, 1972) into several
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tropical cyclones. This process is referred to as ITCZ breakdown. These tropical cyclones
then move into higher latitudes allowing the ITCZ to reform and perhaps start the cycle
over again.

A classical example of ITCZ breakdown that occurred in the E. Pacific in July of 1988
is shown in figure 1.3. From July 27 through July 30, five tropical depressions formed in
the E. Pacific within about 9° longitude of each other. Four of these depressions became
named storms (Gerrish and Mayfield, 1989). On July 26, the ITCZ was an elongated
zonal band of convection centered at about 10° N. Two days later, on July 28, the ITCZ
is undulating, resulting in its breakdown into a series of tropical cyclones by August 3.
These tropical cyclones then moved into higher latitudes allowing the ITCZ to reform by
August 10. In the 1988 hurricane summary, Avila and Clark (1989) report that all of the
E. Pacific tropical storms during 1988 were initiated by African easterly waves.

The aforementioned undulations of the ITCZ may be related to the previously dis-
cussed tropical easterly waves. These waves are believed to result from combined barotropic
and baroclinic instability of the mean zonal flow. In the African region the origin of this
unstable mean flow is believed to be related to the strong underlying meridional temper-
ature gradients (Burpee, 1972; Norquist et al., 1977). However, the inexistence of similar
temperature gradients in other regions where easterly waves are observed make it neces-
sary to find alternative mechanisms for the production of unstable mean flows and easterly
waves outside the tropical Atlantic. The mechanism studied here and previously in Hack
et al. (1989), Schubert et al. (1991, 1992) and Guinn (1992) is also combined barotropic
and baroclinic instability of the zonal flow. The difference is that the meridional PV gra-
dient reversal that is necessary for the occurrence of combined barotropic and baroclinic
instability is instead hypothesized to have been produced by latent heat release in deep
cumulus convection within the ITCZ. This mechanism is called ITCZ breakdown. The
presence of the strong meridional temperature gradient at the surface in the African region
may act as an enhancing factor. Evidence for this is that the magnitude of the meridional
shear of the zonal wind is much stronger in the Atlantic (and African) region than in the

Eastern Pacific.
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Figure 1.3: GOES IR images illustrating the ITCZ breakdown in the Eastern Pacific; a) 26
July, b) 28 July of 1988 at 16:46.
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Figure 1.3: Continued; c) 3 August and d) 10 August of 1988.
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The ITCZ breakdown is here hypothesized to be a mechanism for the formation of
tropical disturbances. These tropical disturbances are large regions of increased vorticity
and organized convection, therefore being a prime environment for the genesis of tropical
cyclones. The ITCZ breakdown is proposed to explain the early stage of tropical cyclone
genesis, namely, the formation of tropical disturbances.

Chapter 2 introduces the shallow water model which is used in this work. The numer-
ical aspects of the model are presented in Appendix A. Given that the ITCZ breakdown
results from an instability of the mean flow, the theory for instability of barotropic flows
is reviewed in Chapter 3. The method used in the linear normal mode stability analysis
of zonally symmetric vorticity strips on the sphere presented in Chapter 3 is outlined in
Appendix B. Chapter 4 contains the results of model experiments which were designed
to simulate the formation of tropical disturbances through the ITCZ breakdown process.
The interactions between an idealized ITCZ and a nearby vortex are also shown in this
chapter. A short climatology of Eastern Pacific tropical cyclone genesis was included to
provide some observational support to the model results. In Chapter 5, the formation of
the tropical disturbances that lead to twin tropical cyclogenesis is simulated. The effects
of the movement of super cloud clusters associated with the Madden Julian Oscillation
on twin tropical cyclone formation is also addressed. A short climatology of twin tropical
cyclone formation is included. Finally, a summary of the results obtained and related

conclusions are presented in Chapter 6.



Chapter 2

THE SHALLOW WATER MODEL

In this chapter, a review of the shallow water model used later on is presented.
The model was developed by Hack and Jakob (1992) and is based on the shallow water
equations solved globally on the sphere using the spectral transform method. A detailed
description of this model is given in Hack and Jakob (1992). Nonetheless, a brief de-
scription of its governing equations is presented in section 2.1. Section 2.2 reviews the
conservation principles pertinent to the shallow water equations, and section 2.3 discusses
the usefulness of shallow water models in the study of tropical dynamics. Finally, section

2.4 discusses the model initialization, spatial truncation, time step and dissipation.

2.1 The Governing Equations

The shallow water equations describe the motion of a single layer of homogeneous,

incompressible and hydrostatic fluid. On the sphere, these equations are

ou ou du " utan g _ L) Diff
£ +uacosfpa)‘ +va3<p - (2Qsm<p+ - )‘u T +F, (2.1)
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0P o(ud) (v®cosp) Diff
Ot  acospdh  acospdp Q+Fy (2.3)
where
: 4
e A (2.4a)
cos¢p al
. 4
FPif = _k, Viv 4 (2.4b)
cos¢p al

FOU = —K,V'® (2.4¢)



20

and u and v are the horizontal components of the wind, @ is the geopotential height,
a is the radius of the earth, Q is a mass sink or source, K3 is a diffusion coefficient and
¢ and X are latitude and longitude, respectively. The diffusion operators are added to
control spectral blocking (1.e., accumulation of energy in the smallest resolved scales) and
the linear operators they contain are needed to prevent damping of solid body rotation
(Jakob et al., 1993). Equations (2.1)-(2.3) form a closed system in u, v and . An
equivalent closed system in 8, ( and ® is obtained by replacing the momentum equations
with the divergence and vorticity equations. This is the so called vorticity/divergence form
of the equations of motion and it is the form integrated in this model. The horizontal

divergence and vertical vorticity equations are

9 _ 1 d(Vn) 8Un) o v2+v2] o 4
ot a(l-p?) OA adu v [(I)+ 2(1 — 12 K4(V76 046), (2.5)
oy _ _9mV) _ 1 o(nU) s 4
o= " eop a2 oxn  Ka(Vim—gm), (2.6)
where
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a1—12)o% | adp’ (2.7a)
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TERHL = a(l — p2)or B aa,u+f‘ (2.7b)

and U = ucosp, V =vcosy, p =siny and f = 2Qsiny (which is the Coriolis parame-
ter).

The mass conservation equation may be written as

0¥ _ 1 0WU¥) ave) -
o - al-p?) o3  adp Q- KV(®+?) (2.8)

if the geopotential is given by ®(\, p,1) = @ + &'(), ¢, 1).
The Helmholtz theorem states that a horizontal velocity vector (V = iu + jv) may

be written as the sum of a rotational part plus a divergent part, that is:
V=kxVy+Vyx (2.9)

where 1 and x are a scalar streamfunction and velocity potential, respectively and i, j, and

k are the zonal. meridional and vertical unit vectors. From (2.9), in spherical coordinates
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U and V may be written as:

_ox (-p?)oy

- ad\  a Op (2:19)
_ oy (1-pPdx

V= adl * a Ou (2:11)

The prognostic variables  and § may be obtained as functions of ¢ and x by substituting
(2.10) and (2.11) into (2.7):
n=V%+f (2.12)

6=V (2.13)

The use of (2.12) and (2.13) eases matters because the Laplacian operator has a simple
form in a spectral space whose basis functions are spherical harmonics (see Appendix A).

Substitution of (2.10) through (2.13) into (2.5), (2.6) and (2.8) yields a non-linear
system of prognostic equations for ¢, x and ®, that will be solved using the spectral
transform method in space and semi-implicit time differencing. In order to start the
integration in time, initial fields of either 1, § and ® or U, V and @ on the transform grid
are required. For each time step the model calculates all non-linear terms and diabatic
processes in the transform grid. Then it transforms all variables into spectral space where
the linear terms, derivatives and time tendencies are evaluated. Finally all variables are
transformed back to physical space and one cycle of the integration is completed. For

more information on the numerical aspects of the model, see Appendix A.

2.2 Conservation Principles

For the sake of completeness, the conservation principles pertinent to the shallow
water model (neglecting the dissipation terms) will be presented in this section. These are
conservation of energy, angular momentum and potential vorticity.

The principle of conservation of potential vorticity is obtained by combining equations
(2.3) and (2.6)

dg

.—=_q

- (2.14)

&0



22

where the potential vorticity, g, which is given by

n
=L 2.15
| =3 (2.15)
and the total derivative by
d 0 a a
-_—= = . 2.16
dt =0t “acosgor ' 'add (&34

It is evident from (2.14) that in the absence of any mass sinks or sources, potential vorticity
is conserved following the motion of a particle. If, on the other hand, a mass source (sink)
is present, potential vorticity will decrease (increase).

The total energy (kinetic plus potential) conservation principle is obtained by taking
(2.1)-®u+(2.2)-®v and adding it to (2.3) - [(u? + v?)/2 + ®], which results in

O[®(K+ %))  9[(K + P)ud) . (K + Pjvcos ¢9]
ot a cos pOA acos ¢pd¢P

=Q(K+P) (2.17)

where K = (u? + v?)/2 and P = ® are the kinetic and potential energy per unit mass,
respectively. Integrating (2.17) over the whole domain of the sphere results in the conser-

vation relation

d 2r r=/2 P 2r rm/2
—[ f B+ = )avospdrdp = / Q(K + Placos¢drdg,  (2.18)
dt 0 - /2 2 0 —-x/2

1.e., in the absence of mass sources or sinks and friction effects, total energy is conserved
when integrated over the surface of a sphere.

Finally, the angular momentum conservation principle is given by

dM 0
e (2.19)

where M = (Qacos ¢ +u)acos ¢ is the angular momentum. Integration of (2.19) over the

entire domain of the sphere, gives

d 2% [n/2 2% /2 Diff
= / / M®acos pdrdé = / / (Q + FPT)M]a cos gdAds, (2.20)
dtJo J-x/2 0 J-=x)2

i.e., angular momentum integrated over the sphere is conserved, when mass sinks or
sources and friction effects are absent.

The conservation principles derived in this section will become useful in the derivation
of flow stability theorems to be presented in chapter 3. They will also be referred to in that
chapter for the derivation of a conservative quantity of the perturbed flow, the so-called

wave activity.
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2.3 Use of Shallow Water Models in Tropical Dynamics

The use of simple models in meteorology is advantageous because it allows easier
isolation of the processes that are important to explain a given atmospheric phenomenon.
The shallow water system presented in section 2.1 is an example of a simple model of
the atmosphere which is especially useful in the study of tropical dynamics. The reason
for its usefulness is that a scale analysis of the equations of motion shows that, outside
regions of convection, synoptic scale tropical motions are approximately barotropic and
non-divergent (Charney, 1963; Holton, 1992). Within regions of convection, however,
divergent effects become very important and the barotropic non-divergent equations are no
longer valid. The barotropic divergent equations (also known as shallow water equations)
are more appropriate for studies that include the effects of tropical convection.

Further justification for the use of a shallow water model in tropical dynamics is
offered below. In a linear, compressible atmosphere, it is possible to separate the horizontal
structure of motion from its vertical structure (Silva Dias et al., 1983; Fulton and Schubert,
1985). Such an atmosphere may then be seen as a linear combination of numerous sets of
shallow water equations with different equivalent depths (®/g) and different corresponding
vertical structures. For a disturbance of fixed size, different ® have different Rossby radii
of deformation, which will imply different partitions of energy between geostrophic and
gravity modes. Fulton and Schubert (1985) applied a vertical normal mode transform
to apparent heat source profiles obtained in the Marshall Islands and GATE (Global
Atmosphere Research Program - Atlantic Tropical Experiment) and found that important
contributions to the forcing of the mass field come from vertical modes with speed in the
30 — 70m/s range (or ® between 900 — 4900m?/s?). Since most of the energy produced
by convective forcing is projected onto a single vertical mode (typically the first or second
internal mode), the use of a single shallow water layer should be a good approximation to
the tropical circulation. This approach has been previously used in linear studies by Gill
(1980), Silva Dias et al. (1983), and others.

In order to simulate the effects of convection in a shallow water model, it is necessary

to understand its effect in the real atmosphere. Organized cumulus convection in the
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tropics has the net effect of moistening and warming the large scale environment. The
warming is associated to adiabatic compression in the large scale compensating subsidence
and the moistening is due to the detrainment of water from the clouds (Yanai et al., 1973).
This convective heating produces a positive PV anomaly when located in the Northern
Hemisphere. According to the PV equation (2.14), in a shallow water model, a mass sink
produces a positive (negative) potential vorticity anomaly in the Northern (Southern)
Hemisphere. Therefore, in a shallow water model, convective heating is simulated by a

mass sink (Q) introduced in the continuity equation (2.3).

2.4 Model Initialization

Time integration of the shallow water model described in chapter 2 requires knowledge
of the initial mass and momentum fields. Initialization of the model in cases where the
initial wind fields are at rest and the fluid depth is constant is straightforward. If, however,
the initial state is not a resting one, the model should be initialized with balanced mass
and wind fields in order to keep initial transient gravity waves to a minimum.

In the model simulations to be shown next, given the initial relative vorticity, the wind
and geopotential fields are obtained therefrom as follows. Assuming initially nondivergent

flow, the streamfunction ¥ is obtained from the vorticity through
¢ = VY, (2.21a)

and the corresponding nondivergent wind field is given by

9
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where (2.21a,b) are obtained from (2.10-2.12). At this point, it is assumed that the mass
and wind fields obey a nonlinear balance relation which is obtained by setting the local
time variation of divergence to zero in (2.5) (Haltiner and Williams, 1980) resulting in

1 aVn) _aUn) _ oo [U2 8 v2]
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(2.22)

Therefore, given a vorticity field, equations (4.1a,b) and (2.22) are used to initialize the
model. The nonlinear terms in these equations are calculated in physical space and the

remaining terms are most easily computed in spectral space.
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Table 2.1 shows the values of diffusion coefficients (K4) and time steps used in sim-
ulations performed with 7126 and 7213 spectral truncations. According to Jakob et al.
(1993), the diffusion coefficients scale as [n(n + 1)]~2 and are chosen to give a reasonably
straight tail to the kinetic energy spectra. Figure 2.1 shows the rate of dissipation as a
function of the wavenumber n. Dissipation increases towards higher wavenumbers. The
use of T'126 truncation implies stronger dissipation for all wavenumbers. Unless otherwise
specified, it should be assumed that T213 was used in the shallow water experiments that

will be shown herafter.

Spectral | Time Step (s) | K4 (m?/s)
Truncation

T126 2400 6.3 x 1013

T213 1200 8.0 x 1012

Table 2.1: Time steps and K4 used with 7126 and 7213 spectral truncations.
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Figure 2.1: Rate of dissipation as a function of wavenumber, n.

The time steps shown in table 2.1 are consistent with the use of a semi-implicit

time integration scheme (Appendix A). In a semi-implicit time scheme, the time step
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is constrained by the propagation speed of the Rossby modes, rather than that of the
gravity modes. This allows larger time steps than would be possible with an explicit time
integration scheme.

Note that although the shallow water model used in this work is on the sphere, only

the results in selected regions of interest are shown.



Chapter 3

STABILITY STUDIES

The study of stability of idealized basic state flows in the presence of small perturba-
tions is a classical problem in fluid dynamics.

Traditionally, flow stability has been studied within the context of linear normal mode
dynamics. Nevertheless, linear stability does not guarantee stability in general. First, the
classical linear normal mode approach taken to study linear stability, leaves out possible
algebraically growing unstable modes that are part of the continuum frequency spectrum
(Case, 1960; Farrel, 1982). Then, there is the question of whether or not linear stability
will carry over to nonlinear dynamics in each specific case. a linearly stable mode may
either excite unstable modes through nonlinear interactions or simply evolve outside the
ambit of linear dynamics. Examples of nonlinear stable evolutions that do not have linear
counterparts are wave breaking (Dritschel, 1986; McIntyre and Palmer, 1983 and 1984;
Juckes and McIntyre, 1987; Polvani and Plumb, 1992) and vacillation (Dritschel, 1986).

For both linear and nonlinear flows, theorems that establish sufficient conditions for
the stability of the flow have been derived. The inherent differences between the concept
of instability in linear and nonlinear flows become crucial in the procedures used to obtain
their respective stability theorems. In linear dynamics there is no conservation of total
energy and the disturbances can continuously draw energy from the basic state and grow
unbounded. In nonlinear dynamics, on the other hand, conservation of energy imposes an
upper limit on how much energy can be extracted from the basic state by the perturbations,
ultimately imposing an upper bound on the size that the disturbance can attain. These
inherent differences are reflected in the kinds of stability theorems that can be obtained

in each case. In linear normal mode dynamics, stability theorems are derived in such
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a way as to guarantee that no exponentially growing normal modes exist. In nonlinear
dynamics, on the other hand, stability theorems must establish upper bounds for the
growth of disturbances.

Linear stability theorems exist for both the nordivergent and divergent barotropic
equations, the quasi geostrophic and semi geostrophic theories. In nonlinear dynamics,
stability theorems exist for the nondivergent barotropic flow.

In section 3.1, stability theorems for linear barotropic divergent and non-divergent
flows on the sphere are reviewed. A linear normal mode stability analysis of zonally
symmetric vorticity strips on the surface of a rotating sphere is presented in section 3.2.
Finally, section 3.3 presents derivations of a conservative quantity of the perturbation flow

called wave-activity.

3.1 Stability Theory

The simplest possible context in which barotropic instability occurs was described by
Rayleigh (1945). It consists of a plane parallel sheared flow, u(y), in a nonrotating, un-
stratified and inviscid fluid. Rayleigh's inflection point theorem states that a necessary, but
not sufficient, condition for instability in this flow is that d*@/dy® changes sign somewhere
within the fluid. Then, if small perturbations are superimposed on this flow, barotropic
instability may occur and the perturbations may grow by drawing kinetic energy from the
mean flow.

As a review and for the sake of completeness, the derivations of stability theorems
for two cases which are relevant in this work will bz presented next. First, the theorem
for linear stability of barotropic nondivergent flow on the sphere is presented (Schubert et
al., 1992). Then, a theorem derived in Ripa (1983) for the stability of linear barotropic
divergent flow on the sphere is shown. Schubert et al. (1991) shows a theorem derived
by Arnol’d, which sets bounds to the nonlinear growth of perturbations in a barotropic

non-divergent flow.
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3.1.1 Linear Barotropic Nondivergent Stability Theorem

Starting with the barotropic nondivergent equations linearized with respect to a time

and longitude independent zonal flow, (u,v) = (u(¢) + v'(A, ¢,1),v' (A, ¢, 1))

2@:+U:d(<+f] =0 (3.1)

Dt ad¢
ou' v' cos ¢

a cos pOA + a cos po¢p =0 (3.2)

where,
_O(ucos¢) D _ 9 o 0
acos¢pddp’ Dt 0Ot acos ¢t

=
% being the derivative following the basic state zonal flow, and

¢ = v 3 d(u' cos @)
" acospd\  acospdd

(3.3)

Now, define a perturbation meridional particle displacement, 7', in the following manner

1= 2u

v = Dt (3.4)
Substituting (3.4) into (3.1) and integrating in time gives
i

¢+ -(-g—‘t-f—)-r} cos¢p =10 (3.5)

adp

given that the perturbations initially obey:

477

('+%ncos¢ =0 (3.6)

‘=1g

Finally, the wave activity (A4) conservation relation is obtained by multiplying (3.5)

by v’ cos ¢
DA
D = v'( cos ¢ (3.7)
with A given by
- - ~1
_1dC+f) 2 o, _1.n|dC+]S)
A= > adp n°cos” ¢ = 2( adp (3.8)

Using (3.2) and (3.3) the wave activity conservatior. relation (3.8) is written as:

0A | OmA+ 5(v? —u?)cos¢]  O[—u'v'cos’ ] _
ot + acos ¢OA * acos pdp 0 (3:9)
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Since the integral in (3.10) is constant in time, the perturbations n’ can only grow in
an integrated sense if the meridional gradient of absolute vorticity changes sign somewhere

in the domain. This is Rayleigh’s famous stability theorem.
3.1.2 Linear Barotropic Divergent Stability Theorem

Ripa (1983) derived the necessary stability criteria for linear shallow water flow on a
sphere. Given that a shallow water model on the sphere is used here, Ripa’s theorem will
be presented below.

The shallow water equations linearized with respzct to a time and longitude indepen-

dent mean zonal flow are given by:

ou' u ou Vv ou utang\ , 0P’
b e —_— i |
ot +acos¢ oA Ll 8¢> (295;11¢+ a )v +acos¢>8A 0 (3.11)
o' T o . 2utang\ , 0%
5 +ma+(?gsm¢+ )u +m 0 (3.12)

o9’ T 00 VvVoF ou' A(v' cos @)
— S = 3.13
ot +acos¢ aA o a 04 +£I)(acos¢3/\ acosgﬁ@qﬁ) . (3.13)
The perturbation potential vorticity equation is derived similarly to (2.14)
D¢
’DI a d¢ =0 (3.14)
the perturbation potential vorticity is
P | [ o'’ O cesd)  _ ,]
= = = e @ .
¢ ® lacosddA  acos@dd g (3.15)

which may also be obtained by linearizing the totzl potential vorticity given in (2.15).
Also,

_ 1 [_a(ﬁcosqﬁ) +f] (3.16)

1= S| acos¢dd
The perturbation energy equation is derived by forming (Pu/'+®'%)- (3.11) +(P2')- (3.12)
+(uu' + ®')- (3.13)

OFE' " ‘I‘L i 6[(ﬁu' + &) (du' + d'7)) " (@' + @')Pv' cos ¢)
ot a cos O a cos ¢

=0 (3.17)
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where

”2 2 ‘i,f2
E -—q;("' fj'” )+<1>'-u'+T (3.18)

&

Integrated over the surface of the sphere, (3.17) becomes:

2r rx/[2 !
/ / (?-?— + B’Ta cos qb-u’q’) cos ¢pdgpdA = 0 (3.19)
x/2

where @ = U/(acos ¢) is the angular momentum associated with the basic state zonal
flow.

Note here that in a linear problem there is no conservation of total energy (E+ E')
which implies that in an unstable flow, the perturbations may draw energy from the mean
flow indefinitely and grow unbounded.

The equation for perturbation angular momentum is derived by taking (®'a cos ¢)

- (3.11)+(v'a cos ¢)- (3.13), to obtain:

oM’ 4 O[(®"? + Pu'? — Bv'? + 2ud'u’) cos ¢ 4 A(Pv'u’ cos? ¢)

ot 2 cos pAA cos ¢pd¢ +3/ ¢d'acos¢ =0 (3.20)

where M’ = u/®'a cos ¢. Integrating (3.20) over the surface of the sphere:

2 prw/2 U
/ / f (3M +@ Ugacosqb) cos pdpdA =0 (3.21)
n /2

Multiplying equation (3.21) by an arbitrary constant, wg, and subtracting the result

from (3.19) results in:

r/2 . -
/ / . [B{E woM') + ¢2U,q;ac05¢(a_ wo)] cos gpdpdr = 0 (3.22)

Now, making v = Dn/Dt (where 7 is an infinitesimal perturbation displacement in the

meridional direction) in (3.14) and integrating in time results in:

f__ndg
- (3.23)

Note that in order to obtain the equation above, the perturbations were required to obey:

9 (s ﬂ)_ ( ﬂ) _
6)\(9 +nad¢ =0 and Q+nadq‘),0_0 (3.24)

Multiplying (3.23) by v’ gives:

[ 2 n* dg
N Dt{2ad¢) (3.29)
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substituting (3.24) into (3.22) gives:

d ! I 1—2 g_d__g_ g ] : 55
Eff [E - woM +2¢‘ n adqﬁ(wo @W)acos ¢| cos pdpdA =0 (3.26)

Now, it is necessary to determine under which conditions 7? is not allowed to grow in an
area integrated sense. Note that this implies that the flow is stable. From (3.26) it is
clear that ? does not grow in an area integrated sense as long as E' — woM’ > 0 and
(wo — @) cos p(dg/d¢) > 0. Rewriting (3.18) as
I [= 7\ > L
'= = i e 2 - = i /2 3.27
E 2[¢(u+¢)+¢> (1 ®)+ vl (3.27)

it is clear that if @ < ® then E' > 0. Also, since B’ — wgM’ may be written as

' 2 2 - .N2.2_ 2
(u’+i[w—wo)acos¢) +% (1 . wg)_a ol ¢)l (3.28)

B gl =
“o ) )

2
2

if [(wo — @)acos $]? < ® then E' — woM' > 0.
The above discussion leads to Ripa's stability theorem. Ripa (1983) states that if

there erists any value of wy such that
- dg e o =
(wo — @) cos ¢a >0 and [(wo—@)acosg]” <P (3.29a,b)

everywhere, then the flow is stable with respect to infinitesimal perturbations that obey
(3.24). However, the above theorem does not ensure that the flow is inertially stable.
Inertial stability is guaranteed if f and the potential vorticity, g, have the same sign
everywhere (Holton, 1992).

Ripa (1983) also shows a corollary to this theorem which states that choosing wg =
maz (@), a weaker sufficient condition for stability is obtained, namely that if:
=

acos ¢

g >0 and maz(w) < min (E—i—

everywhere, then the flow is stable with respect to infinitesimal perturbations that satisfy

(3.24).

(3.30a,b)

Ripa’s theorem reduces to Rayleigh’s inflection point theorem for the case of no
rotation and ® — oo (nondivergence). In this case, (3.30b) is always obeyed regardless
of the value of @ or wg, and dg/d¢ > 0 is the necessary, but not sufficient, condition for

stability of the flow.
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3.1.3 The Nature of Barotropic Instability

Hydrodynamic shear instabilities such as barotropic and baroclinic instabilities have
been studied for over a century. The physical mechanism trough which Helmholtz insta-
bility (which is a limiting case of barotropic instability) occurs may be simply understood
in terms of vorticity dynamics (Drazin and Reid, 1981). Nevertheless, the physical mech-
anisms involved in the making of barotropic and baroclinic instability are not yet well
understood (Lindzen, 1988). Since it is argued here that barotropic instability is im-
portant in the ITCZ breakdown process, we shall concentrate on this kind of instability
hereafter.

Returning to the subject of the mechanics of how barotropic instability occurs. it is
certainly not intuitive how a reversal of sign of the gradient of potential vorticity leads to
instability. Hoskins et al. (1985), Lindzen and Tung (1978), and Lindzen (1988) propose
two different ways of looking at the physical mechanisms of barotropic instability. The
former is discussed below.

Hoskins et al. (1985) present an explanation of the physical nature of barotropic
instability in terms of the interactions between two counter propagating Rossby waves.
Figure 3.1a shows the variation of vorticity with latitude produced by an idealized ITCZ
in the NH. In the NH, the ITCZ convection produces a positive vorticity anomaly which
is equivalent to introducing a mass sink in equation (2.14). Along the northern boundary
of the high absolute vorticity region there will be an eastward propagating Rossby wave
(with speed c,) due to the locally reversed meridional absolute vorticity gradient. Along
the southern boundary, however, there will be a westward propagating Rossby (with speed
cs) wave since there d(( + f)/d¢ > 0. In figure 3.1b the two waves are depicted along with
their induced circulations and their influence on each other. Note that the circulations
related to the westward propagating wave influence the easterly propagating wave acting
to slow it down (in a phase locking process) and amplify :t. The eastward propagating
wave has a similar effect upon the westward propagating wave. The end result is that the
two waves amplify and propagate together at a speed c,, or, as stated in Hoskins et al.

(1985), the induced velocity field of each Rossby wave keeps the other in step and makes the
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a) b)

E+f

Figure 3.1: Interpretation of the physical mechanism for barotropic instability through the
interactions between two counter propagating Rossby waves; a) Zonal wind and absolute
vorticity meridional profiles for a three region model; b) schematic of the interactions
between the two counter propagating waves. (See text for details).
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other grow. For the two waves to interact in the way described they should be separated
by a distance no farther than the horizontal scale of the waves. The same mechanism is
proposed for the explanation of baroclinic instability, in which case the two waves would

be stacked in the vertical.

3.2 Linear Normal Mode Stability Analysis of Vorticity Strips

It was shown in section 3.1 that a necessary, but not sufficient, condition for barotropic
instability to occur is the existence of a meridional reversal of the absolute vorticity gra-
dient. Once it is determined that a given basic state is barotropically unstable, a linear
stability analysis is valuable as it offers a quantitative description of the favored patterns
of instabilities and their respective growth rates.

Previous studies of stability of zonally symmetric vorticity strips on both the f (Guinn
and Schubert, 1993) and -planes (Kuo. 1973; Schubert et al., 1992) have shown that 1) the
growth rate of the most unstable mode increases as the shear increases (by either increasing
the vorticity of the strip or decreasing its width); 2) the wavelength of the most unstable
mode increases as the vorticity of the strip increases; and #) the wavelength of the most
unstable mode increases as the width of the strip increases. On an f-plane in particular, it
is possible to show that the wavelength of the most unstable mode is approximately eight
times the width of the strip (see Guinn, 1992, for example). Using a three layer contour
dynamics model on a non rotating sphere, Dritschel and Polvani (1992) found that the
results summarized above for the planar case still hold. In addition, they find that 1)
strips of vorticity are more prone to become unstable on the sphere than on a planar
surface; 2) the closer a vorticity strip is to the equator, the easier it is for it to break down
into small, long lived vortices; and &) contrary to what occurs in the planar case where an
annular region of vorticity is stable to wavenumber two perturbations (Dritschel, 1989),
on the sphere, wavenumber two perturbations do become unstable. Regarding the effect
that adverse shear would have in stabilizing those vorticity strips, they conclude that
when a thin vorticity strip is sufficiently far from the polar region, the adverse shear

(Dritschel, 1986) due to the polar vortex is not sufficient to stabilize it.
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In this section a linear normal mode stability analysis of zonally symmetric vorticity
strips on the surface of a rotating sphere is performed still within the framework of the
barotropic nondivergent equations. The method used for these calculations is delineated

in Appendix B.
3.2.1 Stability Results

The linear normal mode stability of a vorticity strip of width a, with constant relative
vorticity, (. centered at a latitude ¢. is now studied using the method outlined in Ap-
pendix B. The number of equally spaced vorticity jumps used, J, was 200, which gives a
meridional resolution of approximately 0.9 degrees. However, this resolution was doubled
for strips narrower than 10° of latitude.

Fig. 3.2 shows the characteristics of the most unstable modes selected as a function
of width and central latitude of vorticity strips in the NH with ¢, = 3.0 x 107%s~1. It
is important to keep in mind that only integer wavenumbers are possible on the sphere.
Note that for each latitude, there is a width beyond which the meridional vorticity profile
becomes monotonical and therefore no instability occurs. The following conclusions may
be drawn: 1) wavenumber one and two modes become unstable on a rotating sphere,
albeit with slower growth rates; 2) the ratio between wavelength and width of the modes
decreases with increasing width of the strip; 8) the growth rate decreases slowly with
latitude, presenting a sharper decrease towards the lower wavenumbers.

The dependency of the e-folding time and the wavenumber of the most unstable mode
on the intensity of the vorticity strip is seen in figure 3.3. The vorticity strip is 7° wide
and centered at 10°N. Both the e-folding time and the wavenumber of the most unstable
mode increase as the intensity of the strip decreases. This dependency is weak, however,
for strips with {, > 2.0 x 1079571,

Figure 3.4 shows the growth rate of modes associated with vorticity strips whose
(s = 3.0 x 107557, centered at 10°N for varying widths.

The linear time evolution of a vorticity strip centered at 10°N and 7° wide is shown
in Fig. 3.5. Meridional cross sections of the zonal wind and absolute vorticity are shown

in figure 3.6. The latter shows a reversal in the meridional gradient of absolute vorticity,
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Figure 3.2: Stability characteristics of vorticity strips centered at a given latitude and with
a certain width. it a) e-folding time (days), b) nondimensional wavenumber, ¢) phase

speed (m/s), and d) wavelength (km).
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Figure 3.3: E-folding time and wavenumber of the most unstable mode as a function of
the intensity of the vorticity strip.
indicating that the flow is prone to barotropic instability. Alzhough this vorticity strip is
unstable to wavenumber nine disturbances (see Fig. 3.2), only one wave is shown here.
The streamlines are initially unperturbed and after eight e-folding time intervals, the
barotropically unstable mode is evident leaning against the shear.

In addition, the results found in previous studies that the wavelength and growth rate

of the instability increase with increasing shear are corroborated here.

3.3 Wave-activity Diagnostics

In this section, the concept of wave-activity is introduced and its mathematical for-
mulation for certain cases is derived.

It is often convenient to decompose an atmospheric flow into a basic state and dis-
turbances therefrom. After making this arbitrary decomposition of the flow, it is possible
to derive a conservation relation for wave-activity (or generalized Eliassen-Palm relation)
of the following form

0A

s F = 3
o tV - F=5+0(") (3.31)
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Figure 3.4: Growth rate spectra for vorricity strips of different widths centered at 10°N
with (s = 3.0 x 107%s™!, Strip widths are 5, 7, 9 and 11°.

where the wave-activity, A, and its flux, F, are quadratic (or higher order) functions of
disturbance amplitude («), and the source term, S, contains diabatic and frictional effects
for the case of nonconservative flows (Edmon et al., 1980; Andrews, 1987). The definition
of A is not unique and is established in order to produce a conservative quantity of squared
wave amplitude.

The relevance of the above relation in fluid dynamics is now briefly discussed. The
most tangible benefit that can be obtaired from (3.31) is that the term V- F gives a quan-
titative measure of the effect of the eddies on the mean flow. Wave-activity conservation
relations are most easily obtained for linear flows (see, for instance, Edmon et al., 1980;
Andrews and McIntyre, 1976), but have also been derived for nonlinear flows (Andrews
and Mclntyre, 1978) with the requirement of resorting to a generalized Lagrangian mean
formulation that presents enormous obstacles to quantitative calculations. Unfortunately,
the nonlinear wave-activity relation derived in this section does not possess this attractive
property of representing the forcing of the mean flow by the eddies. The wave-activity

concept is also useful in the quest for flow stability theorems. Namely, Arnol'd’s stability
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Figure 3.6: Meridional wind and vorticity profiles for a vorticity strip centered at ¢. = 10°
and with width a = 7°.

method consists of finding an exact disturbance invariant (7. e. the wave-activity) and
bounding it between two norms (Shepherd, 1990).

Here, the approach presented in Haynes (1988) is followed in the derivation of two dif-
ferent finite-amplitude wave-activity conservation relations for diabatic, frictionless shal-
low water flows on the sphere. The first relation is derived for steady, zonally symmetric

flows, based on the principle of angular momemtum conservation, the so-called disturbance

pseudo-momertum.
3.3.1 Disturbance Pseudo-Momemtum

Using the continuity equation (2.3), it is possible to write the PV and momentum

equations (2.14 and 2.19, respectively) in their flux forms:

d(q®P) O(uq®) d(v cos pq®)
ot * a cos pOA acos pdp ¢ (3:32)
(M) & A(uMd + %zacos ?) s O(vcos M P)

ot a cos ¢pAA acos pdp

MQ (3.33)
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At this point an arbitrary function C(g,t) (a so called Casimir), which is monotonic
in ¢, is introduced. Multiplying (3.32) by Cy(q) (where Cy(q) = %%(q)) and using the
continuity equation, results in the following prognostic equation for C(g,t) in flux form

o(Cd) 0O(uC®) 0O(vcosdpCP)
ot acos paX a cos ¢po¢

Adding (3.33) and (3.35), gives

= [C - qCy(9)] Q (3.34)

AC+M3] | 9 [ﬂ‘I’(C + M) + %racos ¢]_ B[v cos $®(C + M) _
ot acos ¢ acos ¢pd¢ -
[M+C —qCq(9)]Q (3.35)

The total flow is now decomposed into u(A, ¢,t) = T(P) + u'(A, @, 1), v(A ¢, 1) =
v'(\, ¢, 1), (A @ 1) = B(p) + D' (), ¢, 1), where the bars indicate basic state variables and
the primes denote disturbances or eddies. No linearization is done which implies that the
perturbations are of finite amplitude. Note that the basic state geopotential depth and
zonal wind are in balance. Also, this basic state is a steady, zonally symmetric solution of
the original equations.

Following Haynes (1988), the next step is to choose a C(q) such that the disturbance
part of ®(M + C) can be written as a divergence, plus a term which is explicitly second

order in wave amplitude. The disturbance part of ®(M + C) is defined as
{2[M+Cq)Y =M +C(g) -T [M+C@) (3.36)

After some manipulation and using C(q) = C(7) + ¢'Cq4(7) + O(e?) and ¢'® = (' — 79/,

(3.36) may be written as:

@M +C) = ®[C-C(G) -dCy() + M +
9[v'Co(@)] _ 9[M'Cy(q)]
a cos pAA a? cos pO¢
acC,

|x (@) 7 N e
i 12188 "M +C@G) - gC,
+M [(IH- a?cos¢0¢] + & [ +C(q) -7 q(q)] (3.37)

The first line on the right hand side of (3.37) is second order in the disturbance amplitude
and will turn out to be the wave-activity. The second line is the divergence of a flux.

Next, C(q) will be chosen in such a way that the last line in (3.37) vanishes. The choice

q
Clg) = - [0 m(§)d, (3.38)
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where

L S
m(@(@) = [ Bdacos ddd = ~C,(@), (3.39)

and m(g(0)) = 0, makes the last term in the square brackets in (3.37) vanish, as is next

verified. Since

9C¢(3)

acos ¢pdp|’ (3:40)

and since the right hand side of (3.40) vanishes according to (3.38) and (3.39). Then.
M+C(g) - gC,y(gq) = constant. This constant is zero because the left hand side vanishes

at ¢ = w/2. Thus, the entire third line in (3.37) vanishes allowing it to be written as

9[v'Ce(q)] _ 9[M'Cy(3)]

’ —
[RLM -+ C)] = A5 acos oA a? cos pO¢ (2ett)
where the wave-activity, A, is given by
A=3[C-C@[)—q¢Cy(q)] +'M' (3.42)

This particular definition of wave-activity is also referred to as a disturbance pseudomo-
mentum, since its derivation is based on M.
The disturbance momentum equations are

_QE'_ B a u'? +v?
ot a cos oA 2

+au’ + (I") —v/qg® =0 (3.43)

o, 0 (w4
ot  ad¢ 2
Finally, substituting (3.41) into (3.37), multiplying the result by a cos ¢ and adding it

+ﬁ£+¢j+w@¢+ﬁf=0 (3.44)

to 8/0¢[Cq(q) cos px (3.43)] —0/OA[Cq(q) x (3.44)], gives the following prognostic equa-

tion for wave-activity

oA a [uA - %ma cos ¢ + g (u? = v'?) acos ¢] a [v’ cos pA + av'u’ cos? d@]
ot * a cos pAA ¥ acos ¢pd¢ -
A+ oM
0 (T) (3.45)

with the wave-activity (3.42) rewritten as

A=W daconiie ¢[_q [m(d) = m(@)] dd, (3.46)
q
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In the absence of mass sources or sinks and friction, (3.45) expresses conservation of wave-
activity when integrated over the sphere. Equation (3.45) is a nonlinear shallow water
vesion of (3.31) for steady, zonally symmetric basic flow. However, the divergence term
on its left hand side has no counterpart in the equation that governs the basic state, and
consequently, says nothing about wave-mean flow interactions.

Relations (3.45)- (3.46) allow diagnostic analysis of the shallow water model results
in terms of wave-activity and its flux by following these steps: 1) partition the solution
into a steady, zonally symmetric basic state whose potential vorticity varies monotonically
with latitude, plus disturbances therefrom; 2) use (3.39) and (3.46) to compute A; and
3) use (3.45) to compute the flux and forcing terms. Application of these wave-activity

relations is left for future work.



Chapter 4

ITCZ BREAKDOWN

In this chapter, the formation of tropical disturbances through the ITCZ breakdown
process is studied. Although the ITCZ breakdown is believed to occur due to combined
baroclinic and barotropic instabilities of the zonal flow (Hack et al. 1989; Schubert et al.,
1991 and 1992; Guinn, 1992), only the latter can be studied in a shallow water model such
as the one used here.

In the low levels, ITCZ convection produces a positive PV anomaly in the NH. This
results in a reversed meridional PV gradient on the poleward side of the ITCZ. According
to the Charney-Stern theorem (Eliassen, 1983), a flow that has a reversal in the poleward
gradient of PV may be unstable with respect to small disturbances. The ITCZ then
starts undulating under the influence of combined barotropic and baroclinic instability
and breaks down into a series of tropical disturbances. In this sense, the ITCZ convection
produces favorable conditions for its own instability and breakdown.

Guinn (1992) used a doubly periodic shallow water model on an f-plane to show
that strips of high (low) vorticity in the Northern (Southern) Hemisphere undulate and
break down into vortices in a way that resembles the ITCZ breakdown observed in satellite
images. He then associated the thin strips of high vorticity that link these vortices to the
outer bands of hurricanes.

In this model, either initially imposed PV anomalies or mass sinks are used as proxies
of the ITCZ. The PV anomaly then undulates and breaks down due to barotropic insta-
bility of the mean flow in a way that resembles what is observed in satellite images such
as the sequence shown in Fig. (1.3). This should not imply that barotropic instability is
the sole process involved in the ITCZ breakdown, but it tries to isolate what may be an

important aspect of its dynamics.
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In section 4.1, initial value experiments showing the nonlinear breakdown of vorticity
strips on the sphere are presented. The interaction of a zonally symmetric vorticity strip
and a nearby vortex is then studied in initial value experiments discussed in section 4.2.
In section 4.3, perhaps more realistic experiments with localized zonally elongated mass
sinks are performed. In section 4.4, results obtained when the mass sink is wider on its
eastern side are presented. Finally, section 4.5 presents an analysis of the frequency of

tropical cyclone formation in the Eastern Pacific Ocean in the past 14 years.

4.1 Zonally Symmetric Vorticity Strips

In this section, the nonlinear breakdown of zonally symmetric vorticity strips on the
sphere is simulated in a series of initial value experiments. These vorticity strips may
be interpreted as a highly idealized zonally symmetric ITCZ which breaks down into a
number of tropical cyclones.

The initial absolute vorticity field is simply given by

(s+f for|¢p—oc| <b/2

4.1
& otherwise (1)

C{A,¢-0)={

where (,, ¢ and b are the magnitude of the vorticity strip, the latitude where it is cen-
tered and its width, respectively. Note that this initial vorticity profile satisfies Rayleigh’s
necessary, but not sufficient, criterion for barotropic instability (see section 3.1). A sinu-
soidal perturbation of zonal wavenumber m and amplitude of 10~7 s~! was added to the
vorticity strip. This is done to provide the fluid with a finite initial disturbance which will
grow by extracting energy from the mean flow through the barotropic instability process.

Given the above vorticity field, the corresponding initial wind and geopotential fields
are obtained from (4.1) and (2.22) as explained in section 2.4. The mean geopotential
depth, ®, was set to 4500 m?/s? in this case which implies in a Rossby radius of ~ 1800 km
at 15°N.

Figure 4.1 shows meridional cross sections of the wind and vorticity fields for a 7°
wide zonal vorticity strip centered at 15° N with maximum intensity (, = 3.0 x 1073 s™!

(or about 0.8 f). This vorticity strip has a meridional wind shear of about 21m/s across
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its 7° of width (see figure 4.1 for the initial meridional profiles of absolute vorticity and
zonal wind for this strip). Although time averages of zonal winds in the region do not
show such large meridional shears (see, for example, Tai and Ogura, 1987), it is possible

that high shear exists on individual days. Also, as seen in figure 3.3, weaker shear profiles
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Figure 4.1: Initial zonal wind and absolute vorticity profiles across a 7° wide zonally

symmetric vorticity strip centered at 15°N with maximum intensity ¢, = 3.0 x 10™% 57!,

will break down as well, but with slower growth rates. A wavenumber ten perturbation
is imposed to the initial fields. Wavenumber 10 is chosen because it is one of the most
unstable modes selected for the same vorticity strip in the linear normal mode stability
analysis (see figure 3.3). Moreover, when this simulation was repeated with a white noise
initial perturbation (not shown), an unstable disturbance of wavenumber 10 emerged.
The temporal evolution of this PV strip in the shallow water model is shown in
figure 4.2. Initially, the geopotential, wind and PV fields are basically zonally symmetric,
with small departures from symmetry introduced by the wavenumber 10 perturbation.
Five days into the simulation, the PV field is undulating due to the growth of the initial
imposed perturbation through barotropic instability. After 11 days, the PV strip has

broken down into ten vortices (of which only three are shown in Fig. 4.2) that are linked
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Figure 4.2: Breakdown of a 7° wide zonally symmetric vorticity strip centered at 15°N
with maximum intensity ¢, = 3.0 x 107° s™!; a) initial height (in m), PV (in sm™2, with
contours from 0. to 1.6 x 108 by 0.2 x 10~8) and wind fields (in m/s); b) same fields at
5 days. In the PV plot, values greater than 1.4 x 10~8sm~2 are dotted. Maximum wind
vectors are 20 m/s and span the distance between two plotted grid points.



Figure 4.2: Continued. ¢) Same at 11 days.

by thin PV filaments. These PV filaments are what Guinn and Schubert (1993) call
the outer spiral bands of hurricanes. The horizontal scale of the resulting instabilities is
approximately 3800 km with westward propagation of ~ 2m/s, very close to the 2.3 m/s
westward propagation predicted by the linear normal mode stability calculation for the
same mode (see figure 3.1¢). It is relevant to mention that the significance of the time
frame in which breakdown occurred in this experiment is limited because breakdown is
expedited by imposition of a larger initial perturbation. The fact that a larger amplitude
initial disturbance causes break down in less model time offers support to the idea that
if easterly waves indeed propagate from the Atlantic into the East Pacific (Simpson et
al., 1969; Frank, 1976; Frank, 1987: Avila and Clark, 1989) they may trigger a faster
breakdown of the ITCZ and perhaps allow tropical cyclone genesis to occur in the latter
region.

When the PV strip starts breaking down, the resulting vortices are elongated in the

zonal direction. As time proceeds, azimuthal symmetrization of each individual vortex
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is observed. This axisymmetrization is related to the stripping of vorticity by the thin
filaments that link the vortices (Melander et al., 1985; Guinn, 1992).

It is interesting to note that to the southwest (southeast) of each of these vortices,
there is intrusion of negative (positive) PV air from the Southern (Northern) into the
Northern (Southern) Hemisphere. In these regions, the necessary condition for occurrence
of inertial instability, that is fg < 0, is met. However, inertially unstable modes have very
slow growth rates for flows with a large @ (Schubert et al., 1992) and therefore are not
apparent in the simulations shown here.

Additional experiments were run (not shown here) to see the effect of width and
intensity changes upon the breakdown of the PV strip. In agreement with the linear
normal mode stability analisis results, wider (narrower) PV strips broke down into larger

(smaller) vortices and an increase (decrease) in shear resulted in faster (slower) breakdown.

4.2 Interaction Between a Vortex and a Zonally Symmetric PV Strip

In this section, experiments aimed at investigating the interaction of the ITCZ with
a nearby tropical cyclone are performed. These are initial value experiments in which a
vortex is placed near the zonally symmetric PV strip used in the previous section.

An interesting example of this interaction occurred in the E. Pacific basin in July,
1978 and is portrayed in Fig. 4.3. Hurricane Fico began as a tropical depression in the
ITCZ at 10.8°N, 105.9°W on July 9. It was upgraded to a hurricane on July 10 near
13.6°N,111.4°W. Hurricane Fico then followed a long trajectory due west at an average
speed of about 5.3 m/s until July 21 when it recurved and moved into higher latitudes
(Gunther, 1979). On July 17, the hurricane was detached from the ITCZ which lied about
5° to its south. By July 18, the circulation of the hurricane had produced a perturbation
on the ITCZ that accompanied the storm in its westward movement until it recurved on
July 21. As the hurricane moved into higher latitudes, its influence on the ITCZ decreased
and so did the amplitude of the perturbation in the ITCZ. Hurricane Gilma followed Fico
in that season and similarly perturbed the ITCZ, though it had a more northward track

and ceased to influence the ITCZ in a shorter period of time.
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Figure 4.3: GOES infrared satellite images for the E. Pacific during the period between
13 and 21 July 1978 (time is UTC). The sequence illustrates the interaction of Hurricane
Fico with the ITCZ.



52

A highly idealized barotropic counterpart of that process is obtained if the model is
initialized with a zonally symmetric PV strip with a circular cyclonic vortex nearby. The

circular vortex is initialized by

(y for <1

\/(—,;l—*ﬂ”-""'b sin¢)” | sin? §(1 + cos? 9)

0 otherwise

2 b2
sm:‘?l_m_"r_(H 1)_1,

NCET AN

v is the length of the arc comprised by the radius of the vortex, and the latitude where

¢(2,¢,0) = (4.2)

where

the vortex is centered is ¢., = arctan(b;/b2). Equation (4.2) is obtained by calculating
the intersection of a plane with the surface of the sphere and imposing a step function
radial variation. The zonally symmetric vorticity strip is again given by equation (4.1).

The radial distributions of relative vorticity and non-divergent tangential wind for a
vortex centered at 15° N with ¢, = 2 x 10™* s~! and 2° in radius are shown in figure 4.4.
The outer core wind distribution in figure 4.4 falls within the observed range of outer core
tangential winds of tropical cyclones (Merrill, 1984). A higher spatial resolution would be
needed to obtain a good representation of the inner core winds. However, it may be the
case that the interaction of the idealized vortex with the PV strip is more dependent on
the outer core winds than on the intensity of the storm. just as it is the case for tropical
cyclone motion (Chan and Williams, 1987).

The interaction of the vortex described above with a 7° wide zonally symmetric PV
strip centered at 10°N with {; = 2. x 107957 ! is shown in Fig. 4.5. In order to allow
a reasonable initially balanced state, it was necessary to set ® = 4.5 x 10* m2s~2, which
gives a Rossby radius of about 5600 km at 15°N. The initial wind, height and PV fields
are shown in figure 4.5a. Added to the westerly flow to the south of the PV strip and
easterly flow to its north, are the strong meridional and zonal winds introduced by the
vortex. Note also that just to the north of the PV strip, the necessary criterion for
barotropic instability is met. By day two (fig. 4.5b), the vortex is wrapping the PV strip

around itself, producing sharp perturbations on the PV strip directly to its SE and SW.
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Figure 4.4: Radial relative vorticity and wind distributions of the vortex used in the
simulation of the interactions between a zonally symmetric PV strip and a nearby vortex.
The perturbation on the SW side is constrained to the region near the vortex. On the
southeastern side, however, eastward propagation of short Rossby wave energy causes the
PV strip to undulate with an amplitude that decreases with increasing distance from the
vortex. As time proceeds, these undulations will amplify through barotropic instability
causing the PV strip to break down into a series of vortices (fig. 4.5d). Throughout
the simulation, the vortex continuously moves towards W-NW at an average speed of
~ 9.1m/s. The initial perturbation on the PV strip just to the SE of the vortex follows
the westward movement of the vortex at a somewhat slower speed. By the end of the
simulation, the vortex has increased in size and its influence on the PV strip is decreasing.
This bears resemblance with the effect of Hurricane Fico on the ITCZ in the satellite
image sequence shown in figure 4.3.
Regarding the breakdown of the part of the PV strip that lies to the east of the
vortex, additional experiments (omitted here) showed that the closer the vortex is to the

strip, the larger the perturbation it causes, implying in faster breakdown.
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Figure 4.5: Interaction of a vortex centered at 15°N with (, = 2 x 107%s7! and 2° in
radius with a 7° wide zonally symmetric PV strip centered at 10°N with ¢, = 3x 1072 s~ L,
Height (m), wind (m/s) and PV (sm™2) fields at a, initial fields; b) 2 days. PV contours
are from 0. to 5.6 x 10752 /m by 0.2 x 107%s%/m and maximum wind vector is 20m/s in
modulus and spans the distance between two plotted grid points.
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Figure 4.5: Continued. ¢) At 6 days; d) at 9 days.
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Figure 4.6 shows the effect of the PV strip on the trajectories of vortices initially
centered at different latitudes. The track of the same vortex centered at 10°N in a quiescent
environment is shown for comparison (VOR). In a resting environment, the vortex follows
a northwestward trajectory (in the NH) known as S-drift. This movement is due to linear
and nonlinear interactions between the circulation of the vortex and the meridionally
varying planetary vorticity (Elsberry, 1987; Chan and Williams, 1987; Li and Wang, 1994;
and references therein). The introduction of a zonally symmetric PV strip (NPV) to the
south of this vortex adds a steering flow that changes both the speed and direction of
the 3-drift movement of the vortex, resulting in a faster and more zonal propagation. If
the vortex and the PV strip are initially centered at the same latitude (CPV), the vortex
initially propagates northward and then westward (CPV). Finally, when vortex is initially
centered to the south of the PV strip (SPV), its initial movement is to the NE, turning
to northward once it crosses the center of the strip and then to the W-NW as soon as it
exits the northernmost boundary of the PV strip. The presence of the PV strip affects the
movement of the vortex mainly through advection by its steering flow, but also through

the change in background vorticity it introduces (Evans et al., 1991).
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Figure 4.6: Trajectories followed by vortices initially centered at 15° (NPV), 10° (CPV)
and 5° (SPV), under the influence of a zonally symmetric PV strip centered at 10°. The
trajectory of a vortex centered at 10° in a quiescent environment (VOR) is included for
comparison. Symbols denote vortex positions at 24h intervals.

Figure 4.7 shows the height and PV fields at 9 and 15 days for a simulation that

started with the vortex depicted in figure 4.4 embedded in a quiescent environment. In
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Figure 4.7: Height (m) and PV (s m~2) fields for a 2° radius vortex with ¢, = 2x10~4s~!
and ¢. = 15°N in a quiescent environment. a) at 9 days; b) at 15 days.
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the height field it is evident that dispersion of short Rossby waves produces a train of waves
to the SE of the vortex (Hoskins et al., 1977). After 15 days, a cyclone has been produced
just to the SE of ‘the initial cyclone with half of its intensity. In a 20 year observational
study in the W. Pacific, Frank (1982) found that typhoons are twice as likely to form
to the east of existing typhoons than to their west. The simulation shown in figure 4.7
suggests that Rossby wave dispersion may be the mechanism that causes the formation of
a new cyclone in the wake of an existing typhoon (Holland, 1994). However, the intensity
of this secondary cyclone is considerably reduced when a PV strip is located to the south
of the vortex as shown in experiment SV (compare figures 4.5 and 4.7 at 9 days). This
seeming preference for the formation of new storms to the east of existing ones may also
be an artifact of the westward movement of the cyclones away from preferred regions of
origin. Another possible mechanism to explain the observed higher frequency of tropical
cyclone genesis to the east of existing cyclones is the breakdown of the ITCZ under the

influence of a nearby vortex, as suggested in figure 4.5.

4.3 Elliptical Mass Sink

In the previous sections, the ITCZ was idealized as & zonally symmetric PV strip
circling the sphere near the equator. However, at any individual time, the ITCZ is a
rather discontinuous zonal band of convection of varying widths. For this reason, perhaps
a more realistic representation of the transient ITCZ in the model would be in the form
of localized elliptical mass sinks near the equator. Results obtained in experiments with
one such elliptical mass sink of varied dimensions and different locations are discussed in
this section.

The spatial variation of the mass sink, Q(A, ¢,1) is given by

_ _ ks 1 ‘
F(A,qﬁ):{ 1 exp[ I_exp(i__])], for0<r<1 (4.3a)
0, otherwise
with
_ [(Acosd — Aqcos ¢)? (¢ — ¢o)?
HRR = \/ (cn/180)2 (vaist 7 /180)2" k)
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Figure 4.8: Nondimensional radial (F(A)) and temporal (G(t)) variations of the mass sink
as given by equations 4.3 and 4.4. a) F(r) for ks = 30 and ¢ = 4, 40, 60 and 80 (radius is
in degrees from the center of the ellipse); b) G(t) for k; = 320, and 7 = 4 days.

Ao and ¢ are the longitude and latitude where the forcing is centered, 74,4 is a parameter
used to distort the ellipsoid (74iss = 1, in this case), ¢ is the distance between the focus
and the center of the ellipse and d is the size of its minor axis (in degrees). Figure 4.8
shows the variation of F with A (Melander et al., 1985). In equation (4.3), setting r(A, ¢)
equal to different constants, defines a family of elliptical curves of aspect ratio 2¢/d.

The time variation of the mass sink has the form

G(t)={ 1 - exp [—%exp (ﬁ)] for0<t<r

(4.5a)
0, otherwise

where
2

p(t) = (?; - 1) (4.5b)
and 7 is the duration of the forcing (in days). The steepness parameters, k; and ky,

determine how fast the mass sink decreases with increasing radius, and how fast the mass
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sink is turned on and off, respectively. Figure 4.8 shows the nondimensional time variation
of the mass sink when 7 = 4 days.

Finally, equations (4.3) and (4.4) are combined to define the mass sink function

QN 6,1) = |%¢| F(\ #)G(2) (4.5)

where | 8% /8t | is the time rate of change of geopotential. Table 5 of Fulton and Schubert
(1985) shows that the second internal mode calculated for the Marshall Islands apparent
heating vertical profile has phase speed of 46.66 m/s, ® = 2177.15 m?s~2 and | 8®/8t |=
541 m2s~2day~'. The steepness parameters, k, and k;, are set to 30 and 320, respectively
and will be kept constant hereafter.

The model runs are initialized with a basic state at rest upon which the mass sink
in equation (4.5) is imposed. The dimensions of the mass sink were chosen to roughly
approximate the dimensions of observed ITCZs in the E. Pacific.

Figure 4.9 shows the temporal evolution of the height, PV and wind fields produced
when a zonal elliptical mass sink centered at 10° N with dimensions given by ¢ = 60° and
d = 4° (see figure 4.8), is applied for 4 days.

A reversal in the PV gradient first appears during day 2 of integration (diagram
not shown), providing the necessary condition for the occurrence of barotropic instability.
This is in agreement with the conclusion in Hack et al. (1989) that only a couple of days
of convection are needed to produce a reversal in the meridional PV gradient. Figure
4.9a shows the results at 5 days, when the mass sink has already been turned off. The
positive PV strip produced by the mass sink has rotated cyclonically around its center
due to self-advection. Similar f-plane calculations by Guinn (1992) show a PV strip that
rotates almost 60° around its axis by the time it breaks down into two vortices. Here, the
presence of a meridionally varying planetary vorticity inhibits this rotation and the PV
strip seems to find an equilibrium inclination with respect to the equator. It would be
interesting to check if similar patches of ITCZ convection display a preferred tilt in the
tropics. By day 10 (figure 4.9b), the PV strip is undulating and breakdown has begun

on its westernmost portion. After 15 days (fig. 4.9¢), the PV strip has broken down into
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Figure 4.9: Evolution of height (m), PV (sm™2) and wind (m/s) fields for the case in
which a zonally oriented elliptical mass sink centered at ¢. = 10°N, with ¢ = 60, d = 4
and 7 = 4 is imposed. Hatched regions in the PV plot denote regions of negative PV.
Heavy dots indicate shape and location of mass sink: a) at 5 days; b) at 10 days.
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Figure 4.9: Continued. ¢} At 15 days; d) at 20 days.
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three vortices linked by thin filaments of high PV, and a fourth one is being produced
on its easternmost end. After 20 days (fig. 4.9d), the PV strip has completely broken
down into four distinct vortices whose horizontal scale is about 1000 km. Finally, at 25
days (fig. 4.9¢), the westernmost vortex is being stretched into a strip by its neighbor and
will eventually be merged into it. Also, the easternmost vortex is being stretched into a
strip by the ambient flow. It is also noteworthy that the vortices that resulted from the

breakdown of the strip did not move farther than 10° away from their formation region.
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Figure 4.10: Meridional profiles of zonal winds across the center of the PV strip after 1,
5 and 15 days.

Figure 4.10 shows meridional cross sections of the zonal winds through the center
of the PV strip on days 1, 5 ond 15 of the simulation. As expected, in the first 4 days
of the simulation, the mass sink is producing westerlies to its south and easterlies to its
north. This flow structure resembles the tropical monsoon trough circulation pattern.
The winds generated by the mass sink attain maximum intensity when the forcing is
turned off, weakening thereafter. On day 5, the westerlies to the south of the PV strip are
approximately twice as strong as the easterlies to its north. This difference in strength

between the easterlies and westerlies is due to weaker inertial stability to the south of
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the PV anomaly. This weaker inertial stability region allows stronger meridional winds
to the south of the PV anomaly and therefore stronger zonal winds are produced due
to the Coriolis effect. As mentioned before, the establishment of the monsoonal flow
in the model is due to the presence of the imposed mass sink suggesting that tropical
monsoonal circulations are forced by equatorial convection. This is in agreement with
observations (Mapes and Houze, 1992; Sui and Lau, 1992; Phoebus, 1993) that indicate
that the monsoon flow is forced by the embedded deep convection. After 15 model days,
the extent of the monsoonal westerlies is confined to the region just to the south of the
PV strip, with easterlies near the equator.

The behaviour of the breakdown at different latitudes is compared by varying ¢ and
keeping all other parameters constant. The results (not shown here) showed that the
farther the mass sink is placed away from the equator, the faster breakdown will occur.
This is expected because since the zonal wind shear around the mass sink is produced by
the effect of the Coriolis force, the farther this forcing is from the equator, the faster the
monsoon-like shear layer will evolve, expediting the breakdown process.

Another feature observed in the model results is that the larger the zonal extent of
the PV anomaly, the slower the breakdown process evolves and the smaller its cyclonic
tilt with respect to the equator.

Results obtained by varying the width of the PV anomaly show that wider strips break
down into vortices of larger horizontal scales, as expected from previous work (Guinn,

1992) and dictated by the linear stability theory.

4.4 Distorted Ellipsoidal Mass Sink

Often times in the Eastern Pacific, the ITCZ is wider near Central America, perhaps
reflecting the sea surface temperature pattern in that region and the presence of the
American continent. It is also near Central America that the majority of hurricanes form
in the E. Pacific. Figure 4.11 shows the formation of Hurricane Aletta in late May, 1978.
On May 28, the ITCZ in the E. Pacific is an elongated line of convection that is wider on

its eastern side. A tropical storm formed on the 30th near the coast of Mexico where the
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ITCZ was wider. On May 31 the storm was upgraded to Hurricane Aletta and continued
moving to the NW with landfall in Mexico that same day (Gunther, 1979).

In this section, experiments with a mass sink that is wider on its eastern side are
performed in order investigate how this may change the ITCZ breakdown and whether it
can account for cases like Hurricane Aletta and perhaps offer an alternative explanation to
the higher frequency of tropical cyclone genesis events near the Central American coast.

The asymmetric mass sink used in this section is obtained by setting the distortion

parameter, Yg4is:, in equation (4.5b) to

ilor —1 C
Ydist = M alcos ¢ — 5-1-

ay ¢

ay
(ar—1)

where a; and a, determine how much the original ellipse is distorted.

Figure 4.12 shows the evolution of the height, wind and PV fields produced by a
zonally oriented distorted ellipsoidal mass sink centerad at ¢. = 10°N, with ¢ = 40, d = 4,
T =4, a; = 2 and a, = 2. In this mass sink, the width at ¢/2 is twice that at —c/2.
The experiments shown in this section are run using truncation T126 rather than T213.
Similarly to the evolution of the elliptical mass sink. the flow produced by the mass sink is
barotropically unstable after a couple of days of forcing. After 5 days, the cyclonic region
produced by the mass sink is slowly rotating cyclonically around its axis, beginning the
axisymmetrization process. After 10 days, axisymmetrization is occurring as the initially
elongated PV strip sheds two high PV filaments. After 15 days, one cyclone has been
produced where one of the filaments is still apparent.

Figure 4.13 shows the solution after 15 days for a mass sink of the same dimensions of
the mass sink above. but perfectly elliptical rather than distorted. It shows that when the
mass sink is elliptical, the resultant PV strip breaks down into three vortices as opposed
to symmetrizing into one as in the distorted case.

Additional experiments run with longer mass sinks showed that the longer the mass
sink, the wider its eastern side has to be in order to suppress breakdown and produce
axisymmetrization into only one vortex instead.

The model results shown so far, support the possibility that barotropic instability is
an important component of the ITCZ breakdown process. Some observational support to

the occurrence of ITCZ breakdown in the E. Pacific is provided in the next section.
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Figure 4.11: GOES IR satellite images for 28, 29 and 31 of May, 1978, showing the

formation of Hurricane Aletta (time is in UTC).
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Figure 4.12: Evolution of a zonally oriented distorted ellipsoidal mass sink centered at
¢ = 10°N,, with ¢ = 40. d = 4, 7 = 4, @; = 3 and a, = 3. Heavy dots indicate shape
and position of mass sink; a) Height (m), wind (m/s) and PV (sm~2) fields at 5 days; b)
Same at 10 days.



Figure 4.12: b) Same at 15 days.
4.5 Frequency of Tropical Cyclone Genesis in the Eastern Pacific

Figure 4.14 shows all Eastern Pacific tropical cyclones of at least tropical storm in-
tensity that occurred from 1980 to 1993. The storms are dated by their first denotation as
a tropical depression. In average, 18 tropical storms formed every year in that basin, 10
of which reached hurricane intensity. The average duration of the tropical cyclone season
for that period was 148 days, implying an average time interval between the formation of
two storms (hereafter referred to as intergenesis period) of about 8.4 days. It is evident
in figure 4.14 that tropical cyclones tend to cluster in time, with periods of frequent cy-
clogenesis interspersed with inactive periods. This time clustering becomes more evident
in figure 4.15, which shows the frequencies of intergenesis periods for the storms in figure
4.14. About 51% of these storms formed within 6 or less days from each other.

Gray (1979) observed a similar tendency for tropical cyclones to cluster in time on a
global scale, with active tropical cyclone periods lasting about 1-2 weeks, followed by 2-4

week long inactive periods. He proposed that large scale, slowly varying anomalies alter the
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Figure 4.13: Evolution of a zonally oriented elliptical mass sink centered at ¢, = 10°N,
with ¢ = 40°, d = 4° and 7 = 4. Heavy dots indicate position and shape of the mass sink.
Height (m), wind (m/s) and PV (sm™?) fields at 15 days.

environmental genesis parameters such as to periodically hinder or enhance cyclogenesis,
resulting in the observed time clustering.

Liebmann et al. (1993) suggested that the Madden-Julian Oscillation could be re-
sponsible for time clustering of tropical cyclones in the Indian and West Pacific Oceans.
They observed that more tropical cyclones form in these regions during the wet phase of
the MJO, when a larger number of tropical depressions are present.

Zehnder (1991) observes similar time clustering of tropical cyclones in the E. Pacific
Ocean. He proposes that the interaction of a quasi-persistent favorable large scale flow with
the topography could explain the clustering in time (and space) of tropical cyclogenesis
in the Eastern Pacific.

Another possible explanation for this observed time clustering of tropical cyclones is
the ITCZ breakdown. As seen in the previous sections, the ITCZ breakdown would tend
to produce several tropical cyclones in an interval of a few days. The observed inactive
periods of cyclogenesis could be accounted for by the need of some time for the ITCZ to

reorganize and produce a shear zone.
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Figure 4.14: Tropical storms in the E. Pacific between 1980 and 1993. Tropical storms
are denoted by crosses and hurricanes by dots.

Approximately 46% of the storms in figure 4.14 formed within 0 to 4 days apart.
Figure 4.16 shows the initial longitude and reference date of each storm in clusters of
storms that formed within 4 days of each other. It is noteworthy that in 60% of these
time clusters, the formation of the westernmost storm precedes that of the easternmost
ones. This tendency has also been observed in the W. Pacific (Frank, 1982).

For the storms in the time clusters defined above, figure 4.17 shows the frequencies
with which storms formed at certain longitudinal distances from each other. About 50%
of the tropical storms formed between 5 and 14° from each other.

The above observed clusterings in time and space and the sequential formation of
tropical storms from west to east are also characteristics of the ITCZ breakdown as seen
in section 4.3. This offers some support to the possibility that the ITCZ breakdown may

actually occur in the E. Pacific.
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Figure 4.16: Longitudes of formation of storms found in time clusters from 1980 to 1993.
Dates on the right column indicate date of formation of storm ‘0’. Storm ‘1’ formed a day
later, and so forth.
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Chapter 5

TWIN TROPICAL CYCLONES

Exclusively in the West Pacific and Indian Oceans, there are occasions of nearly
simultaneous formation of two tropical cyclones straddling the equator at about the same
longitude and between 10°N and 10°S. These storms are called twin tropical cyclones,
reflecting their symmetry about the equator, or simply tropical cyclone pairs.

In section 3.1, observational work on twin tropical cyclones is reviewed and a subjec-
tive 11 year climatology of their occurrence is presented. Shallow water model experiments
illustrating twin tropical cyclone formation are shown in section 5.2. A possible explana-
tion for the existence of preferred regions for twin tropical cyclone formation is offered in
section 5.3. Finally. section 5.4 presents some results of initial value problems on tropical

cyclone twin movement.

5.1 Observations

In the W. Pacific, twin tropical cyclones occur between October and May, with higher
frequencies during the austral summer (Keen, 1982). The occurrence of tropical cyclone
twins requires the presence of a super cloud cluster at the equator. This requirement
precludes the occurrence of W. Pacific twins in the zustral winter, when the ITCZ in the
W. Pacific attains its farthest position from the equator (figure 1.2). In the Pacific Ocean,
east of the dateline, and in the Atlantic Ocean no tropical cyclones occur south of the
equator because the ITCZ is always in the Northern Hemisphere.

In the past few years, twin tropical cyclones have received increased attention in the
literature due to their possible connection with westerly wind bursts and the El Nino

phenomenon.
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Nakazawa (1988) found that the convection associated with each active phase of the
MJO is composed of several super cloud clusters (SCC) that move eastward. Super cloud
clusters are areas of convection of horizontal scale on the order of 10% km that propagate
eastward at speeds between 5 and 15 m/s and last from 2 to 10 days (Nakazawa, 1988; Sui
and Lau, 1992; Mapes and Houze, 1993). The building blocks of each SCC are westward
moving cloud clusters of horizontal scale on the order of 102 km and life times between 1
and 2 days. The eastward propagation of the SCC is due to the continuous formation of
new cloud clusters on its east side.

Observational studies have shown that the convection (SCC) associated with the MJO
forms and intensifies while stationary in the central equatorial Indian Ocean. The SCC
then slightly weakens while moving over Indonesia. Upon reaching the W. Pacific, the
convection again intensifies near 160°E, and finally becomes stationary and dies off near
the dateline (Wang and Rui, 1990; Weickman and Khalsa. 1990).

Westerly wind bursts (WWB) are sporadic periods of intense equatorial westerly
winds that occur in the warm pool region and may -ast for up to a few weeks (Torrence,
1993; Hartten, 1993). During WWB, the low level winds at the equator, which are usually
easterly, blow from the west at speeds in excess of ~ 10 m/s. The origin of the WWB
is still a subject of debate. Possible mechanisms to produce and intensify WWB are
cold surges originating in the midlatitudes (Love, 1985), or the MJO and its associated
SCC (Nakazawa, 1988; Lau et al., 1989; Sui and Lau, 1992), or still the genesis and
intensification of tropical cyclones near the equator (Philander, 1990; Raymond, 1993;
Phoebus, 1993; Chen, 1993). In particular, it has been observed that equatorial westerly
winds are sharply strengthened in the presence of twin tropical cyclones within about 10°
of the equator (Lander, 1990; Phoebus, 1993).

The causal relationships between WWB and the El Nino are not yet well understood.
However, it is believed that the former produces a perturbation in the ocean in the form of
an equatorial Kelvin wave that advects warm water eastward along the equator, perhaps
contributing to triggering or enhancing El Nino events (Luther et al., 1983; Miller et al.,

1988; Phoebus, 1993; Torrence, 1993).
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The discussion adove suggests a possible link between the formation of twin tropical

cyclones and El Nino events which remains to be further investigated.
5.1.1 A ’Canonical’ Tropical Cyclone Pair

A series of GMS (Japanese Geostationary Meteorological Satellite) infrared satellite
images illustrating the formation and evolution of a set of twin tropical cyclones in the
Western Pacific in 1986 is shown in figure 5.1. On May 12 through 14, an SCC was
located on the equator at ~ 155°E. Two days later, on the 16th, the convection right
on the equator had decreased and two circular regions of convection had formed a few
degrees away from and on either side of the equator. On May 17, these two regions
of convection had evolved into two tropical cyclones straddling the equator. These twin
tropical cyclones later became Supertyphoon Lola and Tropical Cyclone Namu and moved
apart and away from the equator. This set of twins caused a strong WWB in the Western
Pacific that produced a disturbance in the sea level of maximum amplitude of 13 em which
was observed to propagate across the Pacific ocean reaching 98°W (Miller et al, 1988).
This set of twin trop:cal cyclones and their associated WWB are among four cases of twins
that happened in 1986 in the W. Pacific and are believed to have contributed to triggering
the 1986-1987 El Nino.

According to the ECMWF (European Centre for Medium Range Weather Forecast,
1987) 850 mb wind analyses, from mid April through May 9, easterly winds prevailed
at the equator in the W. Pacific basin. Selected ECMWF 850 mb wind analyses during
May 1986 are shown in figure 5.2. Westerly winds first appeared at the equator on May
9. Within the next few days, these westerly winds were intensified by the SCC shown in
figure 5.1. On May 14, the westerly wind burst had increased in areal extent and attained
its easternmost position. Also on the 14th, the two cyclonic circulations straddling the
equator were first noticeable. On May 17, the WWB attained its highest intensity, with
wind speeds in excess of 15 m/s in the region between the two tropical cyclones. As the
tropical cyclones mcved away from the equator, the equatorial westerlies decreased in both
intensity and areal extent and retreated to the west (see ECMWF analysis for May 20, for

instance). On May 22 easterly winds again prevailed in the W. Pacific. This pattern of
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Figure 5.1: GMS IR images for May 12 through May 20, 1986, showing the formation and
evolution of twin tropical cyclones in the W. Pacific Ocean. The storms were called Super-
typhoon Lola and Tropical Cyclone Namu, in the Northern and Southern Hemispheres,
respectively. Images are every 24 hours at 03:00Z (JMSC,1986)
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Figure 5.1: Continued.
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Figure 5.1: Continued.
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Figure 5.2: ECMWF 850 mb wind analyses for the Western Pacific during the formation
and demise of Supertyphoon Lola and Tropical Cyclone Namu. Analyses are for May 8,
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evolution of the WWB consisting of formation, eastward advance and intensification, and
retreat and decay, is also observed by Phoebus (1993) in connection with different sets of
twins.

Both the cloud patterns and the circulations described above are believed to be typical
to the formation and evolution of twin tropical cyclones. The sequence of events that lead
to the formation of the tropical cyclone twins may be summarized as follows: a) a SCC
and its associated westerly winds are located across the equator; b) a few days later, the
convection dies off at the equator and two new regions of cyclonic circulation and strong
convection appear straddling the equator to the west of the original SCC; and finally c)
the two regions of convection on either side of the equator produce twin tropical cyclones.
Lander (1990) points cut that a dynamically similar evolution is obtained by Gill (1980)
in a linear, steady state shallow water model when a mass sink is applied at the equator.
In that model, on the eastern side of the mass sink, easterlies are produced by eastward
propagating Kelvin waves and to the west of the mass sink, westerlies occur due to Rossby
wave influence. Another effect of the Rossby waves is the formation of the two cyclonic
regions straddling the equator. This circulation pattern is also seen in the composite wind
fields for four SCCs saown in Nakazawa (1988). Lander (1990) proposes that the two
cyclonic circulations straddling the equator described above are the precursors of tropical
cyclone twins.

The two cyclonic circulations mentioned above may be interpreted as tropical distur-
bances. The formation or not of tropical cyclones in these disturbances depends on the
occurrence of the remzining steps in figure 1.1. Several occasions were observed when the
two circulations were apparent in the satellite images, but did not produce two tropical

cyclones.
5.1.2 A Short Climatology of Tropical Cyclone Twins

Table 5.1 lists tropical cyclone twins that occurred during 11 years, from January 1983
to December 1993, in the tropical belt comprised between 70°E and 150°W. Inspection
of that region in search of tropical cyclone twins was subjective and so was the decision

process of whether or not an event was found. The tropical cyclone twins listed in table
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5.1 share the following common characteristics: a) they formed nearly simultaneously in
association with the same SCC; b) they formed within 10° longitude of each other; ¢) they
formed on either-side of the equator, no farther than 20° apart in latitude; and d) they
subsequently moved into higher latitudes. The twins are listed by dates when their parent

SCCs were still present at the equator and by an average longitude were they first formed.

Twin Tropical Cyclones

Date Longitude
(°E)

6 Dec 84 135
2 Jan 86 80
18 Apr 86 150
3 May 86 85
14 May 86 160
8 Dec 86 170
19 Dec 86 180
2 Apr 87 155
1 Jan 88 170
14 Dec 90 170
3 May 91 155
2 Jan 92 170
8 Mar 93 165

Table 5.1: Dates and approximate longitude of formation of twin tropical cyclones between
January 1983 and December 1993 in the tropical strip between 70°E and 150°W.

Table 5.1 shows that in the W. Pacific, twin trooical cyclones were observed once a
year between 155°F and the dateline. Another interesting feature in table 5.1 is that four
out of the 11 cases of twins occurred in 1986 in the Western Pacific. If this is taken into
account, the average frequency of observed twin formation comes down to one case every
one and a half years in the W. Pacific. Lander (1990) says that this frequency is about one
case every two or three years while Keen (1982) observes two per year. The differences
in observed frequencies are due to differences in the definition of tropical cyclone twins

as well as differences in the periods of time considered. Note that table 5.1 contains
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only the so called 'canonical’ twins. However, some cases were observed in which the
two cyclonic circulations straddling the equator were producad by an SSC, but only one
cyclone resulted. Inclusion of these cases in this study wou.d have resulted in a higher
frequency of formation.

The high frequency of formation of twin tropical cyclores during 1986 is worthy of
note, especially since there was an El Nifo in 1986-1987. As mentioned before, the causal
relationship between twin tropical cyclones and El Nifio events is yet to be elucidated.

It is also worth mentioning that the formation of Supertyphoon Lola and Tropical
Cyclone Namu occurred only about ten days after the formation of twin cyclones in the
Indian Ocean. The formation of twins in the Indian ocean followed by occurrence of
twins in the W. Pacific within a few days has been observed on other occasions. This
suggests a dynamical link between these storms which may be provided by a planetary
scale circulation system such as the MJO, for example. Tais possibility is investigated

later on in this chapter in a series of shallow water simulations.

5.2 Twin Tropical Cyclone Formation

In this section, the formation of twin tropical cyclones is illustrated within the frame-
work of a shallow water model. The model is initialized w.th a resting basic state upon
which a meridionally elongated ellipsoidal mass sink is imposed. This mass sink is meant
to simulate the presence of an SCC.

The mass sink used is given by equation (4.5), with ¢ = 10°, d = 15° (see figure 5.3a),
7 =5 days (see figure 5.3b), ® = 2177.15 m?s~? and | 39/at |= 864 m?s™%day ™.

Figure 5.4 shows the temporal evolution of h, PV anc winds produced by the mass
sink described above, when centered at the equator.

After one day of simulation, there is already evidence of Kelvin wave propagation to
the east of the mass sink, where weak zonal easterly winds with extrema at the equator are
observed. To the west of the mass sink, equatorial westerly winds produced by westward
propagating Rossby waves are also present. The mass sink is producing two cyclonic

anomalies on opposite sides of the equator. These cyclonic anomalies are produced by the
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Figure 5.3: Nondimensional radial (F(A)) and temporal (G(t)) variation of the mass sink
as given be equations (4.2) and (4.3). a) F(r) for k; = 30, ¢ = 10° and 15°. Radius is in
degrees from the center of the ellipse; b) G(t) for k; = 320. and 7 = 5 and 20 days.
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Figure 5.4: Evolution of PV (sm™2), height (m) and wind (m/s) fields produced by a
mass sink centered at the equator with ¢ = 10°, d = 15°, 7 = 5, & = 2177.15 and

| 0%/t |= 864 m?s~2day~'. Heavy dots indicate the shape and location of the mass sink.
a) Solution at day 1.
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Figure 5.4: b) Same at 2 days.
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Figure 5.4: d) Same at 10 days.
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mass sink through the —(¢gQ/®) term in the PV prognostic equation (2.14). Since this
term is zero right on the equator, there is no anomaly produced there. These two cyclonic
anomalies straddling the equator will intensify until the mass sink is turned off on day 5
of the simulation. On day two, the height and wind fields look very similar to the steady
state results obtained by Gill (1980) when a mass sink is centered at the equator. The
signatures of both the aforementioned Kelvin and Rossby waves are more pronounced and
the winds are strengthening. The PV field shows two cyclonic regions symmetric about
the equator and to the west of the mass sink. For as long as the forcing was active, a
tightening of the PV isolines occurred near the equator. In the upper levels, the opposite,
that is, a loosening of the PV isolines, would be expected. Interestingly, a loosening of the
PV lines occurs in the W. Pacific and Indian Ocean 150 mb ECMWF analyses (Hoskins et
al., 1989; Hoskins, 1991). At five days, the mass sink is turned off and these two cyclones
have attained their maximum intensity. At this point, the Kelvin wave is seen to leave
the region of the mass sink and propagate to the east. The westerly winds at the equator
have also reached their maximum speed which is of about 15 m/s. The leading edge of
the westerly winds have their farthest east position during the simulation. It is after this
point in time that the two cyclones start to move westward and away from the equator.
As the cyclones move into higher latitudes, the leading edge of the equatorial westerly
winds retreats to the west and their intensity decreases. This is seen in figure 5.4d which
contains the results at 10 days of simulation. During the entire simulation, the zero PV
line remains undisturbed, indicating that there is no exchange of mass between the two
hemispheres. The formation of a Rossby wave wake to the east of each cyclone is also
evident of this simulation, producing the easterly winds just to the east of the equatorial
westerlies at 10 days. The evolution of both the cyclone circulations and the equatorial
westerly winds in the model is similar to the evolution of the cyclonic circulations and
WWB associated with Supertyphoon Lola and Tropical Cyclone Namu discussed in section
5.1.1. Note that as the two cyclones move away from the equator, the tightening of the
PV isolines is relaxed.

Figure 5.5 shows the results obtained when the same mass sink is displaced 2.5° away

from the equator. This case evolves similarly to the previous case, with some exceptions.
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Figure 5.5: Evolution of PV (sm™2), height (m) and wind (m/s) fields produced by a

mass sink centered at 2.5°N with ¢ =10°, d = 15°, 7 =5, ® = 2177.15 m?s~2day™! and
| 0@/t |= 864 m?s~2day~'. Heavy dots indicate the shape and location of the mass sink.

a) Solution at day 5.
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As expected, the results are not perfectly symmetric abcut the equator as in the previous
experiment. When the mass sink is turned off, at 5 days, the NH cyclone is stronger than
the SH one. This occurs because the NH cyclone forms farther away from the equator,
where f is larger (again, this is due to the —¢Q/® term in equation (2.14)). For the
same reason, the NH cyclone in this simulation is also szronger than both vortices formed
in the previous simulation. The maximum intensity o7 the equatorial westerly winds is
again ~ 15 m/s, but its center is shifted northwards. As in the previous simulation, after
the mass sink is turned off, the two cyclones begin their movement due west and away
from the equator, causing the equatorial westerlies tc weaken and retreat to the west.
Moreover, in this case there is exchange of mass between the two hemispheres producing
a region where inertial instability is possible near the equator. This simulation may help
explain the observations of SCCs that produced two cyclonic circulations straddling the
equator with only one of them resulting in a tropica. cyclone. Obviously other factors
such as unfavorable environmental genesis parameters may also have acted to hinder the
formation of one of the tropical cyclones.

The foregoing experiments offer a qualitative picture of how twin tropical cyclone
genesis might be initiated. In the next section, a series of experiments are performed
in order to try to understand the existence of preferred regions for twin tropical cyclone

genesis.

5.3 Preferred Regions for Twin Tropical Cyclone Formation

The existence of preferred regions for twin tropical cyclone formation is evident in
the short climatology presented in section 5.1.2., where the vast majority of the observed
twins formed in the W. Pacific, between 155° F and the dateline (in agreement with Keen,
1982). In this section, some experiments aimed at understanding the existence of preferred
regions for the formation of twin cyclones are performed.

The two forthcoming experiments consist of the same mass sink used in the previous
section, centered at the equator, but this time, moving eastward at speeds of 5 and 10
m/s. The mass sink is again turned off at 7 = 5 days. This is done to try to simulate the

effect of the motion of the SCC on the formation of twin cyclones.
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Figure 5.6 shows the PV, winds and height fields at 5 days for a meridionally elongated
mass sink that travels eastward at a speed of 5 m/s. In this case, the mass sink moves
~ 20° of longitude due east after 5 days. Regarding tke equatorial westerlies, the main
differences caused by the introduction of a moving mass sink are the larger area they
cover, their extension further east and somewhat weaker wind speeds. As in the case that
had a stationary mass sink centered at the equator, two vortices are produced here on
either side of the equator. These vortices, however, are slightly weaker, form farther east
and are initially more elongated. As time proceeds (not shown) these vortices tend to
axisymmetrize and move due west and away from the equator.

The results at 5 days for the same mass sink moving due east at 10 m/s are shown in
figure 5.7. This mass sink moves ~ 40° of longitude due east by the time it is turned off
at 5 days. In this case. an even larger area of westerlies is formed. The leading edge of the
westerlies is at about 43°F, compared to 25°F in the previous experiment and ~ 10°E for
the stationary mass sink. The westerlies produced in this experiment are even weaker than
those obtained with the slower moving mass sink. A perhaps trivial, but interesting result
in this experiment is the absence of formation of two well defined cyclones straddling the
equator as before and the formation, instead, of two zonally elongated areas of relative
maximum in the PV field. These arcas are symmetric about the equator and have about
30° longitude in zonal extent. Moreover, the associated circulation patterns associated
with these maximum PV areas resemble the monsoon trough circulation. This suggests
an explanation for the observation of double ITCZs in the Western Central Pacific (Waliser
and Gautier, 1993). The eastward movement of the leading edge of the westerlies with
the mass sink is also in agreement with the observation by Nakazawa (1988) of westerlies
accompanying SCC.

In the next experiment, the same meridionally elongated mass sink is initially sta-
tionary, then accelerates to a maximum speed of 5 m/s, and after several days, decelerates
until it stops (see figure 5.9 for time variation of the speed of the mass sink). This ex-
periment was devised to simulate the observed movement of SCCs and investigate the

possible implications in the formation of tropical cyclone twins. Super cloud clusters are
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Figure 5.6: Height (m), wind (m/s) and PV (sm™?) fields for a simulation in which a
meridionally elongated mass sink centered at the equator is moving due east at 5 m/s.
Results are for day 5 of the simulation.
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Figure 5.7: Height (m), wind (m/s) and PV (sm™2) fields for a simulation in which a
meridionally elongated mass sink centered at the equator is moving due east at 10 m/s.
Results are for day 5 of the simulation.
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Figure 5.8: Height, wind and PV fields for a simulation in which a meridionally elongated
mass sink centered at the equator is moving due east at variable speed. a) Height, PV
and wind fields at 5 days.
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observed to be stationary in their formation region in the Indian Ocean, then cross the
Maritime Continent at speeds between 5-10 m/s, and then become stationary again near

the dateline (Wang and Rui, 1990).

54 o

c (m/s)

0 5 10 15 20
t (days)

Figure 5.9: Time variation of the speed of the mass sink.

Figure 5.8 shows the resulting height, wind and PV fields for the experiment described
above. The spatial truncation used is T126. experiment. After 5 days, two cyclones have
formed straddling the equator with their accompanying equatorial westerlies to the west
and easterlies to the east. On day 10, these two cyclones have stopped moving east with
the mass sink and were left at ~ 15°E. The contituing movement of the mass sink is
evidenced by two smaller and weaker new cyclonic areas that straddle the equator at
~ 25°E. It is also noticeable that the tightening of the PV gradient at the equator (which
is effected by the mass sink) continues moving east. Five days later, on day 15, the mass
sink continues on its eastward movement, leaving westerlies behind it in a large zonal
stretch. These westerlies, however, are stronger in the region between the two initial
cyclones that were left behind. The first cyclone pair (westernmost) now moves due west.
The mass sink stops moving on day 20, but forcing continues until day 22. On day 22,
a new pair of cyclones straddling the equator is present in the region where the mass
sink stopped moving. This experiment suggests that the transience of the mass sink is

necessary for its periodic shedding of vortices.
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This last experiment may suggest a mechanism through which the same eastward
moving SCC (which is the convective manifestation of the MJO) could be responsible for

the formation of twin tropical cyclones in both the Indian Ocean and the W. Pacific.

5.4 Movement of Twin Tropical Cyclones

In this section, initial value experiments were performed to study the movement of
tropical cyclone twins in a resting basic state. In the first experiment (SYM), two vortices
of the same intensity ({, = 2 x 107%s™1) and radius of 2°, are initially placed at 10°S
and 10°N (see figure 4.4 for radial cross section of tangential wind and vorticity for these
vortices). In the next experiment, the intensity of the southern vortex was decreased to
half of the intensity of the northern vortex (ASYM). For comparison, another experiment
was run with a single vortex centered at 10°N with intensity (¢, = 2 x 1074s7!) and
radius (2°). The trajectories followed by the vortices in three different experiments are
shown in figure 5.10.

The trajectory followed by the single vortex in a resting basic state (VOR) is to the
N-NW as dictated by the S-drift. The introduction of an identical vortex to the south
of the equator causes both vortices to move initially poleward and eastward due to the
equatorial westerlies between them. After two days, however, both vortices start moving
westward and away form the equator. The interaction between the two vortices causes
their trajectories to be longer and more zonal than the trajectory of the single vortex. Note
that this effect of making the trajectory of the vortex longer and closer to the equator is
also produced by a zonally symmetric PV strip located to the south of the NH vortex (see
section 4.3). The tightening of the PV lines in the equatorial region between the vortices
produces a PV anomaly near the equator that has the same sign as the PV anomaly that
would be produced by the ITCZ, likely having similar effects upon the trajectory of the
vortex. If the southern vortex is only half as strong as the northern one (ASYM), the
two trajectories will no longer be symmetric about the equator. The southern vortex
initially moves to the west and after three days starts moving W-NW. The trajectory of

the northern vortex is closer to the trajectory VOR Experiments with increasingly larger
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Figure 5.10: Trajectories followed by twin vortices of the same intensity (SYM) and dif-
ferent intensities (ASYM) initially centered at 10°S znd 10°N. In the symmetric (SYM)
case, the two vortices have (, = 2 x 107%5~! and radius 2°. In the asymmetric case
(ASYM) the northern vortex has the same characteristics as the ones in SYM, and is
twice as intense as the southern vortex. The trajectory followed by a single vortex in
a quiescent environment is also shown (VOR) for comparison. Symbols denote vortex
positions every 24 hours.

distances between the two vortices show that their influence on each other’s trajectories
decreases with distance until they move independently as dictated by pure [-drift. On
the other hand, if the two vortices are initially placed close enough together (SYM1), they

will move due east instead because of the steering flow influence of the circulation of each

vortex on the other.



Chapter 6

SUMMARY AND CONCLUSIONS

A shallow water model on the sphere was used to study some aspects of the dynamics
of of the very early stages of tropical cyclone genesis, namely, the formation of the synoptic
scale horizontal circulation associated with tropical disturbances. The shallow water model
is a very useful simple tool to study tropical atmospheric phenomena that are dominated by
horizontal advection of vorticity, divergence and barotropic instability. Two such tropical
phenomena addressed here are the ITCZ breakdown and the formation of the tropical
disturbances that lead to tropical cyclone twins in the W. Pacific and Indian Oceans.

Easterly waves are an important example of tropical disturbances which have been
observed in W. Africa and in the Atlantic Ocean (Carlson, 1969; Burpee, 1972; Reed
et al., 1977; Chen and Ogura, 1982), Western and Central Pacific (Reed and Recker,
1971; Yanai, 1961), South China Sea and India (Saha et al., 1981) and Eastern Pacific
Ocean (Tai and Ogura, 1987). Approximately half of the Atlantic hurricanes form within
African and Atlantic easterly waves (Frank, 1987). A consensus seems to exist that these
waves result from combined barotropic and baroclinic instability of the mean zonal flow
(Burpee, 1972; Norquist et al., 1977; Rennick, 1976; Simmons, 1977; Mass, 1977: Kuo,
1978; Kwon, 1989). The origin of the unstable mean flow has been explained in two
different ways. In the African region the unstable mean flow is believed to exist due to
the surface meridional temperature gradient between the warm Saharan air and the colder
air over the Guinea Gulf (see, for instance, Burpee, 1972). However the dependence on a
surface characteristic that is particular to the Africar. region, makes this theory unsuitable
to explain the existence of easterly waves in the Pacific or Indian oceans, unless African

easterly waves propagate into these regions (as suggested in Simpson et al., 1969; Frank,
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1976: Frank, 1987; Avila and Clark, 1989, among others). The second explanation for the
existence of the unstable mean flow involves the convection in the ITCZ itself (as suggested
by Hack et al., 1989; Schubert et al. 1991, 1992; Guinn, 1992). In the lower levels, ITCZ
convection produces a positive (negative) PV anomaly in the NH (SH). This convection
generated PV anomaly has a reversal in the meridional PV gradient on its poleward side
and may become unstable to small flow perturbations (Rayleigh, 1945). The ITCZ is
then hypothesized to undulate under the effect of combined barotropic and baroclinic
instability and to break down into a series of tropical disturbances. This mechanism is
called ITCZ breakdown and an example of it is shown in figure 1.3. The ITCZ breakdown
is then a plausible mechanism to explain the presence of easterly waves independently in
each region where they are observed. In the African region, however, where the mean flow
shear is stronger (see, for instance, Tai and Ogura, 1987) both of the above mechanisms
may be cooperating in the formation of the unstable mean flow.

Given that the ITCZ breakdown is caused by an instability of the mean flow which
was studied here with a shallow water model, the theory of stability for barotropic flows
was reviewed in chaprer 3. A linear normal mode stability analysis for zonally symmetric
vorticity strips on the rotating sphere was then performed and the results obtained were
found to be in agreement with results previously obtained on the f and # planes, namely
that: 1) the growth rate of the most unstable mode increases as the horizontal shear
increases (by either increasing the vorticity of the strip or decreasing its width); 2) the
wavelength of the mest unstable mode increases as the vorticity of the strip increases; and
3) the wavelength of the most unstable mode increases as the width of the strip increases.
A couple of exceptions were that on the rotating sphere wavenumber one perturbations
did become unstable and the ratio between wavelength and width of the modes decreases
with increasing width of the strip. The wave-activity conservation relations for a shallow
water flow on the sphere were derived. The usefulness of these relations is limited by the
fact that their flux does not provide a measure of th= interactions between the mean flow
and the perturbations. Application of the derived relationships is left for future work.

Shallow water simulations of the ITCZ breakdown were presented in chapter 4. In

the model, initially imposed regions of high PV or mass sinks are used to simulate the
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presence of the ITCZ and tropical cyclones. The first simulation presented was an initial
value experiment that showed the breakdown of a zonally symmetric PV strip. The
results obtained were in agreement with those of the linear normal mode stability analysis
performed in chapter 3. Additional initial value experiments in which a circular PV patch
was introduced in the vicinity of the above mentioned PV strip were calculated. The
PV strip caused the vortex to deviate from its simple f-effect induced motion by both
introducing a steering flow and changing the background meridional vorticity gradient
(Evans et al., 1991). As expected, the vortex followed a longer and more zonal trajectory
towards the WNW. Interestingly, short Rossby wave dispersion to the east of the vortex,
produced perturbations on the ITCZ that caused it to break down into several vortices.
This was suggested as an alternative mechanism to explain the observation that new
tropical cyclones tend to form to the east of existing ones in both the Western (Frank,
1982) and Eastern Pacific. Another possible explanation is simply the formation of a
cyclone to the east of the vortex by the short Rossby wav= dispersion process (Holland,
1994). The efficiency of this process in producing a vortex, however, was shown to be
decreased in the presence of a positive PV strip to the south of the vortex.

In the next set of experiments, localized forcings were introduced as more realistic
proxies for a zonally asymmetric ITCZ. In the first case, th= forcing was an elliptical mass
sink of dimensions and intensity comparable to those of the ITCZ. After a few days, the
forcing produced a positive PV anomaly whose associated wind field resembles the trop-
ical monsoon circulation. To the north of the PV anoma’y, the meridional PV gradient
is reversed, making the flow barotropically unstable to small perturbations. Barotropic
instability then occurs and the localized PV strip breaks down into a series of vortices
whose dimensions and number depend on the dimensions of the mass sink. The vortices
in these experiments did not form simultaneously, but sequentially, from west to east.
Moreover, in these model experiments the resulting cyclonic vortices formed on the north-
ern side of the mass sink. This may in part explain the observation by Gray (1968) that
approximately 80% of the total global number of tropical cyclones form within or just to

the north os the ITCZ.
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When the localized mass sink is made wider on its easternmost side, two types of
evolution are observed. First, if the distortion from ellipticity is small, the mass sink
again produces a PV anomaly that breaks down into a number of vortices. Increasing
the ratio between the widths of the eastern and western sides of the mass sink, causes
the resulting PV strip to axisymmetrize into only one vortex, rather than breaking down
into a series of vortices. An example of the latter type of evolution is the formation of
Hurricane Aletta in May of 1978 (see Fig. 4.11).

A brief analyses of tropical cyclone genesis in the E. Pacific during 1980 to 1993
showed a tendency for these storms to cluster in time. This time clustering has previously
been observed by Zehnder (1991) and globally by Gray (1979). Liebmann et al. (1993)
suggests that the Madden-Julian Oscillation might be responsible for the time clustering of
storms in the West Pacific and Indian Oceans. Zehnder (1991) proposes that the observed
time clustering in the E. Pacific is due to the interact:on of a quasi-persistant favorable
large scale flow with the Sierra Madre Mountains in Central America. In this study,
yet another mechanism is proposed to be responsible for the observed time clustering of
tropical cyclones, namely, the ITCZ breakdown. Time clusters were then defined as groups
of storms in which each tropical cyclone is separated from the next or previous storm by
no more than 4 days. Approximately 40% of the tropical cyclones in the E. Pacific during
that 14 year interval formed in these time clusters. Moreover, in most of the observed
clusters, the easternmost tropical cyclones were the first to form. These observations of
time clustering, spatial distance between storms and their sequential formation from east
to west all point to the possibility that ITCZ breakdown may have played an important
role in their formation.

The formation of twin tropical cyclones in the W. Pacific and Indian Oceans was
addressed in chapter 5. A short climatology of twir tropical cyclones during 1983 to
1993 revealed that W. Pacific twin tropical cyclones are observed about once every year
preferrably between 135°E and the dateline. However, since four of the cases observed
occurred in 1986, that frequency of formation comes down to about one case every one

and a half years.
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A series of model experiments were then performed to study the formation and move-
ment of the tropical disturbances that lead to the formzation of twin tropical cyclones. In
this case, a meridionally elongated mass sink was used to simulate the presence of a super
cloud cluster in the tropics. After a few model days, this meridionally elongated mass
sink centered at the equator produces two cyclonic circulations straddling the equator.
These two cyclonic circulations then move poleward and westward causing the equatorial
westerly winds between them to weaken and retreat to the west. The evolution of the cir-
culation producecd by the model in this case is in agreement with that shown in ECMWF
850 mb wind analyses during the formation of a set of twin tropical cyclones in the West
Pacific in May of 1986 (ECMWF, 1987). When the same mass sink is centered off the
equator, the two cyclonic vortices straddling the equator have different intensity.

Super cloud clusters typically form in the Indian Ocean, then move across the Mar-
itime Continent at speeds between 5 and 15 m/s and finally stall and dissipate near the
dateline (Wang and Rui, 1990; Weickman and Khalsa, 1990). This inspired some model
experiments that investigated the effects of the movement of tae mass sink. Experiments
run with a mass sink that moved at 5 and 10 m/s showed that the former produced two
vortices straddling the equator, while the latter produced two elongated regions of cy-
clonic vorticity on either side of the equator. The formation of the two elongated regions
of cyclonic vorticity straddling the equator when the mass sink is moving at 10 m/s was
proposed to be associated with the occasional existence of double ITCZs in the W. Pacific.

One last experiment was shown in which the mass sink simulated the previously
described movement of the SCC accross from the Indian ocean to the dateline. In this
experiment, the mass sink was initially stationary, then was accelerated to a speed of
5 m/s and then finally stopped several days later. This mass sink produced two sets
of twin tropical cyclones, the first one in the region where it was initially turned on
and a second one in the region it stopped moving. It was then hypothesized that SCCs
associated with the MJO produce twin tropical cyclones in the two regions where they are
stationary, namely their region of formation in the Indian Ocean and their decay region

near the date line. This is supported by some observations of twin formation in the Indian
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Ocean, followed by twin formation near the dateline about 10 days later (such as the two
sets of twins in May 1986 listed in table 5.1). The movement of the SCCs then offers
an explanation for the existence of preferred regions for the formation of twin tropical
cyclones.

The movement of twin tropical cyclones was studied in a series of initial value ex-
periments in which two circular patches of vorticity were introduced on opposite sides of
the equator. It was observed that the interaction between the two vortices causes their
trajectories to be longer and more zonal towards the WNW than the f§-drift trajectory
of the single vortex. When the two vortices are close enough together, they move due
east instead because of the steering flow influence of the circulation of each vortex on the
other.

Both the ITCZ breakdown and the formation of the disturbances that lead to twin
tropical cyclones are dominated by balanced dynamics and should be reproduced within
the framework of a balanced model. The influences of the Kelvin waves, however, will not
be present in most balanced models.

The shallow water model appears to capture some important dynamical aspects of
the very early stages of tropical cyclone genesis, namely, the formation of tropical cyclone
disturbances in the special cases when the ITCZ breaks down and the formation of twin
tropical cyclones in the W. Pacific and Indian Oceans. Baroclinic effects must certainly
play an important role in the formation of tropical disturbances, but they were not ad-
dressed here. Finally, the reproduction of all the processes that ultimately lead to the
formation of a full fledged tropical cyclone clearly requires more physics than is available
in this simple shallow water model.

A number of suggestions for future work can be made in both modeling and observa-
tional contexts, some of which are mentioned below.

The inclusion of friction effects would be important to more realistically assess the
growth rates of the instabilities studied as well as the strength of the circulations produced.
However, it should be kept in mind that the time scales and intensity of the circulations

produced in the model are directly proportional to the intensity of either the mass sink
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(in the forced experiments) or the initial perturbation (in the initial value experiments).
This problem needs more attention. The inclusion of vertical structure is important to
assess the importance of baroclinic effects in the formation of the tropical disturbances.
Long range experiments with a more realistic model could be used to study the periodicity
of the ITCZ breakdown. Investigation of the usefulness of the wave-activity concept in
barotropic tropical dynamics is also left for future work.

Finally, an improvement of the observational network in the regions where tropical
cyclogenesis takes place is crucial to the better understanding of its causes. Observational

work is needed to verify the occurrence in nature of the processes studied here.
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Appendix A
NUMERICAL ASPECTS OF THE GLOBAL SHALLOW WATER MODEL

The global shallow water model from Section 2.1 is solved using the spectral transform
method in space and semi-implicit differencing in time. A brief review of these methods is
presented below. A detailed discussion of the numerical aspects of this model is presented

in Hack and Jakob (1992).

A.1 The spectral transform method

The spectral transform method consists of locally calculating all non-linear terms and
diabatic processes on an associated transform grid in physical space and evaluating linear
terms, derivatives and time tendencies in spectral space.

On the surface of a sphere, the spectral space is spanned by the eigenfunctions of
Laplace’s tidal equation. These form a complete and orthogonal set of functions called
spherical harmonics. The completeness property of the spherical harmonics, implies that
any function g(A, u) (with sufficient continuity properties) on the surface of a sphere can
be represented to a certain degree of precision by a linear combination of the spherical

harmonics, that is

gam = > Z 9P p)eim (A.1)

Mm=—0o0N==—00

where P)"(y) are the associated Legendre Polynomicls.
Using the orthogonality property of the spherical harmonics the coefficients g' may

be calculated using
+1 1 2 :
= f [ g e AR () (A.2)

Equations (A.1) and (A.2) above are called a transform pair since they are used to trans-

form variables back and forth between physical and spectral spaces.
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Nevertheless, for quantitative purposes, evaluation of (A.1) requires truncation of the
series. Using triangular truncation, (A.1) becomes
9(A 1) Z Z g P (p)e™ (A.3)
m=—M n=|m|
where M is both the shortest wave included in the east-west direction and the highest
degree of the associated Legendre polynomials in the meridional direction. Therefore M
is associated to the resolution of the model in both the zona. and meridional directions.
Numerical evaluation of (A.2) requires approximating the double integral by two

summations. The inner integral in (A.2) is approximated by

2r .
"(u) = --f g(A e MAdA = “Y‘g (Ai, p)e ™A (A.4)

where each individual longitude is given by A; = 27i/I znd I is the total number of
gridpoints in the east-west direction of the transform grid. In order to allow an exact,
unaliased Fourier transform of quadratic terms, I > 3M +1 is used. This Fourier transform
is evaluated using a Fast Fourier Transform algorithm. The outer integral is approximated
via Gaussian quadrature,
s
r= [ PR = 3 6" (s5) B s (A.5)
j=1
where the Gaussian latitudes (uj) are the roots of the Lzgendre Polynomial Py(u), J
is the total number of Gaussian latitudes in the north-soush direction and the Gaussian
weight is wj = 2(1 — ﬂ%)/[JPJ_.l(pj )]?. Once again, in order to permit exact, unaliased
computations of quadratic terms, J > (3M+1)/2 is used for triangular truncation. Finally,
plugging (A.5) into (A.4) produces the discrete form of (A.2), which is used to obtain the
spectral space version of the governing equations given in chapter 2.

The spectral space representations of (2.5), (2.61 and (2.8) may then be written as:

o™ J
— = —Z[imBm(#J Pl (ps) — A™ py)HYY ;;J)] 4
nn+1) < )
y2ntl) ) )Z[E'"(#j)+‘I>'“(ﬁj)]1’,’,‘(pj)wj (A.6)

i=1
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m J )
33_; S fmA™ (g P ) = Bm(pj)H,?(uj)]ﬁl"_J—?) (A7)
i=1 a 5
oo N— - m . _J_ o
it = = 2_[mC™ (uy) P (n5) — D™ (g) Hy' (13)] - ) Tm+ QT (AS)

j=1
where A=Un, B=V%, C=U® D=V® E=U?+V?/2(1 - p?) and AT, B", C™,

D' and E]! are their spectral space representations. Also,

dpPm

HP =(1-p?
“)du

(A.9a)

and:

V2P (p)e'™ = ~

+1 -
’—‘(”02 L P ()i (A.9b)

In order to close the system composed of equations (A.6)-(A.8), it is necessary to obtain
diagnostic equations for U and V as functions of § and 7. These diagnostic equations are

obtained by using the spectral space representations of (2.19)-(2.13) and are given by

J we
Np = Z = [imV™ (u3) Py () = U™ (p3) HY' t#_])]r‘],uz) + (A.10)
J J
J w'
=3 = [imU™ () Py (u3) + V™ (5) Hyy (1 )]a{1 2 (A.11)

J
Equations [A.6)-(A.8) and (A.10)-(A.11) form th= closed system that is integrated by

the model using the semi-implicit time scheme that will b= briefly described in the next
section.

Finally, in spectral space, the nonlinear balance equation (2.22) used in the initial-
ization of some model runs becomes

2 J

= " " m m m
T n(n+ 1) :;[sz (13) Py (iy) — A™ (py) H !‘J)]__J#_J)

—E™ (A.12)

o

This concludes the review of the spatial representaticns used in the model, the time

integration scheme is presented next.
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A.2 The semi-implicit time differencing scheme

The shallow water equations represent Rossby, Kelvin, mixed Rossby-gravity and
gravity modes. The presence of the very fast gravity modes implies that when using an
explicit time differencing procedure, the time step must be very small due to stability
constraints. In this model, this problem is avoided with the use of a semi-implicit time
differencing scheme. Ir. a semi-implicit scheme, terms that govern the propagation of the
gravity modes (the divergence term in the continuity equation and the Laplacian of the
geopotential in the divergence prognostic equation) are treated implicitly and all other
terms are treated explicitly (see Haltiner and Williams, 1980, for details). Both explicit
and implicit differentiations use a second order accurate centered time scheme.

After semi-implicit time discretization, equations (A.6) through (A.8) become:

J
o = 3 {{lm ) - 26ty " )]} P
" pAN
T A ) P ) ~ B B )]
+2Ates f (A.13)

g
(6™ = Y {[6™(py)]"t — 20¢eg [6™ (13)) Y P (1) w;
j=1

-1 J
% [1 +‘I’At2$l b {MtM [[@™ ()] + E™(43)] P (s5)
j=1

24t
o= -4 [mB™ (p5) P (1s5) + A™ (p3) H (1))
(2At)2 n(n+1)

Tga(l - p,?} P [_ mC™ (p3) Py () + D™ (pn3) Hy, (#j)] }Wj (A.14)

J
(@™ = D {[@™ (1y)]7! — 20t (D™ (13)] 7} P (1g)w;

j=1
— on(n+1)]71 I On(n+1 =
+[1+mzza—2] E{ QL)(QN)?E (129) P (115)
_2At6[6m(#:} ]T_IP'-“(#J-)
2At
+a(1—[ wmC™ (1) Py (ie5) + D™ (ug) Hy' (p25)]

P (2&)2 }

_Eﬁ [imB™ () Py (g + A™ (pg) HY' (125)] (A.15)
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where 7 indicates the time step.
Equations (A.16)-(A.18) and (A.10)-(A.11) are the closed systems used by the model

to prognose the mass and wind fields.



Appendix B
LINEAR STABILITY ANALYSIS

In this appendix, the method used in chapter 2 to calcilate the linear normal mode
stability of zonal vorticity strips on the sphere is delineated

Consider the basic state zonally symmetric absolute verticity distribution shown in
Fig. B.1. At the co-latitudes, p = pj (7 = 1,2,...,J). the vorticity jumps by an amount
€. The &; can be either positive or negative and the distances between successive p = p;
are not necessarily constant. The basic state absolute angular velocity, @ + Q2 (where

@ = fia cos ¢), corresponding to this vorticity distribution is

J
1 1"“- Lt
@(p) + Q2= Z &5 (l_f;) + > 5 (I—_r;L) for p; <p<Lpjpr.  (B1)
i'= J'=it+l

Multiplication of (B.1) by (1 — pu?), followed by differentiztion with respect to p, yields

the basic state absolute vorticity profile

d(ticos¢) d[(cD +Q)(1 - p?)]

C(p) = 2Qsing -

acospdp dj-
j J
— E% A+pp)— S 3 —pp)  for pi < p<pja. (B2)
=1 '=,‘i+]-

Equation (B.2) corresponds to the stairstep vorticity pattern shown in Fig.(B.1).

If equation (B.1) is evaluated at p = p;, the resulting expression can be written

J
Z Ajjffjf =wj; + Q, (B.3)
i'=l1
where @; = @(u;) and
l+,u[-r . .
A - l+pJ Jlr S J (B 4]
E] l—}ll-r . . .
l=py 7 >3

The procedure used to find &; (5 = 1,2,...,J) from a continuous @(p) profile is now

delineated. First note that the continuous i(u) profile also defines a continuous @(gu)
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Figure B.1: Stairstep distribution of vorticity.

profile since @ = @a(1 — pu?)'/2. Then define p; (j = 1,2, .., J), which determines Ajjr
and @;. And finally solve the linear algebraic system (B.3) for ; (j = 1,2,...,J). The
discretized (or interpolated) versions of @ and  can now be plotted from equations (B.1)
and (B.2).

Now suppose that each interface is slightly displacec sinusoidally. The value of p
for the 7" interface is pj + n;(A,t), where n;(A,t) = ﬁjei‘m)“”‘). For this situation the
perturbation vorticity will be zero except near the interfaces, i.e., (' = V2¢' = 0 for
p# pi (5 =12,...,J). Substituting (A, ,t) = ¥(u)e ™A =*) into this last equation

we obtain:

L d .
- L [a- L] -2 =0 for E#ER (G=12,...,7J). (B.5)
dp dp
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As discussed by Dritschel and Polvani (1992), the solutions of (B.5) are (}—;ﬁ) wa and
(-}—'Eﬁ) mﬁ, the first of which is singular at the south pole but decays to zero at the north
pole, and the second of which is singular at the norch pole but decays to zero at the
south pole. Thus, a wavenumber m perturbation in the vorticity field at 4 = p; has an
associated streamfunction with the normalized structure [%};—ﬂ(%ﬁ] m north of = pjr

1 —_— " .
and the structure [%:—ffé:—_‘_zﬁ%] south of u = pji. By the superposition principle, the
P

streamfunction associated with wavenumber m vorticity perturbations at all interfaces is:

(1=l 1 pr)

; m/2
V(A pt) = { ;'=l Bj: [m] /

+ =1 By [%i%]ﬂwﬁ’%] m} eilmA=vt), (B.6)
for pj < p < pjsy1. Note that this perturbation streamfunction is continuous at the
interfaces. Here the Bj: are constants which will be determined below in (B.6). It can easily
be confirmed by inspection that ¢’ is continuous. Note that the meridional component of
velocity, v/ = 8vY' Ja cos ¢, is also continuous.

Now it is necessary to impose continuity of w = @ + ' = @ — 9%’ /a?du. Continuity

of w at pj + 7n; requires that

. N im/2 .
%Ejaz(l — )1+ p;) + mB; [ }_‘_ﬁ;gf’u’” ellmA—vt)
1 —u)1™2 i
= §6;a%(1 + p)(1 — ;) — mB; [{RGZEY] ™ eilmA=vt) (B.7)

at g = p; +n;. Linearization of (B.7) yields:

mBj = -i-%-{ja?ﬁ‘;. (B.8)

Imposing that the normal velocity of a particle on an interface be equal to that of the

interface itself, i.e.,
o, _‘%._u;cos¢_im ,

Finally, the desired standard eigenvalue problem is obtained by substituting (B.8) into

(B.6) and using the resulting expression in (B.9) to obtain:

J
(v —maj)i;+ 3 30150 =0, (B.10)
i'=
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where 5

A=)+ ™

i T=y0) 7=
W1=pji)

/2
(144, R g
[fl-nj}31+p;r5] 3217

Once the p; and & (7 = 1,2,...,J) are specified, the @; and I};‘) are determined

(m) _
= (B.11)

from (B.3), (B.4), (B.10) and (B.11). Then, (B.10) s (for a given m) a standard ma-
trix eigenvalue problem with eigenvalue v and eigenvector 7;. This form of the eigen-

value/eigenvector problem has also been discussed by Dritschel (1989).
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