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Abstract

The possibility of volcanic effects on global and regional climate variables has had
a long history of speculation, correlative study, and proposed physical mechanisms. The
potential for widespread surface cooling following the extensive spreading of long-lived
stratospheric aerosols following major volcanic eruptions is based on the partial blocking
of solar radiation incident at the top of the troposphere. Relatively simple physical
mechanisms oppose this potential for cooling: dominant forward solar scattering and
absorption of outgoing infrared radiation by the aerosols. More complex considerations
are the spatial and temporal variations of the distributed aerosol and its optical and
physical properties; potential for water/ice cloud modification by the volcanic particles;
surface albedo, water vapor, and cloud feedbacks to a temperature change; the role of the
oceans in a large-scale radiatively forced temperature variation; possible circulation
modifications; and other forced and random variations in climate. In the current work,
rigorous radiative transfer calculations relative to a subset of the above considerations are
carried out and compared to observational data to examine deterministic volcanic effects
on climate. Specifically, zonally resolved volcanic radiative forcing at the tropopause, and
other levels, is computed from the best available information on the spatial and temporal
distribution of volcanic aerosols from two recent eruptions, El Chichén (Mexico, 1982) and
Mt. Pinatubo (Philippines, 1991). Accuracy of the radiative calculations is partially verified
with surface- and satellite-based irradiance observations. Maximum global seasonal-mean

radiative forcings of -4.5 and -2.2 W m™ are calculated following the Mt. Pinatubo and
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El Chichén eruptions, respectively. Within hemisphere irradiance gradient anomalies of up
to 16% at the tropopause are calculated for the second N. Hemisphere summer following
the eruptions. The computed radiative forcing is applied to a simple hemispheric
tropospheric temperature change model, assuming constant cloudiness and surface albedo,
in an effort to explain observed global temperature records (NOAA Microwave Sounding
Unit) following the two eruptions. Excellent agreement is seen between explained
(modeled) and observed global and hemispheric temperature changes after the Mt.
Pinatubo eruption, but not following that of El Chichén. Details of this work and some
discussion of the results are given. A simple parameterization of the radiative forcing

calculations is given that may prove useful in higher spatial and temporal resolution

investigations.
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Chapter 1. Volcanic Radiative Forcing and Climate: An Introduction

1.1 Background on Volcanic Effects on Climate

Pollack et al. [1976] describe the early development of understanding the physical
relationship between volcanic eruptions and climate, as summarized in the following.
Climatic consequences due to volcanic eruptions were first suggested in 1784 by
Benjamin Franklin who noted an association between a solar-blocking persistent haze,
possibly from the eruption of an Icelandic volcano, and a cool period in 1783 - 84.
W. Humphreys, in 1940, attempted a physical explanation for the cooling effect of
volcanic aerosols but did not have sufficient information on the optical and physical
properties of the volcanic aerosols. In 1969, M. Budyko refined Humphreys volcanic
aerosol model and developed a model for global temperature change caused by decreased
solar insolation due to volcanic eruptions with a surface albedo feedback. However, the
Budyko model still had incomplete aerosol radiative properties. W. Sellers improved
upon Budyko's work, in an 1973 paper, with a more physically realistic climate model,
but he was interested in only tropospheric aerosols. Lamb [1970] examined climatic
records and found a relationship between temperature records and some volcanic
eruptions. Lamb went on to develop the volcanic Dust Veil Index (DVI) which showed
correspondence between stratospheric dust loading and worldwide cooling, but in some
cases DVI was deduced from the temperature record. |

Most efforts to identify volcanically induced climate changes have consisted primarily

of attempting to show that there was a detectable signal in global or zonal mean
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tropospheric or surface temperatures [e.g., Mitchell, 1961; Lamb, 1970; Mass and
Schneider, 1977; Oliver, 1976; Hansen et al., 1978; Angell and Korshover, 1985; Angell,
1988; Mass and Portman, 1989]. It is desirable to quantitatively identify the climatic
response to any given volcano, past or future, to further understand other sources of
variability in the earth's climate, e.g., sea surface temperatures, greenhouse warming, solar
variations, and natural internal variability. Angell [1988] and Mass and Portman [1989]
showed that if El Nifio warming following the 1982 eruption of El Chichén was
considered, there was identifiable volcanic global cooling of ~0.2 to 0.3°C. Following
the Mt. Pinatubo eruption in 1991, a distinct decrease in temperature of 0.5 °C globally,
and near 0.8 °C in the N. hemisphere, was reported [Dutton and Christy, 1992; Hansen
et al.,, 1993; Halpert et al.,, 1993] despite a moderate El Nifio. Contrary to the above
studies, Angell and Korshover [1985] used a statistical composite technique to examine
the temperature effects of volcanic eruptions prior to 1980 and were only able to conclude
that "in general, volcanic eruptions do not cause warming of tropospheric temperatures."

Budyko [1969] used a global energy budget model to show reasonable agreement
between theoretical and observed responses in global air temperatures to a given change
in incident solar irradiance, and suggested that volcanoes were the major contributors to
such irradiance changes. Hansen et al. [1978] showed close agreement between a
physical model and observed temperature change, both in magnitude and timing, for
monthly averages three years following the Mt. Agung eruption (1963, 8° S) However,
Hansen et al. analyzed only the tropics and subtropics and, like Budyko, used only a
minimal description of the aerosol.

The currently proposed physical mechanisms by which long-lived (i.e., greater than
one month) volcanic aerosols can perturb global and regional radiation budgets and

thereby potentially affect climate, were suggested in several works [e.g., Pollack et al.,
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1976; Coakley and Grams, 1976; Harshvardhan, 1979; Toon and Pollack, 1980; Chou et
al., 1984; Lacis et al., 1992]. The scattering and absorption of solar and thermal infrared
(IR) radiation by stratospheric aerosols were considered. It was suggested by these
authors that, based on the anticipated optical properties of the aerosols, the loss of
incoming solar irradiance due to the upwards scattering from the aerosol dominates
related radiation budget perturbations, although absorption of solar and IR were also
significant. Global and hemispheric mean radiation perturbations exceeding several W
m were predicted from radiative transfer (RT) theory and estimates of volcanic aerosol
optical properties. Simple to sophisticated climate models were used to help ascertain the
potential tropospheric temperature response to estimated radiative forcing. Hemispheric
and global mean cooling potentials following major eruptions were estimated to be up to
2°¢C,

All components of atmospheric radiation are potentially affected by an increase in
stratospheric aerosols, with downwelling irradiances above the aerosol layer obviously
being the least affected. The magnitudes of expected and observable irradiance changes
are not well established. Volcanic influences were reported in total (direct + diffuse)
solar irradiance measurements at the surface by Dyer and Hicks [1965], Viebrock and
Flowers [1968], DeLuisi et al. [1983], Hay and Darby [1984], Wendler [1984], Dutton
[1990a], Dutton and Christy [1992], Dutton et al. [1994], Hayasaka et al. [1994], and
from space by Ardanuy and Kyle [1986] and Minnis et al. [1993]. Surface-based
observations were for clear-sky cases only while satellite observations included water
clouds. In the reported satellite data, it was difficult to separate irradiance variations due
to stratospheric aerosols from changes that may have occurred in cloud properties or

distribution.



Quantitative validation of the theoretical volcanic radiation perturbations by direct
comparison to radiation observations would be an intermediate step to confirming related
theories and to a further understanding of volcanic effects on climate. A direct
comparison would utilize cbserved aerosol parameters in RT irradiance calculations and
nearly simultaneous clear-sky irradiance observations. A few direct validation attempts
have been made using surface observations [Coakley, 1981; DeLuisi et al.,, 1983;
Hayasaka et al., 1994] and have not been successful. In these attempts, it was not clear
if the lack of agreement was the fault of the radiation observations or the theoretical
computations. Both are subject to large uncertainties. Minnis et al. [1993] claimed
general global mean agreement in an indirect comparison between their volcanically
perturbed satellite irradiance observations and the theoretical estimates reported by Lacis
et al. [1992]. The Minnis et al. data were not distinguished from those with water cloud
effects, and Lacis et al. used only hypothetical aerosol parameters and constant cloudiness.
Mutual direct confirmation of theoretical and observational results was desirable to build
confidence in both, so that one can be used in lieu of the other when necessary to identify
potential climatic influence of a given eruption.

The potential climatic impacts of spatialotemporal variations in volcanic aerosols have
not been extensively investigated, in part because accurate information on the distribution
of aerosols and their optical properties were unavailable, and in part because many
general circulation models (GCMs) were not developed to the extent where inclusion of
volcanic aerosols was feasible. Barth et al. [1982], Dutton and DeLuisi [1983],
McCormick and Veiga [1992], and Trepte et al. [1994] showed that significant latitudinal
banding of stratospheric aerosols occufs following volcanic eruptions. Robock and Mao
[1992] and Graf et al. [1993] have investigated some regional climate effects due to

nonhomogeneous distribution of volcanic aerosols.
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Herman et al. [1976], Harshvardhan [1979], Lenoble et al. [1982], and King et al.
[1984] have investigated modeled volcanic radiation anomalies that include the effects of
seasonal and latitudinal variations in solar zenith angle (8,) and albedo (ct). None of the
above studies used observed aerosol evolutions; however, King et al. [1984] did use an
estimated aerosol dispersion based on initial El1 Chichén eruption characteristics. Also,
these studies used spectrally, vertically, or otherwise abbreviated radiative transfer
schemes, and none compared their theoretical results to observed radiation quantities.

Many previously mentioned efforts to detect volcanic signal in climate records relied
on either the Volcanic Explosivity Index (VEI) [Newhall and Self, 1982] or the DVI to
estimate the potential climatic effect of a particular eruption. Neither index was based
on the magnitude of known or expected perturbations to the radiation field. Computation
and verification of the actual radiative forcing from a given volcano, as done in the work,
should permit a more rigorous assessment of potential for climate modification by
providing perturbed radiation fields that can be directly or indirectly introduced into
numerical climate models [Hansen et al., 1992 and Graf et al., 1993]

1.2 Volcanic Radiative Forcing

Volcanic radiative forcing can be defined as any change in atmospheric radiation
caused by the addition of volcanic aerosols to the stratosphere, and will be denoted here
as V in the most general case. Notation introduced later will define the wavelength,
height, and direction of the affected radiation quantities. V is commonly called a
“forcing” in that it represents a change in the energy budget, which may, in turn, cause
a response in other atmospheric variables. Either observations or RT models can be used

to estimate V as the difference between irradiances for otherwise identical conditions with



and without anomalous volcanic aerosols. Determining V in this rﬁanner cancels many
RT model and instrumental biases that could otherwise mask the volcanic influence. In
the remainder of this work, "computed,” "calculated,” "model," or "RT modeled" V refer
to differential RT-model calculated irradiances and "observed" V refers to differential
irradiance observations.

There are indirect volcanic effects which could either amplify or reduce V. For
example, volcanic particles precipitating into the troposphere could modify cloud
reflectance or otherwise alter cloudiness [Sassen et al, 1995]. Also, a significant
tropospheric cooling could increase surface albedo due to extended snow cover. The
radiative effects of any volcanically induced changes in cloudiness, water vapor, ozone,
surface albedo, or tropospheric temperature were not considered in the current work.

As defined, V can be either instantaneous or equilibrium forcing according to Lacis
et al. [1992] and IPCC [1995]. Instantaneous forcing does not account for any changes
in the irradiance quantities that may occur because of the forcing. Equilibrium forcing
accounts for those changes. To compute equilibrium V, the response of the atmosphere
including feedbacks needs to be known. For example, equilibrium forcing would include
enhanced downward IR at the tropopause as stratospheric temperatures increase due to
absorption of solar and IR radiation by the volcanic aerosols and gases. The effects of
a warming stratosphere on IR V will be investigated. Unless otherwise specified, all
references to computed V in this work are to the instantaneous quantity, since these are
the most readily calculated using only radiative transfer computations. Observations of
V are inherently initially instantaneous, and then tend to become equilibrium, as new
equilibrium is approached.

Spectral, directional, spatial, and temporal segregation of radiative quantities result
in many different V components that can be identified. Only upward or downward
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irradiances on horizontal surfaces were considered here, although RT models use
multidirectional radiances to derive irradiance as discussed in Chapter 3 and Appendix
C. Leading and trailing subscripts on V will be used to denote the many possibilities.
The leading capital or numeric subscripts denote wavelength: "S" for solar, "L" for IR
(longwave), "A" for allwave (S + L), or numeric values in nm. Leading lower case letters
denote direction: "u" for upwards, "d" for downwards, and "n" for net (downward minus
upward). Trailing subscripts are abbreviations or numeric values denoting height: "S" for
surface (not necessarily sea-level), "Tr" for tropopause, "TOA" for the top of the
atmosphere, or numeric values for km above sea level. For example, i, V;, translates to
"net solar volcanic radiative forcing at the level of the tropopause.” Temporal and

horizontal dependencies will be specified in the text as relevant.

1.3 Status

Recent eruptions have provided much observational data on the potential for their
global climatic influence. This information has not been widely assimilated into current
GCMs [Hansen et al., 1992). El Chichén (17° N) in 1982 and Mt. Pinatubo (15° N) in
1991 propelled extensive amounts (>five megatonnes) of SO, into the stratosphere as
observed by the Total Ozone Mapping Satellite (TOMS) [Krueger, 1983; Bluth et al.,
1992]. These two volcanoes are the most likely of any to have produced identifiable
radiative and climatic signals in the past 30 years. Some probable El Chich6n and
Pinatubo related climate perturbations have been reported by Angell [1988], Mass and
Portman [1989], Dutton and Christy [1992], Robock and Mao [1992], Hansen et al
[1993], and Minnis et al. [1993]. However, extensive theoretical estimates of V using

observed aerosol properties have not yet been published. Such calculations need to be



made and compared to irradiance observations to establish confidence in our ability to
realistically confirm or validate related radiative theories.

Recent advances, along with currently available data, allow improved quantification
of V, increasing the possibility of identifying the response of the atmosphere to this
forcing. These advances include improved knowledge of the particular effluent from
volcanoes that results in extended radiative forcing, improved observing systems that
allow more complete temporal and spatial definition of the eruption clouds' physical
exl;ent, more complete climate observations that better represent global variations,
expanded RT computing capability, and refined general circulation simulations that can
elucidate the physical processes that transform V to climate variations [Hansen et al.,
1988, 1992; Graf =t al., 1993]. To compute V for a given volcanic eruption, certain
information on the aerosol cloud must be acquired, as was done here for the eruptions of
El Chichén and Pinatubo. To perform a complete study of the climatic impacts of these
two eruptions, the preexisting global climate state, other independent climate forcings (sea
surface temperatures, quasi-biennial oscillation (QBO), solar, random, CO,, etc.), and
feedback mechanisms would need to be considered; however, this is well beyond the
scope of this work.

Abundant but incomplete and sometimes inaccurate direct observational information
on the properties of the El Chichén and Pinatubo stratospheric aerosol clouds has been
acquired from surface-based and airborne missions as well as from experimental and
operational satellite platforms [e.g., Geophys. Res. Lett., Nov. 1983 and Jan. 1992, special
issues]. Such data include information on size, shape, composition, optical properties,
spatial and temporal variation, as well as direct and indirect observations of radiation

budget perturbations.



The aerosols remaining in the stratosphere for an extended period (greater than one
month) have been deduced, and occasionally observed, to be almost entirely droplets of
sulfuric acid (H,SO,) in solution with water [e.g., Turco et al., 1982]. These droplets
grow from SO, vapor to small aerosols with peak concentrations in the 0.1 to 1.0 pm
radius range where the Mie scattering of sunlight is particularly efficient. Volcanic SO,
was lofted into the stratosphere at the time of the eruption and quickly (e-folding time of
about one month) converted to H,SO, droplets [Turco et al., 1982; Hofmann and Rosen,
1983; Pinto et al., 1989; Sheridan et al., 1992; Self et al., 1995]. The mass of SO, lofted
into the stratosphere determines the quantity of long-lived aerosol loading and the height
of the injection determines its lifetime. However, V is a poorly known nonlinear function
of the initial stratospheric SO, injection [Pinto et al., 1989]. Also, only certain volcanic
eruptions inject significant amounts of SO, into the stratosphere. The TOMS has provided
an estimate of the amount of SO, added to the atmosphere by each volcanic eruption over
the past 14 years [Amer. Geophys. Union, 1992]. To define the temporal and spatial
variations of volcanic aerosol after the first month, during which most SO, has been
converted to H,SO,, additional observations were required because TOMS cannot detect
H,SO, aerosols.

A variable horizontal distribution of aerosols develops from volcanic SO, [Barth et
al., 1982; McCormick and Swissler, 1983; Dutton and DeLuisi, 1983; Stowe et al., 1992;
Dutton and Christy, 1992; and others]. Instead of spreading uniformly over the globe or
even a hemisphere as assumed in many earlier studies, most material has been observed
to spend an important portion of its atmospheric life in a strongly latitude-dependent
distribution [Halbert et al., 1993; Trepte et al, 1994]. This banding of the aerosol raises
the possibility for modifying both hemispheric N/S temperature gradients and associated

atmospheric circulation patterns [Pollack and Ackerman, 1983].
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1.4 Purpose and Goals of Current Research

The purpose of this work is to investigate the zonal and global mean radiative forcing

produced by the El Chichén and Mt. Pinatubo volcanic eruptions to aid in further

determination of climatic effects potentially related to those eruptions. The specific goals

of this work are:

Develop the capability to compute important components of V using observed
optical, chemical, and physical properties of recent volcanic aerosols;
Quantitatively verify calculations and observations of selected components
of V;

Examine spatial and temporal extents of V and estimate related hemispheric
and glcbal mean tropospheric temperature changes,

Examine sensitivity of calculated V to major variables and develop simple

parameterizations.

Several related questions are to be answered:

Was surficient information available to compute accurate, regionally or
locally rzsolved V due to recent volcanic eruptions?

How well does computed V have to agree with an observation for
confirmation?

What were the nature and significance of the regionally variable V patterns?
Can hem:spheric mean temperature changes be estimated from computed V

and confirmed with observations?
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5.

What information was there in the similarities and differences between the

El Chich6n and Pinatubo events?

These and other questions are relevant to the issues of whether and how V can or should

be realistically introduced into GCMs.

1.5 Research Approach

The following outlines the research tasks that are to be carried out:

1.

N O &

Accumulate and scrutinize relevant existing observations of irradiance and
volcanic aerosol properties;
Develop realistic atmospheric RT computational capability founded on

reliable and well tested existing computer codes;

~Define RT model inputs that allow local and zonal resolution of V;

Independently and separately verify RT modeled and observed irradiance;
Compare observed to model-computed V for multiple cases;

Develop a physically based global temperature change model and compare
results to observed temperature changes;

Investigate latitudinal gradients of V;

Develop simple parameterization for V for extended use in higher spatial and

temporal resolution studies.

Because of the scope of this investigation, data from other investigators, as well as those

of this author, were combined. Site specific and global data from surface- and satellite-

based platforms were accumulated. The limitations of each data set acquired and utilized

were examined. Observed data were assembled from just before each event to 2.5 years
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after the eruptions of El Chichén and Mt. Pinatubo and for a 1-yr nonvolcanic background
period. These data are extensive but only partially complete and include spatially and
temporally variable spectral aerosol-optical depth, particle size distributions, chemical
composition, aerosol shape, vertical aerosol distribution, globally representative
atmospheric constituent and temperature profiles, tropospheric albedo, and irradiance
observations. Using these data, low resolution temporal and spatial evolutions of V were
computed and sporadically compared with observations. The spatial resolution of this
study was limitec to zonal mean regions and specific points because there were
insufficient available aerosol data to justify examination of longitudinal variations and
because of computational limitations. Some longitudinal variations related to underlying
albedo can be ccmputed directly from the albedo sensitivity, if the underlying
tropospheric albedo is known.

Published and well-tested computer codes for some computational aspects of this
work already existed. However, in each case the code was adapted to the current
application. The basic RT theory and relevant equations will be given, along with a
rudimentary description of the additions and modifications to the existing computer code.
Computed radiation quantities at the earth's surface, midtroposphere, tropopause, and top
of the atmosphere will be examined using available observations to help evaluate the
consistency and accuracy of the computations. Following Lacis et al. [1992], net allwave
volcanic radiative forcing at the tropopause, 4,Vr,, will be used as an indicator of the total
volcanic radiative effect on the tropospheric and surface temperatures.

Differences and similarities between the El Chichén and Pinatubo eruption clouds
indicate what may be invariant in determining V. The spatial distribution of aerosol can
be expected to vary between eruptions. Latitudinal banding could cause seasonal
amplification or retardation of zonal temperature gradients depending on the timing and
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location of the eruption. Contrasting El Chichén and Pinatubo presents an interesting
example because the eruptions occurred at almost the same latitude and time of year.
Observed differences in the micro- and macro-physical properties of the two volcanoes'
aerosol populations can result in potentially different radiative forcing consequences.
Relative to previous work, the current work is most similar to the physical approach
of Hansen et al. [1978], but with greatly expanded observations of aerosol optical
properties, new RT models, major emphasis on direct verification of radiative forcing,
investigation of zonal variations, a different temperature change model, and development
of parameterizations. RT models will be sufficiently complete so that the computed V
will be suitable for introduction into GCMs as anomalies to the radiative fields computed
internally in the model, or as verification of anomalies produced by the GCM if it already
accounts for aerosol properties. Parameterizations developed here will help facilitate such

applications that may require considerably higher spatial and temporal resolution.

1.6 Principal Results

Zonally and seasonally resolved global volcanic radiative forcing was computed from
similarly resolved observed aerosol optical properties for 2.5 years following the eruptions
of both El Chichén and Pinatubo. These results differ from earlier related efforts in that
newer and more complete RT models were used, and global aerosol optical properties
were derived directly from observations of the volcanic aerosols. Previous studies relied
primarily on abbreviated RT models and assumed or expected aerosol properties and
spatial distributions. Observed changes in the surface and top of the atmosphere radiation
components agree closely with computed values of volcanic radiative forcing. The zonal
variations in V indicate significant perturbations to seasonal N-S gradients in global

radiative input. A simple global and hemispheric temperature change model based on the
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thermal mass of the atmosphere and oceans and the amount of energy lost to the two
eruptions is developed and shows surprisingly excellent agreement with observed
tropospheric temperature changes following Pinatubo, but there is little agreement between
the model and observations after El Chich6én. This suggests that the excellent agreement
following Pinatubo was mostly fortuitous since the earth is not constrained to behave
according to the assumptions of the simple temperature change model. Simple regression
fits between the rigorously computed V and the major independent variables are
determined and presented to supply an efficient way in which to use the current results

in higher time and spatial scale investigations.

14



Chapter 2. Observations of Stratospheric Aerosols and Related Radiative Perturbations

Observations used for this study were irradiance measurements and those of the
physical and optical properties of stratospheric aerosols as discussed in Appendix A,
where some of the common notation and terminology used in this and subsequent
Chapters are defined. Accurate information on the physical and optical aerosol properties
allows computation of theoretical V that can be compared to appropriate irradiance
observations; unfortunately, these parameters are not among those routinely observed.
Available observations were limited in extent and completeness and frequently were
experimental, which restricted their availability and raised questions about their accuracy
and comparability. This was pﬂy because it was impractical to set up an extensive
observational program before a major eruption, considering their infrequent and
unpredictable nature [Self et al., 1995]. Establishing observation programs after an
eruption was also problematic because of the lack of time to prepare and the short life of
the event (< two years). Also, observations beginning after the events provide no
background information. Nonetheless, there is limited information available about
volcanic stratospheric aerosols from three types of sources. First, a few long-term
programs were established for various reasons. These include a few satellites with limited
capabilities as discussed later, assorted surface-based sites with intermittent remote
sensing of the stratosphere, and infrequent balloon-borne missions. Such long-term

projects are designed to study all sources of stratospheric, and sometimes tropospheric,
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aerosol variability and were not always well suited to observing the large magnitude of
aerosol loading associated with recent major eruptions. A second category of available
observations includes those that begin following an eruption. These were specifically
designed to explore the extent of the evolving aerosol and its properties. Notable U.S.
campaigns following El Chichén reported by Pollack et al. [1983], Dutton and DeLuisi
[1983], McCormick and Swissler [1983], and Spinhirne [1983], and following Pinatubo
by Geophys. Res, Lett., Jan. [1992] special issue, Goodman et al. [1994], Russell et al.
[1993] and Pueschel et al. [1994] consisted primarily of reconnaissance aircraft missions.
Additionally, several existing surface-based programs increased observation schedules
following major eruptions [Hofmann and Rosen, 1984; Dutton et al., 1987; DeFoor et al.,
1992; Post et al., 1992]. The third information source was from measurements that were
either in place before the eruption, or shortly after, in which the aerosol becomes a form
of interference but provides an unexpected observational opportunity [e.g., Barth et al.,
1982; Krueger, 1983; Grainger et al., 1993; Strong and Stowe, 1993; Lockwood and
Thompson, 1986; Ackerman and Strabala, 1994]. Data from all three types of sources
were included in this work.

Acquiring, evaluating, selecting, and processing observational data into a thorough
and usable set of data describing the global evolution of two major volcanic eruption
aerosol clouds and their effects was a formidable task. The data compilation used here,
although extensive, is not complete since much essential data were either never collected
or have yet to be made available, although more data were available following Pinatubo
than from El Chichén. The data used here form a subset of what was available as of

mid-1994.
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2.1 Spectral Aerosol Optical Depth.

Spectral aerosol optical depth, T,(A), (where A is wavelength) of a volcanic cloud is
the most useful observation for the computation of V. Monochromatic aerosol optical
depths can be derived from measurements of the relative solar beam intensity as viewed
through a defined path through the atmosphere. Basics of the measurement principle were
taken from the simplest form of the radiative transfer equation, often called Beer's Law

as given in Eq. 2.1.

I(A) = Iy(A)e "O™ 2.1

In Eq. 2.1, m, is the relative air mass, or the ratio of the slant to vertical path through
the atmosphere. If the optical depths of other constituents at the same wavelength are

known and m, is the same for all constituents, T,(A) is computed using:

T4(A) = 7(A) -7, (A) -7, (A) ~m7, (R), 22

where N is the number of constituents affecting attenuation at A. Aerosol optical depth
can be determined using directly transmitted solar radiation observations and Egs. 2.1 and
2.2 as demonstrated by McCormick et al. [1978], Shaw [1983], Dutton et al. [1994],
Russell et al. [1993], Stephens [1994], and others.

Although it is desirable to have as many wavelengths of 1,(A) information as possible
covering the complete solar and thermal IR spectra, relatively few wavelengths are
observed for both practical and operational reasons [Shaw, 1983]. Aerosol extinction is

typically smoothly varying with wavelength, compared to the line structure of
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characteristic gaseous absorption. Using the Junge relationships [Junge, 1963], as few as
two wavelengths of aerosol extinction information have been used to describe complete
aerosol size distributions. However, these expressions were developed for tropospheric
aerosols and were not applicable to aerosols undergoing the life-cycle of stratospheric
volcanic aerosols where mode radii are greater than 0.2 pm. Using as few as three
wavelengths, observations following El Chich6n showed a spectral signature that was
incompatible with the Junge expressions [Dutton and DeLuisi, 1983]. The size
distribution indicated by Dutton and DeLuisi data was monomodal with a radius peak in
the submicrometer range [King et al., 1984]. Higher resolution, either in measured size
distributions or in spectral extinction observations, has revealed additional bimodal
structure. This suggests that more than three wavelengths would be useful for routine
monitoring of volcanic clouds [Hofmann and Rosen, 1983; King et al., 1984; Asano et
al., 1993; Stone et al., 1993; Goodman et al., 1994].

Typically, fewer than 10 wavelengths are used in a sunphotometer to observe T,(A);
additional wavelzngths offer little additional aerosol size information. Limitations on the
inference of size information from sunphotometer measurements arise from the maximum
range of sensitivity of the most common silicon detectors (= 0.35 to 1.1 pm), numerous
. spectral bands of absorbers whose effects are not known and cannot be separated from
the aerosol effect, finite filter widths, and the fact that aerosols of a single size influence
a wide range in wavelengths. Available 1,(A) data for this study were limited to five or
fewer wavelengths.

Temporal and spatial information on t,(A) for a particular volcano is required for

climate diagnostics, although the required resolution is ill-defined. The data resolution
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does not need be as high as that of prediction and diagnostic models because of spatial
uniformity and slow change in the aerosol after the initial spreading of the cloud, as
described by McCormick and Veiga [1992]. Satellite platforms provide t,(A) data over
extended time and space scales, but relatively few data were available. Two sets of long-
term t,(A) data for the northern hemisphere containing the volcanic signals of both El
Chichén and Pinatubo were readily available. One was an updated version of that of
Michalsky et al. [1990] from Rattlesnake Mountain, Washington (RSM, 46° N) and a
second set from Mauna Loa, Hawaii (MLO, 19° N) described by Dutton et al. [1994].
A third data set from Alice Springs, Australia (ASA, 25° N) was also available for
Pinatubo but does not include data from the El Chichén event. Other spectral data sets
were known to exist but were not used in this study because of incompleteness,
redundancy, or lack of availability and/or quality assurance.

The MLO 71,()A) data are shown in Fig. 2.1a for three wavelengths. Occasionally, a
fourth wavelength was available at MLO but is not shown. Updated RSM data are shown
in Fig. 2.1b, for five wavelengths. The ASA data [Personal communication: Bruce

Forgan, Australian Bureau of Met.] are shown in Fig. 2.2.

2.1.1 Wideband and single wavelength solar optical depth

Midvisible total-column aerosol optical depth, t,(vis), is the single most important
property of the volcanic aerosol relative to computing V [e.g., Lacis et al., 1992].
Volcanic aerosols primarily scatter solar wavclcngths and the greater t,(vis) the more
solar irradiance will be backscattered to space. Single wavelength and wideband optical

depths were used to deduce the geographical extent and relative abundance of the aerosol.
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Fig. 2.1 Aerosol optical depth for multiple wavelengths, as indicated, for Mauna Loa,
Hawaii (top) and Rattlesnake Mt., Washington (bottom). Rattlesnake Mt. has
had background subtracted.
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Measurements of scattered and direct solar radiation were used to determine T, (vis).
These types of observations are often made because the instrumentation was simpler and
more stable than that necessary for t,(A). Wideband optical depths relating to El Chichén
and Pinatubo derived from direct beam measurements were presented by Dutton and
Christy [1992]. The Advanced Very High Resolution Radiometer (AVHRR) satellite
aerosol optical depth data given by Stowe et al. [1992] and Long and Stowe [1994] were
derived from scattered radiation. Bodhaine and Rosson [1988] and Rao et al. [1989]
provided additicnal details on the derivation of the Dutton and Christy [1992] and
AVHRR 1, data sets, respectively.

The surface-observed aerosol t,(vis) optical depths given by Dutton and Christy
[1992] comprise a time series starting before the El Chichén event continuing to the
present and sparsely cover a spatial range from the Arctic to the Antarctic. These optical
depth data have been updated and are shown in Fig. 2.3 through 1993. These data are
for a spectral band of 0.3-0.7 pm. The optical depths in Fig. 2.3 were derived by
repeatedly integrating Eq. 2.1 over A for different spectral mean 1, until a match was
made with the observed 0.3-0.7 pm direct solar irradiance. The procedure was viable
because little water vapor absorption was encountered in this band, but there are several
inherent problems. Such problems include the dependence on absolute radiometric
calibration, the need for knowledge of the absolute value of the extraterrestrial solar
spectrum, and errors introduced when spectrally integrating Eq. 2.1. Nonetheless, these
wideband data provide a reference for comparing the two eruptions at four fixed sites

with common instruments, calibrations, intercomparisons, and data reduction procedures.
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As seen in Fig. 2.3, El Chich6n was primarily a northern hemisphere event, although
small amounts were detected at 90° S, whereas the Pinatubo aerosol eventually spread
more equally to both hemispheres. An integral with time over the data in Fig. 2.3 for all
four sites shows an average Pinatubo t,(A) 1.7 times greater than El Chichén, although
large portions of the globe were not represented. These data were used primarily to
assess the consistency of other available monochromatic data and wideband data.

Midvisible optical depths following El Chichén were given in Geophys. Res. Lett.
[Nov. 1983 special issue], Geophysica Internacional [July 1984 special issue], and in
individual papers previously cited. While satellite coverage of the El Chichén event was
minimal, SAMII provided polar coverage and SME viewed the upper portion of the
aerosol [Barth et al., 1982]. A recent and relatively complete global compilation of t,
data for El Chichén has been given by Sato et al. [1993] who used previously published
information. Sato et al. have produced t,(550) compilation for monthly averages in 24
zonal mean bands. Because of the relative completeness of this work, it will be used here
as the main source for the geographic and temporal aerosol distributions after E1 Chichén.
The Sato et al. data are shown in Fig. 2.4 for Jan 1982 through December 1985. The
contrast between the Sato et al. compilation and other specific T, time series will be
shown later.

Several additional sources of T,(vis) were available for Pinatubo, primarily from
satellites. The 1,(A) data at the boundaries of the initial spreading of aerosols were
obtained from SAGE II. However, the main portion of the aerosol cloud became too
dense, resulting in saturation of the SAGE II 1, retrieval technique [Thomason, 1992].

Methods to approximately compensate for this saturation problem exist [McCormick and
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Trepte, 1987; L. Thomason, NASA Langley, personal communication] and the revised
data could soon become available. A compilation of the early Pinatubo global midvisible
T, was presented for a single wavelength [Sato et al., 1993] based primarily on early
SAGE II and SAM II and reconnaissance flights. Sato et al. data for 1991 through 1993
are shown in Fig. 2.5.  Zonal mean AVHRR 7, data for Pinatubo have been given by
Long and Stowe [1994] and are shown in Fig. 2.6. Data are for a filter weighted average
across the spectral range of 0.53 to 0.71 pm and were adjusted to 0.5 pm by the original
authors. AVHRR data reduction uses the scattering properties of a model tropospheric
aerosol with a different size distribution and refractive index than the stratospheric aerosol
that dominated the signal for much of the record. Also, the AVHRR data can only be
recovered over cloud free oceanic areas, and large background tropospheric optical depth
contributions must be subtracted from the total signal. All these add to considerable
uncertainty in the data [J. Pollack, NASA, Ames; C. Long, NOAA/CAC, personal
comms.]. Despite these limitations, the AVHRR data correspond closely to similar data
as shown in Fig. 2.7. This correspondence was primarily due to the volcanic signal being
so great that AVHRR signal-to-error ratio becomes less important. The main differences
between the AVHRR and Sato et al.'s compilations are in the peak values in the tropics
during late 1991 and 1992. This was also an area of nearly nonexistent validation data
from independent surface or aircraft sources and the area of maximum saturation in the
SAGE II data [L. Thompson, NASA, Langley, personal comm.] that figured heavily into
the Sato compilation. The global distribution of Pinatubo aerosol to be used for V
computations in the current study comes from a combination of the Sato et al. and

AVHRR data, based on comparisons to ancillary information, Fig. 2.7. Sato et al.'s data
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were used evervwhere except in the tropics for the first year and half after the Pinatubo
eruption where the AVHRR data were used. Further discussion of the accuracy of these

data is given in Appendix B.

2.2 IR Optical Depth

Although IR aerosol optical depths, T,(A>4.0), are necessary to compute ,,V, they
were not easily acquired. The approach used here was to compute the needed optical
depths from observed inverted aerosol size distributions. A few satellite-observed
1,(>4.0) have been reported and will be used here to constrain aerosol size inversions and
to compare to Mie calculated values. At wavelengths longer than 5 pm it is possible to
infer optical depth from aerosol emission observations. Such observations of stratospheric
aerosol from the surface are not possible because of the absorbing atmosphere between
the surface and aerosol. Useful 1,(>4.0 pm) observations of the Pinatubo aerosols from
space have been obtained by Lambert et al. [1993] from ISAMS and by Ackerman and
Strabala [1994] using the High Resolution Infrared Sounder 2 (HIRS2) on the NOAA
series satellites. A global mean t,(12.1 pm) value of 0.005 during Nov. 1991 to Apr.
1992 was reported by Lambert et al., and localized values of 0.03-0.06, 0.014-0.02, and
0012-.004 at 8.3, 11.1, and 12.5 pm respectively for the south Atlantic during August
1991 were given by Ackerman and Strabala. These aerosol properties were found from
the observed excess emission, relative to that computed using climatological
concentrations of various trace gases, assuming negligible aerosol scattering.
Observations of 1,(>4.0 pm) El Chichén were obtained by Barth et al. [1982] using the

SME satellite but optical depths were not reported. Witteborn et al. [1983] deduced a
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7,(8.5 pm) of 0.012 at 20° N in December 1982. The observed t,(>4.0 pm) were
compared to those computed from Mie theory using the inverted size distributions in Fig.
2.8, where the Mie computed values fall within the range of observations. The maximum

difference between computed and observed T,(A) at three wavelengths was 0.02.

2.3 Aerosol Height

Information on the heights of the El Chichén and Pinatubo clouds used in this study
were taken from lidar information of McCormick et al. [1984], DeLuisi et al [1984], Post
[1984], DeFoor et al. [1992], and Post et al. [1992] and from dust sonde data of Hofmann
and Rossen [1983], Deshler et al. [1992], and from satellite data by Barth et al. [1982],
McCormick et al. [1992], Pitts and Thomason [1993], and Grainger et al. [1993]. While
much detail on the vertical structure of the evolving cloud was contained in these data,
only low vertical resolution information was needed and used in the current work.

Although some differences were seen in the vertical distributions of the two eruption
clouds, both can be described as initially being detected as high as 35 km. In the tropics
aerosols were distributed between ~19 km and 30 km with a peak near 25 km. As the
aerosol layer moved poleward it was observed to lower along with the tropopause height.
The aerosol peak height, or centroid, has sometimes been observed to settle relative to the
tropopause [e.g., Lambert et al., 1993]. However, the maximum backscattered signal
generally just diminishes with time as the largest droplets settle leaving the altitude of
maximum scattering the same, as seen for the MLO lidar record in Fig. 2.9.

The main aerosol cloud from both eruptions was initially confined to the lower

stratosphere in various layers between 5 and 10 km above the tropopause and lowered
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Fig. 2.9 Ruby lidar aerosol backscatter as a function of height for four different time
frames at Mauna Loa, Hawaii (Courtesy of John Barnes, NOAA/ CMDL).




slowly with time. An e-folding time of 10-16 months was observed for recent volcanic
clouds, depending on latitude [Hofmann, 1988; Yue et al, 1991; Stone et al., 1993;
Moorthy et al., 1994], with the shorter e-folding times observed in the lower latitudes

where horizontal dispersion contributes to the decrease.

2.4 Size Distributions

Both remote sensing and in situ techniques can be used to obtain an aerosol size
distribution, n(r). Remote sensing techniques typically use the Mie inversion of spectral
optical depth as discussed in Appendix A, which combines the uncertainties of
observations and the inversion technique. In situ techniques use optical counters [e.g.,
Goodman et al., 1994; Ackerman and Cox, 1982] or filter collections [e.g., Sheridan et
al.,, 1992]. Remote sensing techniques can be applied at ground-based sites or from
satellite and airborne platforms. The ground and satellite systems provide quasi-
continuous measurements during daytime cloud-free periods. Satellites provide extensive
areal and temporal coverage. Satellites have typically observed too few wavelengths
successfully to be used for the size inversion estimates in this study. SAGEII observes
a sufficient number of wavelengths [Thomason, 1992] but has not supplied total column
values due to saturation problems mentioned earlier. Several in situ observations of
aerosol size distributions were reported following the El Chichén and Pinatubo eruptions.
The Wyoming balloon program [Hofmann and Rosen, 1983; Deshler et al., 1992] consists
of routine observaticns for both El Chichén and Pinatubo, bl:lt was limited in temporal
resolution, one per month on the average. Wyoming data also apply primarily to a single

location, although a few flights were made at other locations. Oberbeck et al. [1983] and
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Knollenburg and Huffman [1983] report in situ volcanic aerosol size data following El
Chichén. Several series of aircraft observations following Pinatubo were presented by
Goodman et al. [1994] and Pueschel et al. [1994], but again were usually limited to
sampling once every few months. These aircraft flights were normally limited to the
lowest altitudes of the aerosol, between 18 and 19 km, over western North America.
Such quasi-continuous records were useful to provide a partial view of the evolution of
the aerosol and to enable comparison to indirect size estimates.

The t,(A) data that were used for the size distribution inversions were discussed in
Sec. 2.1. An advantage of having used those data sets to obtain size information was the
high time resolution, up to several times weekly at a fixed location; this was sufficient
for computing seasonal averages over the complete vertical column. The aerosol size
distributions used in this study are from Mie inversion of those data sets as described in
Appendix A. Size distributions inverted from the RSM and directly measured
distributions over Laramie, Wyoming are shown in Fig. 2.10. The balloon-sonde data in
Fig. 2.10 have been integrated with height. Both similarities and differences are seen
between the results from the two techniques. Comparison between in situ and remotely
sensed size distributions was complicated by spatial variability. In general, there was
agreement to within an order of magnitude and overall shape through most of the size
range. The El Chichén balloon data show a distinct tendency toward a bimodal
distribution not seen in the other data sets. The second most important feature of the size
distribution, after the overall magnitude is the effective radius (defined in Sec. 5.4) [Lacis

et al., 1992], and shows little variation between the two techniques as also shown in
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Fig. 2.10. A comparison between RT calculations using size distributions derived from
the two techniques will be given in Sec. 5.1.1.

It was expected that there would be different size distributions at different heights in
the cloud because of faster settling of the larger particles. Observations of such
differences are limited to the Wyoming balloon, some aircraft data, and the upper portion
of SAGEII data [Thomason, 1992]. Vertical variations in aerosol size were not accounted

for in the models used in this study.

2.5 Solar Irradiance

Observations of broadband solar irradiance adequate to confirm theoretical V
estimates are uncommon [Coakley, 1981; Ardanuy and Kyle, 1986; Mass and Portman,
1989; Dutton, 1990a; Mass and Portman, 1990]. This was because of instrumental and
sampling resolution problems as well as the general lack of climatic time-scale
observational efforts. Nonetheless, there are several reports on the influence of volcanic
aerosols on solar irradiance [Dyer and Hicks, 1965; DeLuisi and Herman, 1977; DeLuisi
et al., 1983; Hay and Darby, 1984; Wendler, 1984; Dutton, 1990a; Ardanuy and Kyle,
1986; Dutton and Christy, 1992; Minnis et al., 1993; Saunders, 1993; Hayasaka et al.,
1994]. These reports reveal considerable uncertainty in the absolute magnitudes of
irradiance perturbations. Often clouds and tropospheric aerosols masked the volcanic
signal in surface-based total solar (direct plus diffuse) irradiance observations because the
signal from the largest recent éruptions was no more than 5%. High altitude surface sites

provide the best opportunity for accurately detecting a volcanic signal in total solar
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irradiance because of frequent clear-sky conditions, and a minimum of water vapor and
tropospheric aerosols overhead.

Satellites have observed global irradiance variations following major eruptions.
Ardanuy and Kyle [1986] reported regional (northemn polar) planetary albedo increase of
around 20%. Minnis et al. [1993] reported a 3 W m™ reduction in the global mean net
radiation budget at the top-of-the-atmosphere (TOA) following the eruption of Mt.
Pinatubo. The Minnis et al. result included water and ice cloud effects and possible cloud

feedback effects.

2.5.1 Surface-based solar irradiance observations

Surface-based solar irradiance measurements are commonly made with pyranometers.
With proper operation and careful attention to calibration history, pyranometers have an
accuracy of about 2% over a wide range of solar zenith angles, and have even better
precision [Nelson and Dutton, 1994]. However, with the -,V being only a few percent
and the natural variability being two orders of magnitude greater, detection of the volcanic
signal can be difficult.

Surface irradiarce data sets from various locations, mountain tops, high plains, and
sea-level sites have been accumulated and analyzed for potential detection and verification
of ;,V; following the recent two eruptions. Of the four components of the surface
radiation budget, upward and downward solar and IR, the downward solar is most directly
affected by the stratospheric aerosol. The g,V signal may be tentatively identified as a
correlative decrease in the irradiance [e.g., Dyer and Hicks, 1965]. However, in such

cases there was often enough variability to prevent statistical verification of the
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perturbation much less confirm specific RT computations [Coakley, 1981]. A few notable
data sets have shown volcanic signals and were used here to substantiate RT models.

Much of the surface downward solar data used in this study were collected at the
NOAA Climate Monitoring and Diagnostics Laboratory (CMDL) remote sites using
Eppley pyranometers and pyrheliometers. These instruments have been regularly
calibrated and/or intercompared with reference standard instruments traceable to the
WMO World Reference Radiation (WRR) scale. Details of the observational procedures
and some previous products of CMDL projects were given by Dutton [1990b], Dutton and
Christy [1992], and Dutton et al. [1985a, 1987, 1989, 1991, 1994]. Specific data sets
examined for El Chichén and Pinatubo radiative forcing are discussed below.

The CMDL site at Hawaii (MLO, 19.5°N, 3.4 km ASL) has frequent morning clear-
sky conditions. Solar data from MLO have been previously used to detect volcanic
signals [e.g., Mendonca et al., 1978; DeLuisi et al., 1983]. Monthly mean total solar
irradiance for clear skies since 1979 are shown in Fig. 2.11c. The data have been
normalized to the mean sun-earth distance. Influences of the two recent major eruptions
are evident in Fig. 2.11. The MLO total irradiance record is the sum of two
independently observed components, the vertical component of the direct beam and the
diffuse sky radiation which are shown in the Fig. 2.11a,b. The total irradiance from the
summation is more accurate because a cosine response error in the pyranometer is
minimized. Having the direct and diffuse components measured separately at specific
zenith angles also allows further analysis of the volcanic signal, as discussed by Coakley

[1981] and as investigated here in Sec. 5.1.4.
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Total solar irradiance data from, American Samoa (SMO, 14°S, 10 m ASL), have
been screened to identify infrequent clear-sky cases. Clear-sky irradiances, mean and
standard deviations, are shown in Fig. 2.12 as function of time for a 45° solar zenith
angle for before and after the Pinatubo eruption. Presence of the Pinatubo aerosol was
suggested, although the variability in the data was greater than at MLO. Data following
El Chichén where not examined because the optical depth over Samoa was much less
than for the Pinatubo case.

The CMDL South Pole site (SPO, 90° S, 3600 m ASL) is another dry high altitude
location at which the volcanic influence on the downward solar irradiance should be more
readily seen, except that it is distant from the eruption sources. Viebrock and Flowers
[1968] showed a 4-5% decrease in SPO total solar irradiance during the 1963/64 and
1964/65 mid-austral summers due to the eruption of Agung (March 1963, 8° S). Figure
2.13 shows SPO clear sky downwards solar irradiance for solstice zenith angles for
several years around the Pinatubo eruption. The possible influence of Pinatubo was
apparent with a 4% decrease in total downward irradiance in the first summer season after
Pinatubo. Again, the much lower aerosol optical depth at this site (Fig. 2.3) following
El Chichén does not warrant investigation.

Solar irradiance data collected by CMDL at Boulder, CO (BLD, 40°N, 1.6 km ASL)
[Dutton, 1990b] provides both an opportunity and a challenge to detect the volcanic signal
in total solar irradiance data. The site is higher and drier than most continental sites, but
less so than the sites examined previously. Also, as seen in Fig. 2.5, the optical depth
over BLD was not as high as at the MLO and SMO sites. Data collected between 1990

and 1993 were filtered for clear skies and are shown in Fig. 2.14 for a zenith angle of
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60°. Seasonal means for late 1991 and 1992 show decreases of up to 20 W m?,
statistically significant at the 99% level compared with the 1990. There could be several
reasons for this decrease. Further evidence that the diminished irradiance at BLD and the
other sites was due to volcanic aerosols will come from close agreement between these
observed decreases and RT model results using observed optical properties for, or near,
each location.

Solar irradiance observations at Kwajalein (KWAJ, 8°N, 2 m ASL) were examined
for volcanic influence following Pinatubo. The optical depths over this site were higher
than at any of the other investigated sites. Although a strong signal (25% decrease) was
found in the direct solar beam data, the total solar irradiance data showed no evident
signal. Rare clear skies, high water vapor concentrations, and an instrument exchange the
month before the eruption all contributed to the lack of a detectable signal.

Total solar irradiance data from other surface sites [Dyer and Hicks, 1965; Rao and
Bradley, 1983; Hay and Darby, 1984; Wendler, 1984] have indicated the presence of
volcanic signals but have not been further investigated in this study because of the lack

of sufficient information required to compute associated perturbed irradiances.

2.5.2 Satellite observed solar irradiance

Extensive effort has gone into observing reflected solar radiation from space.
Ardanuy and Kyle [1986] and Minnis et al. [1993] have reported ¢ Vyo, following the
eruptions of El Chichén and Pinatubo, respectively. Both reports included the radiative
effects of any changes that may have occurred in tropospheric cloudiness from before to

after the eruption, making a comparison between surface-based clear-sky data and RT
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model results difficult. Ardanuy and Kyle observed a Vi, value up to -10 W m™
attributable to El Chichén only in the polar regions starting seven months after the
eruption. Minnis et al. report maximum monthly ,Vy,, values of -15 W m™ near the
equator in the first five months after Pinatubo. Both studies also provided information
on the zonal distribution of g, Vy,,, but again Ardanuy and Kyle's results were limited to
latitudes north of 50° N and south of 50° S while the Minnis et al. period of record ends
six months after the eruption and covers the latitude belt between 40° N and 40° S.
Minnis et al. and Ardanuy and Kyle note general agreement with global calculations of
Hansen et al. [1992] and Harshvardhan [1979], respectively, but did not give any modeled

values of V spec:fic to their observations.

2.5.3 Aircraft and ships

Solar irradiance has been observed following the Pinatubo eruption from aircraft
flying below the stratosphere [Valero and Pilewskie, 1992; Saunders, 1993], and from
ships in the western Pacific [Hayasaka et al., 1994]. Neither Valero and Pilewskie nor
Saunders report a decrease in downward solar irradiance although both did report large
stratospheric aerosol optical depths and computed decreases in total irradiance. Hayasaka
et al. did detect an apparent Pinatubo signal of between -15 and -43 W m™ for
observations normalized to a zenith angle of 0°. However, their measurements were
inconsistent with their modeled -8 W m™ effect. This discrepancy could be explained
by the lack of valid aerosol optical properties at the time and location of the irradiance

observations.



2.6 IR Radiative Forcing

Positive ;,V;, can be expected for three reasons. First, the refractive index of H,SO,
is highly absorptive for many IR wavelengths. Secondly, there is a small amount of
H,SO, absorption for the solar wavelengths causing a slight increase in the aerosol
temperatures.  Similarly, the third source of increased downward IR is increased
temperature of the aerosol layer due to the absorption of upwelling IR. Enhanced upward
IR at the TOA, Vs < 0, would be caused by the same three reasons that ;,V, is
positive. (The initial warming of the lower stratosphere within the volcanic plume is
caused by absorption of solar UV wavelengths by SO, [Lary et al., 1994], which is not
further considered here) However, upwelling IR above the volcanic cloud decreases
because the usual upwelling IR below the volcanic cloud is partially absorbed by the
cloud and reradiated upwards at a much lower temperature. This was apparently a more
dominant effect than the three sources of enhancement since ;,Vr,, >0, as will be shown
in Chapter 4. Also the upwelling IR from the troposphere would be diminished if the
troposphere cools. A positive ;,V;,, is consistent with maintaining a radiative balance for
the planet since gV, is negative (to be shown.)

Observations of IR irradiance showing ,,V; are not known to exist. The basic
measurements are less common than for solar and the expected signal much smaller.
Even at higher altitude sites, the natural clear-sky variability in this signal is dominated
by H,0 and temperature making detection of ,,V; unlikely. Observations at MLO or
SPO, good locations to observe any signal, were not available for analysis. Also, no IR

irradiance data were reported from aircraft flying below either eruption's aerosol cloud.
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Minnis et al. [1993] observed Vo, With the maximum, 5 to 7 W m™ at 5° N in the
first two months after the eruption. The global mean, 40° S to 40° N, for the first four
months after the eruption was indistinguishable from zero, according to Minnis et al.
Tropospheric clouds make the Minnis et al. results difficult to interpret strictly in terms
of the stratospheric aerosol effects. Ardanuy and Kyle [1986] were also unable to discern

if positive ;,,Vy, in their data was due to El Chichén or clouds.

2.7 Net Allwave Irradiance

Net radiative cooling, or heating, of the troposphere and surface may be specified by
the net allwave irradiance at the tropopause [Hansen et al., 1992; Lacis et al., 1992].
Observations of this quantity have not been made, but are readily modeled givén basic
RT model input parameters. Net irradiance can be obtained by combining the net solar
and net IR data discussed previously. A maximum zonal ,,V;o, of -3.5 W m™ after El
Chichén, using Nimbus 6 and 7 ERB budget data, and of -11 W m™ following Pinatubo

were reported by Minnis et al.; they also reported a global mean 4,V of -2.7 W m™.

2.8 Underlying Albedo.

The reflectivity underlying an aerosol layer is important in finding the net radiative
effect of the aerosol layer [e.g., Harshvardhan, 1979; Herman et al., 1976; King et al.,
1984]. The underlying albedo determines the amount of energy that would have been
reflected without the aerosol and establishes the extent of the anomaly created by the
aerosol. Furthermore, the reflected radiation interacts with the aerosol layer, again

modifying the net solar radiation emerging from the top of the layer. Generally, aerosols
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over a bright surface would have less of an effect on the net solar irradiance at any level
than the same aerosol over a darker surface. This effect is shown quantitatively in
Appendix D, Sec. D.3. For stratospheric aerosols the underlying reflection results from
the troposphere and surface.

The broadband solar planetary albedo with spatial and temporal resolution has
recently become available from the Earth Radiation Budget Experiment (ERBE) data set
[Whitlock et al., 1993]. These data cover the period of 1986 through 1988 when few
volcanic aerosols existed. ERBE data are available as monthly means on a 280-km by
280-km grid for the entire globe. Zonal seasonal means of TOA albedo for these data are
shown in Fig. 2.15. The difference between the reflectivity at the tropopause and that at
the TOA is small and due primarily to Rayleigh scattering in the absence of volcanic
aerosols. A linear relationship between albedo at the TOA and lower altitudes exists,
dependent on conservative scattering and atmospheric absorption [Cess et al., 1991].
Using an RT model version of this linear relationship, the ERBE data were used to find
representative surface albedos required in subsequent clear-sky RT V calculations. This
will result in approximating tropospheric reflectivity with clouds, with the assumption that
the average cloudiness, ground cover, tropospheric aerosols, and sea state for 1986-1988

were not significantly different than during the two eruption events.
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Chapter 3. Radiative Transfer: Theory and Atmospheric Models

Radiative transfer theory provides the mathematical tools to compute electromagnetic
radiative energy at different locations and from different directions within and on the
boundaries of a semi-transparent medium such as the earth's atmosphere. Radiation at any
point within this domain varies as a function of the strength and position of radiant
sources and the composition of the medium. The mathematical equations that describe
the transfer of electromagnetic radiation through the atmosphere have been extensively

developed [e.g., Chandrasekhar, 1960; Goody, 1964; Liou 1980, 1992].

3.1 Model Development

Adaptations of existing solutions to the RT equation were carried out for the
calculations required here as described in Appendix C. It was necessary to compute time
and spatially dependent radiant fields for various atmospheric conditions, including and
excluding stratospheric aerosols of volcanic origin. A realistic RT model was required
that includes observationally consistent variations in solar geometry, vertical structure,
aerosol optical properties, additional atmospheric constituents, temperature, and underlying
reflection. Many different approaches have been used to estimate V utilizing varying RT
schemes, aerosol properties, spatial and temporal resolution, and treatment of albedo [e.g.,

Pollack et al., 1976; Harshvardhan and Cess, 1976; Coakley and Grams, 1976; Herman
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et al., 1976; Lenoble et al., 1982; King et al., 1984; Lacis et al.,, 1992]. Herman et al.
[1976], Lenoble et al. [1982], Harshvardhan [1979] and King et al. [1984] examined zonal
variations of vclcanic aerosol forcing, but without observed aerosol evolution or the
vertical resolution necessary for comparing with available observations.

Two widely disseminated and tested radiative transfer computer codes were used as
cores around which were built the necessary RT models for the current investigation.
One core code was the discrete ordinates (DO) solution to the complete two-dimensional,
plane-parallel, multiple-scattering, equations as originally formulated by Chandrasekhar
[1960] and usefully implemented by Stamnes et al. [1988] and references therein.
LOWTRANT7 [Kneizys et al., 1988] was the other code used. DO code was used for
modeling in the solar wavelengths, 0.18-4.0 pm, where multiple scattering was significant.
LOWTRANT7 was used in the IR, 4.0-100 pm, primarily because extensive constituent
radiative property data bases were incorporated in the original code. A summary of each
code follows a brief discussion of the formulation of the radiative transfer equation (RTE)
in Appendix C. The solar model is called DISORTX; the IR model is referred to as
LOWTRANT7X.

The RT models developed for this study are unique in the sense that they were
specifically intended to produce results directly comparable to a variety of observations
and that they are also sufficiently realistic to simulate volcanic forcing over the globe and
over the lifetime of actual eruption clouds. Few attempts have been made to confirm
modeled V with observations. Coakley [1981] had to make several assumptions to
convert previously computed theoretical V to quantities that could be observed and

verified. The radiation fields computed here were compared to limited observations for
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mutual verification, used for diagnostic purposes, used to develop and test simple
parameterizations, and could be introduced as perturbed radiative forcing into global

dynamic models, although this last step was beyond the scope of this work.

3.2 Model Inputs and Execution

The RT models developed in Appendix C were used here for stand-alone
investigations of model sensitivities and for site-specific comparison to observations.
Also, the model inputs were compiled to form global coverage so that global time-
dependent V can be computed. The results are presented in Chapter 4. Aerosols were
added 5 to 15 km above the tropopause according to volcanic aerosol height distributions
given in Sec. 2.3. Aerosol optical depth, single scatter albedo, and phase functions with
the spectral resolution of the models were determined from Mie theory using 75% H,SO,
droplets with a size distribution determined by inversion from low resolution spectral
optical observations. More spectral structure was introduced in the Mie computed optical
depths due to the variation of the imaginary part of the index of refraction at wavelengths
>2 pm (Fig. 3.1).

Sensitivity studies were conducted to investigate the effects of variations in optical
depth, absorption, particle size distribution, surface albedo, spatial and temporal averaging,
and model internal variables such as number of quadrature angles. Site-specific model
runs were accomplished by specifying as closely as practical local conditions, T,(A),
albedo, and 6,, at the time of irradiance observations to which the RT model will be

compared. For the global cases, representative surface reflectances, atmospheric
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constituents, aerosol loadings, and solar geometry were specified. The following

describes the specification of the global RT model inputs.

3.2.1 Global Calculations

Seasonal mean 1,(550) values for 10 equal area zonal mean bands were determined
from the global data compiled by Sato et al. [1993] and that obtained from AVHRR
measurements immediately following Pinatubo (Figs. 2.4, 2.5, and 2.6). The zonal bands,
with latitude bounds of sin™(1.0) to sin™*(0.8) and so on, were numbered 1 to 10 from
north to south. Seasonal mean optical depth data for the two volcanic events covering
the periods of Jan. 1982 through Dec. 1984 and Jan. 1991 through Dec. 1993 were used.
Aerosol observations for 1990, when near background stratospheric aerosols were
observed [e.g., Dutton et al., 1994], were used to determine background irradiance levels
for each season. Seasons were defined as solar lagged seasons, i.e., means of Jan.-Mar.,
Apr.-Jun., etc., and were numbered one to four from the first of the calendar year for
reference. Each zonal/seasonal grid-box is identified by year, season, and latitude band,
i.e., 920307 is for 1992, third season (July - Sept.), and 12-24°S.

Spectral aerosol optical depth for each grid-box was determined by linearly scaling
T,(A) obtained at the nearest of three surface-based sites to agree with 1,(550) observed
for that grid-box. The three surface-based sites for which 1,(A) data were available were
located at 46° N, 19° N, and 25° S. Data from the 25° S site were unavailable following
El Chichén but that omission has little effect since El Chichén aerosols were restricted
primarily to equatorial and northern latitudes (Fig. 2.3). Aerosol size distributions were

obtained by Mie inversions of the scaled 7, (A) using a program call RADINV supplied
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by Mike King as described in appendix A. These size distributions were taken as
representative of the zonal band and seasonal average grid-box. Size distributions for the
grid-boxes correspond to the widest aerosol size range for which a Mie inversion was
successful. The wavelengths of the T,(A) observations vary within the range 0.380 to
1.06 pm and the radius range of the inversions was from 0.1-1.1 pm. The inverted size
distributions for each grid-box were then used to calculate higher spectral resolution
scattering and absorption optical depths as well as phase functions using Mie calculations.
The Mie calculations were performed with MIEVOX as described in Appendix A. The
Mie results for the phase functions are in the form of Legendre weights for the number
of streams specified for DISORTX, and in the form of an asymmetry factor for
LOWTRANT7X. Although only three to five wavelengths of optical depth information
were input to RADINYV, optical properties were returned from MIEVOX for up to 146
wavelengths. he model atmospheres used in the global RT models consisted of vertical
profiles of temperature, pressure, and gaseous constituents compiled by McClatchey et al.
[1972]. The specific model atmosphere used at each grid point on a seasonal and zonal
basis are indicated in Table 3.1

The tropospheric and surface reflectance representative of global and seasonal varying
conditions was determined for the TOA ERBE data base. These TOA measurements
were averaged over three non-volcanic years to give seasonal means in 120 zonal bands.
TOA albedo as a function of surface albedo for clear-skies is shown in Figs. 3.2a,b.
Although, the exact relationship between TOA and surface albedo for varies s;omewhat
with zenith angle and aerosols. a single adjustment curve was used here because only a

narrow range of zenith angles was used, 55° to 80°, and the albedo sensitivity of V in
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Table 3.1 Atmospheric profiles used for various
seasons and latitude bands.

SEASON
Lat. Band 1 2 3 <

SAS SAS SAW
53-37N MLW MLS MLS MLW
37-24N MLW MLS MLS MLW
24-12N TRP TRP TRP TRP
I2N-0 TRP TRP TRP TRP
0-128 TRP TRP TRP TRP
12-24S TRP TRP TRP TRP
24-37§S MLS MLW MLW MLS
37-53S MLS MLW MLW MLS
53-90S SAS SAW SAW SAS

SAW - Subarctic winter
SAS - Subarctic summer
MLS - Midlatitude summer
MLW - Midlatitude winter
TRP - Tropical

this range was small, as will be shown in Chapter 4. This procedure, while giving a
realistic tropospheric reflectance, will give incorrect radiative profiles in the troposphere
because of the incorrect vertical reflection distribution, which was not of concern here.
he albedos applied at the surface are Lambertian and spectrally constant across the solar
spectrum. Model albedos simulate a zonal pombination of land surface, cloud top,
tropospheric aerosol, and ocean surface reflection for broadband flux only; therefore,
bidirectional and wavelength dependent reflectance functions were not utilized. Effects

of non-Lambertian surface reflectivity on V are discussed in Appendix D, Sec. D.3.
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The effects of diurnally and seasonally varying solar geometry must be considered
in a globally representative model. Each DISORTX model run was for a fixed solar
geometry and could be repeated as often as necessary to produce a 24-h integral. An
estimate to a 24-h integral can be found by determining the mean solar zenith angle for
the sunlit portion of the day. Then, perform one model run for that mean angle and
multiply the result by the fractional length of solar day for the specified location. The
mean solar zenith angle and length of day are given by Eqgs. 3.1 and 3.2. This procedure
only gives exact results when the horizontal incident irradiance varies linearly with
cos(8y) and is an approximation within the atmosphere for clear skies because of the
dominant effect of cos(6,) on total irradiance. The representative solar zenith angle and
fractional day length for each global grid point were determined by integrating Egs. 3.1
and 3.2 over the time and latitude span of each. Kiehl and Solomon [1986] have
analyzed these two approaches and have concluded that the mean angle approach yields
irradiances to withir. 2% of 30-min resolution daily integrals. In a comparison conducted
for this study, a single DISORTX irradiance calculated using the mean daily solar angle
agreed to within 1% of a daily integral based on multiple DISORTX runs with 10-min
resolution.

hxsin(L)+*sin(8) + cos(L)*cos(8)+sin(h) 3.1
h

cos(f) =

Where: L = latitude; & = solar declination.

cos(h) = -tan(L)*tan(8) 3.2
note: h = 0 for cos(h) >1, h = & for cos(h) < -1, and fractional day = h/ =
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For the global model runs, the complete vertical/spectral model was run once for each
of the ten zonal means for each 3-month average of atmospheric constituents and solar
geometry for six volcanic years (1982-1984, 1991-1993) and one background year (1990).
This resolution was chosen as a compromise among available data, scale of expected V
variations, and available computer resources. Improvement of the global model would
be expected if weekly, or even monthly, resolution was used, especially during the first
three months following the eruption when the distribution of aerosol was rapidly
changing; however, the unavailability of global optical depth data precludes higher time

resolution.

3.2.2 Local RT model calculations

DISORTX and LOWTRAN7X were also run with inputs intended to simulate specific
local conditions or simulate the effects of varying a single model variable. In each case,
two runs were necessary, one with and one without volcanic aerosol so V could be
computed. These model runs were carried out to allow comparison to specific
observations, compare to earlier models, investigate vertical structure, or to identify
particular features of the model sensitivities for enlightenment and development of

parameterization schemes.
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Chapter 4. Computation of Volcanic Radiative forcing: Results and Comparisons

The radiative transfer models described in both the previous chapter and Appendix
C (DISORTX and LOWTRANT7X) were run for site-specific conditions or with temporal
and spatial global variability of the atmospheric constituents and their optical properties,
as assembled in Sec. 3.2. Calculations at the surface, tropopause, and TOA permit
comparison with observed and previously published results. In addition to aerosol
anomalies, the models' performance was tested in several ways. Modeled absolute
irradiances were ccmpared to those from the Intercomparison of Radiation Codes Used
in Climate Models (ICRCCM) given by Fouquart and Bonnel [1991] for solar and
Ellingson et al. [1991] for IR. Sensitivity tests were conducted to determine the models'
response to several variables and those sensitivities were compared to those previously
published. The scnsitiviiy tests provide insight for developing parameterizations useful
in incorporating volcanic aerosol forcing into higher resolution studies. Global zonal-
mean background irradiances computed from DISORTX and LOWTRAN7X were
compared to global radiation budget observations from satellite given by Campbell and
Vonder Haar [1980]. In addition, the rigorous RT calculations reported here could
provide a comparison for GCMs that already contain parameterized RT schemes and
produce their own V.

Computed V was contrasted with other earlier theoretical work and a minimal set of
satellite and surface-based observations presented in Chapter 2. The current model results

generally fall within the range of earlier theoretical estimates and may help to narrow
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some uncertainties of those earlier values because many used hypothetical aerosol models.

Several sets of observations substantiate model computations.

4.1 Brief Investigations With Basic RT Models
4.1.1 Spectral model output

The spectral output of DISORTX for both solar and a test IR case was compared to
LOWTRANT7 to evaluate the performance of DISORTX. Figure 4.1 shows the sea-level
direct solar beam from =~ 0.3 pm to 2.5 pm at a zenith angle of 60° for both DISORTX
and LOWTRAN? for the same model atmosphere. LOWTRAN?7 was run with 20 cm™
spectral resolution. Differences in spectral resolution are evident but the integral
difference between the two was less than 0.5%. Figures 4.2 and 4.3 show a similar
comparison except for upwards IR at the TOA and downward IR at the surface,
respectively. Offset differences of up to 35% are seen in Fig. 4.2 at some wavelengths,
with a near constant bias of several percent. Lack of complete correlated-k distribution
data and the water vapor continuum probably account for the departures of DISORTX
from LOWTRANT7. Because of these comparisons, the IR version of DISORTX was
replaced with LOWTRAN7X which contains much more complete constituent information

and does not need to simulate multiple scattering.

4.1.2 Single-layer, aerosol-only test DISORT model

A simple investigation of the solar effects of volcanic aerosols was performed by
running a single layer version of DISORT in which only the optical properties of aerosols
were introduced along with the extraterrestrial solar irradiance and representative clear-sky
underlying albedo. The modeled volcanic aerosol effect here, sV, is expressed as a

percentage decrease in downward irradiance from the top to the bottom of the layer.
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These calculations were carried out using the aerosol optical properties observed over
Mauna Loa, Hawaii from 1981 to 1993, with the results shown in Fig. 4.4. Also shown
in Fig. 4.4 are corresponding Mauna Loa irradiance observations. The much higher
variability in the observations in Fig. 4.4 is due to other atmospheric constituents not
included in this simple model, such as water vapor. Figure 4.4 suggests that aerosols
were a major factor in the drop in irradiance seen in 1982 and 1991/1992. A more
accurate and thorough investigation of aerosol effects requires incorporation of realistic
atmospheric conditions so that the incident spectral irradiance from above and below the

aerosol layer can be better defined, as was done with DISORTX and LOWTRAN7X.

4,2 Comparison to ICRCCM

The ICRCCM provides a set of standard atmospheric conditions for which radiative
transfer computations can be made and compared to numerous RT models used by various
organizations from around the world. ICRCCM summaries presented by Fouquart and
Bonnel [1991] and Ellingson et al. [1991] include models ranging from line-by-line to
wideband. In their summaries, Fouquart and Bonnel, and Ellingson et al. have eliminated
some outliers and have presented means and standard deviations of the remaining group
of models. Results of the two participating line-by-line models were specifically
identified. The line-by-line models, which can be considered most accurate, are close to
the ICRCCM consensus. This adds credibility to the interpretation that the consensus was
a quality standard against which other models can be referenced. As a test of DISORTX
and LOWTRANT7X, several ICRCCM cases were run and the models' outputs compared
to the ICRCCM summaries (Table 4.1). All test cases were for clear skies with defined

Lambertian surface albedo, atmospheric constituent and temperature profiles, and
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Table 4.1 Comparison of ICRCCM results to DISORTX and LOWTRAN7X
calculations. "rms" is the rms differences among the ICRCCM cases.

ICRCCM 6, alb RT Model  ICRCCM (W m?) Current

Case # mean rms diff. work
SW

31 MLS 30 0.2 DISORTX 943.7 2% 940.6
32 MLS 30 0.8 DISORTX 985.0 2 987.0
33 MLS 75 02 = 235.8 2 236.1
34 MLS 75 0.8 " 246.2 4 246.8
35 TRP 30 0.2 " 932.6 2 926.6
36 TRP 30 0.8 - 975.0 2 974.1
37 TRP 75 0.2 " 234.9 3 232.0
33 TRP 75 0.8 " 246.5 4 242.9
39 SAW 30 0.2 " 999.6 1 1020.5
40 SAW 30 038 " 1043.7 2 1068.1
41 SAW 75 0.2 " 2553 3 263.5
42 SAW 75 038 " 265.1 3 274.9
LW

25 TRP LOWTRAN7X 391.0 3 381.4
27 MLS . 343.4 2 338.5
28 SAW " 167.7 5 173.4

solar geometry. None of the aerosol cases were used because too few ICRCCM models
included aerosols and the ICRCCM results were inconclusive, especially for large optical
depths. Itis seen in Table 4.1 that DISORTX and LOWTRANT7X results were within the
rms difference of the ICRCCM participants, except case 39. This suggests that the model
features implemented specifically for this work (mostly in DISORTX) were executing
correctly, including spectral integration, correlated k-distribution attenuation, radiance
integration to irradiance, Rayleigh scattering, and vertically complete structure. However,
several important model features remain unconfirmed from this analysis, e.g., aerosol

effects and global temporal/spatial sampling.
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4.3 Altitude of Volcanic Radiative Forcing

Development cof a vertically complete RT model allows examination of V at all levels.
The vertical distribution of V affects atmospheric thermal stability and is critical in large
scale models that account for the vertical redistribution of heat. Also, vertically resolving
the modeled V allows comparison to observations made at different heights. Various
investigators have calculated V' at the surface, tropopause, bottom of the aerosol layer, top
of the aerosol layer, and TOA. The vertical resolution used in DISORTX and
LOWTRANT7X has been chosen to be 2 km in the lower stratosphere and 1-3 km in the
troposphere. Figure 4.5 highlights the vertical resolution of the two RT models and
shows the computed downward and upward irradiances for background stratospheric
aerosols.

Figure 4.6 shows vertical profiles for all four components of V modeled near peak
Pinatubo aerosol loading between 21 and 30 km. These profiles vary little with height
except near and within the aerosol layer. The 4V, ,,V, and 4,V for this case are shown
in Fig. 4.7 and display similar vertical variation. ,,V;, represents the net radiative impact
on the troposphere ard surface, and was used for demonstration, comparison to previous

results, and additional applications.

4.4 Instantaneous vs. Equilibrium Radiative Forcing

Radiative forcing presented thus far has been instantaneous. For ;,V;, and [ Vy, it
could be important to compute an equilibrium forcing as being more realistic because of
the dramatic change in stratospheric temperature resulting from increased IR absorption.
Labitzke and McCormick [1992] and Christy and McNider [1994] have noted observed
changes in stratospheric temperature after Pinatubo and El Chichén. Previous theoretical

estimates [Lacis et al., 1992; Pollack et al., 1976; Coakley and Grams, 1976; and others]
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had suggested stratospheric warming several degrees greater than that observed, 1-3 °C.
To examine the effect of observed increased stratospheric temperatures on V computed
from LOWTRANT7X, the atmospheric model temperatures were increased by 2 °C within
the level of the volcanic aerosol. This test case is shown in Fig. 4.8 where vertical
profiles of delta V (equilibrium - instantaneous) are given. The increased downwelling
IR below the aerosal cloud due to the higher equilibrium temperature in the stratosphere

was 0.3 W m™, which is an order of magnitude less than the associated , V.

4.5 Global Radiation Balance, Background Conditions

The global radiative model developed here, while intended to study the anomalous
effects of volcanic aerosols, is a relatively complete but low resolution model of the total
zonal mean radiation budget at the TOA, cxécpt clouds,‘ which would increase outgoing
LW at the TOA, were not included in the IR. Model irradiances computed for the
background (volcanically undisturbed) year, 1990, were compared with observations of
the zonal mean budgets for annual means as presented by Campbell and Vonder Haar
[1980]. Figure 4.9 shows observed and modeled (DISORTX and LOWTRANT7X) annual
zonal radiative quantities. The correspondence between the models and these observations
suggests that the models did a reasonable job of simulating the global radiation budget,
although the differences are important. Cloud IR effects were estimated by the difference
between computed clear-sky outgoing IR and that that was necessary to obtain model
radiation balance, net equal to 0.0 W m?, at the TOA. Global radiation balance was
obtained (forced) by subtracting 17 W m™ from the computed outgoing longwave for
each latitude band in Fig. 4.9e. This implied IR cloud forcing is not necessarily accurate
because all the cumulative model and observational errors were incorporated into the

deduced IR cloud effects. Differences in albedo and reflected irradiance (Fig. 4.9¢,b,
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respectively), and as propagated into absorbed and net (Fig. 4.9d,f) are due to small
inaccuracies in the parametric manner in which tropospheric reflection was introduced
into DISORTX.

Differences are also seen in the latitudinal distribution of outgoing IR (Fig. 4.9d).
This is due in part to model resolution, but also to an inadequate temperature profile for
the polar regions. For the latitude bands of 90° to 53°, N and S, the winter and summer
subarctic model atmospheres were used. The curves in Fig. 4.9d would correspond better
if the winter profile had been used for all seasons. Although many minor discrepancies
between the modeled and observed irradiances exist, it appears that the models have
correctly incorporated some additional features not tested by ICRCCM results, such as
choice of spatial and temporal variation of realistic model atmospheres and planetary
albedo, and inclusion of solar geohletry variations, and correct spatial and temporal

averaging and integration.

4.6 Global Gridded V Calculations

DISORTX and LOWTRAN7X were run for the zonal/seasonal grid inputs, described
in Sec. 3.2, over both 3-yr volcanic periods. Upward and downward total irradiances
were computed for 33 levels in the IR and 17 levels in the solar. A background aerosol
model was determined and used for each season for one year. These background values
were then subtracted from the computed irradiances for the two 3-yr volcanic events. The
1990 seasonal mean stratospheric aerosol over Mauna Loa was used to represent
background stratospheric aerosol conditions for all latitude bands. Computed ¢,V7,, 1,V
and ,,V;, for the entire grid domain for both eruptions are shown in Figs. 4.10a-c and
4.11a-c. The hemispheric and global means of ,,V;, are shown in Fig. 4.12a,b. These

results will be discussed and utilized later.
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Fig. 4.11 Zonal and seasonal mean gridded and analyzed volcanic radiative forcing in
W m? related to Pinatubo: a) 5, Vi, b) ,,Vy, and ¢) ,,Vy,.
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4.7 Radiative Forcing Comparisons

Numerous approximations, assumptions, simplifications, interpolations, and
observational input uncertainties were incorporated in the radiative transfer models. The
effects of some of these were considered with the various sensitivity tests presented in
Appendix D. However, typically the total uncertainty of the model cannot be easily
ascertained. Implementation of the DO method, introduction of the correlated-k
distributions, errors in the input information, incompleteness, and spatial
representativeness, spectral integration, radiance to irradiance conversion, and possible
execution flaws all contribute to potential errors in V. Previously demonstrated absolute
accuracy in RT results builds confidence in the relative, or differential, accuracy.
However, any errors in the introduction of volcanic aerosols to the models do not cancel.
Comparison between independent observations and computations scrutinizes the complete
RT model. To further investigate the possible impact of these uncertainties, RT modeled
Vs were compared with previous theoretical calculations and relevant observations. These
comparisons can only be made for the limited locations where measurements exist, almost
exclusively at the earth's surface, or above the atmosphere. Good agreement from the few
possible comparisons will be used as proxy verification of model results at other levels
within the atmosphere. The quality of agreement is referenced to a percentage of V, with

mean agreement to within 20% classified as good, within 10% as very good.

4.7.1 Earlier theoretical results

Previous published quantitative results that are directly related to those here are
shown in Table 4.2. The following comments refer to Table 4.2. Hansen et al. [1992]
presented only global mean V and used an estimated aerosol evolution. Harshvardhan

[1979] considered monthly and latitudinal variations in albedo and solar geometry, similar
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to the present study, but only considered a uniformly distributed aerosol and primary
scattering. Lenoble et al. [1982] also considered seasonal and latitudinal variations, but
obtained unreasonable solar flux anomalies using a realistic distribution of aerosol;

although their technique appears correct the error was in the final step of converting

Table 4.2 Comparison between volcanic radiative forcing calculated in the current
study and that published previously.

Current Previous
Global mean ,,V;, -4.8 W m™ -45 W m™
T,(500 nm)= 0.15 [Hansen et al., 1992]
aVr, T=0.10
Lat. = 0°, Feb. -3.0 Wm™ -2.5 W m?
60° N, Aug. 7.0 W m? -5.0 W m™

[Harshvardhan, 1979]

Reflectance of El Chichon
20° N Nov. 1982 (from above

the aerosol) © = (.13 (different aerosol models)
A <0.83 pm 0.015 0.032 0.025 0.028
A > 0.83 pm 0.011 0.011 0.013 0.017
[King et al., 1984]
A global albedo
t=0.10 0.011 0.008

[Pollack et al., 1976]

Global mean ., V5o,
TA(500 nm) = 0.15 -48 W m™ -7.25* W m™

[Lenoble et al., 1982]

* published as -23.2 W m™ for T = 0.03, but with an obvious error of factor of
16, the corrected value was then multiplied by 5 to estimate a result for T = 0.15.

—
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reflectance and transmission functions to flux anomalies. King et al. [1984] presented
annual mean reflectance, transmittance, and absorption functions for observed and
inverted size distributions following El Chichén and as a function of latitude. Of these
different approaches, King et al. comes the closest to the current work, but their analysis
was only for El Chichén and did not incorporate observed evolutions of the size
distributions or the observed spatial distribution of optical depth. Also, King et al. did
not compute fluxes but presented reflectance, transmittance, and absorption functions,
which were not verified with observations. The factor of two difference between the
current work and King et al. for the El Chichén cloud reflection at A < 0.83 pm, in Table

4.2, has not been resolved.

4.7.2 Comparisons with observations

The accuracies of the computed irradiance anomalies were further evaluated by
comparing them with observations. Suitable observations against which the model results
can be compared were limited for several reasons discussed in Sec. 2.Observations
contain errors, random and biased, but are independent of those in the RT model.
Comparison conditions were often less than ideal in that different spatial and temporal
scales exist. Therefore, it was important to make as many comparisons as possible

between the model results and observations.

4.7.2.1 Surface-based observations

Surface-based irradiance observations have an advantage of being relatively easy to
maintain over a long time-period that provides background information against which
episodic events can be compared. Their major disadvantages are having a large portion

of the atmosphere between them and volcanic clouds and representing only a small
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portion of the global, or even regional, phenomena. Surface solar irradiance records from
four globally diverse locations are next examined for clear-sky Vs and compared to

DISORTX results.

4.7.2.1.1 Mauna Loa

The downward solar irradiance time series from MLO, was described in Sec. 2.5.1.
MLO data were compared to site-specific RT model output. Specific local conditions
used for this analysis were the observed T,(A), solar zenith angles corresponding to the
instantaneously observed irradiances, albedo, and actual altitude. Monthly means of T,(A)
were used along with estimated surface reflectance.

Observed and computed downwelling clear-sky solar irradiance are shown in Fig. 4.13
for a solar zenith angle of 60° at MLO. The absolute magnitude of the irradiance was
normalized to the 1990 background period with the mean ratio for the obs/model = 0.956
for that period. Two modeled results are shown, one using the zonal mean T,(A) of the
global grid and the cther for the locally observed t,(A). There was a small improvement
in the agreement when using local observations. Mean differences between the
observations and models (obs. - model, after background normalization) for both El

Chichén and Pinatubo, excluding the

. SRR ~ Table 4.3 Differences between modeled and
1990 normalization period, is given in observed “VS it Miting T.oa.

Table 4.3. There is a total mean

Mean
difference of 04 W m? with a 13 Period Diff.  3D. N  95%
- conf. W m

standard deviation of 7 W m™> The

large standard deviation was due, in Zonal EC -2.5 91 -3 4.8
Zonal Pina 0.9 63 12 4.0
part to variability in the observations [ ocal EC 0.0 67 13 4.1

Local Pina 02 6.0 12 3.8
due to unmodeled water vapor
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Fig. 4.13 Seasonal mean observed and modeled downward solar irradiance at Mauna

Loa for a solar zenith angle of 60°. Xs are for model output using locally
observed t,(A), Os for T,(A) from the zonal mean.




variability. Better agreement is seen after Pinatubo, although very good agreement is seen
for both.

Further investigation of the volcanic aerosol influence in the MLO observational data
was possible because direct beam and diffuse solar irradiance were measured and modeled
separately. These two quantities were used by Coakley [1981] to investigate the ratio of
the change in diffuse to the change in direct solar irradiance for a volcanic episode
relative to background conditions. This ratio (€) is an extinction efficiency in that it
shows the loss of total downward irradiance relative to that removed from the direct
beam. Therefore, € is primarily dependent on the scattering phase function (P(6)) and
single scattering albedo (@, ), and provides a rare opportunity to verify their combined
effect. Figures 2.11b,c show the separate monthly mean direct and diffuse components
that were seasonally averaged and summed to give total irradiance shown in Figs. 2.11a
and 4.13. Modeled and observed monthly mean € following El Chichén and Pinatubo are
given in Fig. 4.14 using 1990 as the background or reference period from which the
changes in diffuse and direct were computed. The value of € is negative because as
diffuse increases due to aerosols, the direct decreases. Observations in Fig. 4.14 have
been fitted with a running smoother to remove month-to-month variability arising from.
short term variations in water vapor and tropospheric aerosol. The modeled and observed
€ are nearly identical, -0.82 #0.01, for both volcanoes in the months immediately
following both eruption. Then, about 6 months after El Chich6n and 10 months after
Pinatubo there was a ceparture toward -0.9 with El Chichén showing a larger swing. The
verification immediately following the eruptions suggests that the combination of P(9) and

w, was adequately determined and introduced into DISORTX, at least initially following
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these eruptions wken 7, and V were maximum. Possible explanations for the divergence

of observations and models in Fig 4.14 are discussed in Sec. 5.1.4.

4.7.2.1.2 American Samoa

Following Pinatubo, SMO was just south of the maximum in optical depth and a
notable signal in the pyranometer record exists (Fig. 2.12). Unlike MLO, t,(A) data were
not acquired so comparisons between observed and calculated ¢,V were made using the
global grid optical depth. Both observed and DISORTX results are shown in Fig. 4.15.
Two sets of DISORTX outputs are given, one for the zonal band containing SMO (7) and
the next nearest (6). These two results bracket the observations and an average of the two
would be in good agreement with the observations. This is an example of where a higher

spatial resolution model would be more appropriate.

4.7.2.1.3 South Pole

Two site-specific model results were used for comparison at SPO, one for the T,(A)
from the global gridded data and one where grid optical depths were scaled up to equal
the locally observed wideband t,. Observed and modeled solar irradiances near summer
solstice are given in Fig. 4.16, after model results were normalized to the observed pre-
eruption levels. The apparent Pinatubo  V; is -22 W m™ in both the model and
observations. For the results given in Fig. 4.16, locally observed t, were used and very
good agreement is seen. South Pole gridded aerosol optical depths were approximately
one-half those locally observed. It was not expected that SPO would necessarily represent

the entire southern most latitude band.
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Fig. 4.15 Seasonal mean measured and observed clear-sky surface solar irradiance
for American Samoa at a solar zenith angle of 45°. Solid lines a mean and +1
standard deviation, the vertical bars on the observed mean is +2 standard error,
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latitude. The modeled values are normalized to pre-eruption conditions. The
tA(A) used was from the global grid.
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4.7.2.1.4 Boulder

Further corroboration between modeled and observed g,V following Pinatubo is noted
in a clear-sky record from Boulder (Fig. 2.17). The net difference between the mean of
the observations and models for the nine seasons following the eruption of Pinatubo was
0.8 (s.d. =7) W m™ The large standard deviation, similar to MLO, was likely due to
water vapor and tropospheric aerosol variations not included in the model. Global zonal

TA(L) were used and again the agreement was very good.

4.7.2.2 Satellite observations

Comparisons with satellite observations of V;,, were accomplished by using the TOA
irradiance compﬁtcd by the models. Because of several limitations of the satellite data
mentioned previously, comparisons with the model were not conclusive, but were included
in the following for lack of other TOA observations. Figure 4.17 shows the DISORTX
and LOWTRAN7X zonal mean TOA anomalies by season after El1 Chichén. Ardanuy
and Kyle [1986] report an observed g,V of -8 to -10 W m™ about one year after the
El Chich6n eruption in the high northern latitudes. This corresponds to Fig. 4.17 panels
83 2 and 83 3 where a value of -8 W m is seen for high northern latitudes, which also
was the maximum for the El Chichén event. Lower latitude signals of comparable
magnitude were seen in the model results but were not detected by Ardanuy and Kyle
“because of clouds, particularly with the enhanced cloudiness related to the 1982/83 El
Nifio. This suggests that while Ardanuy and Kyle were only able to clearly distinguish
the maximum high-latitude volcanic forcing in their analysis, it was in good agreement
with the presently modeled forcing.

Figure 4.18 shows the DISORTX and LOWTRAN7X zonal TOA anomalies for 1991

through 1993. The 91 3 and 91 4 panels in Fig. 4.18 correspond to satellite observations
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between 40° N and 40° S in Fig. 4 of Minnis et al [1993]. The maximum g,Vy,, is just
over -10 W m™ just south of the equator in Fig. 4.18 and Minnis et al.'s Fig. 4. (Note
a sign convention difference exists between the two Figures.) There is good to very good
agreement between the two figures for Vi, ..Vro4 shows general agreement in
magnitude and distribution, with the satellite ;,V;,, being 2-3 W m? (>50%) larger than
model values in the tropics. This is consistent with Minnis et al.'s observation that some
tropical clouds appeared enhanced, in extent and brightness, after the eruption. The
overall comparison between the modeled and detected satellite signals is within about +2
W m™, which can be considered good agreement considering ,,V;,, in the first year after

the eruptions.

4.8 Atmospheric Heating Rates

Vertical profiles of computed IR and Solar flux divergence anomalies caused by the
volcanic aerosol, converted to radiative heating rates using usual procedures [e.g., Liou,
1992], are shown in Fig. 4.19. Striking IR heating was seen in the aerosol layer,
qualitatively consistent with observations [Labitsky and McCormick, 1992; Christy and
McNider, 1994]. Atmospheric heating rates do not reveal the major tropospheric climatic
effect because the greatest magnitude change in radiative heating is at the earth's surface.
The loss of net downward radiation to the troposphere and surface represents the climatic

forcing on tropospher.c temperature.
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Chapter 5. Verification, Discussion, Tropospheric Temperature Model, and

Parameterizations

5.1 Discussion on the Confirmation of Computed V

Irradiance anomalies computed here substantiate the major conclusions of two decades
ago [Pollack et al., 1976; and others]. That is, for volcanic aerosols above the
troposphere, the upward reflectance of incident solar radiation by the aerosol layer
dominates all other radiative processes, solar and IR, relating to the cloud and causes a
net loss of radiant energy by the troposphere. Sensitivity studies in Appendix D suggest
this to be true beyond the range of uncertainty introduced by possible errors in the models
or their inputs. This is because realistic ranges of model input parameters did not produce
results contrary to the basic finding of dominating reflected-solar effects, nor did the
tested range of model configurations. Since the nearly complete rigorous RT model
calculations were made with extended spectral, vertical, and directional resolution as well
as being globally representative, only substantially different aerosol optical properties
could produce a contrary result. Substantially different aerosol properties would be
inconsistent with the asrosol observations from many different sources reported and used
here. Primary remaining questions are how accurately can V be computed using available
input information, and how well do these models agree with observations?

The calculation of V and limited successful comparisons to observations not only help
to verify RT theories and assumptions but also encourages further investigation of

expected atmospheric responses to the forcing. Independent validation of both RT
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modeled and observed irradiances is first desirable to insure meaningful comparisons
between the two. It is not considered necessary to verify basic elements of RT theory.
However, the difficulty in obtaining adequate model input information and numerous
assumptions as well as approximations leads to much uncertainty in computed V.
Likewise, observational errors in the confirmation data sets may be significant. With
potentially large errors in both models and observations, the merit of comparing the two
must be established. The current work strives to do this by independent verification of
models and observations to the extent possible, and then by comparing to each other for

further mutual validation.

5.1.1 Independent verification of model calculations

DISORTX and LOWTRAN7X agreement with selected ICRCCM cases was within
the range of + the rms error of the mean ICRCCM results over a wide range of cases
(Table 4.1 and discussion in Sec. 4.1) The use of RT models for computing global zonal
means requires additional implementation involving daily mean solar zenith angles, areal
and temporal averaging, and tropospheric and surface albedo considerations, features not
included in the ICRCCM cases. These additional features were tested, in part, by
favorable comparisons (Sec. 4.5) to previously published global zonal mean TOA
observations.

Multiple scattering was identified as an important process and was specifically
included in the analytical solutions to the RTE inherent in DISORTX. Comparisons to
ICRCCM aerosol cases were not accomplished since ICRCCM was inconclusive with
respect to aerosols. Aerosols are routinely included in LOWTRANT7, but the aerosol used
here was a "user defined" case that cannot be readily validated against standard

LOWTRANT7 results. Therefore, the accuracy of the complete introduction of aerosols
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into the RT models was not independently confirmed. However, individual aspects of
including aerosols in the RT models were substantiated as follows.

Mie scattering theory and associated assumptions, were used extensively to
incorporate aerosols into the RT models. The assumption of sphericity was made
throughout. Limited direct observational evidence has shown that nonspherical particles
make up a very small portion of the cloud after a few months. Remaining nonspherical
particles were coated with H,SO, [e.g., Sheridan, 1992; Pueschel et al., 1994] and tend
toward spherical shape. Similarly, there was the assumption used throughout the work
that the refractive irdex of the volcanic cloud was that of H,SO, in 75% solution with
water. Several in situ samples of volcanic aerosol indicate that the material was
predominantly H,SO,. It was shown in Appendix D that small variations in the %
solution did not have significant impact on V.

Mie theory for single particles had to be applied to aerosol populations. MIEV0X
was implemented to accomplish this and was tested by comparing various computed
aerosol populations' (cm™) optical properties with those computed by Deirmendjian
[1969], as shown in Table A.1. The assumption of noninteraction between individual
particles can become invalid for long paths and high aerosol concentrations. While a
modeled vertical column could be divided into enough segments so that this assumption
would always be true, there was no vertical resolution in the observed T,(A) data used
here. The noninteraction assumption was made for size inversions over the entire
stratospheric column. Submicron particles in the stratospheric column may approach a
limiting condition where the noninteraction assumption may not be completely valid, but
was not specifically further investigated here.

Uncertainty and limitations of Mie size inversions used in this study are discussed in

Appendix A (Sec. A.2.3) and Appendix D (Sec. D.2). Some resulting size distributions
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were compared to other in situ observations. This analysis was not ideal because of the
lack of spatial and temporal coincidence, which is not possible under even the most ideal
real conditions. Figure 2.10 shows some correspondence in size distributions obtained
from different techniques, but not in detail. The effect of the difference between in situ
and nearby inverted size distributions was investigated by running otherwise identical
model inputs with each type of distribution. There is virtually no difference in the
resulting V (Fig. 5.1). Another concern was the range of size inversion results possible
from a single set of T,(A) inversion inputs. Again, RT model calculations were carried
out using many different size distributions with insignificant effects in either the solar or
IR V, Table 4.2. The large particle mode (r >1.0 pm) investigated by King et al. [1984]
was not indicated in data assembled here. The smaller radius second mode at 0.6-0.7 pm
reported by Pueschel et al. [1994] dominates but only seems to exist at the bottom of the
stratospheric layer. This larger mode does not appear to substantially alter the total
column effective size range. A second and larger mode was seen by Pueschel et al. in
the size distributions used in this study but not with the dominance of that seen in the
lower portion of cloud. The size distributions used here were forced to dn(r)/dlog(r) =
1 at r 21.7 pm, consistent with in situ observations of no particles larger than 1.5 pm.
This was to insure Mie inversions did not produce erroneous large particles.

The modeled IR irradiances used aerosol optical properties obtained from Mie
calculations weighted heavily by the large particle end of the aerosol size distribution,
which was not well determined. This was because few observations of T,(A) at
wavelengths greater the 1 pm were obtained and utilized in the size inversion process.
Observed and computed 1,(>4.0 pm) are shown in Fig. 2.8 and suggests that the values
computed and utilized in this study are correct to within the range of those observations.

Using that range of 7,(>4.0 pm) in the RT models causes a < 1 W m™ difference in the
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1.V, assuming a linear response in ;,V to observed t,(A). Table 4.2, which shows the
effects of widely differing numbers of particles in the 1-1.5 pm range. The IR irradiances
obtained from LOWTRAN7X were close (0.5 W m™ ) to theoretical values given by
Lacis et al. [1992], as seen in comparing Lacis et al.'s Fig. 2a to the parameterized
expression for ,,V;, developed in Sec. 5.5. Confidence is placed in the computed IR
irradiances because direct aerosol size observations find minimal contribution from larger
particles, which would be expected to quickly settle out of the stratosphere. Since .,V
remains small relative to g,V over the entire range of uncertainty, the lack of additional

confirmation information in the IR region was not detrimental.

5.1.2 Independent verification of observations

The uncertainty and accuracy of the observations utilized in this study are discussed
in detail in Appendix B and will not be repeated here. All surface-based observations
used here were obtained from measurement programs where attention to operational
detail, particularly calibration and data evaluation, was well documented. The
differentially-computed observed V signal eliminates the largest known sources of
instrumental error. Still, the possibility of some error exists because of unknown temporal
drifts, possible gross errors, and slight nonlinearity in the instruments, as discussed in
Appendix B. Individual observational irradiance data sets may contain sources of
uncertainty and natural variability that can mask a volcanic signal. Of the five locations
that were examined, only Kwajalein failed to display a probable volcanic signal in the
global irradiance measurements, although model results and experience from the other
sites suggested that it should have had a signal (not previously shown). Extensive cloudy
conditions and an instrument exchange in the month before the eruption probably

contributed to the failure to detect a volcanic signal at Kwajalein.
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Surface total solar irradiance data were acquired at sites where direct solar beam
observations were also made. Exact timing of the volcanic influence can often be readily
seen in a continuous time series of direct beam observations. This permits close
correlation with the indicated signals in total irradiance. Also, the irradiance data used
here have been carefully screened for clear-sky conditions to assure that the indicated
volcanic signal was not due to a water cloud effect; however, changes in tropospheric
aerosols on the same time scale could be confused with a volcanic signal. In summary,
the observations of V cannot be totally independently verified but were the best available

from routine observations, including the satellite observations.

5.1.3 Mutual valication of computed and observed V

Multiple comparisons were needed to validate models and observations. It was most
important to validate V in the solar region because that was where the largest forcing
occurred. Both surface-based and satellite observations were examined. Of the four
surface sites used in this study, one following El Chichén and all four following Pinatubo,
three showed agreement between model results and observations at the £2 W m™ level
for ;,Vs (Sec 4.7.2). The other case (SMO) was located in a region of a strong gradient
in the V field but showed the potential for agreement if higher resolution observations
were used. Computed ¢, V;,, values are also consistent with available satellite data.

There is insufficient information to claim that the ,,V computed for this study agrees
or disagrees with observations. However, there are no significant inconsistencies between
known observations and modeled ,,V. The expected and observed signals were small and
therefore percentage differences were large. However, the differences were almost the
same as in the solar region. Modeled values of , V;,, were smaller (0.5-2.0 W m™ for
T = 0.15-0.3) than those reported by Minnis et al. [1993]. The Ardanuy and Kyle [1986]
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IR observations agree with those computed here for El Chichén. Small differences
between the satellite observed T,(A >4.) and those obtained from Mie theory using
inverted size distributions (Fig 2.8) lends further confidence to the computed ;,V values.

No observations of .,V were known to exist within the troposphere.

5.1.4 Discussion of comparison between observed and modeled €

The overlap between the observed and modeled change in diffuse to change in direct
irradiance ratio (g¢) immediately following both El Chichén and Pinatubo (Fig. 4.14)
supports the combined solar absorption and backscattering of the modeled aerosol. The
best agreement in € exists when greater optical depths and larger V exist. Therefore, even
if the € analysis does reveal an improperly modeled aerosol feature late in the life of the
aerosol, the result on climate forcing is relatively small. Values of € = 0.9 observed over
one year after the eruptions are still within the range of those computed by Pollack et al.
[1976], as presented by Coakley [1981].

There are several explanations for the eventual divergence of the observed and
modeled € (Fig. 4.17). These possibilities include an incorrectly determined P(0) and/or
®, in the model, a change in another atmospheric attenuator, or irradiance measurement
errors. Reexamination of site records for the irradiance observations reveals no cause to
suspect the observations. However, the shift in € does occur after the maximum 7,, and
the signals in both the solar direct and diffuse are small and closer to the inherent error
in the observations. Dehydration of the atmosphere over MLO did apparently occur in
late 1982 and all of 1983 [Dutton et al., 1985b]. The decrease in monthly mean
precipitable water above MLO of greater than 50% was seen starting in November of

1982 continuing through March 1983. Also, the entire year of 1983 was 25% below the
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average of the previous five years. Less water vapor after a volcanic event causes a
relative increase in the observed direct beam but not a corresponding decrease in the
diffuse; this would also cause € to decrease (become more negative). A similar analysis
of water vapor over MLO following Pinatubo has not been carried out.

Another explanation for the eventual € shift to an indication of less efficient total
extinction could be a shift in aerosol size distribution not detected by the three to four
wavelengths of T,(A) information obtained at MLO. Several authors [e.g., Oberbeck et
al., 1983; Hofmann and Rosen, 1983; Stone et al., 1993; Pueschel et al., 1994] have
reported the appearance of a secondary peak in the aerosol sizes near 0.7 pm radius
several months to one year after the eruption.

A short modeling experiment was preformed to evaluate the potential effect on € from
an enhanced secondary peak in n(r) several months after the eruption. The mean of
several strong bimodal Pinatubo size distributions, reported by Pueschel et al. [1994] for
22 March 1992 at 20 km at latitude of 28° N, were used to compute aerosol optical
properties. The resulting t,(A) distribution is shown in Fig. 5.2. Figure 5.2 is
inconsistent with any other observed T,(A) assembled for this research (Figs. 2.1 and
2.20). Pueschel et al's sample was from the bottom of the cloud and would be expected
to contain disproportionate numbers of larger particles, relative to the vertical column.
The 22 March 1992 Pueschel et al. (1994) derived aerosol optical properties were used
in a separate run of DISORTX from which € was then computed. The resulting modeled
€ is also shown on Fig. 4.21 and equals the others, although it represents an extreme n(r)
case. These results suggest that the differences between the observed and modeled €
several months after each eruption are not due to a large particle mode missed by the

T.(A) observations and subsequent Mie inversions.
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'5.1.5 Indirect validation of V: the expected troposphere temperature response

Indirect confirmation of the magnitude of ,,V;, may be sought in observations of
tropospheric temperatures [Hansen et al., 1978]. A decrease of net radiation at the
tropopause may lead directly to tropospheric cooling. A model based on this suggestion

is developed in the next section.

5.2 Tropospheric Temperature Changes

The translation of ,,V;, into changes in surface and tropospheric temperature and
subsequent changes in atmospheric circulation is often left as a task for a complex GCM.
However, on a hemispheric and seasonal mean basis there was a possibility of observing
volcanically induced temperature changes directly [e.g., Mitchell, 1961; Angell and
Korshover, 1985; Mass and Portman, 1989]. Dutton and Christy [1992] suggested that
observed lower-tropospheric hemispheric temperature changes observed by the TIROS
microwave sounding unit (MSU) showed a volcanic signal following both El Chichén and
Pinatubo. The present study enables us to address the question: "Are the observed MSU
temperature perturbations consistent with the mean radiative forcing computed here?"

The time series of hemispheric mean ,,V;, computed here is shown in Fig. 4.19.
There was a net loss of energy entering the troposphere in each hemisphere. Assuming
each hemisphere to be in radiative equilibrium with space before the eruptions, it may be
possible to estimate the temperature change that occurs in the mass that loses that energy
using the First Law of Thermodynamics. If no work is done, the time rate of change of
temperature is given by Eq. 5.1. The thermal mass of each hemisphere was taken to be

that of the atmosphere and annually mixed depth of the ocean. It was assumed that other

110



energy reservoirs did not release or accumulate heat. It is further assumed that there is

—= 51

Where: dT/dt = temperature change per unit time
dE = change in energy per unit time;
M = mass of the system (a — atmos., 0 — ocean);

¢ = specific heat of M.

complete vertical and horizontal mixing such that the tcrhpcranme change in the ocean
mixed layer and troposphere are the same. The utility of this simple model depends on
whether atmospheric temperature will respond significantly to a 1- to 3-yr radiative
forcing perturbation and if such a response can be detected. The use of the 1-yr ocean
mixing depth corresponds to a global thermal mass that will respond to ~1-yr time scale
heating perturbations. An atmospheric response to year-long perturbations in radiative
forcing is expected since it is observed that the seasonal temperatures lag normal seasonal
radiative forcing by only six weeks. In this temperature change model, the troposphere
and upper ocean temperatures follow each other and respond by the end of the season in
which an energy anomaly, AE, occurs. AE is computed as the departure from ,,V;,
averaged over the previous year, consistent with the use of the annually mixed ocean.
Temperature changes computed by such a model do not, of course, include temperature
variations from other causes.

The global oceanic mass used was 7.5 x 10* kg m™ corresponding to the annual mean

mixing thickness of 75 m [Li et al., 1984]. Tropospheric mass (1013 mb to 300 mb) is
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7.1 x 10° kg m™. The specific heat of water is 4.19 J g™ deg™ and for dry air is 1.004
J g deg”'. The heat capacity of the earth's solid surface was neglected. For these
calculations, the northern hemisphere surface was taken to be 53% ocean, and that of the
southern hemisphere, 90% ocean. Multiplying the mass per unit area by the relative
amount of area (1.0 for the atmosphere and 0.53, 0.90, and 0.715 for the oceans) yields
ZMc in Eq. 5.1. ZMc, is equal to 1.66 x 10°, 2.84 x 10°, and 2.32 x 10° J deg™ for the
N. and S. hemispheres and the globe, respectively. Using these values and the temporal

variations in ,,V;, to calculate AE, temperature changes were computed using Eq. 5.2.

T-T,+% n 52
dt

Starting with the equilibrium temperature and combining Egs. 5.1 and 5.2, the temperature
changes following El Chichén and Pinatubo were computed and are shown in Fig. 5.3.
In the calculation of the hemispheric-mean temperature anomalies, it was assumed that
there was no exchange of heat between the hemispheres. Also shown in Fig. 5.3 are the
hemispheric-mean lower-tropospheric temperatures observed from the MSU described by
Spencer and Christy [1990, 1992] who claim precision to within 0.02 °C averaged over
each hemisphere. The MSU lower troposphere temperature data for a weighted vertical
column gridded for the entire globe and used here to compare to the model results since
the model assumes complete mixing. The modeled temperatures were normalized to the
observed data for one year before each eruption.

Following Pinatubo, the largest difference between the modeled and observed
temperature anomalies occurs near the maximum in observed cooling and is coincident

with a maximum in an El Nifio event that existed during most of the 3-yr period [Kousky,
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Fig. 5.3 Time series for hemispheric and global mean lower tropospheric air temperatures
anomalies. Observations (solid line) are from the MSU satellite sensor with
deseasonalized anomalies calculated from the mean of 1981- 1990. Calculated
values, Xs, are described in text and are normalized to the 1-yr mean observed
anomalies for the 1 yr prior to each eruption, April 1982 and June 1991.
Computed values are for a 1-yr time constant in the model.
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1994]. There is close correspondence between the two data sets in the rate and timing
of temperature decrease, the total temperature change, the timing of minimum
temperature, and the rate and timing of rewarming. Fluctuations similar in magnitude are
seen elsewhere in the observed temperature record, but none are particularly close to
fitting the particular form of the modeled temporal temperature changes.

A major El Nifio occurred just after E1 Chichén and is known to have altered normal
heat exchange between the ocean and troposphere [Mass and Portman, 1989; Dias and
Kiladis, 1993]. This fact invalidates a principal assumption of the proposed temperature
change model. There is, therefore, little similarity between the modeled and observed
temperature change following El Chichén seen in Fig. 5.3. Nonetheless, there Qas less
radiation heating of the surface and troposphere during 1982 and 1983. A notable
decrease in tcmpera‘.ﬁrc does follow the El Chichén volcanic event by 2-3 years. This
later decrease in temperature was consistent with a simulated temperature change model
that allows for a longer time to respond to the initial radiative forcing, given the same
ZMc.

The length of time over which ,,V;, was averaged to determine AE was based on the
use of the annual ocean mixing depth, but it could be a tuneable model variable if the
ocean responds differently, i.e., it takes more or less than a year for the upper 75 m to
respond to a given event. Allowing AE following El Chichén to be based on a ,, Vi,
averaging time of 2.5 years instead of 1 year, the resulting modeled temperature changes
are given in Fig. 5.4 The modeled temperature change now better tracks the global
mean, considering the El Nifio warming, but does not track the hemispheric means. This
dichotomy might be explained on this time scale because the hemispheres would lose
their thermal identity assigned in the model and only the global mean would be properly
modeled. With this revised model the magnitude of the global cooling agrees with the
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observations but the timing still does not agree well. This suggests that 2.5 years was not
the optimum time variable (a value just less than 2.5 years would give better agreement
with the rewarming), or that other sources of global temperature variations were
dominating. It is, therefore, fortuitous that the AT model and observations show such
close agreement following Pinatubo. This suggests that the global ocean/atmosphere
system may have behaved according to the assumptions of the AT model following

Pinatubo but is not constrained to do so.

5.3 Global Distribution of V

The computed ,,V appears to be sufficiently accurate to examine the potential effects
on climatic features of the planet. Besides determining the mean temperature of the
planet, the radiation input to the earth atmosphere system also esmbliéhes and ﬁelps
maintain atmospheric circulation patterns due to a spatial distribution inherent in earth-sun
geometry. Modifications to the normal distribution of energy deposition could be
expected to modify those circulation patterns, if such modifications are of sufficient
magnitude. Robock and Liu [1994] have begun such investigations relative to volcanic
forcing.

The spatial and temporal variations of V from El Chichén and Pinatubo (Figs. 4.17
and 4.18) reveal subs:antial differences in ,,V;, within a given hemisphere and between
eruptions. To properly evaluate the effects of any particular volcanic event on
atmospheric circulation, this distribution and its evolution should be accounted for. V was
most dominant in the low latitudes in the first few seasons following each eruption, which
by nature of the timing of the El Chichén and Pinatubo eruptions was in the northern
hemisﬁhcrc summer and fall, respectively. Following both eruptions the maximum V

moved to the northern polar region. The zonal distribution of V was affected by factors
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other than the distribution of the aerosol. These include underlying albedo and solar
zenith angle/length of day. The global model developed for this study accounts for these
variables within the limitations of the mean zonal and cloudiness formulations.
North/south gradients in V and their relationship to the undisturbed radiative gradient are
discussed below.

Figure 5.5 shows the ,,V;, differences between the Tropical (0° - 23°, N and S), and
high latitudes (53° - 90° N and S), tropical minus polar, for both the northern and
southern hemispheres following both El Chichén and Pinatubo. Negative values indicate
greater loss in net radiative energy in the tropics. Similar intrahemispheric gradients were
seen in the N. hemisphere after El Chichén and Pinatubo. Several aspects of the
anomalous gradients are worth discussion. First, the normal gradient over the latitude
rahge and season used in Fig 5.5 is only ~45 W m* [Campbell and Vonder Haar, 1980],
and the volcanic perturbation was 7 W m™? or 16% of the normal gradient. There also
was a reversal in sign of the gradient anomaly in the northern hemisphere from the first
to second summer after the eruptions. This reversal phenomenon was not as dominant
in the S. hemisphere. The reversal follows, of course, the migration of the aerosol
maximum to the northern polar region and the seasonal change in solar geometry. The
change in the volcanically induced N. hemisphere gradient from one summer to the next
was equal to 30% of the normal summer gradient. This results in a tendency to weaken
the N. hemispheric N/S temperature gradient the first summer after the eruption and to
strengthen it in the second summer. These results can be compared to the solar irradiance
gradient that could repeat each year to within 2 W m™ in the absence of a volcanic
anomaly, based on an analysis of ERBE TOA data during 1985-1988. There was little

effect on the first or second winter's gradient. The noted induced gradient anomalies
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essentially disappeared after two years when the aerosol was more uniformly spread and

considerably decreased.

5.4 Parameterization

Extensive, complex, and rigorous RT calculations were performed here to obtain
values of V. Inspections of the results and input variables suggest the possibility of
simpler parameterization of V. Such a parameterization process should strive to yield
values within the uncertainty established for rigorous computations. Global gridded RT
results presented so far provide 232 vertically resolved cases that cover a large realistic
range of global conditions following two major volcanic eruptions. From these, highly

“simplified expressions for ,Vr,, 1,Vr, and ,,V;, are developed in the following.

The relationship between major variables and V has been explored through theoretical
analysis and model sensitivity studies here and elsewhere. Simple linear functions in T,
for various components of V have been given by Lacis et al. [1992] and Minnis et al.
[1993]. Linear, or slowly varying, relationships between V and both 6, and albedo (o)
over ranges of 8, and a have been noted in the current work. Considering these
relationships, several multivariate fits to the RT-computed gridded ,,V;, for El Chichén
and Pinatubo were devised. Additional variables accounting for the length of solar day
(A) and the particle size distribution effective radius (7,) and their squares to account for
noted nonlinearities, were also included as variables in the regression fits. Equation 5.3
defines r, as used by Hansen and Travis [1974]. Lacis et al. [1992] showed a nonlinear

relationship between V and r,. The A variable was included as a linear and squared
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variable in the IR fit to account for seasonal variations in atmospheric composition,
mostly water vapor and temperature. General expressions for multivariate expressions fit
to 5,Vr, and .V, are given by Eqgs. 5.4 and 5.5. Some colinearity, or correlation, between
the selected variables exists, e.g. between A and A% This colinearity does not affect the
multi-linear regression procedure [Crow et al., 1960] other than to complicate sorting out
the most important variables. The coefficients A through F, were determined by least

squares fit to the RT-computed ,V;,. (Note: The 8 subscript "o" is dropped in following.)

saV'1, = A+Br+CO+Da+EA+Fr,+Fyr} 54

V1 = A+Br+EA+E,N2+Fr +Fyr! 5.5

Equations 5.4 and 5.5 were fit for the two eruptions individually and combined.
Various forms of the equations were tested to improve the fit before selection of the
forms given. Both 1,(550 nm) and broadband t, were used, with the final coefficients

given for 1,(550 nm) because it is more widely available, although fits using t,(vis) give
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Table 5.1 Regression coefficients and ¢ values for individual fits to RT
results for separate and combined volcanoes.

A B C D E E, F F, rsd
(W m?

El Chichon

V12  -355 412 465 -4.07 0.0 323 =705 0.503
t 1.6 27. 39 2.9 33 1.5 22

wVr, 0.95 6.13 0.0 0.0 0.34 -2.20 4.20 0.0 0.144
t 08 16.0 2.9 3.5 4.5

Pinatubo

sV -2.00 -39.5 659 855 -7.44 0.0 3.74 -7.67 0.51
t 24 46.0 5.8 5.0 9.2 - 1.6 22

V¥ 0.10 7.35 0.0 0.0 0.37 -2.61 496 0.0 0.15
t 09 31.0 3.0 3.9 5.1

Combined

sVt -1.55 -38.8 522 645 -5.63 0.0 336 -6.95 0.53
r 286 57.0 6.5 53 9.8 0.0 2.1 2.9

WV 012 713 00 00 034  -255 475 00  0.15
t 16 380 4.0 56 72

small improvement. Coefficients for each respective volcano are given in Table 5.1.

The regression analysis was done with the DATAPLOT package of interactive graphical
and statistical analysis software [provided by J. Filleben, National Institute for Standards
and Technology, Gaithersburg, Maryland]. The ¢ value given in Table 5.1 is the ratio

between the fitted coefficient and the standard error of determination of that coefficient.
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Considering the number of independent points used in the fits (>100) and normal
probability distribution function, coefficients with ¢ 22.0 are significant at the 295% level.
The computed coeZficients and statistics show that there are no significant differences in
any of the coefficients from one eruption to the other. Assuming no differences, a single
fit resulting from input from both volcanoes should give the best general results since the
fit is to the most points and over a larger range of conditions. Coefficients of such a
combined fit are also given in Table 5.1. Residuals from the fits and the application of
those fits are further examined. Coefficients of Eqgs. 5.3 and 5.4 were derived from fits
to one volcano and tested by using those coefficients to calculate ¢V, and ,,Vr, for the
other volcano and differencing the results with respect to the RT models. Fit residuals

(dependent) and application residuals
_ Table 5.2 Summary of residual
(independent) were used to evaluate the gtatistics for dependent and independent

) . regression fits.
quality of each fit and each independent

application. Dependent residuals refer to the
Mean S.D. Max Min

difference between V computed by RT W m?

models and Eqs. 5.3 and 54 using EC Dependent

: p sV, 00 049 11 -34
coefficients derived from the same volcano. Ve 00 014 069 -0.44

Independent residuals are the difference
Heepe o EC Independent

between RT model results and application of V7, 0.8 057 1.9 -24
LV, 02 015 054 -0.58
Eqgs. 5.3 and 5.4 with coefficients determined

: o 5 o Pina. Dependent
from the other volcano. Figure 5.6 shows Vi 0.0 050 1.7 -19

the dependent and incependent residuals for w'r, 00 014 033 -0.40

the solar and IR components separately for Pina. Independent
aVr, 023 061 10 -29

both volcanoes. Table 5.2 summarizes the wVr, 070 0.16 0.50 -0.33

statistics for those residuals shown in Fig.
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5.6. It is seen thzt there is little difference between the independent and dependent
residuals for a given eruption or between the residuals of either eruption, except that due
to the overall larger magnitude of Pinatubo V. Dependent and independent residual
standard deviations are near 0.5 W m™ for the solar and 0.2 W m in the IR. Given the
maximum of just over -10 W m™ for ;,V;, and 1.5 W m™ for ,,V;,, the parameterized
functions are within 25% (range) and generally to within 10% (+2 S.D.). The maximum
size of any independent residual was 2.9 W m™, which occurs in the northern most
latitude zone in the third season of 1992 (920301). This and the second most outlying
point, 2.4 W m at grid 830301, correspond to unusual observed spectral optical depths
such that the parameterized fits, weighted heavily on 1,(550), do not reproduce the
rigorously modeled values. he difference between the forms of Egs. 5.3 and 5.4 suggest
that the best parameterized estimate of ,,V;, might be the sum of parameterized gV, and
V- Nonetheless, several simpler parameterizations of this quantity were investigated.
The initial equation ft to ,,V;, (combined from both volcanoes) was a combination of all

five variables used for V7, and ., V7, in Eq. 5.6.

anVr =A+B1'+C9+Da+EA+EzA2+Fr‘+F2r‘2 5.6
V' = A+BT+C9+D(!+EA+E2A2 5.7
V= A+Br+C@+Da+EA 5.8

V1 = A+Br+CO+EA 5.9
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4V1 = A+Br 5.10

Fitted coefficients and statistics for Eq. 5.6 and several other simplifications given by Egs.
5.7 through 5.10 are given in Table 5.3. In fitting Eq. 5.6 to the RT results for ,,V7, it

was found that the dependent residuals are statistically equivalent to those from the V7,

Table 5.3 Coefficients and t values for various fits to ,,V7,.

Eq. A B cC D E E F F, rsd

56 -056 -31.7 571 639 -992 431 0.898 -2.33 0.45
t 08 550 75 62 3.7 1.8 065 12

57 -066 -32.2 573 6.62 -9.68 406 0.0 0.0 0.46
t 0.9 60.0 1.5 6.3 335 1.6

58 -156 -32.1 518 6.68 -527 00 00 0.0 0.47
t 3.1 600 75 64 11.0

59 -129 -319 099 00 -279 00 00 00 0.49
t 8.5 550 4.1 0.0 8.6

510 037 -319 0.56
t 7.0 49.0 '

+ 1.Vr, case. Simpler parameterized models were formed by successively dropping the
less important, or less common terms. Not all possible combinations of variables were
used for the fits because of the expected dominance of a few.

Equation 5.8 has the maximum number of terms with all the coefficients statistically

significant at the 2 95% level. These regression expressions should not be used outside
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the range of input variables (Table 5.4) for an Table 5.4 Range of variables used in

regression fits.
accuracy of < 2 W m™. These regression fits

could be derived for other levels in the ~anable Maximum Minimum

atmosphere, but height could not be used as a T 0.4 0.0
) 50° 81°
linear regression variable, as suggested by Fig. A 3hrs 21hrs
" r 0.15pm  0.55pm
4.6. Table 5.3 shows that aerosol optical depth o 0.23 0.6

is by far the most dominant variable. The
inclusion of other variables makes small improvements, as indicated by the residual
standard deviation (rsd). The parameterizations used for any particular application will
depend on input datz available, acceptable error ranges, and any particular requirements
of that application. To further evaluate the parameterization, summaries of global
radiative forcing using the RT and the parameterization results were analyzed. Figure 5.7
shows the global and hemispheric means ,,V;, where the ,.,V; was computed from the
regression equation and can be compared to Fig. 4.19 where the full RT code was
used.The maximum difference between Figs. 5.7 and 4.19 is 0.65 W m™ with 90% of the

points within 0.4 W m2

5.5 Comparison Between Volcanoes

Computed and observed V for El Chichén and Pinatubo generally substantiate the
findings of previous work. The main differences between eruptions are in the magnitude
and distribution of the t,. There are also observed differences in T,(A) and resulting size
distributions. The effect of this was seen when comparing computed ;,V;, over MLO
where the ,V;, sensitivity to 7,(500 nm) was higher for Pinatubo, Fig. 5.8. This
difference between the two volcanoes, = 2 W m? at 7,(500 nm) = 0.2, was small

compared to differences in spatial distribution of T. Any effects of these differences were
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undetected globally, when considering parameterizations of V for each volcano
individually. Observational information sources differed for the two eruptions so that
disparate observational biases can exist and contribute to the observed differences in
To(A). Any such biases do not appear to significantly affect global V characteristics as
suggested in the comparison of regression equation statistics (Table 5.1 and 5.2) for the
separate fits to El Chichén and Pinatubo.

The maximum global mean ,,V, following El Chichén was -2.2 W m™ and was -4.5
W m following Pinatubo. Maximum forcing existed for < 6 months in both cases and
recovered to < 0.5 W m™ by the end of each 3-yr study period, which was 2.75 years
after El Chichén and 2.5 years after Pinatubo. Integrating over the entire 3-year period,
the ratio between the two eruptions was 2.5. El Chichén had three times the ,,V7, in the

N. hemisphere as in the S. hemisphere, while the ratio was 1:1 after Pinatubo.
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Chapter 6. Summary and Conclusions

6.1 Summary
Model-computed and observed irradiance fields for background and enhanced

stratospheric aerosols cases were used to determine volcanic radiative forcing, V. Existing
RT models were adapted to the requirements of this study to compute irradiance. Various
independent observations of aerosol properties following recent eruptions were evaluated
and combined to provide realistic physical and optical aerosol models that could be
incorporated into both global zonal and local RT models. Computed and observed values
of V were opportunely compared, with close agreement between the two demonstrated.
The present work varies from similar earlier published work primarily in that in the
current work actual observed spatial and temporal evolutions of the aerosol were used,
new RT models were used, emphasis was placed on comparisons to observations, a simple
thermal mass temperature change model was used, and parameterizations were developed.
Radiative transfer models were also used to examine their sensitivity to various input
variables.

Globally varying volcanic radiative forcing was computed for the first 2.5 years
following the El Chichén and Mt. Pinatubo eruptions, a period when the aerosol would
have its maximum influence on the earth's energy budget. The effect of the presence of
the stratospheric aerosol was a reduction in radiant energy input to the troposphere, highly
dependent on the T,(vis.) and to a lesser extent on other variables (6, o, A, T, r,, or

To(A)). Maximum global mean net V at the tropopause (,,V7,) following El Chichén was
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-2.2 W m™? and was -4.5 W m following Pinatubo. Maximum forcing occurred 6-9
months after both the eruptions, persisted for about three months, and recovered to < 0.5
W m? by the end of each three-year study period, which was 2.75 years after El
Chichén and 2.5 years after Pinatubo. Integrating V over the entire 3-yr period of study,
the ratio between the two eruptions was 2.5. El Chichén had three times the ,, V7, in the
northern as the southern hemisphere while the ratio was 1:1 after Pinatubo because of the
more even spreading of the Pinatubo aerosol.

The computed ,,V;, was used to estimate global and hemispheric mean temperature
change (AT) variations using a simple thermal model based on the First Law. Modeled
AT are remarkably similar, correlation coefficient = 0.86, to MSU observations after
Pinatubo. After incorporating an adjustment to the time response of the thermal model,
there was moderate similarity between modeled and observed global mean temperature
anomalies after El Chich6n. Volcanic impacts on hemispheric temperatures were greater
in the N. hemisphere because of its lower heat capacity, given equal V in the two
hemispheres. El Chichén also had a larger impact in the N. hemisphere because of larger
aerosol loading there.

The magnitude of the intrahemispheric N-S irradiance gradient produced by the two
volcanic events anomalies were as large as 16% of normal. This suggests the possibility
for a significant effect on hemispheric temperature gradients. -Similar intrahemispheric
gradients were seen in the N. hemisphere after El Chich6n and Pinatubo. The impact on
hemispheric gradients becomes much less after the first 1-1.5 years following the eruption
as the aerosol becomes uniformly distributed in the horizontal and stratospheric loading

diminishes.
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Lastly, the RT-computed Vs were used to obtain highly parameterized models that can
simulate the rigorous results and provide economical higher time and spatial resolution
for additional applications, if higher time resolution aerosol data become available.

A major emphasis has been placed on comparison and verification of each step of this
research. The purpose of this has been to support assumptions, approximations, and
uncertainty analysis of both the RT model and observations. Absolute confirmation of
all aspects of this work cannot be claimed because too few cases were available for
comparison. Instead, there is a good indication that the assumptions were reasonable and
that no major aspects of the problem have been overlooked or incorrectly developed.
Previous research by this author and many others, has allowed this work to focus on the
data assimilation, computation, verification, and application. Many conclusions that can
be drawn from the current work support and refine the earlier works referenced
throughout this study. Foremost of those is that using H,SO, spherical droplets as the
principal long-lived volcanic aerosol results in reflected solar energy dominating
perturbations to the tropospheric radiation budget. A more specific problem addressed
here is quantifying the irradiance anomalies with sufficient accuracy to be useful in
further evaluation of the volcanic impact. Original results from the current work are:
quantitative agreement with original independent observations, demonstration of the utility
of available volcanic t,(A) data, a higher time and spatial resolution of realistic V than
typically presented, development of a tropospheric temperature change model, and new

parameterizations of V.

6.2 Conclusions
Considerable confidence was gained in the ability to compute V because of the

favorable comparison with observations. Because of the confidence in the modeled V,
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it was possible to draw further conclusions based solely on the models that cannot be
readily confirmed with observations, or with caution, from additional observations not
readily modeled. Many conclusions come out of this work, some incidental and others
relating directly to the goals of this research. Those conclusions are listed in the
following under three groups: those based on the comparison between models and

observations, those based solely on observations, and those based solely on RT models.

6.2.1. Following is a list of conclusions based on the comparison between RT models

and observations.

{8 Long-lived volcanic aerosol chemical properties were adequately specified
as predominantly H,SO/H,O spherical droplets in 75% solution, as

proposed previously.

2. Selected surface observations of clear-sky solar irradiance accurately show

the effects of volcanic aerosols.

3. Aerosol size distributions obtained from inversions of spectral optical depth
observations in the A < 1.0 pm region were sufficiently accurate to use in
both solar and IR RT calculations of V, as long as negligible numbers of

particles with r >1.7 pm are included.

4. Global aerosol distribution compilations used in this work did not always

provide sufficient resolution to compute V at individual sites.
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S The combined upward scatter and absorption by volcanic aerosols were
accurately determined by both RT models, solar and IR, using observed
aerosol optical properties and by certain observations of the direct and

diffuse solar irradiance.

6. A simple thermal mass model of the globe and each hemisphere can
reprocuce mean global and hemispheric troposphere temperature anomalies
following an eruption, depending on the time response of the ocean. The
ocean response time may have varied after Pinatubo as compared to El

Chichén.

7. RT models and observations were sufficiently determined so that they can,
with caution, be used individually to further investigate aspects of volcanic
radiative forcing. However, the thermal mass model should not be used

predictively.

6.2.2 Conclusions based solely on observational information accumulated for this

study are listed next.

1. El Chicaén aerosol remained primarily in the northern hemisphere while
Pinatubo eventually spread more evenly to the N. and S. hemispheres. The
aerosols from both eruptions displayed banded latitudinal structure.
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2, The maximum T, immediately following both eruptions was in the tropical
regions, with the maximum occurring in the N. hemisphere after El

Chichén and in the S. Hemisphere after Pinatubo.

3. There was an accumulation of volcanic aerosol in the northern polar region

during the second summer after both eruptions.

4, The globally averaged aerosol optical depth after Pinatubo was greater by
a factor of ~2 than after El Chichén.

5. Volcanic T,(A) measured at three globally separated sites displays a
maximum in the mid- to long-wavelength portion of the visible spectrum

(not shown in detail), which results in an n(r) peak in the 0.3-0.5 pm range.

6.2.3 Conclusions based on the RT models using both observed and hypothetical input

information are given in the following.

j s,V is approximately linearly decreased as underlying albedo is increased,

within limited ranges of other variables.

p The range of aerosol size inversion results obtained from a single set of

T.(A) observations does not significantly affect either ;,V or V.
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Small decreases in solar @y, down to 0.98 simulating impurities in the

H,SO, droplets, do not significantly affect ,,V.

s was up to an order of magnitude greater and opposite in sign to .,V
globally. The effects of this are most readily seen at the surface and
transmitted to the rest of the system by mixing. Direct anomalous radiative
heating of the atmosphere was dominated by IR warming within the

volcanic cloud.

Solar radiative anomalies at specified solar zenith angles as large as 35
W m? were computed and verified with observations to within 10-20%.
Seasonal solar mean anomalies were as large as -10 to -15 W m™. The
maximum mean global ,,V;, was -2.2 and -4.5 W m™ following El
Chichén and Pinatubo, respectively, and decreased to < 0.5 W m™? by 2.5

years after the eruption.

N. kemisphere summer N-S gradients in ,,V;,, were 16% of the normal

and reversed in sign from the first to second year following both eruptions.

Simple multiple linear regression fits to model results provides a tool for
broader application of this work to higher time and spatial resolution
investigations. Aerosol optical depth was by far the most dominant
variable, but with others including, albedo, mean daily solar geometry,

effective aerosol radius, making statistically significant contributions.
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6.3 Concluding Remarks

The spatialotemporal variations of radiative forcing from El Chichén and Pinatubo
vary considerably from previously published estimates of volcanic forcing, primarily
because actual observed aerosol optical property evolutions were not anticipated or
incorporated in those earlier works. Most previous work had concentrated on global or
hemispheric mean quantities with uniform spatial distribution and uniform exponential
decay with time. Present work agrees with those mean quantities, but permits further use
of the radiative perturbation computations because of the spatial resolution. Within-
hemisphere zonal variations of the radiative perturbations affect the global temperature
gradients and may have a profound influence on atmospheric circulation patterns. Figs.
4.17 and 4.18 show an order of magnitude variation in the net tropopause radiative
forcing within a hemisphere. The same magnitude of variation is seen between the two
eruptions, for the same latitude and lapse time after each eruption. Observed spatial
distributions lead to regionalized forcing, the effects of which are not obvious.

Any conclusions concerning regionalized forcing due to volcanic eruptions are only
possible given knowledge of the global evolution of the aerosol using surface-based and
satellite observations. The ability to assess climate impact of any future eruptions will
require at least comparable global coverage. Availability of these data is not assured,
although pending future satellite programs (EOS, SeaWiFS, SAGE III, and AVHRR) will
contribute to this need. Ground-based data were extremely useful in this work because
of the longevity of some records and the ability to continually obtain accurate T,(A) data
during maximum volcanic aerosol concentration. Additional well-located ground sites
would be useful to assure better spatial resolution of t,(A) after the next eruption, with
or without satellite coverage. Surface measurements complement the satellites by

providing economical long-term data that can validate satellite estimates and cover periods
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when satellite data are unavailable. Aerosol optical depth data acquired during
nonvolcanic periods provides information on background, natural variability, any long-
term trends or cycles, and are useful in radiation budget studies in which the level of
accuracy is significantly affected by aerosols. The temperature anomalies following future
eruptions will be difficult to predict with precision, especially with respect to timing of
maximum cooling because of interactions with ocean heat exchange. However, it may
be possible, depending on the availability of aerosol optical depth data, to compute the

amount of energy removed from the system by the volcanically induced anomaly.
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Appendix A. Physical and Optical Properties of Stratospheric Aerosols.

Background stratospheric aerosols have been described in many papers [e.g., Junge
et al., 1961; Toon and Pollack, 1973; Hofmann et al., 1975; Russell et al., 1976; Pollack
et al.,, 1981; Turco et al., 1982]. These aerosols are concentrated in a lower layer of
unknown origin called the Junge layer; this layer is comprised primarily of sulfates in the
submicrometer size range. Optical depth for the background aerosol is about 0.005 in the
midvisible range [Russell et al., 1976] and has only a negligible impact on the earth's
radiation budget [Turco et al., 1982]. The global distribution of stratospheric aerosols
appears to show a tendency for banding with maximums in the tropics and polar regions,
a pattern also seen when excess volcanic aerosols are present [Trepte et al., 1994].

Certain types of volcanic eruptions, explosive with high sulfur content, can propel
large amounts of SO, into the lower stratosphere where it forms small water solution
droplets of H,SO, [Turco et al., 1982; Rampino and Self, 1984]. These H,SO, droplets
increase the background aerosol optical depth by up to two orders of magnitude [Dutton
et al.,, 1994; and others]. Stratospheric volcanic aerosols are sporadic but long-lived,
globally but unevenly distributed, and widely observed but incompletely quantified.

Knowledge of the composition, size, shape, and concentration of these aerosols is
required to allow determination of their optical properties as a detailed function of
wavelength by using Mie theory if the aerosols are spherical. With the aerosol optical
property information, it was possible to proceed with the RT computations necessary to

determine V, as discussed in Chapter 3.
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A.1 General Physical and Chemical Description

The specific physical/chemical description of the initial volcanic effluent varies
among volcanoes, among different eruptions of the same volcano, and during a given
eruption depending on the geological setting of the volcano and force of the eruption [Self
et al., 1995, and references therein]. The magnitude of V depends strongly on the total
quantity of the ejected SO, lofted into the stratosphere and subsequently converted to
sulfuric acid, H,SO,, droplets [Rampino and Self, 1984; Turco et al., 1982; and others].
Pinto et al. [1989] suggested that droplet concentration and mass steadily increases with
increasing SO, mass up to a point where additional mass begins to sufficiently increase
the particle radius (r) and causes increasingly rapid precipitation of H,SO, out of the
stratosphere. Pinto et al. also point out that certain chemical feedback processes will limit
the conversion of SO,. Both El Chichén and Pinatubo injected less than 30 Mt SO,
[Amer. Geophys. Union, 1992], which according to Pinto et al. [1989] was well within
the range of linear increase in aerosol optical depth with mass of injected SO,. SO, that
reaches the stratosphere forms liquid drops of H,SO,/H,O with an e-folding time of about
30 days [Hofmanr. and Rosen, 1983; Read et al.,, 1993; Winkler and Osborn, 1992].
These droplets remain suspended in the stratosphere for up to several years [Cadle et al.,
1976; Turco et al., 1982; Yue et al., 1991; Stone et al., 1993].

The properties of material other than H,SO, in the long-lived volcanic cloud are not
well known. Other components of the volcanic effluent are either gases (CO,, H,0O, CO,
and HCI) that do not contribute to particle formation in the stratosphere (some water goes
into the formation of H,SO, solution), or solid crustal particles that mostly fall out within
a few days to one month [Self et al., 1995]. Samples collected by balloon over Wyoming
1.5 to 2 months after the eruption of Mt. Pinatubo showed that 95-98% of all volcanic

particles in the stratosphere were aqueous H,SO, with no indication of a solid particle
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nucleus [Sheridan et al., 1992]. Small amounts of crustal material have been observed
attached to H,SO, droplets, up to one year after the eruption [Shapiro et al., 1984]. Lacis
et al. [1992] simulated small additions of crustal material by increasing the aerosol solar
absorption to reasonable limits, with only a minor effect on V. It is common to consider
the long-lived stratospheric aerosols to be solely liquid drops of H,SO, in 75% solution
with water [e.g., Pollack et al., 1976; Coakley and Grams, 1976; Harshvardhan, 1979;
King et al., 1984; Lacis et al., 1992]. The extent of agreement between RT models that
use H,SO, droplets as the sole aerosol material and irradiance observations (as
demonstrated in Chapters 4 and 5) indicates that the actual presence of other materials is
unimportant.

SO, injected into the stratosphere by El Chichén and Pinatubo was estimated to be
8-10 Mt and 16-20 Mt, respectively [Krueger, 1983; Bluth et al., 1992]. These estimates
are subject to minor modification [A. Krueger, NASA, Goddard, personal comm.]. Many
other eruptions have occurred in the past 20 years [Amer. Geophys. Union, 1992], but
have either failed to produce large amounts of SO, (e.g., St. Helens in 1980) or have
failed to loft a large enough portion of SO, into the stratosphere (e.g., Nyamuragira in
1981.) The material making up the aerosols becomes particularly important when
considering the material's complex refractive index (m) which is necessary to compute
scattering and absorption from Mie theory.

Volcanic H,SO, droplets are assumed to be spherical because of the theoretical shape
of micrometer and submicrometer size liquid drops and based on direct observations.
These drops are spherical because surfz:.lcc tension forces dominate other forces on the
liquid molecules, depending on size. Larger drops are subjected to additional forces that
can distort their shape; however, for the size range of particles considered in volcanic

clouds (< 1.5 pm) such distortions are minor. With concentrations of the droplets in this
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size range being < 300 cm™ collisions between droplets that could cause other distortions
are virtually nonexistent [Goodman et al., 1994; Deshler et al., 1993]. This concentration
and size of particles also relate to the validity of application of Mie scattering theory to
multiple spheres as discussed later. Given that the volcanic aerosols of interest are
spherical droplets of H,SO, in solution with H,O, the main additional physical features
of interest are size distributions, lifetime in the stratosphere, and their spatial distribution

during that lifetime.

A.1.2 Size Distribution

An aerosol size distribution is a size-resolved number concentration (n(r)) for the
aerosol population. The distribution is often expressed as the number of particles within
a specified range of sizes, dn(r)/dr (or sometimes dn/dlogr.) A general description of the
evolution of the volcanic aerosol size distribution based on observations and theory was
given by Hofmann and Rosen [1983], and Pinto et al. [1989]. The aerosol grows quickly
during gas-to-particle conversion, initially from sub 0.1 pm particles to distributions with
a peak r between (.15 pm and 0.3 pm, sometimes with a secondary mode at 0.6-1.1 pm,
and finally to a distribution with a peak r up to 0.4-0.5 pm. This secondary peak is not
well understood and was observed to vary with time, altitude, and the size resolution of
the measurements. It may result initially due, in part, to the crustal component and later
due to growth of droplets from the smaller radius peak. Hofmann and Rosen [1983],
Stone et al. [1993], Deshler et al. [1993], and Goodman et al. [1994] all show a second
mode near r = 0.7 um about one year, or more, after the eruptions. Michalsky et al.
[1990], Deshler et al. [1993], Goodman et al. [1994], and Dutton et al. [1994] show the

evolution of volcanic aerosol size distributions during the first two years following major
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eruptions. - Various sample volcanic aerosol size distributions used for the current work
are given in Chapter 2.

The largest particles in the size distribution have the most significant impact on the
IR absorption and may not be well determined because most observational records did not
provide reliable data at r 21 pm. Balloon sounding data from Wyoming data show no
aerosols >1.5 pm [T. Deshler, personal communication.] The Improved Stratospheric and
Mesospheric Sounder (ISAMS) on board the Upper Atmosphere Research Satellite
(UARS) have provided infrared aerosol optical depths [Lambert et al., 1993] consistent
with no significant contribution from particles larger than 1.5 pm. Sensitivity studies
presented later show that there was only a small change in ;,V as a function of the large
particle tail variations. A very strong peak at greater than 1 pm can have important
influence on ,,V as investigated by King et al. [1984]. A peak at such a large radius was
only rarely reported following El Chichén and was nonexistent in the size distributions
deduced for this study.

Stratospheric lifetime of an aerosol is also related to its size by determining its fall
velocity [Kasten, 1968]. Other processes such as induced vertical motion due to heating,
droplet growth and evaporation, and horizontal and vertical advection also affect
stratospheric aerosol lifetimes.

Because of the remoteness of volcanic layers from the ground, greater than 22 km in
the tropics for both El Chichén and Pinatubo, opportunities to measure aerosol sizes in
situ are limited to occasional aircraft missions [e.g., Shapiro et al., 1984; Goodman et al.,
1994] which can only reach the lower portion of the cloud, or are limited to isolated
balloon flights [e.g., Hofmann and Rosen, 1983; Deshler et al., 1992]. Remote sensing

of the cloud from the surface or moving platform permits estimates of the aerosol size

143



distributions [e.g., King et al., 1978, 1984; Asano et al., 1993; Dutton et al., 1994] as

discussed in Sec. A.2.4.

A.1.3 Geographical Extent

Information on the geographical extent and magnitude of a particular volcanic cloud
is crucial to a climatic assessment of V, particularly the extent to which heating
perturbations will be spatially distributed. There is little ability to predict when or where
a volcanic eruption will occur and there is even less ability to estimate its potential
climatic impact, ie., stratospheric injection of SO, [Self et al., 1995]. Location and
season of a major stratospheric SO, injection partially determine the initial global aerosol
distribution. The predictable and random components of the stratospheric circulation,
coupled with radiatively induced dynamics within the cloud, are responsible for the
remaining features of the stratospheric distribution [Young et al., 1994].

Initial estimates of the mass of SO,, its approximate height, and horizontal dispersal
immediately following an eruption can be detected with TOMS sensors. TOMS can only
follow the cloud for the first few weeks because of the rate of SO, conversion to H,SO,.
Visible satellite imagery can also detect and track the water vapor and ash in the initial
eruption plume, in some cases for two to three weeks during which time the material can
complete one circuit around the world [Robock and Matson, 1983]. Ground stations
directly in the path of the original plume [e.g., DeLuisi et al., 1983] and reconnaissance
aircraft directed to the plume [e.g., Valero and Pilewskie, 1992] also obtain early
information on the dispersion of the cloud.

As the long-lived stratospheric aerosol layer forms and spreads it can be detected and
quantified by existing surface-based stations where radiometer, sunphotometer, and/or

lidar observations exist. Satellites and aircraft play a key role in monitoring the dispersal
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of the volcanic aerosols via remote sensing techniques using either atmospheric path
attenuation or emission [e.g., Barth et al., 1982; McCormick and Veiga, 1992; Stowe et
al., 1992; Sato et al., 1993]. Single or broadband wavelength observations are sufficient
to detect and quantify the relative magnitude of the cloud while multiple wavelength
observations can also monitor the evolution of the aerosol size distribution. Specific data

used for the spatial distributions of El Chichén and Pinatubo are given in Chapter 2.

A.1.4 Height of Aerosol

The height of the aerosol cloud helps establish how long it will take the cloud to
settle out of the stratosphere since gravitational settling is a notable removal mechanism
[Pinto et al., 1989]. A 0.07-pm radius particle would take five years to fall out of the
tropical stratosphere, starting at 25 km, while a 0.3-pm droplet would take just over a year
[Lambert et al., 1993]. This second value is roughly consistent with observed e-folding
time of stratospheric volcanic optical depth [Stone et al., 1993]. Aerosol height data are
also needed for correct placement of the volcanic material in a vertically resolved RT
model, however, the modeled V in the troposphere and at the surface has little dependence
on the exact height of the lower stratospheric cloud [Lacis et al., 1992].

The cloud height can be measured with lidar [e.g., McCormick et al., 1978; DeFoor
et al.,, 1992; Post et al., 1992] at those sparse locations where such capabilities exist.
Height data may also be obtained by certain limb scanning satellites (e.g., Stratospheric
Aerosol and Gas Experiment [SAGE] I and II, Stratospheric Aerosol Monitor [SAM] I
and II, Solar Mesosphere Explorer [SME], and Upper Atmosphere Rt;.search Satellite

[UARS]). Balloon and aircraft sensors also provide occasional information.
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A.2 Aerosol Optical Properties

Optical properties required to solve the RT equation (discussed in detail in Chapter
3 and Appendix C) are the spectral scattering and absorption optical depths, T,5(A) and
Taa(A), respectively, and the directional scattering pattern described by what is commonly
known as the scattering phase function, P(8), where 0 is the angle between incident and
scattered radiation in 3-d space. The relevant spectral range is 0.2-4 pm for solar (SW)
and 4-100 pm for the IR. Total aerosol optical depth, T,5(A) + Tos(A) or T,(A), can be
defined in several ways, but it may be most illustrative to refer to Eq. A.1, which

describes the total attenuation of a beam of direct radiation.

7,(}) = m[fz(l)] Al

L,(3)

In Eq A.1, I, is the incident monochromatic intensity and 1, is the exiting monochromatic
intensity from a verzical path through aerosols only. It was assumed that the addition of
other atmospheric constituents to the path did not affect T,(A) and each additional
contribution was additive to the total optical depth, T. It is possible to find clear-sky
TA.(A) directly from observations of the direct solar beam using photometric techniques
[e.g., Shaw, 1983; Dutton et al., 1994; and discussion in Sec. 2.1.1]; however, it is not
possible to use only T,(A) to separate the scattering and absorbing components, or to
deduce any information about the phase function. Numerous and extensive, but
incomplete, observations of t,(A) after Pinatubo and El Chich6n will be extremely useful
in computing the related V.

Techniques have been developed to measure or estimate aerosol absorption from

observations, either in situ or remotely [e.g., Rosen et al., 1978; Ogren et al., 1981; Clark
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and Charlson, 1985]. Most require specialized equipment that was not widely deployed
for making extensive atmospheric observations. One approach was to obtain an estimate
of aerosol refractive index, m = n, - in;, and compute T,5(A) from Mie calculations. The
refractive index for H,SO, in various percentages solution with water has been given by
Palmer and Williams [1975]. The absorption of solar radiation by volcanic aerosols is
expected to be small because n, < 10 for H,SO,, which is below the limits of
detectability of observation techniques. Aerosol absorption is often expressed in terms
of the single scatter albedo, W, = T,5 (A) /T,(A). Ogren et al. [1981] and Clark et al.
[1983] report stratospheric w, >(.98 following the eruptions of Mt. St. Helens and El
Chichén, respectively; this value was consistent with an H,SO, aerosol with a small
amount of contaminant. At the longer solar wavelengths and in the thermal IR
becomes large and the absorption by a sufficient concentration of droplets is significant.

Few techniques for directly measuring P(8) have been developed [Tanaka et al. 1989]
and no results following El Chichén or Pinatubo are known to have been reported.
Directional scattering of solar wavelengths by 0.2 < r < 1.0 pm spherical particles is
largely in the forward direction [van de Hulst, 1957]. Since the amount of energy lost
to the troposphere is mostly in the backscattered portion, small changes in the scattering
pattern could make large percentage changes in lost energy. For RT computations,
reliance is generally placed on P(8) found from Mie theory after having determined a size

distribution [e.g. King et al., 1984 and Hansen et al., 1992]

A.2.1  Mie theory
The mathematical solution describing the absorption and directional scattering by a
single isolated spherical particle whose size is near or larger than the wavelength of

incident radiation is typically attributed to G. Mie in 1908 and has historically been called
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Mie scattering theory. (Stephens [1994] points out that identical but earlier work was
done by Lorenz in 1890 with contributions from Clebsch in 1863, and that there is a
current movement to rename Mie theory to Lorenz-Mie theory.) Several expanded recent
works have provided the mathematical tools for routine Lorenz-Mie solutions [van de
Hulst, 1957; Wiscombe, 1980; Bohren and Huffman, 1983]. A useful and well-tested
computer code, called MIEVO, for Mie scattering by a single spherical particle was
distributed by W. Wiscombe (at NASA/Goddard) and was the basis of the Mie
calculations in this work.

The Mie solution to attenuation by a spherical particle yields a scattering and
absorption efficiency, Qs and Q,, and a complex amplitude function, S(®), which contains
the directional dependence after van de Hulst [1957]. These quantities have A, r, and m
dependencies. The A and r dependencies are carried by the size parameter, x = 27rr/ A.
For a given value of x and m, the scattering and absorption extinction cross section for
a single particle is then given as 27r’Q; and 27rr°Q,, respectively, and the phase function

is given by Eq. A.2. MIEVO returns Q;, Q,, and 5(®) and the Legendre coefficients (a,)

P@©) - 4r—SOLF
[15(®) 20 &2

where: () = solid angle

P(®) = ;;a,P, A3
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necessary to express the phase function as a Legendre expansion given by Eq. A.3, where

P, is the /th Legendre polynomial and n+/ is the number of terms to be used.

A.2.2 Mie calculations for a population of spheres

Scattering and absorption by a population of aerosol particles are frequently found by
applying the assumption that the particles are sufficiently separated in space such that
there is no interaction between them, and then integrating their individual contributions
[Diermendjian, 1969; Hansen and Travis, 1974]. Total vertical column aerosol number
concentrations following volcanic eruptions can be as high as several times 10’ cm™ at
an aerosol radius of 0.3 pm. This translates to the aerosols' maximum optical cross
sections filling 5% to 6% of a cm™ Although there is no fixed value at which the
noninteraction assumption becomes invalid, these seem near the upper limit. The
noninteraction and summation assumptions are used for all applications in this work.

Optical properties over a broad range of wavelengths for a population of spherical
particles can be directly computed from Mie solutions if size distribution and refractive
indices are known, using Egs. A.4-A.6. When numerically integrating over the size
population it is necessary to sum over individual cross sections and amplitude functions,

and then compute resulting extinction and phase function using the total geometric cross-

T,s(A) = fsz,().,r)n(r)dr Ad

7,(A) = [mr2Q,(\n)n(r)dr AS

P(®,}) = - [2nr2Q (A NP (@ A1)n(r)dr A6
TAS ;
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section of all particles [Hansen and Travis, 1974]. All computed quantities in Egs. A.4 -
A.6 still have a spectral and aerosol refractive index dependence. A computer program,
MIEV0X, was written, based on MIEVO, to compute the extinction efficiencies, Legendre
weights, and integrate using Eqs. A.4-A.6 for all necessary wavelengths. Computed
extinctions and phase functions for test size distributions are compared to those of
Diermendjian [1969] in Table A.1.

Table A.1 Aerosol population optical properties computed by MIEVOX compared to
Diermendjian (1969)

Aerosol Diermendiian MIEVOX

Model A T @  P(0) P(90) P(180) T @  P(0) P(90) P(180)
Haze M 0.7 .105 1.000 5.17 .008 .0192 .106 1.000 5.18 .009 .0197
Haze M 1.19 .088 1.000 2.86 .009 .0109 .08% 1.000 2.85 .007 .0108
Haze L 1.19 .022 1.000 1.52 .015 .0099 .023 1.000 1.52 .013 .0098
Haze L 1.94 .0089 .9804 .925 .029 .0139 .0090 .9804 .920 .018 .0133
Haze H 0.70 .0(¢99 1.000 .954 .012 .0109 .0100 1.000 .952 .014 .0109
Haze H 1.94 .0C07 .9443 .,255 .096 .0467 .0007 .9443 .255 .049 .0467
Haze H 3.00 .0C39 .0814 .174 .114 .0783 .0039 .0814 .174 .057 .0783

A.2.3 Size distributions from Mie inversion theory

Inverse Mie calculations can be preformed to derive estimated aerosol size
distributions from t,(A) observations and a reasonable value of m [e.g., King et al., 1984].
This was accomplished by the iterative solution of Eq. A.5 for n(r) as described by
Yamamoto and Tanaka [1969] and King et al. [1978]. Application of inverse techniques
requires consideration of observational error and the fact that the inversion process does
not yield a unique solution. Inversion solutions using King's method are constrained
according to a specified uncertainty in t,(A). This uncertainty is difficult to quantify

accurately. Sensitivity of RT models to varying Mie inversions for a single T,(A) is
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discussed in Appendix D. Following is a discussion of the Mie inversion process using
computer code supplied by M. King (NASA, Goddard) and called RADINV.

A refractive index of 1.45 + 0.00i is appropriate for H,SO, over a wide range of solar
wavelengths and was used here in RADINV. The Qg and Q, for a large range of x were
computed from forward Mie theory with the results saved for subsequent computations
for a range of wavelengths. 1,(A) and an estimate of its accuracy were specified. A first
guess size distribution was taken as the linear log-log distribution proposed by Junge
[1963] which can easily be calculated from one parameter (slope) fit to the T,(A) vs. A
data. Inversion outcomes are sensitive to the first guess solution. Inversions are also
sensitive to the particle size range over which a solution is sought. Size range should be
restricted to the approximate wavelength range in input t,(A), since information beyond
that range diminishes quickly. The exact size range cannot be uniquely specified and
solutions are not always found, depending on the variability and uncertainty in T,(A).
When a solution is found, the size distribution will closely reproduce the T,(A)
observations in forward Mie calculations, subject to specified convergence limits and the
uncertainty in the observation. For El Chichén, Pinatubo, and background cases, a
solution was most always obtained for the Junge best fit initial guess and size range from
0.1 £0.02 pm to 0.9 0.2 pm. This range closely bounds the t,(A) observations used and
is near the expected and observed range of most aerosol sizes.

Relationships between directly observed and inverted n(r) are investigated in Chapter
5, Sec. 5.1.1. Uncertainties are known to exist in both sources of n(r) information and
ideal comparisons were not possible. Inverted size distribution will be used for most of

the investigations of V because T,(A) observations are more continuous and common.
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Comparisons in Sec. 5.1.1 between V computed with inverted n(r) and computed with

directly observed n(r) show only minor differences.

A.3 Summary

Given that a volcanic cloud is H,SO, spheres in 75% solution, aerosol optical
properties necessary for RT calculations can be found, if accurate 1T,(A) observations are
available. The approach of using T,(A) inversions instead of directly observed size
distributions was taken because continuous time series of T,(A) are more abundant and
because it insures that reasonable spectral extinction will be introduced into the RT
models. The number of wavelengths, the frequency of observation, and the spatial
distribution of available measurements will determine the resolution and completeness
of V that can be computed for any given eruption. An important task becomes acquiring,

assembling, and validating sufficient information on a global scale.
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Appendix B. Observational Uncertainties

The observations used in this study are subject to potentially large and detrimental
errors. Comparison between observed and calculated V will be no better than the
combined errors of the two. It was, therefore, important to be aware of observational
errors when introducing observations into models and when contrasting models with the
observations for verification. Following is a summary of the possible errors believed to

exist in the observational data used in this work.

B.1 Monochromatic Optical Depth

An analysis of possible errors in sunphotometer observations of T,(A) was given by
Russell and Shaw [1975], Dutton et al. [1984], Reddy et al. [1990], and Russell et al.
[1993], among others. Errors arise from calibration, wavelength specification, Rayleigh
and path determination, temperature sensitivities, temporal stability, and instrument
sensitivity and resolution. Typically, a well calibrated and characterized narrow band
sunphotometer will produce aerosol optical depths to within 0.015 optical depth units.
Observations under ideal conditions where the assumptions implicit in the Langley
calibration process are frequently valid can consistently yield T to within £0.002 [Dutton
et al., 1994].

Subtraction of the tropospheric background to obtain perturbed stratospheric optical
depths introduces additional error for the applications here. Such errors are not easily

quantified since the observed value is a vertically integrated sum of the two. The
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standard deviation of the background tropospheric aerosol is a measure of uncertainty
caused by the subtraction of that aerosol from that following a volcanic event. At MLO
the normal background aerosol optical depth is 0.007 at 500 nm and is generally
considered insignificant in the presence of a major volcanic eruption, except for the
determination of return to background. At other sites where tropospheric aerosols are
more abundant the problem is more serious [Kent et al., 1994].

Accurate stratospheric aerosol optical depths should be obtained from the SAM I and
IT and SAGE I and II satellites because they are self-calibrating relative to the actual
extraterrestrial solar constant with each orbital scan. This was true until the sensors fail
to detect the sun through aerosol saturated paths. .The SAGE II data saturates near T, =
0.02 km™ (vertical extinction) [Thomason, 1992] varying with wavelength depending
mostly on the wavelength dependence of Rayleigh scattering. Until saturation begins,
SAGE II optical depth should be accurate to better than 0.001, according to thresholds
reported by Thomason [1992]. During the Pinatubo event these accuracies were
maintained for the edges of the initial spreading cloud and for the upper layers of the
cloud where less aerosol resided [Pitts and Thomason, 1993]. Attempts are underway to
correct for the saturation [L. Thomason, NASA/Langley, personnel communication] using
independent observations and reasonable downward extrapolations when saturation was
encountered. Also, SAGE II takes approximately 45 days to complete a global survey,
not including polar regions. Zonal averages, such as those used by Sato et al. [1993],
formed from this data have unknown additional uncertainty due to these data gaps. While
longitudinal variability in the Pinatubo aerosol was observed by SAGE II, AVHRR, and

ERBE [Minnis et al., 1993], it was not specifically considered in the current work.

154



B.2 Wideband Optical Depth

The wideband aerosol optical depth derived from AVHRR channel one (0.55-0.71
num) [Rao et al., 1989 and Stowe et al., 1992] have not been assigned an uncertainty by
the authors. Other data sources now suggest that the AVHRR 1, data are accurate to
within ~0.05 (Fig. 2.7), although this accuracy may be per chance since the procedures
used in the derivation of the AVHRR 1, are applicable specifically to tropospheric
aerosols.

Wideband aerosol optical depths reported by Dutton and Christy [1992] have a higher
level of uncertainty than monochromatic observations because of the dependence on
absolute calibration and more complex data reduction. An accuracy of no better than 0.03
was assigned to that data. Those t,(vis) have been quantitatively used in this work only
to evaluate the general global distribution of aerosols, examine the relative impact at
several sites between the two eruptions, and to scale local t,(A) when no better

information was available.

B.3 Size Distributions

Hofmann and Rossen [1984], Oberbeck et al. [1983], Knollenburg and Huffman
[1983], Deshler et al. [1993], and Pueschel et al. [1994] discuss uncertainties in some
types of direct aerosol size distribution measurements. Published error bars suggest <10%
error in the size range of 0.1-0.6, and up to >100% at the larger sizes. Common error
sources are due to inlet losses and calibrations. King et al. [1978] present an error
analysis of their size inversion procedures, which obviously varies with the accuracy of
input information. Inverted size distributions were compared to those directly observed

in order to confirm inversion performance (Fig. 2.10 and Pueschel et al. [1994]).
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B.4 Solar Irradiance

Accuracy and precision of solar irradiance observations using surface-based
pyranometers is a well-studied subject [e.g., Dutton et al., 1985b; Meyers, 1988;
Kozelmann et al., 1993]. Lack of pyranometer accuracy was blamed, in part, for failure
to verify computed ¢,V following Agung [Coakley, 1981] and following El Chichén [Mass
and Portman, 1990]. The absolute accuracy of a typical pyranometer of U.S. manufacture
can be held to better than +0.5% under clear skies when nonlinear calibration functions
are used [Nelson end Dutton, 1994]. Typically, only linear calibration scaling factors
were applied in the pyranometer data reduction. For the linear scaling factors the
percentage errors can become large, >5%, for zenith angles 275° due to typical cosine
. response errors in the instrument. For selected instruments with better than average
cosine response error, the total error can bc =~ 5 W m™ or 1%, whichever is larger, over
the entire range of zenith angles [Dutton, 1990b]. Because of the sensitivity to zenith
angle, measurements made at the same zenith angle with the same stable, or frequently
calibrated, instrument should be used when looking for a small temporal change in
irradiance.

Concerns over pyranometer cosine response errors are reduced if the total solar
irradiance is measured with a combination of a pyrheliometer and a shaded, diffuse,
pyranometer. In this configuration, the pyranometer is always measuring only the diffuse
sky irradiance, which is subject to less cosine response error. The MLO total irradiance
data were acquired in this manner and the pyrheliometer was routinely (monthly)
intercompared with an active cavity radiometer, Eppley Kendall #12843. These MLO
data are expected to have better than normal accuracy, < £1% over long periods. At
other sites used in this study the typical well-executed pyranometer accuracies of 2%

and short-term precision of +1% apply for 6, < 70°.
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Temporal drift in the pyranometer sensitivity is a potential major source of error once
an instrument is calibrated and sent to the field; therefore, the rate of sensor sensitivity
change must be known. Although not all of the post Pinatubo calibrations have been
completed, all the surface irradiance data acquired and used here were from instruments
known to have less than ~0.5% per year drift. Errors of interest here are relative errors
over 1- to 2-yr periods and are, therefore, < 1%. However, automated unattended
operation of these instruments, and other surface-based instruments discussed previously,
can invite gross errors such as those due to shading and other obstructions of the sensors.

Such obvious errors have been removed from the data base during editing operations.
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Appendix C. Radiative Transfer Equation and Atmospheric Models

The basic RTE has been developed using physical aspects of the transmission of
electromagnetic raciation through a homogeneous, semitransparent, absorbing, scattering,
and emitting medium. Its derivation and commonly used geometry and notation are given
in several text books and references. The recent formulations given by Liou [1992] are

used in the following development. Eq. C.1 is an expression of the RTE in its most

general form.

dl, = (I,-J,)ds, C.1

where:

I, = incident radiation from one direction into a volume;

d/, = net gain or loss of radiation within the volume, along the original direction;
J, = any sources into the forward direction;

ds ; = slant path optical depth of the volume;

(Note: A dropped in subsequent development except where necessary for clarity).

The source term in Eq. C.1 includes both the emission and scattering into the path.

Emission into the path (B) is given by Planck's Law, Eq. C.3,

J = B+Mj C2
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3.2
B(A,T) = _2hve” C3

hcvfk’T_l

where:
h = Plank's constant;
v=1/%
k" = Boltzmann constant;
¢ = speed of light;
T = temperature (K).
The multiple (first term RHS) and single scatter (second term RHS) into the direction of

the original beam can be formulated by Eq. C.4,

2r1

- ma J / mo /i, 4
MS 3 G-!}‘:I;[(?J_L)POL,# )d#d(b . EFBPO'L’I'Lo)e ’ -

where:
u = cos(B), 0 is the angle of interest relative to a reference plane;
P = Scattering phase function, describing the scatter from p' into p;
F, = incident solar irradiance;
Ho = cosine(B,), 6, is the solar zenith angle.

As is common in many RTE solutions, P is replaced by its Legendre series representation,

Eq. C.5.

P(8) = P(p.p') = );a;P;OL)P;(ﬂ’) Cs5
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Two separare equations were conveniently developed, one accounting for only solar
radiation, A < 3.0 pm, and the other for thermal IR, A 24.0 pm. The lower limit for the
solar and upper limit for the IR are determined by the tails of the Planck function when
the integrated area under the Planck curve is no longer significantly contributed to by
shorter (solar) or longer (IR) wavelengths. These limits were chosen to be 0.18 pm and
100 pm, respectively, where less than 1.3% of the Planck energy (at representative
temperatures) lies beyond either of those limits. The justification for the separation of
solar and IR at = 3.5 pm for earth climate related studies is fourfold, although the exact
boundary is arbitrary within the approximate range of 3-5 pm. First, there is
insignificant energy at longer wavelengths in the sun's emission spectrum (as measured
at a distance of 1 A.U. from the sun) at longer wavelengths. Second and similarly, there
is negligible energy at shorter wavelengths for Planck curves at terrestrial temperatures.
Third, the scattering described by Eq. C.4 is small, ®, < 0.05 in the IR wavelengths (see
Fig 2.8), such that multiple scatter can be neglected. Fourth, a variable-geometry
direct-beam source need only be included for the solar source. Therefore, two simplified
monochromatic RTEs can be developed, which when spectrally integrated over separate

ranges, adequately account for the radiative energy in the atmosphere.

C.1 Solar Radiation Model

The RTE applicable to solar wavelengths was formed by dropping the emission terms
from Egs. C.2 and C.1 and addressing the complexity of the multiple scattering term.
Multiple scattering becomes important at shorter solar wavelengths in Rayleigh scattering,
over a large range of wavelengths in water/ice clouds, and with larger aerosol optical
depths 20.3 [van de Hulst, 1957], such as encountered after volcanic eruptions.

Maximum vertical aerosol optical depths encountered after El Chichén and Pinatubo were
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0.4-0.6, but when slant paths are considered, these are increased accordingly,
approximately as 1/cos(6,).

A goal was to be able to compute upward and downward solar irradiance at various
levels in the atmosphere given seasonally variable incident solar intensity and geometry
at the top of the atmosphere, optical properties of the atmosphere, and surface reflection.
Optical properties include total optical depth (), the relative scattering and absorption,
or attenuation, by aerosols and molecules (1-w, and ®,), and P; all as a function of
wavelength.

The coordinate system used with the RTE is shown in Fig. C.1, where the vertical
coordinate is optical depth and the horizontal domain is taken as infinite and plane
parallel. © defines the direction of travel, relative to the vertical for a given radiant beam;
0 = 0 is directed downward. Individual streams of radiation are denoted by ‘the directions
;. The plane-parallel assumption is most valid near the earth's surface and degenerates
with height where downward beams do not necessarily intersect the earth's surface.
(From an altitude of 30 km, the earth's limb subtends an angle of 169°, such that
downward directed energy between 6 = 90° and 84.5° in the plane-parallel coordinate
system will not intersect the earth's surface.) Solar energy lost from the surface in
spherical compared to plane-parallel coordinates at these and lower altitudes is minimized
because of the small range of affected angles, the forward and backward peaked Mie
scatters, and the solar zenith angles at which most of the daily integral energy is received.
The plane-parallel coordinates will be considered valid up to the altitudes of interest in
this work, < 30 km, although calculations to complete the vertical profile are carried out
for higher altitudes. Azimuthal variations are not considered in the subsequent

development.
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It is convenient to separate the solar RTE into two separate equations, one for the
directly transmitted solar beam, and one that describes the diffusely transmitted or
reflected (scattered) radiation, with the total resultant flux at any level being the sum of
vertical components of the two. Directly transmitted radiation is given by the straight

forward solution of Eq. C.6.
I =I;¢ o C.6

The basic RTE for diffuse solar radiation (radiance) is obtained by substituting Eq.
C.5 into Eq. C.4 and combining Egs. C.1, C.3, and C.4. Then, ignoring thermal sources

and assuming azimuthal independence gives Eq. C.7,

dl w, Y l ; @ ad In
p— =I1-—=Y aP,u) [P, du'-—Y a,P,u)P,(-1 Foe#"
dr 2 g ik )];f ) 4«,); Fiw) ‘-( 0) C7

-rlp,
* Oy ptoFoe

where: 8, ,,, = 1if u=p, or =0if u#pu,
Because of the nonlinear term, /(u)P(u ), the direct analytical solution to the solar RTE
is not possible. Various approximate solutions to Eq. C.7 have been advanced and are
commonly used. Arbitrarily accurate solutions are possible, depending on the number of
quadrature angles used, by discretizing the equation and solving a system or ordinary
differential equations. Recent improvements in numerical techniques have provided a
practical and stable method for accomplishing this solution for nonhomogeneous
atmospheres [Liou, 1980; Stamnes et al., 1988; and references therein]. The DO

technique is adapted here to obtain irradiance fields in a realistic atmosphere, influenced
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by stratospheric volcanic aerosols. The DO solution is summarized below, after Liou
[1992].
The integration over zenith angle is replaced with a summation over Gaussian

quadrature angles, as in Eq. C.8.

1
[fe) = ¥ x:fex) €8
2, 1 ]

In Eq. C.8, y;s are appropriate quadrature weights [Liou, 1980]. Substituting Eq. C.8

into Eq. C.7 and dropping the second direct beam term gives:

dl(f,p.i) w, ¥ Ll
K I-—=% aP Oli)EP:(“j)x,'f("'s#j)
d‘f 2 1=0 j=-n C.9
W, d -7/}
- E;Z..; a,P ()P (-1,)F e ™ .

Eq. C.9 can be simplified by choosing forj =1 ... n for u, j = -1 ... -n for -, u, for

the solar zenith angle, defining X, = 1, and combining the following definitions:

W N
= —OXjEGJPU‘i)PJ(ﬂj)s C.10
273
c.. ©..
b'.J. =l = L C.11
H; ;
F
I(r, - "’*‘0_0. C.12
(r ﬂo) € o



For Legendre Polynomials, ¢; ; = ¢, and ¢ ; = ¢;; for j # -0, thus

dal(t,pm) &

Denoting vectors of upward and downward streams by I' and I, respectively:

I+ = 1(1', j""i)i-l—m C.14
I~ = I(Tv_ﬁj),'q..,

and

’f =bij=b.y C.15
b~=-b,;=b, ..
Combining the above gives:
dlr b* b ||I” C.16
drir-| |-b -b*||I]

Here, b* and b~ represent the transmission and reflection from above the intervening layer
represented by dt, and -5* and -b” represent transmission and reflection of a radiant beam
from below the layer.

Equation C.16 constitutes a system of ordinary differential equation for which a

solution is possible. One possibility is to assume a homogeneous solution of the form
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i Cc.18

given by Eq. C.17. Substituting Eq. C.17 into Eq. C.16 gives Eq. C.18, which is a
standard eigenvec:or/eigenvalue problem for which numerical solutions exist. Stamnes

t al. [1988] show further simplification by recognizing the symmetry of the b matrix that

(B*-b)(b*+b)(d'+0) = K¥(¢'+0) C.19

allows Eq. C.18 to be neduccd' to C.19 by expanding Eq. C.18, adding and subtracting the
two equations and solving for (¢* + ¢"). Equation C.19 is also an eigenvalue problem and
is solved for (¢* + ¢°) which is substituted into equations from intermediate steps in
deriving C.19 to solve for ¢* and ¢, which, with x; are substituted into Eq. C.17 to obtain
radiances. A final complete solution is possible when appropriate boundary conditions
at the top and bottom are specified. The numerical details of solving Eq. C.19 and
application to a vertically inhomogeneous medium were given by Stamnes et al. [1988]
and references therein.

Downward and upward diffuse irradiance is computed from:

1
Fd‘fl = Zﬂf[(f,u)du
0 C.20

0
Fut =2m f I(7,p)ds.
-1

The vertical component of the direct solar beam, at any height T is given by

166



-1/
Fy =g Fp ™ C.21

and spectral integration for the solar downward (SD), upward (SU), and net (SN)

irradiance are given by :

30
SD = f(Fdir+ ),
02

3.0 C22
SU = [F,td,
02

SN = SD -SU.

C.2 Thermal Infrared Radiation

IR is considered here solely originating from the earth's surface or atmosphere.
Multiple scattering and reflection in the thermal infrared are generally negligible since for
the aerosols , is < 0.05 (Fig. 2.8) and ground and water surface emittance is near 1.0.
The applicable radiative transfer equations are developed from Eq. C.1 and C.2 excluding

solar sources and multiple scattering terms, as given by:
- c23
dr
The solution to Eq. C.23 is obtained by multiplying by e ™, rearranging terms, and

integrating from one level to another. This yields:
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I(7,p) = I(r",w)e ks _‘1: f B(T)e ks, C.24

In Eq C.24, T anc T are taken at the top and bottom of the layer, respectively. (Note:
single scattering out of a beam is accounted for by using total optical depth in the
attenuation terms.) Irradiances were formed from computed radiances as before with Eq.

C.20.

C.3 RTE Model Implementations

Useful implementation of the solutions to RTE for climate related problems in the
atmosphere requires integration over wide spectral ranges and must account for the
vertical, horizontal, and temporal inhomogeneities of the atmosphere. Widely used and
tested numerical solutions to Eq. C.18 and Eq. C.24 applicable to the earth's atmosphere
have been provided by Stamnes et al. [1988] and Kneizys et al. [1988], respectively.

Application of each to the current problem is given next.

C.3.1 DISORT, solar wavelengths

The Stamnes et zl. [1988] solution to Eq. C.18 through Eq. C.20 was distributed by
the authors in Fortran code called DISORT. DISORT computes monochromatic radiances
and irradiances for a layered medium where t, @, and P are specified for each layer and
the upper and lower boundary conditions, incident irradiance at the top, and surface
reflection at the bottomn, are given. For irradiances, the number of quadrature angles, or
streams, must be specified and P provided and resolved accordingly. P is input as the
Legendre weights, a,, which were computed by MIEVOX, if the size distribution and
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refractive index are known. The vertical coordinate in DISORT is accumulated T, starting
with O at the top. Upward and downward irradiances and/or radiances can be returned
at any value (level) between 0 and .

The complete atmospheric solar radiative transfer model developed here, based on
DISORT, will be subsequently called DISORTX. Figure C.1 identifies the layer structure
for the multilevel model developed to account for the inhomogeneous atmosphere.
DISORTX has 33 layers, 16 for Rayleigh and 17 for gases and aerosols. Gaseous
absorption of O,, O,, H,0, and CO, are accounted for. For the shorter wavelengths (<
0.65 pm) the molecular absorption coefficients were used. At wavelengths longer than
0.65 pm the correlated k-distributions [Lacis and Oinas, 1991] for O,, H,0O, and CO,
- were used to account for highly structured spectral gaseous attenuation.

Atmospheric constituent concentrations and their spectral optical propérties were not
provided with DISORT. The five seasonal and latitudinal variable model atmospheres of
McClatchey et al. [1972] — mid-latitude winter and summer, subarctic winter and summer,
and tropical — were used to incorporate vertical profiles of O,, O,, H,0, CO,, air density,
and air temperature into the models. Air pressure and temperature were required to scale
the absorber amounts and to specify Rayleigh scattering, as discussed in Sec. C.3.2 and

Sec. C.3.1.2, respectively.

C.3.1.1 Correlated k-distributions

Spectral integration of the RTE is complicated by terms in Eq. C.18 that include ™
because T is highly variable over narrow spectral ranges. Band models have been
developed [e.g., Goody, 1952], which allow ¢* in the RTE to be replaced by a statistical
transmission function. Pressure and temperature dependencies of the band models were
explicitly accounted for over a defined homogeneous absorber path. This approach

becomes invalid in vertically nonhomogeneous atmospheres, particularly when multiple
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scattering is included, because specifying temperature and pressure dependencies of
absorption coefficients over the large variety of paths is impossible. The vertically
correlated k-distribution method of Lacis and Oinas [1991] offers an approach by which
spectral integration can be carried out over wide (5-70 nm) intervals under these
conditions because the line-by-line temperature and pressure dependencies are retained.
The vertical correlation of the k-distribution allows the same bands to be used over the
entire vertical range of the model, assuming only that the relative positions of the strong
and weak bands do not change. While this assumption is not strictly valid, the accuracy
of the correlated k-distribution method is within 1% of the line-by-line models over a
wide range of conditions [Goody et al., 1989; Lacis and Oinas, 1991].

The k-distribution technique was developed by recognizing that the order of
integration over spectral lines in a finite band width, over which the incident radiation can
be considered constant with wavelength, was not important. Liou [1992] gives a

derivation of the k-distribution that allows one to express the transmission as:

Ty(w) = [e™dr = [e™“fik)dk, C.25
AL 0

where:
T = transmission;
u = absorber amount;
k = extinction éocfficicnt;
f(k) is the probability distribution function of k, over the wavelength

interval under consideration and is defined such that:
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[fikydk = 1.0« C26
0

Integrating f{k) over k to define g(k) as:

k
g(k) = [f(k'yak’, C27
0

and then use Eq. C.27 to determine k(g) = g (k) so that:

4. - k@),
T, = [e*e*dg ~ Ye Ag, C28
0 J

where du; is an absorber amount over a homogeneous sublayer. This replaces a very high
resolution integration over A with lower resolution over g in intervals of Ag. The same
arguments can be applied whenever e™ appears in Eq. C.18 by replacing it, for each

layer, with

e = ¢ CIkEm), C29

where 1' is from spectrally smooth varying constituents.

Then, designating the resulting radiances or irradiances from any level within the model

as Fy,,, the total over a narrow spectral interval, or band is:

171



Fy, = Z:ij@)A&" C.30
j

When multiple absorbers are present in a wavelength interval, Eq. C.31 applies.

Fy, = E EF kj(S)-k,,.(g)Anggm' C.31
] m

Values of Ag; for specified k;s were determined from least-squares fits to Malkmus band
model parameters using line-by-line data and were supplied here by M.D. Chou [NASA
Goddard, through P. Stackhouse, personal communication) for water vapor, carbon
dioxide, and oxygen in the 0.67-4.0 pm range in 20 cm™ band widths with 37 subintervals
within each band. Bands with overlap between gases, primarily H,0 and CO,, therefore
required up to 37 solutions of DISORT for each band; this is far fewer than what would
have been required to achieve the same accuracy with line-by-line computations.
Correlated-k is particularly advantageous in multiple scattering models because each
calculation with a single value of k(g) can be treated monochromatically through all

vertical levels.

C.3.1.2 Rayleigh scatter

Rayleigh scatter enhances the irradiance incident at the bottom of a stratospheric
aerosol layer and, to a lesser extent, decreases that incident on top. Since Rayleigh
scattering has a separate and distinct phase function from aerosol scatter, every second
model layer was designated as a Rayleigh scattering layer, between aerosol scattering and

gaseous absorbing layers. Layer Rayleigh optical depth is given by:
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o = (pl—p2)0.008771'4'05, C.32
2 1013.25

[Robinson, 1966; as adjusted to results of Young, 1981]. The Rayleigh phase function

is:

P,(8) - %(1 +cos¥(9)), C.33

which can be expressed by three Legendre polynomial weights of 1, 0, and 0.5.

C.3.1.3 Aerosol layers

For the aerosol and absorption layers, 7, and ®, were determined by Egs. C.34 and
C.35. The scattering phase functions for these layers are represented by Legendre weights
returned from MIEVOX for appropriate aerosol size distributions. It has been suggested
by Kondratyev et al. [1981] and Liou [1992] that the phase functions for aerosols and
Rayleigh scatterers could be weighted and combined in single layers but that approach
was not used here. The entire vertical structure of the model was input into the
DISORTX RTE program for a single execution for each spectral and sub Ag interval.
Tropospheric aerosols were not explicitly included because very little was known about
the global distribution of their optical properties, although the net effect of tropospheric
acrosols on upwelling short wave radiation at the bottom of a stratospheric layer was

included in the treatment of tropospheric albedo, Sec 2.8.

173



T, = +Ek(g)#(g)ui n =no. of k-dist constituents

o as=r, 1
or C.34
m
T, = Tw.-+):1:"c;uf m=no. of constituents A < 0.65 um
=
g
W, = A CJ35
i T

Spectral integration was achieved here by specifying optical properties over 127 bands
and summing individual DISORTX output over 0.18 to 3 pm. The extraterrestrial solar
spectrum used here, taken from Bird and Riordan [1986], is shown in Fig. C.2. The
spectral resolution is variable and was selected to represent the major spectral features of
the convoluted extraterrestrial spectrum and atmospheric attenuation. Constituent optical
properties were applied at the midpoint of each spectral band.

Surface reflectance was specified at the lower boundary in DISORTX. The albedo
specified in DISORTX depends on the application. For comparison to local clear-sky
irradiance observations, an appropriate local surface albedo was specified. When using
DISORTX to simulats seasonal means for zonal regions the ERBE derived albedos were

used.

C.3.2 IR, LOWTRANT7

Although the IR RTE (Eq. C.24) is inherently simpler than the solar expression
because of the absence of multiple scattering and ®, = 0.0, additional complexity is
encountered in the largs number of absorbing gases with complex spectral features across
almost the entire spectral range. DISORT includes the IR terms of the RTE, but
comparisons between an IR version DISORTX and LOWTRANT7 code suggested
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deficiencies in the supplied k-distribution information in the IR region, or its
implementation in DISORTX. (Comparisons to LOWTRAN7 in the solar regions
indicated no probiem with the k-distribution implementation.) Since LOWTRAN7 also
includes spherical atmospheric geometry, several additional trace constituents, and water
vapor continuum, LOWTRAN?7 was chosen for the IR calculations in this study. The
details of the development, implementation, and utilization of LOWTRAN7 were given
in Kneizys et al. [1980, 1983, and 1988] and are summarized briefly in the following.

LOWTRANT7 uses a discrete form of Eq. C.24 to compute IR radiance in any
direction at any level in the model, as given by:

N
N -(r -= — _; ME(fA‘fS)

LOww) =Y e @B Tye™ + BAT,)e T . C36

il

In Eq. 36, N is the total number of levels, T is temperature, | is the starting level, an
overbar represents a mean of the layer, level | is the level at which the radiance is being
computed, and subscript b indicates value at the boundary. Over small but finite spectral
intervals, the exponential expressions in Eq. C.36 are replaced by transmission functions
for gases based on empirical fits to transmission as a function of scaled absorber amounts
using Eq. C.37. Inclusion of 7, accounts for any scattering out of the incident direction,
which is the only scattering considered. Small amounts of Mie scattering occur due to
the larger aerosols in the shorter wavelengths of the IR band. The B(T,) term in Eq. C.36
only exists when the path through the atmosphere originates at the earth's surface, i.e.,
upward radiances. Transmissions are the products of the contributions from the different
constituents. The gaseous transmission is defined by empirically determined functions

with pressure and temperature scaling of the absorber amounts, u, as given by:
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ut - ul |Po C37

where: p, is the reference pressure, p is the actual pressure, and n varies

from 0.5 to 0.9 depending on constituent being scaled.

A single transmission function was used for H,O, and the major uniformly mixed
gases, and a second function was used for O,. Uniformly mixed gases included were:
CO,, CH,, CO, N,0, NH,, and SO,.

The water vapor continuum was included as a separate transmission expression and
is a function of water vapor partial pressure, atmospheric total pressure, and temperature.
Aerosol scattering and absorption transmission are given by ¢ ™ and e ™, respectively, and
the phase function was introduced as the asymmetry factor. For this study, user defined
aerosol optical parameters were introduced into stratospheric layers of the LOWTRAN7
model in 30 spectral bands. This aerosol information was obtained from MIEVOX for the
same aerosol size distributions used in DISORTX, but integrated over a size parameter
range optimized for the IR bands.

Irradiance profiles were formed from separate LOWTRANT7 runs at each quadrature
angle, upwards and downwards, and at each desired level. The full vertical resolution of
the model was retained to permit examination of ,,V at many levels. Model runs have
20 cm™' spectral resolution and were performed for the five model atmospheres with the
surface temperature equal to the lowest level air temperature. The IR multi-stream

atmospheric model developed for this work calculates vertical irradiance profiles from
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multiple runs of LOWTRANT7 using the specified aerosol optical properties as determined
in this study. This IR model is referred to here as LOWTRAN7X.
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Appendix D. Sensitivity Tests

To examine the relative importance of the various model variables and to compare
these results to previous models, sensitivity tests were preformed by either varying a
single model variable over an appropriate range, or by changing a model assumption.
Lacis et al. [1992] examined a one-dimensional multiple scatter RT model for scnsiﬁvity_
to several features of volcanic aerosols and concluded that midvisible aerosol optical
depth and aerosol size effective radius are the two most important variables relative to
potential climatic impact of volcanic aerosols, with optical depth being most important.

Several sensitivity tests with DISORTX and LOWTRAN7X were made to examine
the influence of optical depth, size inversions, albedo, atmospheric model profile, source
of aerosol size data, number of radiant streams, temporal averaging, and single scatter
albedo. The effect of within grid spatial averaging of atmospheric constituents was not

investigated because of lack of appropriate data.

D.1 Optical Depth

There is an obvious strong relationship between optical depth and V following from
the elementary formulation of the equations of radiative transfer. This sensitivity is less
obvious for realistic atmospheres with an integration over the complete spectrum and the
effects of multiple scattering. This relationship is expected to be linear over a range of
the smallest optical depths, becoming more nonlinear as multiple scattering increases.

This linearity also depends on underlying albedo.
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The sensitivity of V to T, was computed over the narrow wavelength range 0.53-0.57
pm. Figure D.1 shows the change in tropopause net solar irradiance for 1,(500 nm) in
the range 0.02-3.6 pm for otherwise fixed DISORTX parameters. The zenith angle for
Fig. D.1 is 65° so the slant path optical depth is 2.4 times that for 0°, the abscissa
parameter. The sensitivity (slope in Fig. D.1) varies at different wavelengths depending
on other attenuators (primarily water vapor), n(r), and multiple scattering. A small T,
linear range is seen to exist from 0 to ~0.5. With the zonal and seasonal mean solar
zenith angles to be used later in this study ranging from 85 to 50°, the need for including
multiple scatter, when considering globally varying volcanic forcing, becomes apparent.
A better test for the need to include multiple scattering is to examine the diffuse field
integrated over the solar spectrum.

This importance of multiple scattering as a function of optical depth is shown in Fig.
D.2. The difference in downward diffuse irradiance computed for single scattering and
multiple scattering at different albedos and zenith angles is shown. It is clear that
multiple scattering becomes important at the >10 W m™ level for optical depths greater
than = 0.2 and has therefore been included in all solar calculations. With the scattering
optical depths in the IR wavelengths not exceeding 0.02 for the volcanic cases considered,
multiple scattering was not included in the IR computations.

Sensitivities of ,,V;, to aerosol optical depth for a fixed aerosol, H,SO,(75%) and
specified n(r), but for different 8, and albedo are given in Fig. D.3. Figure D.3 shows
that the ,,V;, response to increasing stratospheric aerosol optical depth be either negative
or positive, depending on 6, and albedo. Further evaluation of the 6, and albedo

dependencies is shown in Sec. D.3
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D.2 Size Distribution

As pointed out previously (Secs. 2.4 and B.3), there is uncertainty in the aerosol size
distributions available for this study. Model sensitivity to this size uncertainty was
considered. Lacis et al. [1992] show the effects of varying the parameters of a Gamma
size distribution, although the Gamma distribution may have been chosen more for
computational convenience than consistency with observations. RT model sensitivity to
uncertainty in n(r) resulting from the size inversion process used here is considered next.

Sensitivity of V to uncertainties in inverted size distribution was explored by running
DISORTX and LOWTRANT7X for a variety of size distributions obtained from a multiple
Mie inversion of a single set of spectral optical depth observations, as shown in Fig. D.4.
The different size distributions arise from different initial guesses and inversion radius
ranges. Distributions shown in Fig. D.4 show a tight clustering in the size range

corresponding to the wavelengths at

Table D.1 Statistics related to V7, and .V,
computed for the different size distributions
shown in Fig. D.4.

which the optical depth observations

were made but are varying by orders

of magnitude in the larger and smaller Mean S.D. Max. Min.
(W m?)

sizes. Table D.1 shows the variations

in ;,Vy, and ,,V;, computed using each vy 1033 0022 L3 102

of the size distributions in Fig. D.4. V7 -297 0508 -28.6 -30.2

The percentage range in radiative

forcing is 9.7% in the IR and 5.6% in the solar, although the magnitude is 15 times
greater in the solar. Comparisons between V computed with in situ measured sizes and
those obtained from nearby spectral optical depth inversions were considered in Section

3.1:1.
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D.3 Albedo and Zenith Angle

The effects of varying surface and water/ice cloud induced reflectance on ;,V was
reported by Harshvardhan [1979]. Surface and tropospheric cloud reflectivity varies with
season, latitude, and longitude. Sensitivity to changes in underlying albedo increase with
increasing incident solar zenith angle [Harshvardhan, 1979]. Several albedo sensitivity
tests were performed.

To examine the albedo effect as a function of 6,, a spectrally abbreviated (0.53-0.57
pm) DISORTX calculation was performed over a range of 6, and albedo for aerosol and
no aerosol cases. The albedo and 8, effects are shown in Fig. D.5. As expected, the
change in V7, becomes less as surface albedo increases for a fixed solar zenith angle.
Also, for a fixed surface albedo ss,,V7, increases with increasing solar zenith angle, until
= 77° when the total energy decreases rapidly. The radiative forcing is negative or
positive dependirg on zenith angle and albedo. Over the global grid range of zenith
angles (50° to 81°) and tropospheric albedo (0.2 to 0.6), ss,,Vy, remains negative for this
aerosol size distridution.

Figure D.6 shows the computed change in TOA albedo for the same conditions as in
Fig. D.5 except the change in albedo has been normalized to unit optical depth, consistent
with a similar result of Harshvardhan [1979, his Fig. 4]. Results similar to
Harshvardhan's are seen considering he used a different phase function and multiple
scattering scheme. Normalized planetary albedo increases with zenith angle (Fig. D.6).
This is due to forward scatter being increasingly scattered into the upward direction and
increasing direct beam path lengths in the aerosol layer. (Note that the plane parallel
coordinate assumptions become less valid at large zenith angles.) Since the tropospheric

albedo increases with latitude, for a given aerosol optical depth the impact of the aerosol
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should decrease, but this effect is countered by the increasing mean solar zenith angles.
These compensating effects will, of course, vary with season.

Throughout this study the lower boundary reflectance was treated as Lambertian
rather than bidirectional. The impact of this practice is expected to be minimal since
hemispheric irradiances were used and have been forced to equal observed TOA
hemispheric irradiance albedos. (Although, bidirectional functions were applied to
originally derive the ERBE results.) A brief investigation into the effect and applicability
of non-Lambertian reflection follows. Minnis and Harrison [1984] give several surface
bidirectional reflectance functions for differing surface types and incident solar zenith
angles. The largest effect is over water surfaces and was of particular interest here
because of the large oceanic areal extent. The functions of Minnis and Harrison were
variable in zenith and azimuth and were based on November 1978 GOES-East
observational data. These functions over ocean and within the vertical solar plane were
used to simulate the effects of non-Lambertian surface reflection in the DISORTX model
for a single test case. Reflectance variation in the solar plane only was used, and hence,
the surface reflectance function was not truly bidirectional but rather varies only in the
zenith angle coordinate of the model.

Non-Lambertian surface reflectance was introduced into DISORTX at the lower
boundary by specifying the Legendre polynomial weights that represent the bidirectional
reflectance function relative to the incident solar direction. The weights for the Minnis
and Harrison [1984] functions were obtained by acquiring the digital reflectance data from
P. Minnis and deriving the weights that describe the function for a given solar angle.
Figure D.7 shows such a function, both as originally obtained from Minnis and from a
Legendre expansion. Reflectances have been renormalized to the solar plane (originally

normalized over a hemisphere) and have been multiplied by a mean Lambertian albedo
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of 0.24. These reflectances are higher than what would be expected for the ocean alone,
but were used since the mean albedo represents the tropospheric reflectance used in the
global DISORTX models. This was a "worst-case-scenario" since the higher albedo value
includes cloud reflection that is closer to Lambertian, according to Minnis and Harrison
[1984].

As an example of the non-Lambertian reflection effect, ¢,V;, was computed for a
single case with and without the non-Lambertian surface reflectance. For the Lambertian
case, 5,Vr, was -21 W m™ with an albedo of 0.22. Because the model assumes azimuthal
symmetry, the non-Lambertian function (Fig. D.7) was introduced into the model in two
halves, one for incoming solar quadrant, p = 1.0 to 0.0, and one for the anti-solar
quadrant, p = -1.0 to 0.0. In the solar quadrant the surface reflectivity was decreased to
0.084 and V;, increased accordingly to -25.9 W m™, consistent with the albedo
sensitivity (Figs. D.5 and D.6). Similarly, the albedo was increased to 0.37 when the
anti-solar reflection function was used and ;,V;, was decreased to -10.7 W m™ for an
average of 18.3 W m? compared with the 21 W m™ for the Lambertian case. The
upward reflected radiation at the tropopause, averaged over zonal bands and seasons is
expected to be much less distorted than this example because of clouds, land surfaces, and

haze.

D.4 Single Scatter Albedo and H,SO, Solution Concentration

The ®, values used here were found by using the imaginary refractive index of 75%
sulfuric acid/H,0 solution and MIE calculations using a chosen size distribution.
Departures from these @, values could arise from two principal sources: small amounts
of contaminants from the original eruption plume [e.g., Sheridan et al., 1992; Pueschel

et al., 1994] and/or variations in the H,SO, solution concentration (C). To examine these
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possibilities, sample computations were carried out with larger and smaller values of C,
and by decreasing ®, in small steps to simulate solar energy absorbing impurities.

As a test, both DISORTX and LOWTRAN7X were run for grid-box 820304 with
65% and 85% H,SO, solutions. The computed tropopause net irradiance ranged from
614.2 W m? to 612.7 W m™ in the solar and -273.75 W m™? to -273.79 W m? in the
IR. These ranges correspond to a 6% and 4% change in of the computed ¢, V7, and ;, V7,
respectively. In both cases, the energy into the troposphere decreased as the concentration
was increased. Since the percent solution has not been confirmed more accurately than
in this approximate range [Grainger et al., 1993] the computed V will be only as accurate
than indicated by these percentages. Accurate single scatter albedos, or imaginary
refractive indices, for crustal material and other possible contaminants in the volcanic
aerosol are not generally known. Incorporating material other than H,SO, would have the

greatest effect in the solar region where @, is taken to be

Table D.2 Sensitivity of

near 1.000. To simulate the inclusion of impurities, R )
saV7, tO variations in .

DISORTX was run for grid-box 820304 at 0.55 pm with
Wo A Ve (%)

the imaginary part of the solar refractive index (um)

consecutively increased. Table D.2 shows relative 1.000 0.55 100.0

0999 055 1014
0998 0.55 102.6
removes additional energy from the troposphere but  0.995 0.55 106.2

0990 0.55 1123
would result in further warming of the stratosphere, 0980 0.55 1243

. N . 0970 0.55 1364
thereby affecting equilibrium ;,V. The actual heating of 0950 0.55 160.3

increases in gV, as @, decreases to 0.95. This increase

the stratosphere has been constrained by observations

[Christy and McNider, 1994] such that any enhanced IR effects due to increased solar
heating were limited to those that can be calculated using the observed AT. In summary
saV7, increases, ,,V;, decreases and ,,V;, remains nearly the same where @, is decreased.
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These results are consistent with those of Lacis et al. [1992] in that small possible
fluctuations in w, do not significantly change ,,V;. Much observational data cited in
previous references support the fact that solar @, for volcanic aerosols is not less than
0.98. Since the @y, is already small (< 1.0) in the IR, the addition of absorbing material

has minimal effect and is not considered in these calculations.

D.5 Atmospheric State Profiles

Vertical profiles of atmospheric state variables in this study were seasonal and
latitudinal mean models developed prior to either eruption [McClatchey et al., 1972], and
are a source of additional uncertainty since they are not actual conditions. Because the
model domain was seasonal, large variations from the seasonal model atmospheres are not
to be expected. To evaluate the potential uncertainty arising from this assumption, the
V differences among the five model atmospheres for otherwise fixed parameters were
examined as shown in Table D.3. The range in

Table D.3 Volcanic radiative

sa¥7, 18 2.7%; this is most likely due to forcing for fixed model inputs except

o . e for different model atmospheres as
variations in water vapor. The IR irradiance j,dicated.

anomalies range over 125% due to both
Model atmos. .V; Vi

variations in water and temperature. A more

representative range of the actual profile MLS 033 479
. ) MLW 048 4.70

departures might be the difference between SAS 041 4.5
SAW 074 4.83

MLW and SAS, which is only 17% in the IR. TRP 0.59 4.79

Since the IR component is a factor of 10 less

than the solar, the large percentage uncertainties in the IR have relatively little effect on

4.V, which has a maximum range of 13% for the extremes in Table D.3.
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D.6 Number of Radiant Streams

Calculated irradiances become increasingly accurate as more radiance streams are
used and integrated via Gaussian weighting (Eq. C.8). Computational limitations restrict
the number of streams to a minimum that yields acceptable results. Table D.4 shows
downward diffuse irradiance at the tropopause

for different numbers of radiant streams. Ten Table D.4 Irradiances calculated for

different numbers of downward radiance
streams, five up and five down, were chosen yaams at the tropopause for a volcanic

for normal DISORTX computations where FIOBCA AL
asymmetric aerosol scattering is prevalent, No. Irrad. Dn. Model

Dn. (W m?
whereas only four (two up and two down)

2 11238 DISORTX(15km
were used in the IR where scattering is 3 11131 " ( )
minor. Four streams are more accurate near 4 1126 )

5 11137 B
the surface than higher because of the 6  111.43 i

7 111.46 i
tendency for water vapor saturation near the 8 111.46 !

1 3833 LOWTRANT7X(surf)
surface to produce an isotropic radiance field 2 3913 "

3 3934 "
at many wavelengths. According to Table 4 3939 "

D.4, additional streams at the higher altitudes ; }‘;g A p- TRANTE(] Sem)
would be desirable. More streams become a i 1’6)‘(6) :

problem in LOWTRAN7X because of the

earth curvature. Wit curvature some upward

paths to not intercept, or originate at the earths surface giving erroneous results. The
choice of the number of streams in the IR is less critical than in the solar when it comes
to differencing aerosol and non-aerosol cases because IR radiance fields are less

directionally dependent.
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D.7 Spatial and Temporal Averaging

To reduce computational demands in finding global, temporal, and spectrally complete
evolution of volcanic radiative forcing, large-scale spatial and temporal averaging was
invoked. Uncertainty introduced because of this grid and the implied averaging was next
examined by using a higher spatial and temporal resolution over one grid-box and
comparing to single calculation for mean grid-box conditions. It was assumed that sub-
grid variations in cloudiness, surface albedo, and atmospheric constituents are random and
the grid box average should be appropriate and not introduce any bias.

Solar zenith angle variations are not randomly distributed over earth's surface or
within a seasonal mean. To investigate, a sub-grid within one latitude band was used.
This sub-grid consisted of 10 equal area latitude bands (each 1/100 the area of the globe).
Daily mean solar zenith angles and solar day lengths were computed for each sub-band.
The mean of all the sub-grid ,,V;, is -2.40 W m™ compared with -2.37 W m™? for the
single grid-box mean. Although these results could vary depending on which grid "box"
was used, this was done for only one box, with the results not warranting further
computation.

The effect of using seasonal average aerosol inputs rather than averaging the model
results for daily varying inputs was investigated. DISORTX computations were
performed using daily Mauna Loa aerosol optical depths and daily solar geometry with
the results averaged for one season. The computed ,,V;, for that season varied by 2.3%
from that using single mean quantities. This uncertainty will obviously vary with latitude
and time and it was not possible to evaluate where actual t,(A) observations did not exist
on this time scale. Similarly, spatial variations within a zonal band cannot be evaluated

with the available data.
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