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ABSTRACT 
 
 
 
TRACKING THE TERRESTRIAL HYDROCLIMATE AND PALEOCLIMATE RESPONSE 

TO CHANGES IN ATMOSPHERIC pCO2 USING STABLE OXYGEN AND CARBON 

ISOTOPES: A PROXY-MODEL COMPARISON ACROSS CENOZOIC EURASIA 

 
 
 

 Despite well-known constraints on the global hydrologic cycle with future warming, the 

response of the terrestrial hydrologic cycle – and hence future available freshwater resources – 

remains uncertain. This is largely due to the difficulty in predicting changes in environmental 

parameters such as precipitation (P), evapotranspiration (ET), and runoff (q). Shifts in the ratio of 

P/ET can be quantified using the d18O of precipitation (d18Op), given that P decreases d18Op and 

ET increases d18Op. Additionally, the d13C composition of soil can provide insight into shifts in P 

and ET by recording the response of vegetation to changing climate.  

 To better understand how the terrestrial water cycle will change with future warming, we 

utilize the geologic stable oxygen and carbon (d18O and d13C) isotope record to reconstruct past 

spatial distribution and longitudinal gradients of d18Op and d13C across Eurasia during periods of 

high atmospheric pCO2. We compile nearly 15,000 samples of authigenic carbonate and tooth 

enamel samples that span the Cenozoic Era across Eurasia. Oxygen isotopes in these proxies record 

the meteoric water d18O signature during the time of mineral formation, which allows for 

reconstruction of moisture transport in the past. Soil carbonate d13C, in turn, captures shifts in 

primary productivity and aridity, providing a complementary viewpoint to changes in the 

hydroclimate response to increased atmospheric pCO2.  
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 The d18O record indicates that the westerlies have driven moisture transport across Eurasia 

since at least the Eocene. Additionally, steeper d18Op gradients correspond with periods of high 

pCO2, suggesting a relatively high P/ET ratio and/or a higher evaporative fraction of ET, which 

preferentially supplies air parcels with 18O and thus steepens the gradient. The d13C record 

demonstrates an increase in aridity in Asia during the late Cenozoic concurrent with stable (or 

slightly increased) primary productivity in Europe. Both isotopic records indicate that 

hydroclimate is driven predominantly by shifts in global climate due to changes in pCO2 and is 

only marginally impacted by dramatic changes in Cenozoic paleogeography.  

 The proxy d18Op gradients were compared to d18Op gradients produced by both a simple 

reactive transport model and by an isotope-enabled earth system model.  Gradients of d18Op 

produced by both models under varying pCO2 demonstrate a mismatch between the proxy and 

model d18O gradient response to CO2 – both models generate shallow gradients during periods of 

high pCO2 (4x Pre-Industrial pCO2) and generate the steepest gradients with the lowest pCO2 (Pre-

Industrial pCO2). The proxy-model mismatch implies that these models may be misrepresenting 

the response of transpiration or the partitioning of P into ET and q at higher atmospheric CO2 

concentrations.   
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Introduction 

 

 

 

The response of the terrestrial water cycle to higher atmospheric CO2 remains unclear but 

has important implications for future freshwater resources in a warmer climate. However, it is 

difficult to constrain the response of the terrestrial hydrological cycle to warming because this 

cycle is defined by several interacting components including precipitation (P), evapotranspiration 

(ET), and runoff (q), each of which may change independently with warming (Pendergrass and 

Hartmann, 2014; Scheff and Friarson, 2014; Scheff et al., 2017). Some components of the water 

cycle are well constrained under projections of higher atmospheric CO2. For example, global mean 

precipitation (and hence global mean evaporation due to mass balance constraints) scale with the 

Earth’s energy budget and have a sensitivity of ~2%/°C (Held and Soden, 2006; Stephens and Hu, 

2010; Pendergrass and Hartmann, 2014). In contrast, saturation vapor pressure should increase by 

7%/°C of warming, per the Clausius-Clapeyron relation, increasing the specific humidity of the 

atmosphere. Though globally P must equal evaporation (E), spatial differences in P-E will be 

amplified in a warmer climate, largely following the ‘wet-gets-wetter, dry-gets-drier’ paradigm 

(particularly over the ocean) as a result of this increase in atmospheric water vapor and moisture 

transport in a warmer climate (Held and Soden, 2006; Seager et al., 2010).  

However, the terrestrial responses of P, E, and ET to warming are more uncertain. This 

uncertainty arises because the land surface plays a critical role in modifying the hydrological cycle 

(Milly and Dunne, 1994). The land surface, unlike over the ocean, is not well-watered, meaning 

that ET is subject to both energetic and mass balance constraints. Additionally, much of the 

terrestrial hydrological cycle is mediated by plants, which use water (i.e., transpiration, T) to fix 

carbon. Although higher CO2 may fertilize plants, spurring increased productivity, plant growth 
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may be limited by other nutrient or water constraints at higher CO2. The response of E from soils 

and T from plants to a higher CO2 world will determine the partitioning of P to ET and to q (Greve 

et al., 2014; Milly and Dunne, 2016; Scheff et al., 2017). Though precipitation is likely to increase 

at high-latitudes, changes in the mid-latitudes and tropics are dominated by regional changes of 

varying sign (Greve et al., 2014; Scheff et al., 2017). Thus, predicting the response of the terrestrial 

hydrological cycle to warming remains unresolved and difficult to constrain with climate models 

(Findell et al. 2019).  

To improve our understanding of the long-term terrestrial hydrologic cycle to warming, we 

use the paleoclimate record to evaluate how these critical parameters – P, ET, and q – will change 

as CO2 rises. We focus on periods of extended warmth and high CO2 during the Cenozoic, which 

is characterized by a global flora regime similar to the modern, dominated by angiosperms. To 

constrain past hydroclimate, we use the stable isotopes of oxygen and carbon as preserved in 

authigenic materials, such as calcium carbonate or tooth enamel. Oxygen isotopes (d18O) are 

tracers of the hydrological cycle and are particularly sensitive to the relationship between P and 

ET. As moisture is transported over a continent, P preferentially removes 18O from water vapor, 

whereas ET tends to resupply the atmosphere with 18O. Consequently, the rate of d18O decrease 

across a continent reflects – to first-order – the ratio of P and ET (and thus q) along a prevailing 

storm track. This isotopic depletion of a single airmass across a continent can be quantified through 

a longitudinal isotopic gradient, which is sensitive to many hydroclimate parameters including the 

fraction of transpiration in evapotranspiration, amount of precipitable water, air temperature, and 

relative humidity. These gradients are particularly useful when studying different geologic periods 

because they are not sensitive to changes in the d18O of the moisture source. In turn, carbon 

isotopes (d13C) preserved in pedogenic materials (minerals forming in soil) incorporate carbon that 
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reflects the dominant regional vegetation type (C3 vs. C4), atmospheric pCO2, and the 

concentration of soil-respired CO2, which reflects overlying plant productivity (Cerling, 1984). 

 Several processes can modify the rainout (and hence d18O) of moisture across land and 

modify the fractionation of d18O between meteoric water and authigenic carbonate. Spatial 

compilations of stable isotopes in the geologic record can be used to distinguish between the 

competing effects on the d18O of water that result from changes in climate, topography, and 

moisture sources, which are otherwise difficult to disentangle from a single sedimentary section. 

For example, temperature-dependent fractionation of oxygen isotopes has resulted in use of these 

proxies to reconstruct past climate change (Baker et al., 2019; Burgener et al., 2019; Lachniet, 

2009; Methner et al., 2020), and the known effect of increased air parcel rainout with higher 

topography is often utilized to constrain paleotopographic changes (Rowley and Garzione, 2007; 

Poage and Chamberlain, 2001; Krsnik et al., 2021; Garzione et al., 2004). Further, mixing of air 

masses with different isotopic compositions can also result in changing the d18O recorded in 

authigenic materials (Caves et al., 2015; Huyghe et al., 2018). These competing effects can be 

distinguished and quantified using large-scale maps of isotopic distribution which allow attribution 

of shifts in d18O to either local or global influences (Caves et al., 2015; Caves et al., 2016; 

Rugenstein and Chamberlain, 2018; Liu et al., 2010; Mix et al., 2011). Maps of d13C can be 

similarly utilized to assign shifts in carbon isotopes to changing atmospheric pCO2, shifts in 

vegetation regimes between C3 and C4 vegetation, and changes in soil respiration fluxes related 

to primary productivity and mean annual precipitation (Caves et al., 2016; Rugenstein and 

Chamberlain, 2018).  

We use isotope maps and longitudinal gradients and profiles of δ18O and δ13C across the 

Eurasian continent through the Cenozoic Era to investigate the response of terrestrial hydroclimate 
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and vegetation to warm periods, characterized by high atmospheric pCO2, to understand potential 

responses to future warming. Eurasia provides a particularly favorable study region as it is the 

largest continental area on Earth and is largely dominated by a single air mass, with moisture flux 

from Europe to Asia driven by the westerlies. Because much of the precipitation that falls over 

Asia is sourced from evaporated continental moisture from Europe, one can isolate the effects of 

higher pCO2 on the terrestrial water cycle and the role of the land surface in driving changes in 

hydroclimate by largely eliminating influence from marine moisture sources. We additionally 

compare the results of the proxy-generated δ18O longitudinal gradients to gradients produced by a 

simple reactive transport model and by an isotope-enabled earth system model. The proxy δ18O 

and δ13C results suggest that the westerlies have driven moisture transport across Eurasia since at 

least the Eocene, and that changes in moisture transport and in vegetation over the Cenozoic are 

driven largely by the decline in atmospheric pCO2 over this period, rather than by the dramatic 

changes in paleogeography. Furthermore, we find that the steepest proxy δ18O gradients correlate 

with periods of high pCO2, and the shallowest proxy gradients occur late in the Cenozoic during 

times of low pCO2.  Additionally, we find that neither the reactive transport model nor the earth 

system model capture the response of steeper gradients with high pCO2, which implies that models 

may misrepresent changes in plant physiology or the partitioning of P into ET and q in response 

to higher pCO2.  
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Background 

 

 

 

i. Oxygen and Carbon Isotope Systematics  

a. Oxygen 

The isotopic composition of precipitation is sensitive to many processes, including changes 

in temperature, the effect of atmospheric circulation patterns on moisture transport, and sources of 

atmospheric vapor (Rozanski et al., 1992; Rozanski et al., 1993; Liu et al., 2010). As an air mass 

travels inland, the oxygen isotopes in precipitation (d18Op) decrease along dominant circulation 

trajectories with increased distance from the ocean (Rozanski et al., 1993; Winnick et al., 2014; 

Liu et al., 2010). Along a storm track, this removal of 18O during condensation is described by 

Rayleigh distillation. Similarly, decreases in surface temperature result in a decrease in d18Op 

(Rozanski et al., 1992). Air masses that converge on a given location from different circulation 

trajectories both may have 1) different initial isotopic compositions and 2) experienced varying 

degrees of rainout, generating distinct d18Op compositions from these independent moisture 

sources (Sjostrom and Welker, 2009; Aggarwal et al., 2012; Liu et al., 2010). The mixing of two 

air masses generates an intermediate isotopic signal between the δ18O of the two parcels at the 

point of convergence.  

 Although the degree of rainout is the main control on longitudinal d18Op gradients along a 

single storm track, Rayleigh distillation alone doesn’t account for spatial patterns of oxygen 

isotopes in precipitation (Winnick et al., 2014; McDermott et al., 2011; Rugenstein and 

Chamberlain, 2018).  The recycling of moisture from the land surface through ET allows air parcels 

to be resupplied with either fractionated d18O from E, which preferentially returns 16O to the 

atmosphere, or approximately unfractionated d18O through plant T, which resupplies air parcels 
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with 18O (Numaguti, 1999; Kurita et al., 2004). Thus, continental moisture recycling is dependent 

on both climatic influences and land surface conditions, such as vegetation and soil moisture 

(Findell et al., 2019). Because transpiration is estimated to comprise much of the ET flux (~64%; 

Good et al., 2015) on a global level, the d18Op along a storm track will be higher than that predicted 

by pure Rayleigh distillation due to this input of 18O back into the atmosphere. 

Topography imparts a substantial effect on δ18O by forcing more rainout in a short distance; 

as air parcels ascend over topography, they become systematically depleted in 18O (Rowley et al., 

2001; Rowley and Garzione, 2007; Rozanski et al., 1993). Paleoaltimetry studies frequently 

exploit the relationship between elevation and d18O to reconstruct the elevation of ranges at the 

time of carbonate formation – thus, these studies are a specific application of fact that δ18O along 

a storm track is set by the degree of rainout vs. ET, with orography forcing more rainout over a 

short distance (Mix et al., 2011; San Jose et al., 2020). However, applying stable isotope 

paleoaltimetry to past climates implicitly assumes that the hydroclimate parameters that control 

d18Op were the same in the past as in the present (Botsyun et al., 2019), which may result in 

erroneous interpretations. Using pre-determined theoretical or empirical isotopic lapse rates can 

produce uncertainties in paleoelevation estimates given the high degree of sensitivity of d18Op, and 

thus the d18Op-elevation gradient, to regional or global climate change, or to changes in 

atmospheric circulation patterns caused by topographic deflection of air masses (Huyghe et al., 

2018; Botsyun et al., 2019). Additionally, uplift of a range may induce hydroclimate changes by 

increasing runoff partitioning and decreasing recycling of moisture through ET (Kukla et al., 2019; 

Rugenstein and Chamberlain, 2018), further modifying downwind d18Op. 

The isotopic composition of past meteoric water is recorded in a variety of authigenic 

materials, including pedogenic (soil) carbonates, lacustrine (lake) carbonates, and speleothem 
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(cave) carbonates (Breecker et al., 2009; Leng and Marshall, 2004; McDermott et al., 2011; 

Lachniet, 2009). Carbonate that forms in lake or soil water is generally thought to be in isotopic 

equilibrium with the water in which it forms; thus, the d18O of meteoric water (d18Omw) is related 

to the d18O of carbonate (d18Oc) through a temperature-dependent fractionation (Rugenstein and 

Chamberlain, 2018; Kim and O’Neil, 1997). To reconstruct d18Omw from the d18Oc of proxy 

materials, approximations of the temperature of mineral formation must be used to convert 

between the two values, which may result in inexact d18Op estimates (Burgener et al., 2019). 

However, because the fractionation of d18O between water and calcite varies by only 

approximately -0.2‰/°C at surface temperatures, an error of many degrees would be required to 

considerably outweigh the much more dominant signal of atmospheric processes on d18Op (Kim 

and O’Neil, 1997; Rugenstein and Chamberlain, 2018).  

Similarly, the phosphate and carbonate components of tooth enamel reliably record the 

d18O of the animal’s primary water source (Kohn and Law, 2006). Local isotope signals are 

recorded in bioapatite, a primary component of tooth enamel, through ingestion of organic material 

and surface water (Fricke et al., 2009). d18O is preserved in bioapatite both in a carbonate and 

phosphate component; although the phosphate component is thought to be the most resistant to 

post-mineralization alteration, the carbonate component still retains high preservation potential 

(Kohn, 1996). The d18O of tooth enamel (d18Oe) represents the d18O of body water (d18Obw), which 

itself reflects oxygen uptake (e.g., breath O2 and H2O, drinking and consuming water) and loss 

(e.g., breath CO2 and H2O, water in urine and waste, transcutaneous water loss) during tooth 

development (Kohn, 1996; Matson and Fox, 2010; Domingo et al., 2013). Reconstructions of 

d18Omw from mammal d18Oe offer different complications from that of d18Oc – although the internal 

regulation of body temperature alleviates uncertainty of mineral formation temperature by 
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generating a constant offset of d18Obw and d18Oe of ~18‰, physiological factors (particularly 

related to animal size) affect d18Obw by altering the magnitude of inward and outward oxygen 

fluxes (Koch, 2007; Matson and Fox, 2010; Domingo et al., 2013). Due to these physiological 

differences, various taxa-specific conversions from d18Oe to d18Omw have been established for 

modern mammals, and estimates of paleo-d18Omw rely on comparison to the closest living relative 

of the fossil taxa (Domingo et al., 2013).  

Secondary influences on d18O of carbonate or enamel (d18Oc/e) include evaporation, 

seasonality of isotopes in precipitation, and seasonality of carbonate formation. Evaporation, 

which may occur in lakes and the upper 30-50 cm of soil profiles (Leng and Marshall, 2004; 

Breecker et al., 2009), leads to enrichment in the d18O of the residual water. This can drive d18Oc 

towards more positive isotopic values relative to local precipitation. Although sampling pedogenic 

carbonates below 50 cm may reduce evaporative effects, d18Oc below this depth is affected by 

seasonality. Precipitation d18O—particularly in mid- and high-latitudes—has stark seasonal 

patterns due to differences in ET and total precipitable water that co-vary with the season. In the 

summertime, ET rates and total precipitable water are high, resulting in recycling of moisture back 

into the atmosphere and elevated d18Op (Kurita et al., 2004). During cooler seasons, continental 

ET rates are small and total precipitable water is low, and thus d18Op more closely resembles pure 

Rayleigh distillation, generating more negative d18Op values in the winter than summer and 

producing steeper isotopic longitudinal gradients. Seasonal variations in d18Op are dampened in 

large meteoric water reservoirs, such as large, hydrologically open lakes and rivers (Leng and 

Marshall, 2004). Carbonate formation itself may also be seasonally biased; Breecker et al. (2009) 

suggest that pedogenic carbonate forms when the soil is warm, dry, and has low soil pCO2. 

Speleothems, conversely, are thought to record wintertime d18O signals (James et al., 2015). 
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 These competing effects make it difficult to attribute changes in d18O to changes in 

temperature, net rainout, topography, or in the dominant moisture source that reflect shifts in 

atmospheric circulation when examining data from a single stratigraphic section or a limited 

region. For example, if carbonates in single basin record a decrease in d18O over several Ma, such 

a decrease could be attributed to 1) an increase in regional or global temperature, 2) an increase in 

upwind elevation or elevation in the basin itself, 3) changes in upwind vegetation resulting in a 

lower transpiration fraction of ET, 4) changes in moisture source(s), with the new signal being 

dominated by an air parcel that has a lower initial d18O or has experienced greater rainout, or 5) 

biases in the d18O preserved in the proxy material, such as evaporative effects or seasonality. 

Spatial datasets of d18Op can alleviate some of these uncertainties by reconstructing pathways of 

inland moisture transport using the continental-scale spatial distribution of d18O (Caves et al., 

2015; McDermott et al., 2011; Rugenstein and Chamberlain, 2018; Mix et al., 2011; Liu et al., 

2010; Li and Garzione, 2017). 

b. Carbon 

 The factors that modify δ13C in authigenic minerals are distinct from that of δ18O. Paleosol 

carbonate is thought to form in equilibrium with soil CO2 due to the slow precipitation of carbonate 

and because changes in the soil itself (below 30 cm) occur slowly (Breecker et al., 2010). Thus, 

these carbonates provide a record of soil δ13C at the time of formation. The δ13C of soil carbonates 

(δ13Cc) is driven primarily by the concentration and δ13C of atmospheric CO2 and soil-respired 

CO2 and, following the expansion of C4 vegetation during the Miocene, by differences in C3 vs. 

C4 vegetation cover (Cerling, 1991; 1984). The CO2 required to precipitate pedogenic carbonate 

is derived from root respiration and microbial oxidation of organic matter in the soil (which 

combined equate to soil respiration), and from diffusion of atmospheric CO2 into the soil 
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(Ehleringer et al., 2000; Breecker et al., 2009; Abels et al., 2016). Biogenically produced CO2 in 

the soil mixes with atmospheric CO2, with the net increase in soil CO2 concentrations resulting in 

diffusion of CO2 into the atmosphere (Breecker et al., 2009). The rate of the CO2 flux between the 

soil and atmosphere is influenced by properties such as the strength of the soil-atmosphere CO2 

gradient, air temperature, and wind speed (Raich and Schlesinger, 1992). The resulting soil CO2 

d13C reflects the relative abundance of atmospheric CO2 and its d13C, the production of CO2 within 

the soil via respiration, and the d13C of the soil respiration flux (Cerling, 1984; Breecker et al., 

2009). The d13C of soil is always less than δ13C of atmospheric CO2, and therefore, increasing 

contribution of atmospheric CO2 will lead to an increase in δ13Cc, and vice versa.  

The soil respiration flux of d13C is largely driven by plant fractionation processes, which 

vary between C3 and C4 vegetation types. During photosynthesis, plants discriminate against the 

heavier 13C, with the different photosynthetic pathways in C3 vs. C4 plants resulting in distinct 

isotopic values (O’Leary, 1988). The photosynthetic fractionation of δ13C in C4 vegetation is 

small, resulting in high δ13C values of ~-14‰ (O’Leary, 1988; Ehleringer et al., 2000). This 

fractionation is much greater in C3 vegetation, resulting in lower δ13C values of ~-28‰ (O’Leary, 

1988; Ehleringer et al., 2000). These varying fractionations between different plant types induce 

changes in the δ13C of pedogenic carbonates by significantly altering the d13C of the soil.  

Aridity alone alters the fractionation of d13C in C3 plants; field studies find that the 

fractionation of carbon isotopes during CO2 uptake and fixation by the leaf monotonically 

increases with increased mean annual precipitation (MAP) and thus mirrors trends in gross primary 

productivity (Diefendorf et al., 2010; Kohn, 2010; Bond-Lamberty and Thompson, 2010). 

Increased primary productivity and MAP results in higher soil respiration flux and thus lower 

δ13Cc, whereas lower MAP forces plants to reduce discrimination against the 13C isotope, driving 
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higher δ13Cc values. Thus, anomalously high δ13Cc, prior to the onset of C4 dominance or in 

locations with low C4 abundance, indicates arid conditions. The effect of aridity on C3 plant d13C 

is substantial, with such plants in regions that experience high MAP (i.e., the understory of closed-

canopy forests) having an average d13C of -31.5‰, while C3 plants in extremely arid regions 

(MAP < 10 mm/yr) having d13C as high as -23‰ (Kohn, 2010). 

Although carbon isotope values recorded in soil carbonates are commonly used as a proxy 

to reconstruct past atmospheric pCO2 or the spread of C4 vegetation, their sensitivity to soil 

respiration means they may also be used to reconstruct past soil respiration fluxes (Caves et al., 

2016; Rugenstein and Chamberlain, 2018). In general, lower δ13Cc values correspond with high 

concentrations of soil CO2, and thus high soil respiration flux (Cerling, 1984; Caves et al., 2016). 

Soil respiration fluxes, in turn, correlate with plant productivity (Raisch and Schlesinger 1992). 

Because lower MAP also decreases the depth of carbonate formation, and δ13C decreases with 

depth in the soil, these conditions (aridity and shallow formation) both tend to increase δ13Cc 

(Cerling, 1984; Breecker et al., 2009). Therefore, higher δ13Cc reflects aridity through reduced soil 

respiration fluxes, higher δ13C of soil organic matter due to reduced fractionation of carbon 

isotopes with lower MAP, and/or lower depth of carbonate formation.  

ii. Modern Eurasian Hydroclimate 

Western and Eastern Eurasia are linked via moisture transport along the mid-latitude 

westerlies. Westerly-sourced moisture is the dominant moisture flux between Europe and Asia, 

with continental moisture recycled from Europe as the major source of moisture for precipitation 

that falls over Asia (van der Ent et al., 2010; Wypych et al., 2018; Bisselink and Dolman, 2008; 

Wang et al., 2017). Generally, Europe acts as a source for atmospheric moisture, with 40-70% of 

evaporated moisture in Europe returning as precipitation to a continental area, except for regions 
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of high elevation that drive orographic rainout such as the Alps and Caucuses (Benedict et al., 

2021; Bisselink and Dolman, 2008). Central Eurasia is a major sink region for continental 

precipitation that originated further west in Eurasia, with much of that precipitation eventually 

returning to the atmosphere via ET and reprecipitating over eastern Eurasia (Bisselink and 

Dolman, 2008; van der Ent et al., 2010; Wang et al., 2017). The majority of moisture recycling 

over the Eurasian continent occurs during the summer; overall net atmospheric water transport is 

from the oceans to inland during the winter, and from inland to the oceans during the summer 

(Numaguti, 1999). In the winter, most water in precipitation is derived from the oceans – water 

from the North Atlantic intrudes farther than other oceanic sources due to the strong westerly flow 

in the mid- to high latitudes (Sodemann and Zubler, 2010; Numaguti, 1999). The direct 

contribution of oceanic moisture in the summer becomes proportionately smaller as the amount of 

water evaporation from the land surface increases, with over 80% of precipitated water over 

Eurasia estimated as being supplied by terrestrial evaporation (Numaguti, 1999). 

Despite these linkages, Europe and Asia have somewhat different climatic controls. On the 

western side of Eurasia, the Gulf Stream and North Atlantic Current control modern climate 

conditions (Utescher et al., 2015; Batibeniz et al., 2020). The North Atlantic Oscillation (NAO), a 

meridional oscillation in atmospheric mass which consists of the difference in atmospheric sea 

level pressure between the Azores High and Icelandic Low pressure fields, is linked to variations 

in the location and intensity of the surface westerlies from the Atlantic into Europe (Hurrell and 

van Loon, 1997; Tsanis and Tapoglou, 2019; Brittingham et al., 2019; Varlam et al., 2020). Much 

of the Northern Hemisphere’s multidecadal climate variability is driven by the NAO (Tsanis and 

Tapoglou, 2019; Ruprecht et al., 2002). European climate exhibits distinct seasonality: the NAO 

drives winter climate variability, whereas local moisture recycling becomes more dominant in the 
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summer when zonal moisture transport is diminished (Zveryaev et al., 2008). The Mediterranean 

region is a climatic transition zone, situated between the dry subtropics and more humid Central 

and Northern European mid-latitude climates (Celle-Jeanton et al., 2001; Barcikowska et al., 

2018). Precipitation in the northern Mediterranean is controlled by the NAO, while precipitation 

in the southern part is controlled by the descending branch of the Hadley Cell and cold surface 

water of the Canary Current (Hurrell and van Loon, 1997; Barcikowska et al., 2018).  

Asia currently has wet monsoonal regions to the south and east of the Tibetan Plateau and 

has arid continental regions to the north and west of the plateau (>35°N) (Ao et al., 2021; Cheng 

et al., 2021). This arid region is dominated by the westerlies and lies beyond the reach of summer 

monsoonal moisture (Ao et al., 2021). The meteorological regime in Asia is influenced by five air 

masses: 1) polar air from the arctic, 2) continental recycled moisture from central Asia, 3) tropical 

air mass originating in the northern Pacific, 4) equatorial air mass from the western equatorial 

Pacific, and 5) equatorial air mass from the Indian Ocean (Araguás-Araguás et al., 1998). The 

dominance of these air masses is seasonally modulated by monsoonal activity and the seasonal 

displacement of the Intertropical Convergence Zone (Araguás-Araguás et al., 1998). Climate on 

the eastern side of Eurasia is closely linked to the East Asian Monsoon System, although climate 

in this region is complicated by the high topography (Utescher et al., 2015); the Tibetan Plateau 

acts as a strong delineator of climate regimes in Asia and separates the Indian Monsoon from the 

mid-latitude westerlies (Araguás-Araguás et al., 1998; Ao et al., 2021).  

Due to the influence of topography and varying moisture sources in both Europe and Asia, 

the linkage in moisture transport across the continent via the westerlies is strongly dependent on 

latitude. Areas to the south largely receive moisture from non-westerly sources – the 

Mediterranean is a significant moisture source for southern Europe, and the Asian Monsoon for 
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much of southeast Asia (Numaguti, 1999; van der Ent et al., 2010). Central and northern regions 

in Eurasia are dominated by Atlantic moisture in western Eurasia, then by continental ET sourced 

from westerly upwind locations, particularly in the summertime (Numaguti, 1999; van der Ent et 

al., 2010). Thus, it is critical to identify the predominant moisture source for each region to study 

non-mixed westerly moisture transport across Eurasia.  

iii. Moisture Source Tracking 

 We utilize HYSPLIT (the Hybrid Single-Particle LaGrangian Integrated Trajectory Model) 

to estimate contributions of moisture sources other than westerly/Atlantic (e.g., the Mediterranean 

Sea) to sites located in Eurasia (Stein et al., 2015; Rolph et al., 2017). HYSPLIT computes air 

parcel trajectories, allowing them to be tracked backward in time and space from a given location. 

Since δ18Op is affected by the degree of rainout along a storm track and by air mass mixing, 

HYSPLIT is used to understand how circulation and topography interact to modify moisture 

transport pathways. Air parcel trajectories were backtracked from a gridded set of locations (n=63) 

across a latitudinal range of 40°N to 55°N and longitudinal range of 0°E to 100°E. We find that 

North Atlantic moisture is the dominant (>50%) moisture source for all latitudes (40°N-55°N) 

from 0°E until 10°E, after which the Atlantic moisture only dominates at and above 50°N (Fig. 

A1). Mediterranean Sea moisture prevails at 40-45°N between 10-40°E (Fig. A1). The Black Sea, 

Baltic Sea, and Caspian Sea all have a local influence on nearby locations, usually contributing 

≤50% of the moisture at locations within a 10° radius from the sites (Fig. A1). Finally, beyond 

40°E, recycled continental moisture dominates the signal, with recycled moisture becoming 

dominant among all latitudes between 40-60°E, with northern sites exhibiting mostly recycled 

moisture less far inland (closer to the Atlantic) than southern sites that receive moisture from the 

smaller, regional moisture sources of the Mediterranean/Black/Baltic/Caspian Seas. Based on 
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these HYSPLIT results, we estimate that a westerly-dominated signal lies above 47°N in Europe 

and above 35°N in Asia, with the southern limit of mid-Eurasian westerly moisture falling between 

those (Fig. 1; Fig. A1).  

 Because HYSPLIT only tracks air parcels, and does not specifically track moisture 

pathways, we utilize the Eulerian moisture tracking scheme of the Water Accounting Model-

2layers (hereafter WAM) of van der Ent et al. (2010; 2013) to ensure that the HYSPLIT results 

are accurately capturing movement of moisture across Eurasia. The WAM identifies the source 

region for precipitation that falls over a given location using a backtracking feature, allowing for 

identification of the specific upwind location from where the moisture evaporated (i.e., the 

precipitationshed). For each grid cell and corresponding air column, the WAM accounts for 

incoming moisture from upwind evaporation and adjacent grid cells, moisture mixing within the 

column, and moisture exiting via precipitation using ERA-Interim Reanalysis data during the 

period of 1979-2014 (Keys et al., 2012; Dee et al., 2011). The WAM uses 6-hourly data for 

horizontal and vertical wind, surface pressure, and humidity, and 3-hourly data for precipitation 

and evaporation. We direct the reader to Keys and Wang-Erlandsson (2018) and Keys et al. (2018) 

for further details on the WAM. The WAM was run at three sites (3° x 3° domain) at which 

HYSPLIT had previously been run. Based upon the close match of precipitationsheds generated 

from HYSPLIT and the WAM at the same locations (Fig. A2), we conclude that HYSPLIT 

effectively captures moisture transport pathways and can be utilized to estimate contributions of 

moisture sources to various regions in Eurasia.   
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Methods 

 

 

 

i. Compilation of Proxy Data 

We compiled a database of authigenic mineral stable isotopes (d18O and d13C) from a 

variety of geologic proxy materials across Eurasia that spans the Cenozoic Era (66 to 0 Ma). 

Coupled with a reactive transport model that simulates d18Op, we use this database to distinguish 

how moisture transport has evolved across Eurasia through geologic time. The paleo-data 

compilation includes 143 total publications, with 57 of these publications based on samples 

collected in Europe and 86 from Asia and totals 14,810 unique samples. The portion of the database 

that covers Asia was originally compiled by and discussed in Rugenstein and Chamberlain (2018). 

This compilation is under review for publication (Kukla et al., in review) and publicly available 

on the PATCH Lab website (Kukla et al., 2022a). Although the compilation includes a few samples 

from the Paleocene epoch, the subsequent discussion only examines data through the Eocene, as 

the spatial distribution of compiled Paleocene data is extremely limited.  

The compilation predominantly includes stable isotope data from calcite proxies and tooth 

enamel phosphate, including paleosol carbonate nodules, lacustrine carbonates, speleothem 

carbonate, and mammal enamel from a diverse suite of taxa. Herein, we restrict the discussion of 

d13C exclusively to paleosol carbonate d13C as we are interested in using these values to track 

variations in productivity and plant communities across Eurasia; the discussion of δ18O is not 

limited to any specific proxy. Isotopic data from each study was carefully reviewed for indications 

of evaporative enrichment or diagenetic alteration. Lacustrine datasets with positive covariation of 

carbon and oxygen isotopes were presumed to be evaporatively enriched, and thus only the lowest 

20% of values were used in site-averages from those studies (Rowley and Currie, 2006; Cyr et al., 
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2005; Li et al., 2015). Studies that indicated potential diagenetic influence were not included. 

Although mammal dentine and bone are also often reported in the literature, only mammal enamel 

was used in the δ18O reconstructions, as it is the most resistant to alteration (Kohn, 1996). Enamel 

δ18O from a range of large mammals was used to best ameliorate varying sensitivities of different 

animals to water composition and humidity (Kohn, 1996).  

We also compiled modern meteoric water δ18O data across Eurasia, including precipitation, 

river and stream water, and tap water δ18O from the International Atomic Energy Agency’s Global 

Network of Isotopes in Precipitation/Rivers (IAEA GNIP/GNIR) database and the Waterisotopes 

Database (IAEA/WMO, 2020; IAEA, 2020; Waterisotopes, 2020), as well as from a few 

individually reported studies (see compilation references, S1). Over 64,000 observations of 

modern δ18O at 5,550 sites were compiled, with the earliest collection date in 1961. 

ii. Conversion of proxy δ18O to meteoric water δ18O 

 To directly compare the δ18O between each of the geologic proxy types, the proxy δ18O 

values were converted to the δ18O of the water from which they precipitated. For carbonate δ18O 

(δ18Oc), we interpolated modern surface air temperatures for each proxy sample location 

(Kanamitsu et al., 2002) and adjusted for estimated temperature differences in the past (relative to 

the modern) using Cenozoic temperature estimates from benthic foraminifera (Lear et al., 2000). 

We then used these estimated surface temperatures to calculate the 18O fractionation between water 

and calcite using the fractionation factors of Kim and O’Neil (10001nα(Calcite-H2O) = 

18.03(103T−1) − 32.42; 1997) and reconstructed past meteoric water δ18O. For tooth enamel δ18O 

(δ18Oe), we used previously published mammal-specific δ18Oe – δ18Ow equations where possible. 

If no equation existed for a specific species, then a general equation calibrated for all mammals 



 18 

was used (Amiot et al., 2004). In cases where only the carbonate component of the tooth enamel 

was reported, a non-species specific δ18Oc – δ18Ow equation was used (Ring et al., 2020). 

iii. Data Filtering  

To perform statistical tests on the data and construct longitudinal gradients through time, 

both the modern and paleoclimate data were filtered to select samples that received most of their 

moisture from a westerly source, based on results from HYSPLIT modeling of modern air-mass 

trajectories and the WAM. For δ18Ow, west of 50°E (Europe), only samples between 47°N-55°N 

were included in the analysis (Fig. 1). East of 50°E (Asia), only δ18Ow data between 35°N-55°N 

were included; 55°N is the northernmost extent of paleo-data in Asia, and thus modern data was 

also limited to this latitude. δ18Ow data from southern Europe and Asia (south of 47°N and 35°N, 

respectively) are excluded from the study due to the influence of other moisture sources (Fig. 1). 

Data from high latitudes were also removed. The proxy δ13C in Asia were also filtered to remove 

samples heavily affected by the South Asian Monsoon, and thus only samples >35°N were 

considered in construction of δ13C longitudinal gradients and statistical tests (Rugenstein and 

Chamberlain, 2018; Ao et al., 2021).  

 After filtering the data, average δ18Ow and δ13C values for both Europe and Asia for each 

epoch were calculated, and a student’s t-test was performed on the mean values to determine 

statistical significance between Europe and Asia for a given epoch. The longitudinal δ18Ow and 

δ13C gradients were calculated upon filtered datasets using a linear best-fit. Although we do not 

think that the actual isotopic longitudinal profile decreases linearly across the continent due to a 

range of thermodynamic and environmental factors (e.g., Rayleigh distillation, influence of 

moisture recycling), we use a linear approximation as it requires the fewest assumptions regarding 

δ18O distillation across the continent. More complex formulations would require more data to 
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further constrain the shape of the profile. We utilize two methods to compare gradients between 

epochs: 1) by determining the confidence interval at which the two slopes do not overlap, and 2) 

by calculating the significance of the difference between two slopes (Cohen et al., 2003; Soper, 

2022). 

iv. Modeling of δ18O Gradients 

 A reactive transport model (hereafter RTM) developed by Kukla et al. (2019) was utilized 

to construct theoretical longitudinal δ18O gradients over Eurasia along a transect at 50°N from 

10°W to 120°E under varying atmospheric pCO2. The model uses a reactive transport framework 

and maintains water mass balance via a Budyko framework for the partitioning of P into ET and q 

to predict d18Op along a storm track. The RTM is useful in establishing δ18O gradients based on 

thermodynamics alone, essentially providing a “null hypothesis” of expected gradients under 

varying CO2 regimes to compare against proxy-generated paleo-δ18O gradients. The RTM 

generates δ18O estimates at each grid cell along a single moisture track with no mixing of moisture 

sources, has no vertical gradients in δ18O, and maintains only linear upslope lifting and 

condensation over simulated mountain ranges.  For further details regarding the reactive transport 

model, we refer the reader to Kukla et al. (2019).  

Reanalysis and model output (Global Land Evaporation Amsterdam Model (GLEAM), 

Global Precipitation Climatology Center (GPCC), and National Centers for Environmental 

Prediction-Department of Energy Atmospheric Model Intercomparison Project II Reanalysis 

(NCEP-DOE AMIP-II Reanalysis (R-2))) were used to populate the parameters in the RTM to 

construct the modeled modern longitudinal δ18O gradient (Table 1). The annual mean of each 

parameter was used.  Parameters from Community Earth System Model – Coupled Model 

Intercomparison Project Phase 6 (CESM-CMIP6) output forced under Pre-Industrial (PI; 280 
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ppm), two times Pre-Industrial (2xCO2; 560 ppm), and four times Pre-Industrial (4xCO2; 1120 

ppm) CO2 concentrations were used to construct theoretical longitudinal gradients under varying 

atmospheric CO2 concentrations (Eyring et al., 2016; Danabasoglu, 2019a; 2019b; 2020). These 

concentrations were chosen as they are analogous to periods of past high-CO2 in the Cenozoic and 

thus could be compared to the proxy-generated paleo-longitudinal gradients (Table 2). Inputs into 

the RTM directly from the CESM output include air temperature, wind speeds and relative 

humidity (Table 1). Potential evapotranspiration (PET) was calculated following the methods of 

Ibarra et al. (2018, eqn. 4; Table 1), using CESM output fields of sensible and latent heat fluxes 

(SH and LE, respectively) and latent heat of vaporization (Lv; 2.501x10^6 J/kg) (PET = (LE+SH) 

/ Lv). Precipitable water (PW) was calculated as the vertical, mass-weighted integral of specific 

humidity in pressure coordinates from the surface to the top of the atmosphere. Both the PET and 

PW calculations were performed at each grid cell and each timestep prior to calculating the annual 

mean. The RTM also requires an estimate of the transpiration fraction of ET, which we estimate 

as 64% (the global mean estimate from Good et al., 2015). To calculate the degree of water 

recycled to the atmosphere via ET using the Budyko framework, we must also estimate omega – 

a variable with no direct physical definition that serves as a watershed-scale parameter and 

determines the efficiency of moisture recycling and integrates the effects of vegetation, 

topography, seasonality, and other properties on ET (Budyko, 1974; Kukla et al., 2019). We use 

2.6, which is an estimate of the global mean value (Greve et al., 2015).  

 Additionally, we directly simulate isotopes in the hydrologic cycle using the isotope-

enabled version of CESM (iCESM; Brady et al., 2019) forced under Pre-Industrial (iPI; 280 ppm), 

two times Pre-Industrial (i2xCO2; 569.8 ppm) and four times Pre-Industrial (i4xCO2; 1138.8 ppm) 

CO2 concentrations. iCESM was run at a roughly 2° resolution (1.9° latitude by 2.5° longitude) 
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using the Cheyenne supercomputer operated by the National Center for Atmospheric Research 

Computational and Information Systems Laboratory (CISL; CISL, 2019). The computing hours 

necessary to run the simulations were acquired through an unsponsored university small request 

available to graduate students from the CISL. The iCESM simulations simulate the fractionation 

of 16O and 18O in the atmospheric and land surface parts of the hydrologic cycle, including 

fractionation from evaporation on the land surface and condensation into clouds and precipitation. 

The simulations were configured to use only the atmospheric and land-surface models, with 

prescribed sea surface temperatures and sea ice concentrations (SSTICE) that varied seasonally. 

The iPI simulation used SSTICE forcing was included with iCESM. The SSTICE forcing for 

i2xCO2 and i4xCO2 were derived from 50 years of model output SST and sea ice data from two 

CESM2 simulations (“abrupt-2x CO2” and “abrupt-4x CO2”) included in CMIP6 (Eyring et al., 

2016). Each of the three iCESM simulations were initialized with the same δ18O conditions and 

were run for 10 years, with only the last 5 years of data used in analysis to account for model spin-

up. The δ18O of precipitation was calculated by computing the isotope ratio of 16O and 18O 

precipitation rates, which are standard iCESM output fields.   
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Results 

 

 

 

i. Modern δ18Omw 

Generally, western Europe exhibits high modern δ18O values that decrease systematically 

across the continent (Fig. 2A, B). The lowest values are seen in the Himalayan region, which 

receives moisture that is isotopically depleted due to orographic forcing of south Asian monsoon 

rainfall (Wang et al., 2017). The high latitudes also display more negative δ18O compositions 

because the high latitudes are colder, leading to a decline in the total precipitable water in the 

atmosphere and thus larger effective rainout of airmasses as moisture is transported poleward. 

Regional-scale variations in δ18Omw result largely from the effects of orographic rainout (e.g., the 

Alps) and from mixing of moisture sources (e.g., the Mediterranean). Places surrounding the 

Mediterranean, particularly to the east, have higher δ18Omw compositions because the δ18O of 

moisture derived from this source is higher than that of the Atlantic due to evaporative effects. 

Central India also has high δ18O values due to low amounts of distillation coupled with 

exceptionally large moisture fluxes as moisture is transported from the Indian Ocean inland. 

Observations among each water type (precipitation, groundwater, river and stream, and tap water) 

appear to exhibit similar spatial patterns of δ18O among each other. 

ii. Paleo-δ18Omw 

The spatial distribution of paleo-δ18Omw reconstructed from proxy δ18Oc/e largely follows 

spatial patterns similar to those observed in the modern, but with variations in the absolute value 

of δ18O among different geologic epochs (Fig. 3A-F; Table 3). In nearly all epochs, δ18O values 

decrease towards the east, as observed in the modern. Similar trends in regional isotopic variation, 

such as low δ18O in the high-latitudes and high δ18O near the Mediterranean, are observed in the 
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Quaternary. These higher Mediterranean values persist throughout the Miocene. There are no high-

latitude samples from the post-Quaternary proxy data to compare to those in the modern and 

Quaternary. Average proxy-derived δ18Omw values for eastern Eurasia (>50°E, 35-55°N) remain 

relatively invariant throughout the Cenozoic, with mean values of filtered data ranging only by 

~2‰, between -9.31 ± 1.91‰ (Oligocene; n = 30) and -7.49 ± 1.77‰ (late Miocene; n = 26). 

Conversely, the average proxy δ18O composition in western Eurasia (<50°E, 47-55°N) has a much 

larger range, from -9.30 ± 0.98‰ (Pliocene; n = 8) to -2.47 ± 3.44‰ (late Miocene; n = 9). The 

lowest mean European δ18Omw values occur in the modern, Quaternary, and the Pliocene, with 

earlier epochs of the Cenozoic exhibiting much higher mean isotopic compositions.  

The decrease of δ18Omw with longitude – also termed the “longitudinal gradient” – varies 

through time. The longitudinal δ18O gradient is shallowest in the Quaternary and Pliocene, with 

no statistical significance between the European and Asian δ18Omw populations in these epochs or 

between the slopes of these gradients (Fig. 4; Tables 3, 4). The longitudinal gradient steepens 

further into the Cenozoic, with the steepest gradients in the late Miocene (5-14 Ma), early Miocene 

(14-23 Ma), Oligocene, and Eocene. These four periods also have statistically distinct  

δ18Omw compositions between Europe and Asia, but the changes in the slope of the gradients are 

not statistically significant (Tables 3, 4). The only period with a statistically distinct change in the 

slope of the δ18Omw gradient is between the Pliocene and Late Miocene (Table 4). The modern 

δ18Omw longitudinal gradient is dissimilar from that of each other epoch in the Cenozoic. 

iii. Paleo-δ13C 

Paleosol δ13C in Asia is consistently elevated compared to that in Europe throughout the 

Cenozoic (Fig. 5; Table 5). However, the two isotope populations are only statistically distinct 

during the latter half of the Cenozoic, from the Late Miocene to the Quaternary (Table 5). The 



 24 

mean δ13C values in Europe range from -8.66 ± 2.40‰ (late Miocene; n = 8) to -4.49 ± 2.43‰ 

(early Miocene; n = 1), with the lowest mean value occurring in the late Miocene, and the highest 

mean value in the preceding geologic sub-epoch of the early Miocene. The carbon isotopic values 

in Asia range from -5.18‰ (early Miocene; n = 11) to -2.72 ± 2.47‰ (Quaternary; n = 15). Western 

Asia consistently has higher δ13C values than in Eastern Asia, whereas no clear pattern in δ13C can 

be discerned in Europe. In the Miocene in particular, elevated δ13C in central Asia are surrounded 

by lower δ13C values, as previously shown by Caves et al. (2016).  The longitudinal gradient of 

δ13C across Eurasia has a positive slope in each epoch except the early Miocene, which is slightly 

negative (Fig. 6; Table 5).  Additionally, differences in longitudinal δ13C gradients through the 

Cenozoic are only significant between the early Miocene to late Miocene (Table 6). However, we 

note that calculations of the Eurasian longitudinal paleosol carbonate δ13C gradient in the early 

Miocene through the Eocene are limited by low data density in Europe, with only one datapoint in 

Europe generating the western portion of the profile in the early Miocene and the Oligocene. 

Additionally, the confidence intervals do not allow for determination of a positive or negative 

gradient across the continent for the early Miocene through Eocene. 

iv. Reactive Transport Model and iCESM δ18Op Gradients 

Longitudinal d18Op gradients produced by the reactive transport model and iCESM under 

varying CO2 concentrations demonstrate differences in the gradient with differing CO2 levels. For 

both the iCESM and RTM results, the steepest gradient is generated with the lowest CO2 (Pre-

Industrial pCO2) and the shallowest gradient is associated with the highest CO2 at 4xCO2, with the 

modern and 2xCO2 gradients falling between these end-member concentrations (Fig. 7A). The 

modern gradient generated by reanalysis output mostly lies between the Pre-Industrial and 2xCO2 

gradients, with variations in the shape of the longitudinal profiles occasionally resulting in the 
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modern profile falling slightly above the 2xCO2 gradient. Plotting the modern modeled δ18Op 

profile over observed modern δ18Op between 47°-50°N indicates that the gradient and profile 

generated by the RTM corresponds with that which would be expected from observational 

compiled data (Fig. 7B).  

The shapes of the profiles produced by the RTM are generally similar among the different 

CO2 conditions, particularly among the three profiles produced by CESM output (PI, 2xCO2, 

4xCO2). Each of the CESM profiles are relatively shallow from -10°E to ~0°E; then, the PI and 

2xCO2 profiles steepen dramatically until ~30°E. After this point, those two profiles appear to 

shallow again, and d18Op tends to not decrease much further until the end of the storm track at 

120°E. The CESM 4xCO2 profile exhibits a roughly linear decrease in d18Op along the entirety of 

the storm track (excluding the slight increases ~87°E and 92°E). The modern profile presents a 

slightly different spatial pattern than the CESM- and iCESM-produced profiles, with a steady 

decrease in d18O until ~50°E, after which the profile significantly shallows. Each of the four RTM 

profiles exhibit increases in d18Op around 87°E and 92°E, at the location of the Altai Mountains in 

Mongolia. These increases likely do not occur in actual δ18Op; because we did not simulate 

topography while running the RTM, changes in hydroclimate parameters that are induced by 

orography (high P, low T, etc.) in the reanalysis and CESM input are not resolved correctly and 

thus show slight increases, where in reality the profile would decrease due to rainout at this 

mountain range.  

The iCESM gradients, although generally in agreement with the “high-CO2 generates 

shallow gradients” result from the RTM run with CESM output, exhibit slightly different results 

than the RTM gradients. The shape and slope and the i2xCO2 and i4xCO2 profiles are fairly like 

that of the 4xCO2 CESM-RTM profile but have a lower initial δ18Op that results in an overall 
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downward shift in the modeled δ18Op along the storm-track. The i2xCO2 profile varies little from 

the i4xCO2 profile, whereas the 2xCO2 profile tends to fall in the center of the PI and 4xCO2 

profiles. The iPI profile varies quite dramatically from that of the Pre-Industrial CESM-RTM 

profile; the iPI profile stays fairly shallow until ~70°E, at which point a marked decrease in d18Op 

is produced where the transect reaches the Altai Mountains. The iCESM profiles produce the 

expected decrease in δ18Op at the Altai Mountains because iCESM accounts for topography, unlike 

the RTM.   
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Discussion 

 

 

 

The compilation of stable O and C isotopes across Eurasia allows us to explore the 

evolution of hydroclimate and paleoclimate in this region throughout the Cenozoic. Herein, we 

discuss the general response of the model and proxy δ18O gradients to changes in pCO2. We then 

consider the different responses of the proxy and modeled δ18O gradient to varying pCO2, which 

may be explained by 1) proxy-related mechanisms, including poor preservation of proxy materials 

resulting in changes in δ18Oc/e through time or changes in seasonality of proxy formation through 

time; 2) shifts in climate and paleogeography that alter δ18Op; and/or 3) changes in paleoclimate 

parameters that are not accounted for in either the RTM or ESMs. We also consider the 

implications of the spatial distribution and changes in d13C for primary productivity and discuss 

why the temporal shifts in d13C likely do not predominantly record changes in global atmospheric 

pCO2 or spread of C4 vegetation.  

i. Proxy-model comparison of longitudinal d18O gradients 

Changes in precipitable water (PW) with increased atmospheric CO2 appear to drive the 

observed variations in the modeled slope of longitudinal δ18O gradients across Eurasia. As 

previously discussed, the Clausius-Clapeyron relation states that atmospheric water content 

increases by 7% per each degree of warming (Held and Soden, 2006). However, although global 

mean precipitation is sensitive to this relation, it does not scale at this rate; rather, this parameter 

scales with the Earth’s energy budget and has a much lower sensitivity of ~2%/K (Held and Soden, 

2006; Stephens and Hu, 2010; Pendergrass and Hartmann, 2014). Because of the differential rates 

of increase between PW and P with warmer temperatures, with PW increasing faster than P, the 

reservoir of 18O in the atmosphere is less affected by removal by P, reducing any changes in δ18O 
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(van Dijk et al., 2020; Figure A3). This “buffering” reduces the fraction of moisture removed by 

rainout across the continent, thus shallowing the δ18O longitudinal gradient at high pCO2. The 

results of the RTM indicate that, based on thermodynamics alone, one would expect longitudinal 

δ18O gradients to shallow in a higher CO2 world.   

The results from the proxy-generated paleo-δ18Ow longitudinal gradients, however, 

indicate the opposite response – proxy data suggests that steeper longitudinal gradients are 

associated with higher pCO2. During periods of known high atmospheric pCO2, such as the 

Eocene, Oligocene, and Miocene, the longitudinal gradients observed are significantly steeper than 

during periods of low pCO2, like the Pliocene, Quaternary, and in the modern (Beerling and Royer, 

2011; Anagnostou et al., 2016; Mejía et al., 2017). Because the mean δ18Ow of proxy data in Asia 

has remained similar through the Cenozoic, varying only by ~2‰ from the Eocene to the 

Quaternary, the shallowing of the gradient during the Cenozoic is caused primarily by a decrease 

in the mean δ18Ow in Europe, which has decreased by ~7‰ between the Eocene and now. The 

largest shift in δ18Ow in Europe occurs between the late Miocene and the Pliocene – prior to this 

point, δ18Ow in Europe was relatively invariant, ranging only from -2.47‰ to -3.25‰ (Table 3). 

However, a major decrease then occurs, shifting the average δ18Ow in Europe from -2.47‰ in the 

late Miocene to -9.30‰ in the Pliocene. This negative shift in the δ18Ow over Europe in the 

Pliocene drives the shallowing of the slope observed in this same epoch, as the values in Europe 

shifted closer to those observed in Asia.   

a. Proxy-related mechanisms – is the δ18O signal real? 

The δ18O preserved in authigenic materials may be altered from the original meteoric water 

signal through diagenesis and/or evaporative enrichment. Diagenesis may occur when carbonate 

is exposed to increased temperatures – for example, through burial – inducing a temperature-
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dependent fractionation that lowers the δ18O preserved in the mineral lattice (Garzione et al., 2004). 

Carbonate diagenesis may also occur in the presence of meteoric water with a different isotopic 

composition than the original composition of the water in which the mineral formed, which can 

result in either raising or lowering the δ18Oc to reflect the δ18O of the more recent fluid. Generally, 

older minerals are more likely to have experienced diagenesis simply due to their longer exposure 

to either higher temperatures or waters with different δ18O compositions. However, the compiled 

studies have been filtered for known indications of diagenesis in each proxy type (i.e., petrographic 

analysis, covariance of O and C, and variation in the expected offset of 8‰ of enamel phosphate 

and carbonate δ18O). Further, diagenesis tends to lower δ18Oc, whereas higher δ18O is observed in 

the distant past in Europe. Thus, diagenetic effects can be eliminated as driving the divergent 

response of the proxy and model δ18O gradients to CO2. 

Evaporation imparts the opposite signal on δ18Oc; when lake water evaporates, 16O 

preferentially evaporates into the vapor phase, leaving the water in which carbonate forms enriched 

in 18O and thus increasing the δ18Oc above δ18Omw. Covarying δ18O and δ13C is a primary indication 

of evaporative enrichment of lacustrine samples (Horton et al., 2016; San Jose et al., 2020). The 

Asia stable isotope data have been previously screened for evaporative effects and none were 

found, given that the lacustrine and paleosol data overlap (Rugenstein and Chamberlain, 2018). 

The Europe stable isotope data was screened for evaporative effects by plotting δ18O vs. δ13C to 

investigate covariation in lacustrine samples; only the mean of the lowest 20% of samples from 

those locations are included in our analyses and figures (Rowley and Currie, 2006; Cyr et al., 2005; 

Li et al., 2015). However, even if lacustrine samples are removed from statistical analyses, similar 

trends are observed in the data (Fig. 4A-F, red dashed line; Tables A1-2). The same general trend 

of shallowing of the gradient throughout the Cenozoic with and without lacustrine proxy data is 
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still observed. Additionally, although the gradient with no lacustrine data shallows in the Eocene, 

Oligocene, and Miocene relative to the with-lacustrine gradient (Fig. 4A-F, red dashed line), we 

observe that both with and without lacustrine samples, the only period with a statistically 

significant change in the slope of the gradients is between the late Miocene and Pliocene, implying 

the results are robust even after removing those samples most likely affected by evaporation. 

Finally, in each epoch (except the Miocene), there are other non-lacustrine proxy data with 

similarly high δ18O values, suggesting the high δ18O in the early Cenozoic is not merely an 

evaporative effect.  

Differences in the type of meteoric water (i.e., precipitation, soil water, or river water) 

incorporated in authigenic carbonates and changes in the seasonality of proxy formation may result 

in shifting δ18Oc values through time but are unlikely to completely explain the divergent data-

model δ18O gradients. As previously discussed, paleosol carbonates form in the soil column, and 

thus incorporate soil water δ18O during mineralization. This water is primarily sourced from 

precipitation, resulting in a mixture of δ18O from individual precipitation events and seasons in the 

soil (Breecker et al., 2009; Lachniet, 2009). Paleosol carbonates are thought to form during warm 

and dry periods, with carbonate precipitation driven by increasing temperature, increasing calcium 

ion activity due to increased ET, and decreasing soil CO2 (Breecker et al., 2009; Huth et al., 2019). 

Lacustrine carbonates predominantly record the δ18O of local precipitation. The size of the lake, 

and related water residence time, affects both the amount of seasonal variation and the amount of 

evaporation that may alter the δ18O of the lake and thus δ18Oc (Leng and Marshall, 2004). 

Speleothem carbonates precipitate from water that infiltrates downward from the surface to the 

ceiling of an underlying cave and thus the δ18Oc is a function of precipitation and recharge 

seasonality, as well as modification within the soil and epikarst (White, 2019; Lachniet, 2009). 
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These carbonates are thought to accumulate calcite mostly during cooler seasons, with little to no 

accumulation in the warm season (James et al., 2015). Mammal tooth enamel δ18O is largely 

sourced from the animal’s body water, which in turn reflects local meteoric water taken in through 

drinking and eating (Kohn, 1996; Kohn and Cerling, 2019; Kohn and Law, 2006). Mammal tooth 

enamel has the potential to record seasonal variations in δ18O, but sampling techniques often 

average these effects, and thus often report a time-averaged δ18O signal from the period of enamel 

formation which can range from weeks to years (Kohn, 2004; Blumenthal et al., 2014). Therefore, 

each of these proxies generally reflect local precipitation, although secondary influences such as 

evaporation, seasonality, and time-averaging of δ18O might influence the absolute δ18O recorded 

by the proxy. However, because we have screened for evaporative effects (which are most likely 

to impact lacustrine carbonates), because we take a multi-proxy approach which should ameliorate 

many proxy-specific biases, and because different proxies that formed in relatively close locations 

record similar δ18Ow (Fig. 3A-F; Caves et al., 2016), we conclude that differences in the δ18Omw 

incorporated by each of the proxies are effectively reduced and thus do not significantly impact 

the interpretation of past δ18O longitudinal gradients. 

 Changes in the seasonal timing of proxy formation could drive variation in the δ18O 

preserved during mineralization. Although conditions that tend to produce paleosol carbonates 

(warm, dry periods) fall during the summer months across much of modern Eurasia, particularly 

in eastern Eurasia (Beck et al., 2018; Nagavciuc et al., 2022), changes in past climate may have 

shifted carbonate formation to different times of year (Methner et al., 2020; Kukla et al., 2022b). 

Changing seasonality of proxy formation would impart a significant effect on the δ18Ow recorded 

by these materials because δ18Op is highly seasonally variable. During cold months, δ18Op is 

substantially lower than during the warm months due to the lessened capacity of cold air parcels 
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to retain moisture as compared to warm air; precipitation δ18O thus peaks during the hot summer 

months and is lowest during the cold winter months (Rozanski et al., 1993). Shifts in precipitation 

seasonality in Eurasia (i.e., shifting carbonate formation to the spring or fall due to increases in 

summer precipitation), could thus result in decreased δ18Oc. Moreover, changes in seasonality in 

Europe but not in Asia could explain the relative stability of mean δ18Ow in Asia co-occurring with 

large decreases in mean European δ18Ow between the late Miocene to Pliocene, Quaternary, and 

modern. Recent modeling of precipitation seasonality by Brönnimann et al. (2018) in the Alpine 

region predicts shifts in heavy precipitation events from the late summer to early summer and 

autumn under warmer conditions (RCP 8.5) over the next century. If past conditions during warm 

periods in Europe (Eocene, Oligocene, and Miocene) exhibited this same pattern of seasonality, 

carbonate formation would have been favored during hot, dry summer conditions, and therefore 

carbonate δ18Oc would record the highest possible δ18Op. Overall cooler conditions during the 

Pliocene, Quaternary, and in the modern may have driven precipitation seasonality toward peak 

rainfall in the summer months, thereby shifting the timing of carbonate formation to a cooler, drier 

season and thus producing a negative shift in δ18Oc. Therefore, shifting seasonality of carbonate 

formation in Europe may drive the shallowing of the gradient in the late Cenozoic.  

b. Paleogeographic and paleoclimatic changes 

Another potential explanation for the contradiction between the modeled and proxy 

response to CO2 is the effect of shifting paleogeography and paleoclimate on proxy δ18O; such 

changes are not accounted for in the modeled δ18O gradients. Two of the largest differences 

between modern geography and paleogeography are moisture sources and orography. During the 

Mesozoic and early Cenozoic, the Tethys Ocean allowed water transport between the Atlantic, 

Indian, and Pacific oceans, imparting a large effect on global climate and ocean circulation (Rögl, 
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1999). This ocean shrank with northward plate motion of the African, Australian, and Indian plates 

from the late Cretaceous through the Oligocene, eventually leading to creation of the enclosed 

Mediterranean, Caspian, and Black Seas (Rögl, 1999; Bialik et al., 2020). This plate motion, 

combined with global sea level decline, also culminated in the formation of the Paratethys in the 

early Oligocene (Popov et al., 2006). The Paratethys was a separate inland sea that covered much 

of central Europe and west Asia (Fig. A4) and was disconnected from the Tethys to the south by 

mountains produced during the Alpine orogeny (Rögl, 1999). Termination of the seaway 

connecting the Indian and Atlantic oceans occurred around the middle Miocene (~16-14 Ma) and 

coincided with a period of cooling – likely driven by lower pCO2 – known as the Mid-Miocene 

Climate Transition (MMCT) (Rögl, 1999; Hamon et al., 2013; Simon et al., 2019). This coeval 

closure and cooling resulted in a substantial enhancement of the Atlantic Meridional Overturning 

Circulation (AMOC) by transporting warm and saline water from the proto-Mediterranean to the 

Atlantic Ocean (Hamon et al., 2013; Verducci et al., 2009), and an enhancement of North Atlantic 

Deep Water (NADW) production and meridional heat transport, resulting in modern-like ocean 

circulation dominated by the NADW (Hamon et al., 2013). Another consequence of cooling at the 

MMCT was Southern Hemisphere glaciation that led to eustatic sea level fall and disconnection 

between two Paratethyan basins (Fig. A4; Shevenell et al., 2008; Simon et al., 2018; Holbourn et 

al., 2007). Detachment and lower water level in these two basins resulted in overall less 

evaporation of moisture because of a reduction of water surface area, largely caused by aerial 

exposure of shallow marginal regions (Simon et al., 2018). 

Northern Hemisphere glaciation may have contributed to the significant shallowing in the 

gradient between the steep gradients of the Eocene, Oligocene, and Miocene and the shallow 

gradients in the Pliocene, Quaternary, and modern. Northern Hemisphere glaciation initiated 
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around 3.6 Ma in the late Pliocene and later intensified around the Pliocene-Quaternary boundary 

(~2.7-2.8 Ma) due to either declining atmospheric pCO2 or the closure of the Central American 

Seaway (Mudelsee and Raymo, 2005; Ruggieri et al., 2009; Lunt et al., 2008; Haug and 

Tiedemann, 1998). Both proxy and modeling-based studies indicate that glaciation was amplified 

by intensification of AMOC (Hayashi et al., 2020; Lunt et al., 2008). Glaciation had major effects 

on atmospheric circulation; the NH midlatitude westerlies were likely weaker and more poleward 

during the warmer early Pliocene, then stronger and shifted equatorward after the intensification 

of glaciation ~2.7 Ma (Abell et al., 2021; Dolan et al., 2015; Xiangyu et al., 2015). Stronger 

westerly winds may have induced the more recent shallower gradients in δ18O by reducing the 

ability of air parcels to rainout over a continent, allowing for proportionately lower overall rainout.  

However, if strong westerlies were the sole cause of the gradient shallowing, then one 

would likely expect to see European δ18O values remain relatively invariant, while δ18O values 

would increase in Asia, as there would be progressively less rainout with stronger winds across 

the continent. Instead, the opposite is observed – the gradient shallows because of a downward 

shift in mean δ18O in Europe in the Pliocene and Quaternary, whereas mean δ18O in Asia remains 

relatively low. Weaker westerlies may still explain a relative shallowing of the gradient but cannot 

explain why the initial δ18O over the western part of the Eurasia decreases between the late 

Miocene and the Pliocene. The lowering of Europe δ18O may be partly due to the location of 

samples from the Pliocene, which are located in modern-day Hungary and Slovakia. By the time 

an air parcel sourced from Atlantic moisture has reached that far inland, a decrease of at least 2-

3‰ has likely already occurred, and thus this inland δ18O value doesn’t represent the ‘initial’ δ18O 

rained out from the air parcel over land (McDermott et al., 2011; Rozanski et al., 1993). 

Additionally, because the only samples from the Pliocene that fall within the filtered range of 
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‘westerly’ moisture are of the same proxy type (mammal tooth enamel) and constrained to a small 

location, it is difficult to base the entirety of the European portion of the gradient on these few 

samples. We can thus more confidently say that the gradient shallows by the Quaternary, and 

possibly as early as the Pliocene. More data is needed from western Europe in the Pliocene to 

constrain the timing of the gradient shallowing and thus explicate the relationship between reduced 

atmospheric pCO2, global cooling, weakening of the westerlies, shifts in seasonality of proxy 

formation, and the negative shift of Europe δ18O.  

Although changes in moisture sources and atmospheric circulation resulting from growth 

and decline of the Tethys, Paratethys, and Northern Hemisphere glaciation appear to potentially 

contribute to shallowing the gradient in the Pliocene, Quaternary, and modern, these factors likely 

cannot explain the varying response of proxy and model gradients under different atmospheric 

CO2 concentrations. To reiterate, the proxy data produce steeper gradients during epochs of higher 

CO2 (Eocene-Miocene), whereas the modeled gradients illustrate the opposite response. If changes 

in the gradient were driven purely by moisture source changes throughout the Cenozoic, one would 

likely observe a shallower gradient coinciding with the existence of the Tethys and Paratethys in 

the early Cenozoic because these additional moisture sources would replenish depleted airmasses 

with higher δ18O relative to the existing δ18O in the atmosphere. Oceans have δ18O values near 

0‰; thus, moisture supplied to the atmosphere by the Paratethys or Tethys would shallow the 

gradient over the continent by contributing higher δ18O than that of the existing airmass. After the 

closure of those moisture sources by the late Miocene, incoming moisture to Asia would have 

travelled over the continent without replenishment from this high δ18O source and must have lower 

δ18O as a result, which would steepen the gradient. The opposite response is observed – the steepest 

longitudinal gradients coinciding with peak spatial extent of these large moisture sources suggests 
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that changes in moisture sources are not primarily driving the steep gradients associated with 

periods of high atmospheric CO2. Therefore, while changes in paleogeography that result in 

shifting moisture sources may explain the changes observed among epochs in the proxy gradients 

(i.e., shallowing from the late Miocene to Pliocene-Quaternary), they cannot account for the 

opposing responses to higher atmospheric pCO2 between the modeled and proxy gradients.  

Uplift of ranges across Eurasia during the Cenozoic also fails to explain the contradiction 

between the proxy and modeled gradients due to a likely minimal effect from topographic changes 

on longitudinal δ18O gradients. Across Eurasia, the Cenozoic was a time of significant topographic 

changes due to northward movement of the Indian, African, and Australian plates. In Asia, initial 

collision of the Indian and Eurasian plates is estimated to have occurred ~55 Ma (DeCelles et al., 

2014), and by the mid-Miocene, most of Tibet had achieved high elevations and the plateau had 

begun to form (Rowley and Garzione, 2007; Wang et al., 2014a; Rohrmann et al., 2012; Li et al., 

2015). Meanwhile, in Europe, the alpine orogeny that eventually led to the creation of many E-W 

oriented ranges (including the Pyrenees, Alps, Apennines, Dinaric Alps, Carpathians, Caucasus, 

etc.) had initiated by the Eocene-Oligocene Transition (Meulenkamp and Sissingh, 2003; Handy 

et al., 2010), with near-modern elevation for the Alps reached around the mid-Miocene (Campani 

et al., 2012; Krsnik et al., 2021). Orography drives high rates of rainout from air masses (thus 

lowering δ18Op), which results in substantial reduction of water vapor transport into continental 

interiors on the leeward side of ranges. Theoretically, uplift may therefore result in a steepening 

of longitudinal δ18O gradients, and hence one would expect to see gradients begin to steepen at the 

onset of uplift, with significantly steeper gradients during times of maximum elevation of these 

ranges.  
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However, there is little evidence that changes in paleoelevation drive changes the gradient 

produced by westerly moisture across Eurasia due to the orientations and locations of uplifted 

ranges. Primarily, because the ranges in Europe are oriented in an E-W direction, they present a 

much narrower barrier to moisture transport by the westerlies than if they were oriented N-S, in 

which case they would act as meridional barriers to the westerlies (Broccoli and Manabe, 1992). 

Studies that use proxy data to reconstruct timing of the onset of central Eurasian aridity link 

continental aridity to global cooling (producing a subsequent reduction of vapor pressure and 

hence inland moisture transport) and uplift of the Tibetan Plateau, suggesting that these airmasses 

transported by the westerlies are depleted not by orographically-forced rainout over Europe but by 

rather by global climatic conditions and teleconnections due to remote orography (Broccoli and 

Manabe, 1992; Tang and Ding, 2013; Liu et al., 2009; Li et al., 2018). Altitudinal effects on δ18O 

resulting from high intensity rainout have spatially limited effects on regional δ18O in Europe, but 

orographic rainout from these relatively small ranges is unlikely to significantly affect both inland 

vapor transport and a δ18O gradient spanning nearly 8,000 km in length, wherein progressive 

rainout and moisture recycling over the continent dominate the δ18O signal. Several climate 

modeling studies focusing on the Miocene reach similar conclusions that the impact of 

paleogeographic differences on global mean atmospheric temperature are small (although not 

insignificant), and suggest that vegetation differences are more impactful on global climate (Knorr 

et al., 2011; Bradshaw et al., 2012; Herold et al., 2011) 

Furthermore, European ranges appear to block predominantly Mediterranean moisture 

from traveling northward into central Europe given their orientation and proximity to this moisture 

source, rather than blocking Atlantic/westerly driven moisture. This is demonstrated through both 

the HYSPLIT (Fig. 1) and modern δ18Omw (Fig. 2A) results, as well as from studies of high-
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intensity precipitation events and sources of Alpine moisture. HYSPLIT indicates that northward 

of 47°N, the Mediterranean is not a major source region of air parcels travelling over Eurasia (Fig. 

1). Similarly, studies of modern floods and high-intensity precipitation events in central and 

eastern Europe indicate that most of the moisture contributing to these events was sourced from 

North Atlantic moisture and moisture recycled from the land surface, with minimal contribution 

from the Mediterranean (Kelemen et al., 2016; Winschall et al., 2014; Gangoiti et al., 2020). 

Sodemann and Zubler (2010) demonstrate that the northern Alps source more moisture from the 

North Atlantic, and the southern Alps receive most moisture from the Mediterranean. (Fig. 2A). 

Isotopic evidence supports this – if moisture north of the Alps was significantly sourced from the 

Mediterranean, the isotopic signal north of the Alps would remain depleted, rather than increase 

as observed in the compiled modern δ18Omw data. This provides significant evidence for minimal 

effect of the Alps and other E-W orientated ranges on the longitudinal δ18O gradient and suggests 

that these ranges help to maintain a transect of westerly sourced moisture across Eurasia that is 

nominally mixed with other moisture sources by acting as moisture transport barriers.    

Similarly, the Himalayas effectively suppress moisture transport northward from the Indian 

Ocean, as evidenced by the extreme rainout observed on the southern margin of the range (Fig. 1; 

Fig. 2; Wang et al., 2017; Caves et al., 2015). Modeled simulations of Eurasia with and without 

topography from Broccoli and Manabe (1992) suggest that the arid conditions in central Asia can 

only be produced with the presence of high topography in the Tibetan Plateau, which generates a 

rain shadow on the northern side of the range. This is supported by δ18O evidence from Caves et 

al., (2015; now also compiled in this study) that shows consistently low δ18O throughout the 

Cenozoic directly in the leeside of the Himalayas (Fig. 3A-F), suggesting that southerly-sourced 

moisture is largely rained out over the Himalayas, which generate a topographic barrier that has 
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potentially existed for more than 50 million years between westerly and southerly moisture. Thus, 

the uplift and presence of these ranges both in Europe and Asia likely had minimal impact on 

westerly moisture transport and δ18O gradients across Eurasia throughout the Cenozoic, and at 

most acted as barriers to mixing between westerly and southerly (Mediterranean Sea, Indian 

Ocean, etc.) moisture.  

c. Model parameterizations  

Discrepancies between the parameterization of climate variables in either the CESM, 

iCESM, or RTM versus actual past hydroclimate conditions may drive the contradiction in proxy-

model results. Specifically, the partitioning of precipitation that falls over land into runoff (q) and 

ET is difficult to constrain under warming and has potential to dramatically shift the isotopic 

gradient. Empirical studies demonstrate that under higher CO2 conditions, plant stomata open less 

which reduces the amount of transpiration per mole of CO2 consumed (Eamus and Jarvis, 1989; 

Woodward, 1993). Field experiments indicate the same response, with varying degrees of decrease 

in stomatal conductance depending on plant type (Li et al., 2003; Kimball et al., 1993; Ainsworth 

and Rogers, 2007). However, other climatic and plant physiological responses complicate this. 

Some suggest that due to CO2 fertilization, plants may produce more leaves or leaf area may 

increase, resulting in an overall transpiration increase (Piao et al., 2007; Eamus and Jarvis, 1989); 

similarly, increases in temperature may drive higher vapor pressure deficits which may increase 

transpiration (Eamus and Jarvis, 1989; Manea and Leishman, 2015). However, models and field 

observations tend to show that neither increases in leaf area nor temperature are sufficient to 

outweigh the influence of decreasing stomatal conductance under higher CO2, and thus many 

conclude that higher CO2 results in decreased transpiration (Swann et al., 2016; Lemordant et al., 

2018; Kirschbaum and McMillan, 2018; Milly and Dunne, 2016; Skinner et al., 2018).   
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Increased evaporative demand from higher temperatures and saturation vapor pressure 

suggests that one can expect an overall PET increase under higher CO2 conditions (Scheff et al., 

2017; Scheff et al., 2014; Milly and Dunne, 2016; Ibarra et al., 2018), but the effect on actual ET 

is less clear, likely regionally specific, and of smaller magnitude than predicted by Clausius-

Clapeyron (Leipprand and Gerten, 2006; Vahmani et al., 2022; Katul et al., 2012). Regardless of 

absolute changes in ET, high-CO2 induced warming is likely to simultaneously decrease 

transpiration and increase evaporation – due to plant physiology and temperature, respectively – 

leading to a lower transpiration fraction of ET (T/ET ratio) and greater relative importance of E in 

overall recycling of moisture (Kirschbaum and McMillan, 2018; Vahmanni et al., 2022). Because 

evaporation and transpiration impart differing fractionations on δ18O, with evaporation 

preferentially returning 16O to the atmosphere and transpiration having no net fractionation, the 

T/ET ratio substantially influences the steepness of the longitudinal gradient and may explain the 

discrepancies in the response of the proxy and modeled δ18O gradients to higher CO2. ET with a 

greater fraction of E results in a replenishment of moisture that is more negative back up to the 

atmosphere, steepening the gradient. Conversely, a greater fraction of T returns moisture that is 

relatively less negative, shallowing the continental gradient. 

While the T/ET ratio determines the isotopic composition of moisture returning to the 

atmosphere, a related parameter in the RTM, omega (ω), controls the partitioning of P into q and 

ET. ω has no physical meaning but serves as a watershed-scale parameter that determines the 

efficiency of moisture recycling and integrates effects of vegetation, topography, seasonality, and 

other properties (Kukla et al., 2019). The global average value of ω is ~2.6 (Greve et al., 2015); 

the theoretical lower limit of ω is 1, which indicates a watershed wherein there is no ET and P is 

partitioned entirely to runoff, thereby steepening the isotopic gradient across the continent by 
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reducing (or eliminating) the amount of moisture resupplied to air parcels. Although regional 

predictions of ω are difficult to constrain, one would predict that global ω should decrease under 

higher pCO2 conditions due to a decrease in T (and hence in overall ET). Therefore, the proxy 

record aligns with theoretical constraints on T, ET, and ω with higher CO2 – increases in CO2 

likely reduce T, which steepens the gradient by returning proportionately more 16O to the 

atmosphere through E. Similarly, this lower ET due to decreased T drives lower ω, additionally 

reinforcing a steeper gradient by reducing the return of terrestrial moisture back to the atmosphere.  

Each of the models we utilized to simulate the isotopic gradient across Eurasia have these 

variables (ET and q) incorporated into their analyses, but changes in these parameters resulting 

from higher atmospheric pCO2 may be misrepresented. In the RTM, we set a constant value of the 

transpiration fraction of ET as 64%, a global estimate of modern ET from Good et al. (2015). The 

input of a modern T-fraction of ET in the RTM may be an overestimation of the transpiration flux 

of ET in a warmer world, causing the gradient to shallow with increased CO2 in the RTM, when 

in actuality the gradient may steepen due to a decrease in the T/ET ratio with higher CO2. The 

estimate of global T-fraction of 64% may itself be incorrect, with estimates from other studies 

suggesting 57%, 61%, or even a range of 38-77% due to uncertainties in variables such as 

interception, root dynamics, soil evaporation, and seasonal changes in the T/ET ratio (Wei et al., 

2017; Schlesinger and Jasechko, 2014; Wang et al., 2014b). Similarly, the use of the global value 

of ω (2.6) may be an overestimation for high-CO2 periods. An overestimation of both plant water 

use and of the ratio of ET to q would shallow the gradient simulated by the model in comparison 

to gradients produced by the proxy data during past periods of high pCO2. Additionally, both T-

fraction and ω are set as constant across the 120° transect in the RTM, whereas these variables 
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likely shift substantially across Eurasia due to changes in the land surface such as topography and 

vegetation.  

The parameterization of E, T, and q in both CESM and iCESM are more intricate than in 

the RTM, and detailed discussion of the differences between the simple RTM and more complex 

iCESM results are beyond the scope of this paper. However, it is noted that past studies on CMIP5, 

CMIP6, and the Community Land Model 4 indicate a range of modeled responses of the T/ET 

ratio to increased pCO2. Community Land Model 4 was found to simulate excessive 

photosynthesis and transpiration in temperate regions (Lawrence et al., 2011). Results from CMIP5 

suggest that transpiration (both absolute and as a fraction of ET) is projected to decrease with 

warming in the tropics and that models underestimate the transpiration fraction of ET in the tropics, 

while the middle to high latitudes do not trend in any particular pattern; thus, ET changes may 

vary spatially due to shifts in radiative and physiological drivers that can affect the components of 

ET in different way in disparate regions (Wei et al., 2017; Berg and Sheffield, 2019). Using 

CMIP6, Dong et al. (2022) observe a negative T/ET bias across the central United States, while 

Nooni et al. (2021) find that ET estimates across continental Africa indicate distinct spatial 

variation in average annual ET across diverse climates. Model comparisons thus seem to indicate 

a non-uniform response of ET and its components to elevated pCO2 across different regions. 

ii. δ13C and paleo-productivity 

Herein, we interpret changes in the spatial distribution of δ13C of paleosol carbonates across 

Cenozoic Eurasia as largely driven by shifts in soil respiration and primary productivity, rather 

than the traditional use of δ13Cc as a proxy for past atmospheric CO2 concentrations or C3 vs. C4 

vegetation cover (Cerling, 1999). Changes in vegetation type likely cannot account for observed 

shifts in proxy δ13Cc through the Cenozoic; the plant and mammal tooth fossil records indicate that 
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although C4 plants evolved as early as the middle Eocene, C4-dominated habitats only arose in 

the middle to late Miocene (Edwards et al., 2010), meaning that for much of the time period 

covered by our compilation, C4 vegetation was likely not abundant enough to significantly alter 

the δ13C of soil carbonates. We additionally rule out C4 influence in the latter part of the Cenozoic, 

after the rise of C4 grasslands, because there is little evidence for C4 vegetation from other proxies 

or in the modern distribution of these plants in many of the locations considered in our study 

(Caves et al., 2016; Still et al., 2003; Rugenstein and Chamberlain, 2018). Fossil tooth enamel 

records in western Europe show no evidence for C4 dominance over the past 20 Ma, which is 

consistent with the modern dominance of C3 plants in Europe (Cerling et al., 1997). There is 

evidence for shifts toward C4 dominance in South and East Asia 8.5 Ma and 6.0 Ma (Cerling et 

al., 1997; Badgley et al., 2008), but these shifts are focused south of the Himalaya and in East 

Asia, where we have few data points (Rugenstein and Chamberlain, 2018). 

We also conclude that spatial variation in the δ13Cc record is not primarily driven by 

changes in atmospheric pCO2 – barring the influence of different vegetation types, the δ13C of soil 

carbonates will record a ratio between atmospheric pCO2 and soil productivity, with lower pCO2 

driving lower δ13Cc values, and vice versa (Cerling, 1984; 1991). If the changes in δ13C were 

dominantly driven by the decline in global pCO2 δ13C through the Cenozoic, rather than by soil 

respiration rates, we would expect to observe a uniform decrease in δ13Cc in both Europe and Asia. 

However, only the δ13Cc in Europe has decreased over the Cenozoic, while δ13Cc in Asia has 

increased over the same interval, suggesting that pCO2 is not the primary driver of these δ13Cc 

changes, particularly in Asia. Thus, the general decline in atmospheric CO2 concentrations 

throughout the Cenozoic may contribute to the decrease in Europe δ13Cc, but clearly cannot explain 
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the increase seen in Asia (Rugenstein and Chamberlain 2018). The subsequent discussion of δ13Cc 

will therefore focus on this proxy as an indicator of changes in paleo-productivity.  

Instead, we attribute the spatial and temporal distribution of δ13Cc across Eurasia through 

the Cenozoic Era can be attributed to variations in primary productivity. On long timescales, soil 

respiration rates must be positively correlated with productivity (Bond-Lamberty and Thompson 

2010); low δ13Cc reflects higher soil respiration and thus higher productivity. Modern primary 

productivity is generally high in Europe and low in northern Asia, with the highest gross primary 

productivity in southeast Asia due to monsoonal moisture (Jung et al., 2011). Caves et al. (2016) 

and Rugenstein and Chamberlain (2018), who originally compiled the data from Asia in this study, 

show that the increase in Asia δ13Cc throughout the Cenozoic must be driven by a decrease in 

primary productivity and increased aridity to counteract the effect of decreasing atmospheric pCO2 

on δ13Cc. The large increase in δ13Cc in Asia between the late Miocene and the Pliocene/Quaternary 

indicates that the region become substantially drier and less productive during this period, and thus 

the higher δ13Cc results from some combination of decreased MAP, reduced discrimination in 

plants against 12C because of water stress, and/or shallowing carbonate formation depth. The 

decrease in Europe δ13Cc through the Cenozoic could be either a pure representation of the decrease 

in atmospheric pCO2, or a combination of a cooccurring decrease in atmospheric pCO2 and 

increased or relatively constant primary productivity. The large decrease in Europe δ13Cc between 

the early and late Miocene (-4‰) could be explained by the decrease in atmospheric CO2 following 

the MMCT at 14 Ma, with estimated mean pCO2 falling from ~450 to ~300 ppm (Super et al., 

2018; Badger et al., 2013). Regardless, the consistently lower δ13Cc in Europe suggests that plant 

productivity has been higher in Europe than in Asia throughout the Cenozoic. Further, the 
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contrasting trends in δ13C between Europe and Asia suggest that the difference in plant productivity 

across the continent has only increased over the course of Cenozoic cooling.  

iii. Implications 

Combined, the δ18O and δ13C records in Eurasia provide insight into the response of the 

terrestrial hydrologic cycle to shifts in paleogeography and in atmospheric pCO2. The results from 

δ18O recorded in proxy materials suggest that atmospheric circulation across Eurasia has only been 

marginally impacted by the dramatic changes in paleotopography throughout the Cenozoic, and 

that major shifts in global climate due to changing pCO2 instead drive the changes are observed in 

the proxy record. Similarly, despite substantial changes in moisture sources across Eurasia, the 

waning of large-scale inland seas across the Cenozoic appears to have surprisingly small effect on 

moisture transport – it appears that transport was similar to the modern, with the Atlantic providing 

much of the oceanic moisture over western Europe that is then recycled across the eastern portion 

of the continent. The sharp decline in European δ18O during the Pliocene implies that Cenozoic 

cooling induced large-scale shifts in precipitation seasonality, and the shallowing of the gradient 

at the Miocene-Pliocene transition perhaps records the strengthening of the westerlies. The 

persistence of the west-to-east isotopic δ18O gradient throughout the Cenozoic indicates that 

moisture transport has been controlled by westerly winds since at least the Eocene, which is 

supported by other proxy sources, such as evidence of dust transport from Kazakhstan to northwest 

China in the Oligocene (Sun et al., 2010). Overall, the observation of steeper longitudinal δ18O 

gradients during periods of high pCO2 points to a past higher P/ET ratio relative to the modern and 

overall greater net rainout across the continent. This higher paleo-P/ET ratio could reflect either 

an increase in P during past warm periods, a decrease in ET (perhaps due to changes in 

transpiration), or some combination of these two factors.  
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The δ13C results provide a complementary perspective to shifts in paleoclimate and 

hydroclimate across Eurasia. These results illustrate an increase in aridity in Asia concurrent with 

potential increased primary productivity in Europe through the Cenozoic. Although the extent to 

which the decrease in European δ13C is driven by the progressive decline in atmospheric pCO2 or 

by an increase in primary productivity is not clear, Europe has remained highly productive (relative 

to northern Asia). It is interesting that major shifts in the δ13C in Asia are not mirrored in the δ18O 

record; that is, changes in primary productivity and aridity appear to have minor influence on the 

oxygen isotope gradient. There is a slight decrease in the δ18O in Asia during the latter part of the 

Cenozoic, which perhaps reflects the increase in aridity. A reduction in vegetation (and thus overall 

transpiration) may have resulted in a higher evaporative fraction of ET, causing air parcels in Asia 

to be resupplied with recycled moisture with proportionately more 16O. This slight decrease, 

however, is not sufficient to substantially steepen the isotopic gradient that shallowed because of 

the large decrease in δ18O in Europe. Perhaps the seemingly minor influence of aridity on the δ18O 

isotopic gradient in Asia is because nearly all of the moisture that precipitates over Asia is returned 

to the atmosphere via ET, so the ratio of P/ET is roughly unchanged (~1) throughout the entire 

Cenozoic. Improved understanding of the evolution of the gradient to varying climate parameters 

along the transect may help to constrain the shape of the profile in the past and hence more 

accurately compare the shape of the profile produced by proxy data with modeled gradients.  

Comparison of the proxy and model results also inform us of the predictive capacity of 

both simple and complex models to changes in the terrestrial water cycle with increased 

atmospheric pCO2. The shallow gradient under high pCO2 produced by both the simple reactive 

transport model and complex isotope-enabled model is likely driven by the faster increase of 

precipitable water relative to precipitation in warmer climates (Fig. A3). The discrepancy between 
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the response of the proxy and model gradients to changes in pCO2 may result from 

misinterpretation of proxy data, over-prediction of transpiration, and/or underestimating the P/ET 

ratio under warm conditions. Given the significant effect of vegetation on the terrestrial water 

cycle in response to increased pCO2, it is critical to study the continental-scale water and carbon 

cycles as an interconnected system to accurately model shifts in hydroclimate under future 

warming. Improved understanding of the response of the critical parameters of P, ET, and q will 

be vital in projecting future freshwater resources, and better understanding of different proxy 

biases will help to determine whether there is a true discrepancy between the hydrologic cycle in 

the past and in models.   
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Conclusions 

 

 

 

 We present a compilation of nearly 15,000 stable isotope samples from authigenic 

carbonate and tooth enamel from Eurasia over the Cenozoic Era to investigate the hydroclimate 

response to changing paleogeography and atmospheric pCO2. We use longitudinal gradients of 

δ18O to reconstruct moisture transport via the westerlies and investigate how the critical parameters 

of P, ET, and q respond to higher atmospheric pCO2. The δ13C record is utilized to estimate 

changes in past soil respiration, which in turn informs us of shifts in aridity and primary 

productivity. The oxygen isotope record demonstrates that the δ18O in Europe has decreased, likely 

as a function of shifts in carbonate formation seasonality or changes in the strength of the 

westerlies, while the δ18O in Asia has remained stable through the Cenozoic. We also find that 

westerlies have been the dominant mode of moisture transport across Eurasia since at least the 

Eocene, given the persistence of a west-to-east isotopic gradient. The δ13C results suggest an 

increase in aridity in Asia synchronous with either stable or increased primary productivity in 

Europe. In summary, the stable isotope record indicates that changes in paleogeography, though 

quite dramatic in the Cenozoic in both Europe and Asia, do not have a major control on continental-

scale moisture transport and hydroclimate across Eurasia. Rather, declining CO2 and the 

subsequent effect of global cooling throughout the Cenozoic appears to regulate moisture 

transport, indicated by shifting seasonality of proxy formation and position of the westerlies.  

 Additionally, we find that isotopic gradients constructed by both the simple reactive 

transport model and more complex iCESM fail to align with the reconstructed proxy longitudinal 

δ18O gradients, likely due to either a misrepresentation of hydrological variables in these models 

or to differential changes in authigenic carbonate formation. This work highlights the importance 
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of understanding the response of vegetation to elevated pCO2 to predict the availability of future 

freshwater resources and moisture transport in a warmer climate. Ultimately, collection and 

compilation of additional proxy samples in regions of Eurasia with sparse data distribution (i.e., 

central Eurasia) will be crucial to better constrain the proxy gradients and in turn more accurately 

assess the legitimacy of the model gradients.   
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Table 1. Model parameters used to run the reactive transport model and data sources for each 
parameter. 

Model Parameter Data Source/Value Used References 

Mean Air 

Temperature (K) 

Modern: NCEP-DOE AMIP-II Kanamitsu et al., 2002 

PI, 2xCO2, 4xCO2: CESM-CMIP6 Danabasoglu, 2019a; 2019b; 2020 

PET (kg/m2/s) 
Modern: GLEAM 

Martens et al., 2017; Miralles et 

al., 2011 

PI, 2xCO2, 4xCO2: CESM-CMIP6 Danabasoglu, 2019a; 2019b; 2020 

Wind Speed (m/s) 
Modern: NCEP-DOE AMIP-II Kanamitsu et al., 2002 

PI, 2xCO2, 4xCO2: CESM-CMIP6 Danabasoglu, 2019a; 2019b; 2020 

Transpiration 

Fraction of ET (%) 

Modern: 64% 

Good et al., 2015 
PI, 2xCO2, 4xCO2: 64% 

Initial Precipitable 

Water (kg/m2) 

Modern: NCEP-DOE AMIP-II Kanamitsu et al., 2002 

PI, 2xCO2, 4xCO2: CESM-CMIP6 Danabasoglu, 2019a; 2019b; 2020 

Initial Relative 

Humidity (%) 

Modern: NCEP-DOE AMIP-II Kanamitsu et al., 2002 

PI, 2xCO2, 4xCO2: CESM-CMIP6 Danabasoglu, 2019a; 2019b; 2020 

Dryness Index 

(PET/P) 

Modern: GLEAM (PET); GPCC 

(P) 

GLEAM: Martens et al., 2017; 

Miralles et al., 2011 

GPCC: Schneider et al., 2018 

PI, 2xCO2, 4xCO2: CESM-CMIP6 Danabasoglu, 2019a; 2019b; 2020 

Omega 
Modern: 2.6 

Greve et al., 2015 
PI, 2xCO2, 4xCO2: 2.6 

 

Table 2. Estimated mean and one standard deviation of paleo-CO2 concentrations for each geologic 
epoch (ppm) (Hoenisch, 2021). 

 

 

 

 
Modern 

(PI) 
Quaternary Pliocene 

Late 

Miocene 

Early 

Miocene 
Oligocene Eocene 

Mean 280 263.42 329.78 312.81 422.71 831.12 861.63 

SD - 62.43 82.90 116.86 146.16 690.17 674.79 
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Table 3. Averages and standard deviations (SD) of δ18O in Europe and Asia by epoch of filtered 
data (<50°E: 47°-55°N; >50°E: 35°-55°N), with p-value from t-test of significant difference 
between the two populations within a single epoch. All values given in VSMOW (‰) (longitudinal 
gradient: ‰/°longitude). 

*Indicates statistical significance between Europe and Asia isotope populations (p < 0.05) 

 

Table 4. Comparison of the δ18O gradient (<50°E: 47°-55°N; >50°E: 35°-55°N) between 
neighboring epoch using 1) confidence intervals at which the slope of the gradients are statistically 
distinct and 2) p-values from t-test of significant difference between neighboring epochs.  

Geologic Epoch 
Confidence Interval at which 

Slopes are different 
P-value 

Modern-Quaternary 99% 0.053 

Quaternary-Pliocene 99% 0.087 

Pliocene-Late Miocene 99% 0.0005* 

Late Miocene-Early Miocene 18% 0.87 

Early Miocene-Oligocene 63% 0.47 

Oligocene-Eocene 92% 0.26 

*Indicates statistical significance of change in the isotope gradient between neighboring epochs (p < 0.05) 

 

 

Geologic Epoch Europe δ18O SD Asia δ18O SD P-value Gradient 

Modern  -9.06 1.61 -11.15 3.20 2.24e-26* -0.023 

Quaternary  -8.84 2.53 -8.89 2.21 0.093 -0.0075 

Pliocene -9.30 0.98 -8.41 1.82 0.075 0.012 

Late Miocene  -2.47 3.44 -7.49 1.77 0.0021* -0.062 

Early Miocene -3.38 3.75 -8.95 1.83 5.00e-04* -0.065 

Oligocene  -3.06 3.93 -9.31 1.91 4.69e-06* -0.076 

Eocene  -2.74 3.21 -7.58 1.80 8.95e-07* -0.058 
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Table 5. Averages and standard deviations (SD) of δ13C in Europe and Asia by epoch, with p-value 
from t-test of significant difference between the two populations within a single epoch. All values 
given in VPDB (‰) (longitudinal gradient: ‰/°longitude).  

*Indicates statistical significance between Europe and Asia isotope populations (p < 0.05) 

 

Table 6. Comparison of the δ13C gradients between neighboring epoch using 1) confidence 
intervals at which the slope of the gradients are statistically distinct and 2) p-values from t-test of 
significant difference between preceding epochs.  

*Indicates statistical significance of change in the isotope gradient between neighboring epochs (p < 0.05) 

Geologic Epoch Europe δ13C SD Asia δ13C SD P-value Gradient 

Quaternary -7.68 2.76 -2.72 2.47 5.8e-07* 0.054 

Pliocene -7.42 2.39 -3.16 2.64 4.8e-04* 0.041 

Late Miocene -8.66 2.4 -4.60 2.18 0.0015* 0.041 

Early Miocene -4.49 2.43 -5.18 - - -0.016 

Oligocene -6.52 - -4.52 1.69 0.17 0.014 

Eocene -5.87 1.16 -4.51 2.55 - 0.0081 

Geologic Epoch 
Confidence Interval at which 

Slopes are different 
P-value 

Quaternary-Pliocene 82% 0.45 

Pliocene-Late Miocene 1% 0.99 

Late Miocene-Early Miocene 99% 0.07 

Early Miocene-Oligocene 69% 0.38 

Oligocene-Eocene 24% 0.78 
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Figure 1. Map of density contours of precipitation-producing air parcel trajectories at eight select locations in Eurasia for 2006-2016 produced 

using HYSPLIT. Colored lines indicate contours of precipitation-producing trajectory density; dark lines illustrate low density, while lighter tones 

indicate high density. Yellow stars indicate the starting point of the back-trajectory. Gray points represent all locations of compiled paleo-data. 
Note that the color scale for contour density is in a log-scale. 
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Figure 2A-B. A) Map of compiled annual mean modern δ18O from groundwater, precipitation, river and stream water, and tap water. Data within 
dashed lines represent data falling within Atlantic-dominated moisture trajectories (“filtered data”, 47°N-55°N in Europe, 35°N-55°N in Asia). B) 

Longitudinal profile (black line) of the compiled annual mean modern δ18O gradient, colored by latitude. Dashed lines represent the 95% confidence 

interval for the profile. Colored and larger points represent “filtered data”; smaller, gray points are all points that fall outside of this range.  
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Figure 3A-F. Maps showing spatial distribution of δ18Ow reconstructed from proxy δ18Oc/e for the Quaternary through the Eocene. δ18Ow values 

were reconstructed from δ18Oc using interpolated surface air temperatures, adjusted for estimated paleotemperatures at time of mineral formation. 
δ18Ow was reconstructed from δ18Oe using mammal-specific equations
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Figure 4A-F. Longitudinal profiles (black lines) of the δ18Ow gradient reconstructed from proxy δ18Oc for 

the Quaternary through the Eocene. Gray dashed lines indicate the 95% confidence interval for the 

constructed gradients. Red dashed lines show the δ18Ow gradient without lacustrine proxy data. Colored and 
larger points represent data falling within Atlantic-dominated moisture trajectories (47°N-55°N in Europe, 

35°N-55°N in Asia); smaller, gray points are all points that fall outside of this range. 
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Figure 5A-F. Maps showing spatial distribution of δ13Cc from paleosol carbonates for the Quaternary through the Eocene across 

Eurasia.  
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Figure 6A-F. Longitudinal profiles (black lines) of the δ13Cc gradient for the Quaternary through the 

Eocene. Dashed lines indicate the 95% confidence interval for the constructed gradients. Colored and larger 
points represent data falling above reach of the South Asian Monsoon (>35°N in Asia); smaller, gray points 

are all points that fall outside of this range. 
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Figure 7A-B. A) Longitudinal δ18Ow profiles generated using the reactive transport model populated with CESM output at Pre-Industrial CO2, 

2xCO2, and 4xCO2, and modern reanalysis data (solid lines) to generate predictive proxy gradients at varying pCO2 concentrations, as well as iCESM 
δ18Op output at Pre-Industrial, 2xCO2, and 4xCO2 (dashed lines). B) Longitudinal δ18Ow profile from modern reanalysis output plotted with compiled 

modern δ18Op between 47-50°.
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Appendix 

 

 

 

Table A1. Averages of δ18O in Europe and Asia by epoch of filtered data (<50°E: 47°- 55°N; 
>50°E: 35°- 55°N) without lacustrine values, with p-value from t-test of significant difference 
between the two populations within a single epoch (‰ VSMOW; slope of the longitudinal 
gradient: ‰/°longitude). 

*Indicates statistical significance between Europe and Asia isotope populations (p < 0.05) 

 

Table A2. Comparison of the δ18O gradient (<50°E: 47°-55°N; >50°E: 35°-55°N) between 
neighboring epochs without lacustrine values using 1) confidence intervals at which the slope 
of the gradients are statistically distinct and 2) p-values from t-test of significant difference 
between preceding epochs.  

Geologic Epoch 
Confidence Interval at which 

Slopes are different 
P-value 

Quaternary-Pliocene 98% 0.27 

Pliocene-Late Miocene 99% 0.048* 

Late Miocene-Early Miocene 1% 0.93 

Early Miocene-Oligocene 90% 0.96 

Oligocene-Eocene 10% 0.27 

*Indicates statistical significance of change in the isotope gradient between neighboring epochs (p < 0.05) 

  

Geologic Epoch Europe δ18O SD Asia δ18O SD P-value Gradient 

Modern  -9.06 1.61 -11.15 3.04 3.25e-11* -0.023 

Quaternary  -8.73 2.61 -8.73 2.22 0.99 -0.0079 

Pliocene -9.30 0.98 -8.55 1.63 0.13 0.013 

Late Miocene  -5.30 0.63 -7.67 1.73 0.029* -0.020 

Early Miocene -7.04 1.11 -8.95 1.92 0.021* -0.018 

Oligocene  -5.96 3.47 -9.10 1.83 0.039* -0.039 

Eocene  -4.31 4.16 -7.44 1.75 0.047* -0.040 
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Figure A1A-F. Results from HYSPLIT modeling showing the relative contribution of six major moisture 

sources across Eurasia (A) Atlantic, B) Mediterranean, C) Black Sea, D) Baltic Sea, E) Caspian Sea, and 

F) Recycled terrestrial moisture) to a set of gridded sites. Lines are colored by latitude (40-55°N).
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Figure A2A-C. Results from the WAM (green, gridded cells) compared with HYSPLIT results (purple-yellow density contours) from the same, or 
nearby, locations in Eurasia. Results demonstrate that HYSPLIT air parcel tracking roughly matches that produced by moisture backtracking from 

the WAM. Note the differing scales for the % of total evaporation from each location. A) Comparison of HYSPLIT results at 40N, 40E to WAM 

results at 40N, 45E. B) Comparison of HYSPLIT results at 50N, 10E with WAM results at the same location. C) Comparison of HYSPLIT results 

at 47N, 93E with WAM results at the same location.  
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Figure A3.  Plot of the percent change in precipitable water (light blue line) and precipitation (dark blue line) between CESM forced at 4xCO2 and 

Pre-Industrial CO2 concentrations run through the reactive transport model. The plot demonstrates the faster increase of PW relative to P at higher 
CO2 concentrations.   
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Figure A4. Map of Miocene δ18Ow proxy data with mid-Miocene extent of the Paratethys. Crosshatched, shaded areas indicate islands within the 
Paratethys. Paratethys boundaries originally published in Popov et al. (2010) and digitized by Dr. Adam Forte.  


